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Erratum - Synthesis Report
Core Writing Team
Add Kevin Trenberth to the Core Writing Team on page (iii).

Errata - WGI Third Assessment Report
Technical Summary
Page 27, caption to Figure 3. Replace all occurrences of the year 1999 with the year 2000.
Figure 17 caption on page 64 should read: Emissions of C02, CH4, N20 and sulphur dioxide for the
illustrative SRES scenarios, At B, A2, 131 and B2, Al Ft and A1T. Anthropogenic emissions are shown fo
and sulphur dioxide while total emissions, including a constant natural component, are shown for CH4
N20. The natural emissions are consistent with the current budgets (see Chapter 4) and were used to p
the atmospheric abundances given in Appendix It. Corresponding emission values from the IS92a scer
are also shown. [Based on IPCC Special Report on Emissions Scenarios.]
Chapter 6
Replace all occurrences of the name "Shira" with "Sihra".
Page 371, Table 6.5, Last two rows from Jacobson (2001). Change DRF (W m-2) to -0.06 with UV absoi
and -0.09 with no UV absorption. Change column burden (mg m-2) to 1.4 (OC = OM / 1.3). Change
normalised DRF (W m-2) to -43 with UV absorption, and -64 with no UV absorption.

Chapter 9
Table 9.1, pages 538 to 540. The column heading for Effective climate sensitivity should reference TablE
not Table Al.
Table 9.1, page 538. Model Number 6(CGCM1); ML entry; column 8 (Equlibrium climate sensitivity) :
should be in bold (not plain).
Table 9.1, page 538. Model Number 6(CGCM1); CMIP2 entry ; column 9 (Effective climate sensitivity)
should be in plain (not boid).
Table 9.1, page 538. Model Number 12 last row (CMIP2 entry) should be the first row under Model numl
(ECHAM3/LSG) and column 9 (Effective climate sensitivity) 2.2 should be plain (not bold).
Table 9.1, page 539. Model Number 23 (HadCM3); CMIP2 entry; column 9 (Effective climate sensitivity
should be in bold (not plain).

Table 9.1, page 540. Model Number 30 (DOE PCM); ML entry; column 8 (Equlibrium climate sensitivity
should be plain (not bold)
Table 9.1, pages 539 and 540. In footnotes d, and e the reference to Table 9.2 should be Table 9.4
Chapter 11
New Figure 11.11.
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CLIMATE CHANGE 2001:
THE SCIENTIFIC BASIS

Climate Change 2001: The Scientific Basis is the most comprehensive and up-to-date scientific assessment of past, present and
future climate change. The report:
•

Analyses an enormous body of observations of all parts of the climate system.

•

Catalogues increasing concentrations of atmospheric greenhouse gases.

•

Assesses our understanding of the processes and feedbacks which govern the climate system.

•

Projects scenarios of future climate change using a wide range of models of future emissions of greenhouse gases and aerosols.

•

Makes a detailed study of whether a human influence on climate can be identified.

•

Suggests gaps in information and understanding that remain in our knowledge of climate change and how these might be
addressed.

Simply put, this latest assessment of the IPCC will again to= the standard scientific reference for all those concerned with climate
change and its consequences, including students and researchers in environmental science, meteorology, climatology, biology,
ecology and atmospheric chemistry, and policymakers in governments and industry worldwide.
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Foreword

The Intergovernmental Panel on Climate Change (IPCC) was
jointly established by the World Meteorological Organization
(WMO) and the United Nations Environment Programme
(UNEP) in 1988. Its terms of reference include (i) to assess
available scientific and socio-economic information on climate
change and its impacts and on the options for mitigating climate
change and adapting to it and (ii) to provide, on request,
scientifie/technicavsociocconomic advice to the Conference of
the Parties (COP) to the United Nations Framework Convention
on Climate Change (UNFCCC). From 1990, the IPCC has
produced a series of Assessment Reports, Special Reports,
Technical Papers, methodologies and other products that have
become standard works of reference, widely used by policymakers, scientists and other experts.
This volume, which forms part of the Third Assessment Report
(TAR), has been produced by Working Group I(WGl) of the
IPCC and focuses on the science of climate change. It consists
of 14 chapters covering the physical climate system, the factors
that drive climate change, analyses of past climate and
projections of future climate change, and detection and attribution of human influences on recent climate.
As is usual in the IPCC, success in producing this report has
depended first and foremost on the knowledge, enthusiasm and
co-operation of many hundreds of experts worldwide, in many
related but different disciplines. We would like to express our
gratitude to all the Co-ordinating Lead Authors, Lead Authors,
Contributing Authors, Review Editors and Reviewers. These
individuals have devoted enormous time and effort to produce this
report and we are extremely grateful for their commitment to the
IPCC process. We would like to thank the staff of the WGI
Technical Support Unit and the IPCC Secretariat for their dedication in co-ordinating the production of another successful IPCC
report. We are also grateful to the governments, who have
supported their scientis6s' participation in the IPCC process and
who have contributed to the IPCC Trust Fund to provide for the
essential participation of experts from developing countries and
countries with economies in transition. We would like to express
our appreciation to the governments of France, Tanzania, New
Zealand and Canada who hosted drafting sessions in their
countries, to the government of China, who hosted the final session
of Working Group I in Shanghai, and to the government of the
United Kingdom, who funded the WGI Technical Support Unit.

We would particularly like to thank Dr Robert Watson,
Chairman of the IPCC, for his sound direction and tireless and
able guidance of the IPCC, and Sir John Houghton and Prof.
Ding Yihui, the Co-Chairmen of Working Group I, for their
skillful leadership of Working Group I through the production
of this report.

G.O.P. Obasi
Secretary General
World Meteorological Organization
K. Tupfer

Executive Director
United Nations Environment Programme
and
Director General
United Nations Office in Nairobi

Preface

This report is the first complete assessment of the science of
climate change since Working Group I(WGI) of the IPCC
produced its second report Climate Change 1995: The Science
of Climate Change in 1996. It enlarges upon and updates the
information contained in that, and previous, reports, but
primarily it assesses new information and research, produced in
the last five years. The report analyses the enormous body of
observations of all parts of the climate system, concluding that
this body of observations now gives a collective picture of a
warming world. The report catalogues the increasing
concentrations of atmospheric greenhouse gases and assesses
the effects of these gases and atmospheric aerosols in altering the
radiation balance of the Earth-atmosphere system. The report
assesses the understanding of the processes that govern the
climate system and by studying how well the new generation
of climate models represent these processes, assesses the
suitability of the models for projecting climate change into the
future. A detailed study is made of human influence on climate
and whether it can be identified with any more confidence than
in 1996, concluding that there is new and stronger evidence
that most of the observed warming observed over the last 50
years is attributable to human activities. Projections of future
climate change are presented using a wide range of scenarios
of future emissions of greenhouse gases and aerosols. Both
temperature and sea level are projected to continue to rise
throughout the 21st century for all scenarios studied. Finally,
the report looks at the gaps in information and understanding
that remain and how these might be addressed.
This report on the scientific basis of climate change is the first
part of Climate Change 2001, the Third Assessment Report
(TAR) of the IPCC. Other companion assessment volumes
have been produced by Working Group 11 (Impacts, Adaptation
and Vulnerability) and by Working Group III (Mitigation). An
important aim of the TAR is to provide objective information
on which to base climate change policies that will meet the
Objective of the FCCC, expressed in Article 2, of stabilisation
of greenhouse gas concentrations in the atmosphere at a level
that would prevent dangerous anthropogenic interference with
the climate system. To assist further in this aim, as part of the
TAR a Synthesis Report is being produced that will draw from
the Working Group Reports scientific and socio-economic
information relevant to nine questions addressing particular
policy issues raised by the FCCC objective.

This report was compiled between July 1998 and January
2001, by 122 Lead Authors. In addition, 515 Contributing
Authors submitted draft text and information to the Lead
Authors. The draft report was circulated for review by experts,
with 420 reviewers submitting valuable suggestions for
improvement. This was followed by review by governments
and experts, through which several hundred more reviewers
participated. All the comments received were carefully
analysed and assimilated into a revised document for consideration at the session of Working Group I held in Shanghai, 17
to 20 January 2001. There the Summary for Policymakers was
approved in detail and the underlying report accepted.
Strenuous efforts have also been made to maximise the ease of
utility of the report. As in 1996 the report contains a Summary
for Policymakers (SPM) and a Technical Summary (TS), in
addition to the main chapters in the report. The SPM and the
TS follow the same structure, so that more information on
items of interest in the SPM can easily be found in the TS. In
turn, each section of the SPM and TS has been referenced to
the appropriate section of the relevant chapter by the use of
Source Information, so that material in the SPM and TS can
easily be followed up in further detail in the chapters. The
report also contains an index at Appendix VIII, which
although not comprehensive allows for a search of the report
at relatively top-level broad categories. By the end of 2001 a
more in-depth search will be possible on an electronic version
of the report, which will be found on the web at
http://www.ipcc.ch.

We wish to express our sincere appreciation to all the
Co-ordinating Lead Authors, Lead Authors and Review Editors
whose expertise, diligence and patience have underpinned the
successful completion of this report, and to the many contributors and reviewers for their valuable and painstaking dedication and work. We are grateful to Jean Jouzel, Herve Le Treat,
Buruhani Nyenzi, Jim Salinger, John Stone and Francis
Zwiers for helping to organise drafting meetings; and to Wang
Caifang for helping to organise the session of Working Group
I held in Shanghai, 17 to 20 January 2001.
We would also like to thank members of the Working Group I
Bureau, Bumhani Nyenzi, Armando Ramirez-Rojas, John
Stone, John Zillman and Fortunat loos for their wise counsel
and guidance throughout the preparation of the report.

x

We would particularly like to thank Dave Griggs, Maria
Noguer, Paul van der Linden, Kathy Maskell, Xiaosu Dai,
Cathy Johnson, Anne Murrill and David Hall in the Working
Group I Technical Support Unit, with added assistance from
Alison Renshaw, for their tireless and good humoured
support throughout the preparation of the report. We would
also like to thank Narasimhan Sundararaman, the Secretary
of IPCC, Renate Christ, Deputy Secretary, and the staff of
the IPCC Secretariat, Rudie Bourgeois, Chantal Ettori and
Annie Courtin who provided logistical support for government liaison and travel of experts from the developing and
transitional economy countries.

Robert Watson
IPCC Chairman
John Houghton
Co-chair IPCC W GI
Ding Yihui
Co-chair IPCC WGI

Summary for Policymakers
A Report of Working Group I of the Intergovernmental
Panel on Climate Change

Based on a draft prepared by:
Daniel L. Albritton, Myles R. Allen, Alfons P. M. Baede, John A. Church, Ulrich Cubasch, Dai Xiaosu, Ding Yihui,
Dieter H. Ehhalt, Christopher K. Folland, Filippo Giorgi, Jonathan M. Gregory, David J. Griggs, Jim M. Haywood,
Bruce Hewitson, John T. Houghton, Joanna I. House, Michael Hulme, Ivar Isaksen, Victor J. Jaramillo, Achuthan Jayaraman,
Catherine A. Johnson, Fortunat Joos, Sylvie Joussaume, Thomas Karl, David J. Karoly, Haroon S. Kheshgi, Corrine Le Quere,
Kathy Maskell, Luis J. Mata, Bryant J. McAvaney, Mack McFarland, Linda O. Mearns, Gerald A. Meehl, L. Gylvan Meira-Filho,
Valentin P. Meleshko, John F. B. Mitchell, Berrien Moore, Richard K. Mugara, Maria Noguer, Burnham S. Nyenzi,

Michael Oppenheimer, Joyce E. Penner, Steven Pollonais, Michael Prather, I. Colin Prentice, Venkatchalam Ramaswamy,
Armando Ramirez-Rojas, Sarah C. B. Raper, M. Jim Salinger, Robert J. Scholes, Susan Solomon, Thomas F. Stocker,
John M. R. Stone, Ronald J. Stouffer, Kevin E. Trenberth, Ming-Xing Wang, Robert T. Watson, Kok S. Yap, John Zillman
with contributions from many authors and reviewers.

Summary for Policymakers

The Third Assessment Report of Working Group I of the
Intergovernmental Panel on Climate Change (IPCC) builds
upon past assessments and incorporates new results from the
past five years of research on climate changet. Many hundreds
of scientists2 from many countries participated in its preparation
and review.
This Summary for Policymakers (5PM), which was approved
by IPCC member governments in Shanghai in January 20013,
describes the current state of understanding of the climate
system and provides estimates of its projected future evolution
and their uncertainties. Further details can be found in the
underlying report, and the appended Source Information
provides cross references to the rcport's chapters.

has increased since 1861. Over the 20th century the increase
has been 0.6±0.2°C5•6 (Figure la). This value is about 0.15°C
larger than that estimated by the SAR for the period up to
1994, owing to the relatively high temperatures of the
additional years (1995 to 2000) and improved methods of
processing the data. These numbers take into account various
adjustments, including urban heat island effects. The record
shows a great deal of variability; for example, most of the
warming occurred during the 20th century, during two
periods, 1910 to 1945 and 1976 to 2000.
• Globally, it is very likely° that the 1990s was the warmest
decade and 1998 the warmest year in the instrumental
record, since 1861 (see Figure la).
• New analyses of proxy data fur the Northern H.auisphtae
indicate that the increase in temperature in the 20th century

An increasing body of observations
gives a collective picture of a
warming world and other changes
in the climate system.
Since the release of the Second Assessment Report (SAR'),
additional data from new studies of current and palaeoclimates,
improved analysis of data sets, more rigorous evaluation of
their quality, and comparisons among data from different
sources have led to greater understanding of climate change.

is likely7 to have been the largest of any century during the
past 1,000 years. It is also likely7 that, in the Northern
Hemisphere, the 1990s was the warmest decade and 1998
the warmest year (Figure I b). Because less data are
available, less is known about annual averages prior to
1,000 years before present and for conditions prevailing in
most of the Southern Hemisphere prior to 1861.
• On average, between 1950 and 1993, night-time daily
minimum air temperatures over land increased by about
0.2°C per decade. This is about twice the rate of increase in

The global average surface temperature
has increased over the 20th century by
about 0.6°C.

daytime daily maximum air temperatures (0.1 °C per decade).
This has lengthened the freem-free season in many mid- and
high latitude regions. The increase in sea surface temperature
over this period is about half that of the mean land surface

• The global average surface temperature (the average of near
surface air temperature over land, and sea surface temperature)

air temperature.

Climate change in IPCC usage refers to any change in climate over time, whether due to natural vanability or as a result of human activity. This usage differs
from that in the Framework Convention on Climate Change, where cGmate change refers to a change of climate that is attributed direct ly or indirectly to
human activity that alters the composition of the global atmosphere and mat's in addition to natural climate variability observed over comparable time periods.
` In total 122 Co-ordinating Lead Authors and Lead Authors, 515 Contributing Authors, 21 Review Editors and 420 Expert Reviewers.
Delegations of 99 IPCC member countries participated in the Eighth Session of Working Group I in Shanghai on 17 to 20 January 2001.
The IPCC Second Assessment Report is referred to in this Summary for Policymakers as the SAR.
° Generally temperature trends are rounded to the nearest 0.05°C per unit lime, the periods often being limited by data availability.
In general, a 5% statistical significance level is used, and a 95% confidence level.
In this Summary for Polirymakers and in the Technical Summary, the following words have been used where appropriate to indicate judgmental estimates of
confidence: virtually certain (greater than 99% chance that a result is true); very likely (90-99% chance); likely (66-90% chance); medium likelihood (33-66%
chance); unlikely (10-33% chance); very unlikely (1-10% chance); exceptionally unlikely (less than 1% chance). The reader is referred to individual chapters
for more details.
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Figure 1: Variations of the Earth's

Variations of the Earth's surface temperature for:

surface temperature over the last
140 years and the last millennlum.
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curve) variations of the average surface
temperature of the Northern Hemisphere
for the past 1000 years have been
reconstructed from "proxy' data
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calibrated against thenoometerdata (see
list of the main proxy data in the
diagram). The 95% confidence range in
the annual data is represented by the
grey region. These uncertainties increase
in more distant times and are always
much larger than in the instrumental
record due to the use of relatively sparse
proxy data. Nevertheless the rate and
duration of warming of the 20th century
has been much greater than in any of
the previous nine centuries. Similarly, it
is likely7 that the 1990s have been the
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warmest decade and 1998 the warmest
year of the millennium.
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[Based upon ( a) Chapter 2, Figure 2.7c
and (b) Chapter 2. Figure 2.201
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Temperatures have risen during the past
four decades in the lowest 8 kilometres of
the atmosphere.
• Since the late 1950s (the period of adequate observations
from weather balloons), the overall global temperature
increases in the lowest 8 kilometres of the atmosphere and
in surface temperature have been similar at 0.1°C per decade.
• Since the start of the satellite record in 1979, both satellite
and weather balloon measurements show that the global
average temperature of the lowest 8 kilometres of the
atmosphere has changed by i0.05 ± 0.10°C per decade, but the
global average surface temperature has increased significantly
by+0.15 ±0.05°C per decade. The difference in the warming
rates is statistically significant. This difference occurs
primarily over the tropical and sub-tropical regions.
• The lowest 8 kilometres of the atmosphere and the surface
are influenced differently by factors such as stratospheric
ozone depletion, atmospheric aerosols, and the El Nino
phenomenon. Hence, it is physically plausible to expect that
over a short time period (e.g., 20 years) there may be
differences in temperature trends. In addition, spatial sampling
techniques can also explain some of the differences in
trends, but these differences are not fully resolved.
Snow cover and ice extent have decreased.
• Satellite data show that there are very likely' to have been
decreases of about 10% in the extent of snow cover since
the late 1960s, and ground based observations show that
there is very likely' to have been a reduction of about two
weeks in the annual duration of lake and river ice cover in
the mid- and high latitudes of the Northern Hemisphere,
over the 20th century.
• There has been a widespread retreat of mountain glaciers in
non-polar regions during the 20th century.
• Northern Hemisphere spring and summer sea-ice extent has
decreased by about 10 to 15% since the 1950s. It is likely'
that there has been about a 40% decline in Arctic sea-ice
thickness during late summer to early autumn in recent
decades and a considerably slower decline in winter sea-ice
thickness.

I

Globat average sea level has risen and
ocean heat content has increased.
• Tide gauge data show that global average sea level rose
between 0.1 and 0.2 metres during the 20th century.
• Global ocean heat content has increased since the late 1950s,
the period for which adequate observations of sub-surface
ocean temperatures have been available.

Changes have also occurred in other
important aspects of climate.
•]t is very likely' that precipitation has increased by 0.5 to
I% per decade in the 20th century over most mid- and
high latitudes of the Northern Hemisphere continents, and
it is likely' that rainfall has increased by 0.2 to 0.3% per
decade over the tropical (10°N to l0°S) land areas.
Increases in the tropics are not evident over the past few
decades. It is also likely' that rainfall has decreased over
much of the Northern Hemisphere sub-tropical (10°N to
30`N) land areas during the 20th century by about 0.3%
per decade. In contrast to the Northern Hemisphere, no
comparable systematic changes have been detected in
broad latitudinal averages over the Southern Hemisphere.
There are insufficient data to establish trends in precipitation
over the oceans.
• In the mid- and high latitudes of the Northern Hemisphere
over the latter half of the 20th century, it is likely' that there
has been a 2 to 4% increase in the frequency of heavy
precipitation events. Increases in heavy precipitation events
can arise from a number of causes, e.g., changes in
atmospheric moisture, thunderstorm activity and large-scale
storm activity.
• It is likely' that there has been a 2% increase in cloud cover
over mid- to high latitude land areas during the 20th century.
In most areas the trends relate well to the observed decrease
in daily temperature range.
• Since 1950 it is very likely' that there has been a reduction
in the frequency of extreme low temperatures, with a smaller
increase in the frequency of extreme high temperatures.
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• Warm episodes of the El Nino-Southern Oscillation (ENSO)
phenomenon (which consistently affects regional variations
of precipitation and temperature over much of the tropics,
sub-tropics and some mid-latitude areas) have been more
frequent, persistent and intense since the mid-1970s,
compared with the previous 100 years.
• Over the 20th century (1900 to 1995), there were relatively
small increases in global land areas experiencing severe
drought or severe wetness. In many regions, these changes
are dominated by inter-decadal and multi-decadal climate
variability, such as the shift in ENSO towards more warm
events.

• In some regions, such as parts of Asia and Africa, the
frequency and intensity of droughts have been observed to
increase in recent decades.

Some important aspects of climate appear
not to have changed.
• A few areas of the globe have not warmed in recent decades,
mainly over some parts of the Southern Hemisphere oceans
and parts of Antarctica.
• No significant trends of Antarctic sea-ice extent are apparent
since 1978, the period of reliable satellite measurements.

Emissions of greenhouse gases and
aerosols due to human activities
continue to alter the atmosphere in
ways that are expected to affect the
climate.
Changes in climate occur as a result of both internal variability
within the climate system and external factors (both natural
and anthropogenic). The influence of external factors on
climate can be broadly compared using the concept of
radiative forcings. A positive radiative forcing, such as that
produced by increasing concentrations of greenhouse gases,
tends to warm the surface. A negative radiative forcing, which
can arise from an increase in some types of aerosols
(microscopic airborne particles) tends to cool the surface.
Natural factors, such as changes in solar output or explosive
volcanic activity, can also cause radiative forcing.
Characterisation of these climate forcing agents and their
changes over time (see Figure 2) is required to understand past
climate changes in the context of natural variations and to
project what climate changes could he ahead. Figure 3 shows
current estimates of the radiative forcing due to increased
concentrations of atmospheric constituents and other
mechanisms.

• Changes globally in tropical and extra-tropical storm
intensity and frequency are dominated by inter-decadal to
multi-decadal variations, with no significant trends evident
over the 20th century. Conflicting analyses make it difficult
to draw definitive conclusions about changes in storm
activity, especially in the extra-tropics.

• No systematic changes in the frequency of tornadoes, thunder
days, or hail events are evident in the limited areas analysed.

° Radiative forcing is a measure of the influence a factor has in altering the balance of incoming and outgoing energy in the Earth-atmosphere system, and
is an index of the importance of the factor as a potential climate change mechanism. It is expressed in Watts per square metre (Wm-1.
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Indicators of the human Influence on the atmosphere
during the Industrial Era

Figure 2: Long records of past changes In
atmospheric composition provide the context for
the influence of anthropogenlc emissions.

(a) Global atmospheric concentrations of three well mixed
greenhouse gases

(a) shows changes in the atmospheric
concentrations of carbon dioxide (COz), methane
(CHe), and nitrous oxide (N20) over the past 1000
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lifetimes of a decade or more, they are well mixed,
and their concentrations reflect emissions from
sources throughout the globe. All three records show
effects of the large and increasing growth in
anthropogenic emissions during the Industrial Era.
(b) illustrates the influence of industrial emissions on
atmospheric sulphate concentrations, which produce
negative radiative forcing. Shown is the time history
of the concentrations of sulphate, not in the
atmosphere but in ice cores in Greenland (shown by
lines; from which the episodic effects of volcanic
eruptions have been removed). Such data indicate
the local deposition of sulphate aerosols at the site,
reflecting sulphur dioxide S02) emissions at
mid-latitudes in the Northern Hemisphere. This
record, albeit more regional than that of the
globally-mixed greenhouse gases, demonstrates the
large growth in anthropogenic SO2 emissions during

(b) Sulphate aerosols deposited In Greenland ice

the Industrial Era. The pluses denote the relevant
regional estimated SO2 emissions (right-hand scale).
[Based upon (a) Chapter 3, Figure 3.2b (CO,);
Chapter 4, Figure 4.1a and b (CH4) and Chapter 4,
Figure 4.2 (NO) and (b) Chapter 5, Figure 5.4aJ
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Concentrations of atmospheric greenhouse
gases and their radiative forcing have
continued to increase as a result of human
activities.
• The atmospheric concentration of carbon dioxide (CO,) has
increased by 31% since 1750. The present CO, concentration
has not been exceeded during the past 420,000 years and
likely7 not during the past 20 million years. The current rate
of increase is unprecedented during at least the past 20,000
years.
• About three-quarters of the anthropogenic emissions of C02
to the atmosphere during the past 20 years is due to fossil
fuel burning. The rest is predominantly due to land-use
change, especially deforestation• Currently the ocean and the land together are taking up
about half of the anthropogenic CO, emissions. On land,
the uptake of anthropogenic CO, very likely7 exceeded the
release of CO, by deforestation during the 1990s.
• The rate of increase of atmospheric CO2 concentration has
been about 1.5 ppm' (0.4%) per year over the past two
decades. During the 1990s the year to year increase varied
from 0.9 ppm (0.2%) to 2.8 ppm (0.8%). A large part of this
variability is due to the effect of climate variability (e.g., El
Nino events) on CO2 uptake and release by land and oceans.
• The atmospheric concentration of methane (CH,) has
increased by 1060 ppb9 (15190) since 1750 and continues
to increase. The present CH4 concentration has not been
exceeded during the past 420,000 years. The annual
growth in CHa concentration slowed and became more
variable in the 1990s, compared with the 1980s. Slightly
more than half of current CH4 emissions are anthropogenic
(e.g., use of fossil fuels, cattle, rice agriculture and
landfills). In addition, carbon monoxide (CO) emissions
have recently been identified as a cause of increasing CH,
concentration.

• The atmospheric concentration of nitrous oxide (NO) has
increased by 46 ppb (17%) since 1750 and continues to
increase. The present Nr0 concentration has not been
exceeded during at least the past thousand years. About a
third of current Nz0 emissions are anthropogenic (e.g.,
agricultural soils, cattle feed lots and chemical industry).
• Since 1995, the atmospheric concentrations of many of
those halocarbon gases that are both ozone-depleting and
greenhouse gases (e.g., CFCIj and CFZCIz), are either
increasing more slowly or decreasing, both in response to
reduced emissions under the regulations of the Montreal
Protocol and its Amendments. Their substitute compounds
(e.g., CHFzCI and CF}CH,F) and some other synthetic
compounds (e.g., perfluorocarbons (PFCs) and sulphur
hexafluoride (SF6)) are also greenhouse gases, and their
concentrations are currently increasing.
• The radiative forcing due to increases of the well-mixed
greenhouse gases from 1750 to 2000 is estimated to be
2.43 W m 2: 1.46 W M-2 from CO,; 0.48 W m-2 from CH 4;
0.34 Wm' - from the halocarbons; and 0.15 Wm r from N,O.
(See Figure 3, where the uncertainties are also illustrated.)
• The observed depletion of the stratospheric ozone (03)
layer from 1979 to 2000 is estimated to have caused a
negative radiative forcing (-0.15 Wm 2). Assuming full
compliance with current halocarbon regulations, the positive
forcing of the halocarbons will be reduced as will the
magnitude of the negative forcing from stratospheric ozone
depletion as the ozone layer recovers over the 21st century.
• The total amount of O; in the troposphere is estimated to
have increased by 36% since 1750, due primarily to
anthropogenic emissions of several O,-forming gases. This
corresponds to a positive radiative forcing of 0.35 Wm-2.
03 forcing varies considerably by region and responds
much more quickly to changes in emissions than the longlived greenhouse gases, such as CO..

ppm (parts per million) or ppb (pans per billion, 1 billion= 1,000 million) is the ratio of the number of greenhouse gas molecules to the total number of
molecules of dry air. For example: 300 ppm means 300 molecules of a greenhouse gas per million molecules of dry air.
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The global mean radiative forcing of the climate system
for the year 2000, relative to 1750
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Figure, 3: Many external factors force climate change.
These radiative fondngs arise from changes in the atmospheric compositor, alteration of surface reflectance by and use, and variation in the output
of the sun. Except for solar variation, some to" of human activity is linked to each. The rectangular bars represent estimates of the contributions of
these forcings - some of which yield warming, and some cooling. Forcing due to episodic volcanic events, which lead to a negat"rve forcing lasting
only for a few years, is not shown. The indirect effect of aerosols shown is their effect on the size and number of cloud droplets. A second indirect
effect of aerosols on clouds, namely their effect on cloud lifetime, which would also lead to a negative forcing, is not shown. Effects of aviation m
greenhouse gases are included in the individual bars. The vertical line about the rectangular bars indicates a range of estimates, guided by the
spread in the published values of the forcings and physical understanding. Some of the forcings possess a much greater degree of certainty than
others. A vertical line without a rectangular bar denotes a forcing for which no best estimate can be given owing to large uncertainties. The overall
level of scientific understanding for each forcing varies considerably, as noted. Some of the radiative forcing agents are well mixed over the globe,
such as CO., thereby perturbing the global heat balance . Others represent perturbations with stronger regional signatures because of their spatial
distribution, such as aerosols. For this and other reasons, a simple sum of the positive and negative bars cannot be expected to yield the net effect
on the climate system. The simulations of this assessment report (for example, Figure 5) indicate that the estimated net effect of these perturbations
Is to have warmed the global climate since 1750. [Based upon Chapter 6, Figure 6.61
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Anthropogenic aerosols are short-lived and
mostly produce negative radiative forcing.
• The major sources of anthropogenic aerosols are fossil fuel
and biomass burning. These sources are also linked to
degradation of air quality and acid deposition.
• Since the SAR, significant progress has been achieved in
better characterising the direct radiative roles of different
types of aerosols. Direct radiative forcing is estimated to be
-0.4 Wm Z for sulphate, -0.2 Wm-2 for biomass burning
aerosols, -0.1 Wm ^ for fossil fuel organic carbon and
+0.2 Wm-2 for fossil fuel black carbon aerosols. There is
much less confidence in the ability to quantify the total
aerosol direct effect, and its evolution over time, than that
for the gases listed above. Aerosols also vary considerably
by region and respond quickly to changes in emissions.
• In addition to their direct radiative forcing, aerosols have an
indirect radiative forcing through their effects on clouds.
There is now more evidence for this indirect effect, which is
negative, although of very uncertain magnitude.

Natural factors have made small
contributions to radiative forcing over the
past century.
• The radiative forcing due to changes in solar irradiance for

Confidence in the ability of models
to project future climate has
increased.
Complex physically-based climate models are required to
provide detailed estimates of feedbacks and of regional
features. Such models cannot yet simulate all aspects of
climate (e.g., they still cannot account fully for the observed
trend in the surface-troposphere temperature difference since
1979) and there are particular uncertainties associated with
clouds and their interaction with radiation and aerosols.
Nevertheless, confidence in the ability of these models to
provide useful projections of future climate has improved due
to their demonstrated performance on a range of space and
time-scales.

• Understanding of climate processes and their incorporation
in climate models have improved, including water vapour,
sea-ice dynamics, and ocean heat transport.
• Some recent models produce satisfactory simulations of
current climate without the need for non-physical adjustments
of heat and water fluxes at the ocean-atmosphere interface
used in earlier models.
• Simulations that include estimates of natural and
anthropogenic forcing reproduce the observed large-scale
changes in surface temperature over the 20th century

the period since 1750 is estimated to be about +0.3 Wm-2,

(Figure 4). However, contributions from some additional

most of which occurred during'the first half of the 20th

processes and forcings may not have been included in the

century. Since the late 1970s, satellite instruments have

models. Nevertheless, the large-scale consistency between

observed small oscillations due to the l I-year solar cycle.
Mechanisms for the amplification of solar effects on

models and observations can be used to provide an

climate have been proposed, but currently lack a rigorous

few decades under a given emissions scenario-

theoretical or observational basis.

• Stratospheric aerosols from explosive volcanic eruptions
lead to negative forcing, which lasts a few years. Several
major eruptions occurred in the periods 1880 to 1920 and
1960 to 1991
• The combined change in radiative forcing of the two major
natural factors (solar variation and volcanic aerosols) is
estimated to be negative for the past two, and possibly the
past four, decades.

independent check on projected warming rates over the next

• Some aspects of model simulations of ENSO, monsoons
and the North Atlantic Oscillation, as well as selected
periods of past climate, have improved.
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There is new and stronger evidence
that most of the warming observed
over the last 50 years is attributable to human activities.
The SAR concluded: "The balance of evidence suggests a
discernible human influence on global climate". That report
also noted that the anthropogenic signal was still emerging from
the background of natural climate variability. Since the SAR,
progress has been made in reducing uncertainty, particularly
with respect to distinguishing and quantifying the magnitude
of responses to different external influences. Although many
of the sources of uncertainty identified in the SAR still remain
to some degree, new evidence and improved understanding
support an updated conclusion.
• There is a longer and more closely scrutinised temperature
record and new model estimates of variability. The warming
over the past 100 years is very unlikely' to be due to
internal variability alone, as estimated by current models.
Reconstructions of climate data for the past 1,000 years
(Figure Ib) also indicate that this warming was unusual and
is unlikely' to be entirely natural in origin.
• There are new estimates of the climate response to natural
and anthropogenic forcing, and new detection techniques
have been applied. Detection and attribution studies consistently find evidence for an anthropogenic signal in the
climate record of the last 35 to 50 years.
• Simulations of the response to natural forcings alone (i.e.,
the response to variability in solar irradiance and volcanic
eruptions) do not explain the warming in the second half of
the 20th century (see for example Figure 4a). However, they
indicate that natural forcings may have contributed to the
observed warming in the first half of the 20th century.
The warming over the last 50 years due to anthropogenic
greenhouse gases can be identified despite uncertainties in
forcing due to anthropogenic sulphate aerosol and natural
factors (volcanoes and solar irradiance). The anthropogenic
sulphate aerosol forcing, while uncertain, is negative over
this period and therefore cannot explain the warmingChanges in natural forcing during most of this period are
also estimated to be negative and are unlikely' to explain
the warming.
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• Detection and attribution studies comparing model
simulated changes with the observed record can now take
into account uncertainty in the magnitude of modelled
response to external forcing, in particular that due to
uncertainty in climate sensitivity.
• Most of these studies find that, over the last 50 years, the
estimated rate and magnitude of warming due to increasing
concentrations of greenhouse gases alone are comparable
with, or larger than, the observed warming. Furthermore,
most model estimates that take into account both
greenhouse gases and sulphate aerosols are consistent with
observations over this period.
• The best agreement between model simulations and
observations over the last 140 years has been found when
all the above anthropogenic and natural forcing factors are
combined, as shown in Figure 4c. These results show that
the forcings included are sufficient to explain the observed
changes, but do not exclude the possibility that other
forcings may also have contributed.
In the light of new evidence and taking into account the
remaining uncertainties, most of the observed warming over
the last 50 years is likely7 to have been due to the increase in
greenhouse gas concentrations.
Furthermore, it is very likely7 that the 20th century warming
has contributed significantly to the observed sea level rise,
through thermal expansion of sea water and widespread loss of
land ice. Within present uncertainties, observations and models
are both consistent with a lack of significant acceleration of
sea level rise during the 20th century.

Simulated annual global mean surface temperatures
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Figure 4: Simulating the Earth's temperature variations, and comparing the results to measured changes, can provide Insight into the
underlying causes of the major changes.
A climate model can be used to simulate the temperature changes that occur both from natural and anthropogenic causes. The simulations
represented by the band in (a) were done with only natural forcings: solar variation and volcanic activity. Those encompassed by the band in (b) were
done with anthropogenic forcings: greenhouse gases and an estimate of sulphate aerosols, and those encompassed by the band in (c) were done with
both natural and anthropogenic forcings included. From (b), it can be seen that inclusion of anthropogenic forcings provides a plausible explanation
for a substantial part of the observed temperature changes over the past century, but the best match with observations is obtained in (c) when both
natural and anthropogenic factors are included. These results show that the forcings included are sufficient to explain the observed changes, but do
not exclude the possibility that other forcings may also have contributed. The bands of model results presented hem are for four runs from the same
model. Similar results to those in (b) are obtained with other models with anthropogenic forcing. [Based upon Chapter 12, Figure 12.71
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Human influences will continue to
change atmospheric composition
throughout the 21st century.
Models have been used to make projections of atmospheric
concentrations of greenhouse gases and aerosols, and hence of
future climate, based upon emissions scenarios from the IPCC
Special Report on Emission Scenarios (SRES) (Figure 5).
These scenarios were developed to update the IS92 series,
which were used in the SAR and are shown for comparison
here in some cases.

Greenhouse gases
• Emissions of CO2 due to fossil fuel burnine are virtually
certain7 to be the dominant influence on the trends in
atmospheric CO2 concentration during the 21st century.
• As the CO2 concentration of the atmosphere increases, ocean
and land will take up a decreasing fraction of anthropogenic
CO. emissions. The net effect of land and ocean climate
feedbacks as indicated by models is to further increase
projected atmospheric CO2 concentrations, by reducing

by +38 to +144 ppb (present concentration 316 ppb), total
tropospheric 03 changing by -12 to +62%, and a wide
range of changes in concentrations of HFCs, PFCs and SFs,
all relative to the year 2000. In some scenarios, total tropospheric 03 would become as important a radiative forcing
agent as CH4 and, over much of the Northern Hemisphere,
would threaten the attainment of current air quality targets.
• Reductions in greenhouse gas emissions and the gases that
control their concentration would be necessary to stabilise
radiative forcing. For example, for the most important
anthropogenic greenhouse gas, carbon cycle models indicate
that stabilisation of atmospheric CO2 concentrations at 450,
650 or 1,000 ppm would require global anthropogenic CO.
emissions to drop below 1990 levels, within a few decades,
about a century, or about two centuries, respectively, and
continue to decrease steadily thereafter. Eventually CO.,
emissions would need to decline to a very small fraction of
current emissions.

both the ocean and land uptake of CO 2'

• By 2100, carbon cycle models project atmospheric CO2
concentrations of 540 to 970 ppm for the illustrative SRES
scenarios (90 to 250% above the concentration of 280 ppm
in the year 1750), Figure 5b. These projections include the
land and ocean climate feedbacks. Uncertainties, especially
about the magnitude of the climate feedback from the
terrestrial biosphere, cause a variation of about -10 to
+30% around each scenario. The total range is 490 to 1260
ppm (75 to 350% above the 1750 concentration).
• Changing land use could influence atmospheric CO,
concentration. Hypothetically, if all of the carbon released
by historical land-use changes could be restored to the
terrestrial biosphere over the course of the century (e.g., by
reforestation), CO2 concentration would be reduced by 40
to 70 ppm.
• Model calculations of the concentrations of the non-CO 2
greenhouse gases by 2100 vary considerably across the
SRES illustrative scenarios, with CHq changing by -190 to
+1,970 ppb (present concentration 1,760 ppb), NO changing
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Aerosols
• The SRES scenarios include the possibility of either increases
or decreases in anthropogenic aerosols (e.g., sulphate
aerosols (Figure 5c), biomass aerosols, black and organic
carbon aerosols) depending on the extent of fossil fuel use
and policies to abate polluting emissions. In addition,
natural aerosols (e.g., sea salt, dust and emissions leading to
the production of sulphate and carbon aerosols) are
projected to increase as a result of changes in climate.
Radiative forcing over the 21st century
O For the SRES illustrative scenarios, relative to the year
2000, the global mean radiative forcing due to greenhouse
gases continues to increase through the 21 st century, with
the fraction due to CO2 projected to increase from slightly
more than half to about three quarters. The change in the
direct plus indirect aerosol radiative forcing is projected to
be smaller in magnitude than that of CO,

Global average temperature and sea
level are projected to rise under all
IPCC SRES scenarios.
In order to make projections of future climate, models
incorporate past, as well as future emissions of greenhouse
gases and aerosols. Hence, they include estimates of warming
to date and the commitment to future warming from past
emissions.
Temperature
• The globally averaged surface temperature is projected to
increase by 1.4 to 5.8°C (Figure 5d) over the period 1990 to
2100. These results are for the full range of 35 SIZES
scenarios, based on a number of climate modelsia1 i.
• Temperature increases are projected to be greater than those
in the SAR, which were about 1.0 to 3.5°C based on the six
IS92 scenarios. The higher projected temperatures and the
wider range are due primarily to the lower projected
sulphur dioxide emissions in the SRES scenarios relative to
the IS92 scenarios.

warming is likely' to lie in the range of 0.1 to 0.2°C per
decade over the next few decades under the IS92a scenario,
similar to the corresponding range of projections of the
simple model used in Figure 5d.
• Based on recent global model simulations, it is very likely'
that nearly all land areas will warm more rapidly than the
global average, particularly those at northern high latitudes
in the cold season. Most notable of these is the warming in
the northern regions of North America, and northern and
central Asia, which exceeds global mean warming in each
model by more than 40%. In contrast, the warming is less
than the global mean change in south and southeast Asia in
summer and in southern South America in winter.
• Recent trends for surface temperature to become more
El Nino-like in the tropical Pacific, with the eastern tropical
Pacific warming more than the western tropical Pacific,
with a corresponding eastward shift of precipitation, are
projected to continue in many models.

• The projected rate of warming is much larger than the
observed changes during the 20th century and is very likely'
to be without precedent during at least the last 10,000 years,
based on palaeoclimate data.
• By 2100, the range in the surface temperature response
across the group of climate models run with a given
scenario is comparable to the range obtained from a single
model run with the different SRES scenarios-

• On timescales of a few decades, the current observed rate of
warming can be used to constrain the projected response to
a given emissions scenario despite uncertainty in climate
sensitivity. This approach suggests that anthropogenic

Precipitation
• Based on global model simulations and for a wide range of
scenarios, global average water vapour concentration and
precipitation are projected to increase during the 21st
century. By the second half of the 21st century, it is likely'
that precipitation will have increased over northern mid- to
high latitudes and Antarctica in winter. At low latitudes
there are both regional increases and decreases over land
areas. Larger year to year variations in precipitation are
very likely' over most areas where an increase in mean
precipitation is projected.

10 Complex physically based climate models are the main tool for projecting future climate change. In order to explore the lull range of scenarios, these are
complemented by simple climate models calibrated to yield an equivalent response in temperature and sea level to complex climate models. These
projections are obtained using a simple climate model whose climate sensitivity and ocean heat uptake are calibrated to each of seven complex climate
accepled range of 1.5 to 4.5°C.
models. The climate sensitivity used in the simple model ranges from 1.71o 4 2°C, which is comparable to the commonly
" This range does not include uncertainties in the modelling of radiative forcing, e.g. aerosol forcing uncertainties. A small carbon-cycle climate feedback
is included.
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The global climate of the 21 st century
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Figure 5: The global climate of the 21st century will depend on natural changes and the response of the climate system to human activities.
Climate models project the response of many climate variables - such as increases in global surface temperature and sea level - to various
scenarios of greenhouse gas and other human-related emissions. (a) shows the CO, emissions of the six illustrative SRES scenarios, which are
summarised in the box on page 18, along with IS92a for comparison purposes with the SAR. (b) shows projected CO. concentrations. (c) shows
anthropogenic SO2 emissions. Emissions of other gases and other aerosols were included in the model but are not shown in the figure. (d) and (e)
show the projected temperature and sea level responses, respectively, The "several models all SRES envelope' in (d) and (e) shows the
temperature and sea level rise, respectively, for the simple model when tuned to a number of complex models with a range of climate sensitivities.
All SIRES envelopes refer to the full range of 35 SRES scenarios. The "model average all SRES envelope" shows the average from these models
for the range of scenarios. Note that the warming and sea level rise from these emissions would continue well beyond 2100. Also note that this
range does not allow for uncertainty relating to ice dynamical changes in the West Antarctic ice sheet, nor does it account for uncertainties in
projecting non sulphate aerosols and greenhouse gas concentrations. (Based upon (a) Chapter 3, Figure 3.12, (b) Chapter 3. Figure 3.12, (c)
Chapter 5, Figure 5.13, (d) Chapter 9, Figure 9.14, (e) Chapter 11, Figure 11.12, Appendix II)
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Extreme Events
Table 1 depicts an assessment of confidence in observed
changes in extremes of weather and climate during the latter
half of the 20th century (left column) and in projected changes
during the 21st century (right column)'. This assessment relies
on observational and modelling studies, as well as the physical
plausibility of future projections across all commonly-used
scenarios and is based on expert judgement'.

For some other extreme phenomena, many of which may
have important impacts on the environment and society,
there is currently insufficient information to assess recent
trends, and climate models currently lack the spatial detail
required to make confident projections. For example, very
small-scale phenomena, such as thunderstorms, tornadoes,
hail and lightning, are not simulated in climate models.

Table 1: Estimates of confidence in observed and projected changes in extreme weather and climate events.

Confidence in observed changes
(latter half of the 20th century)

Changes in Phenomenon

Confidence in projected changes
(during the 21st century)

Likely'

Higher maximum temperatures and more
hot days over nearly all land areas

Very likely'

Very likely'

Higher minimum temperatures, fewer
cold days and frost days over nearly
all land areas

Very likely'

Very likely'

Reduced diurnal temperature range over
most land areas

Very likely'

Likely', over many areas

Increase of heat index'2 over land areas

Very likely', over most areas

Likey', over many Northern Hemisphere
mid- to high latitude land areas

More intense precipitation events°

Very likely', over many areas

Likely', in a few areas

increased summer continental drying
and associated risk of drought

Likely', over most mid-latitude continental
interiors. (Lack of consistent projections
in other areas)

Not observed in the few analyses
available

Increase in tropical cyclone peak wind
Intensities"

Likely', over some areas

Insufficient data for assessment

Increase in tropical cyclone mean and
peak precipitation intensities°

Likely', over some areas

For more details see Chapter 2(observatlons) and Chapter 9, 10 (projections).
" For other areas, there are either insufficient data or conflicting analyses.
Past and future changes in tropical cyclone location and frequency are uncertain.

12 Heat index: A combination of temperature and humidity that measures effects on human comfort.
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El Who

Snow and ice

• Confidence in projections of changes in future frequency,
amplitude, and spatial pattern of El Nino events in the
tropical Pacific is tempered by some shortcomings in how
well El Nino is simulated in complex models. Current
projections show little change or a small increase in

• Northern Hemisphere snow cover and sea-ice extent are
projected to decrease further.

amplitude for El Nino events over the next 100 years.
• Even with little or no change in El Nino amplitude,
global warming is likely' to lead to greater extremes of
drying and heavy rainfall and increase the risk of
droughts and floods that occur with El Nino events in
many different regions.

Monsoons
• It is likely7 that warming associated with increasing
greenhouse gas concentrations will cause an increase of
Asian summer monsoon precipitation variability. Changes
in monsoon mean duration and strength depend on the
details of the emission scenario. The confidence in such
projections is also limited by how well the climate
models simulate the detailed seasonal evolution of the
monsoons.

• Glaciers and ice caps are projected to continue their
widespread retreat during the 21st century.
• The Antarctic ice sheet is likely' to gain mass because of
greater precipitation, while the Greenland ice sheet is
likely' to lose mass because the increase in runoff will
exceed the precipitation increase.
• Concerns have been expressed about the stability of the
West Antarctic ice sheet because it is grounded below sea
level. However, loss of grounded ice leading to substantial
sea level rise from this source is now widely agreed to be
very unlikely' during the 21st century, although its
dynamics are still inadequately understood, especially for
projections on longer time-scales.

Sea level
• Global mean sea level is projected to rise by 0.09 to 0.88
metres between 1990 and 2100, for the full range of
SRES scenarios. This is due primarily to thermal
expansion and loss of mass from glaciers and ice caps
(Figure 5e). The range of sea level rise presented in the

Thermohaline circulation

-

• Most models show weakening of the ocean thermohaline
circulation which leads to a reduction of the heat
transport into high latitudes of the Northern Hemisphere.
However, even in models where the thermohaline
circulation weakens, there is still a warming over Europe
due to increased greenhouse gases. The current
projections using climate models do not exhibit a
complete shut-down of the thermohaline circulation by
2100. Beyond 2100, the thermohaline circulation could
completely, and possibly irreversibly, shut-down in either
hemisphere if the change in radiative forcing is large
enough and applied long enough.

SAR was 0.13 to 0.94 metres based on the IS92
scenarios. Despite the higher temperature change
projections in this assessment, the sea level projections
are slightly lower, primarily due to the use of improved
models, which give a smaller contribution from glaciers
and ice sheets.
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Anthropogenic climate change will
persist for many centuries.
• Emissions of long-lived greenhouse gases (i.e., CO" NO,
PFCs, SF6) have a lasting effect on atmospheric
composition, radiative forcing and climate. For example,
several centuries after CO2 emissions occur, about a quarter
of the increase in CO2 concentration caused by these
emissions is still present in the atmosphere.
• After greenhouse gas concentrations have stabilised, global
average surface temperatures would rise at a rate of only a
few tenths of a degree percentury rather than several
degrees per century as projected for the 21st century
without stabilisation. The lower the level at which
concentrations are stabilised, the smaller the total
temperature change.
• Global mean surface temperature increases and rising sea
level from thermal expansion of the ocean are projected to
continue for hundreds of years after stabilisation of
greenhouse gas concentrations (even at present levels),
owing to the long timescales on which the deep ocean
adjusts to climate change.
• Ice sheets will continue to react to climate warming and
contribute to sea level rise for thousands of years after
climate has been stabilised. Climate models indicate that
the local warming over Greenland is likely7 to be one to
three times the global average. Ice sheet models project that
a local warming of larger than 3°C, if sustained for
millennia, would lead to virtually a complete melting of the
Greenland ice sheet with a resulting sea level rise of about
7 metres. A local warming of 5.5°C, if sustained for 1,000
years, would be likely7 to result in a contribution from
Greenland of about 3 metres to sea level rise.
• Current ice dynamic models suggest that the West Antarctic
ice sheet could contribute up to 3 metres to sea level rise
over the next 1,000 years, but such results are strongly
dependent on model assumptions regarding climate change
scenarios, ice dynamics and other factors.

Further action is required to
address remaining gaps in
information and understanding.
Further research is required to improve the ability to detect,
attribute and understand climate change, to reduce uncertainties
and to project future climate changes. In particular, there is a
need for additional systematic and sustained observations,
modelling and process studies. A serious concern is the decline
of observational networks. The following are high priority
areas for action.
• Systematic observations and reconstructions:
- Reverse the decline of observational networks in many
parts of the world.
- Sustain and expand the observational foundation for
climate studies by providing accurate, long-term,
consistent data including implementation of a strategy for
integrated global observations.
- Enhance the development of reconstructions of past
climate periods.

- Improve the observations of the spatial distribution of
greenhouse gases and aerosols.
• Modelling and process studies:
- Improve understanding of the mechanisms and factors
leading to changes in radiative forcing.
- Understand and characterise the important unresolved
processes and feedbacks, both physical and biogeochemical, in the climate system.
- Improve methods to quantify uncertainties of climate
projections and scenarios, including long-term ensemble
simulations using complex models.
- Improve the integrated hierarchy of global and regional
climate models with a focus on the simulation of climate
variability, regional climate changes and extreme events.

- Link more effectively models of the physical climate and
the biogeochemical system, and in turn improve coupling
with descriptions of human activities.
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Cutting across these foci are crucial needs associated with
strengthening international co-operation and co-ordination in
order to better utilise scientific, computational and observational
resources. This should also promote the free exchange of data
among scientists. A special need is to increase the observational
and research capacities in many regions, particularly in
developing countries. Finally, as is the goal of this assessment,
there is a continuing imperative to communicate research
advances in terms that are relevant to decision making.

The Emissions Scenarios of the Special Report on Emissions Scenarios
(SRES)
Al. The Al storyline and scenario family describes a future world of very rapid economic growth, global population that
peaks in mid-century and declines thereafter, and the rapid introduction of new and more efficient technologies. Major
underlying themes are convergence among regions, capacity building and increased cultural and social interactions, with a
substantial reduction in regional differences in per capita income. The Al scenario family develops into three groups that
describe alternative directions of technological change in the energy system. The three Al groups are distinguished by their
technological emphasis: fossil intensive (AtFl), non-fossil energy sources (A1T), or a balance across all sources (AIB) (where
balanced is defined as not relying too heavily on one particular energy source, on the assumption that similar improvement
rates apply to all energy supply and end use technologies).

A2. The A2 storyline and scenario family describes a very heterogeneous world. The underlying theme is self-reliance and
preservation of local identities. Fertility patterns across regions converge very slowly, which results in continuously increasing
population. Economic development is primarily regionally oriented and per capita economic growth and technological change
more fragmented and slower than other storylines.
B I. The B 1 storyline and scenario family describes a convergent world with the same global population, that peaks in midcentury and declines thereafter, as in the A I storyline, but with rapid change in economic structures toward a service and
information economy, with reductions in material intensity and the introduction of clean and resource-efficient technologies.
The emphasis is on global solutions to economic, social and environmental sustainability, including improved equity, but
without additional climate initiatives.
B2. The B2 storyline and scenario family describes a world in which the emphasis is on local solutions to economic, social
and environmental sustainability. It is a world with continuously increasing global population, at a rate lower than A2,
intermediate levels of economic development, and less rapid and more diverse technological change than in the B I and A I
storylines. While the scenario is also oriented towards environmental protection and social equity, it focuses on local and
regional levels.
An illustrative scenario was chosen for each of the six scenario groups AIB, AIFI, AIT, A2, BI and B2. All should be
considered equally sound.
The SRES scenarios do not include additional climate initiatives, which means that no scenarios are included that explicitly
assume implementation of the United Nations Framework Convention on Climate Change or the emissions targets of the
Kyoto Protocol.
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Source Information: Summary for
Policymakers
This appendix provides the cross-reference of the topics in the
Summary for Policymakers (page and bullet point topic) to the
sections of the chapters of the full report that contain
expanded information about the topic.

An increasing body of observations gives a
collective picture of a warming world and
other changes in the climate system.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

2

The global average surface temperature has
increased over the 20th century by about 0.6°C.
• Chapter 2.2.2 0 Chapter 2.2.2 • Chapter 2.3
• Chapter 2.2.2

4

Temperatures have risen during the past four
decades in the lowest 8 kilometres of the
atmosphere. • Chapter 2.2.3 and 2.2.4
• Chapter 2.2.3 and 2.2.4 • Chapter 2.2.3, 2.2.4
and Chapter 12.3.2

4

Snow cover and ice extent have decreased. All
three bullet points: Chapter 2.2.5 and 2.2.6

4

Global average sea level has risen and ocean
heat content has increased. • Chapter 11.3.2
• Chapter 2.2.2 and Chapter 11.2.1

4-5

5

Emissions of greenhouse gases and
aerosols due to human activities continue
to after the atmosphere in ways that are
expected to affect the climate system.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

5

Chapeau: "Changes in climate occur ..."
Chapter 1, Chapter 3. 1, Chapter 4.1, Chapter 5.1,
Chapter 6.1, 6.2, 6.9, 6.11 and 6.13

7

Concentrations of atmospheric greenhouse gases
and their radiative forc•ing have continued to
increase as a result of human activities.
Carbon dioxide: 0 Chapter 3.3.1, 3.3.2, 3.3.3
and 3.5.1 • Chapter 3.5.1
• Chapter 3.2.2, 3.2.3, 3.5.1 and Table 3.1
• Chapter 3.5.1 and 3.5.2
Methane: • Chapter 4.2.1
Nitrous oxide: • Chapter 4.2.1
Halocarbons: • Chapter 4.2.2

Changes have also occurred in other important
aspects of climate. • Chapter 2.5.2
• Chapter 2.7.2 • Chapter 2.2.2 and 2.5.5
• Chapter 2.7.2 tr Chapter 2.6.2 and 2.6.3
• Chapter 2.7.3 • Chapter 2.7.3
Some important aspects of climate appear not to
have changed. • Chapter 2.2.2 9 Chapter 2.2.5
• Chapter 2.7.3 • Chapter 2.7.3

Radiative forcing of well-mixed gases:
• Chapter 4.2.1 and Chapter 6.3
Stratospheric ozone: • Chapter 4.2.2 and
Chapter 6.4

Tropospheric ozone: 0 Chapter 4.2.4 and
Chapter 6.5
9

Arnhropogenic aerosols are short-lived and
mostly produce negative radiative forcing.

• Chapter 5.2 and 5.5.4 0 Chapter 5.1, 5.2 and
Chapter 6.7 0 Chapter 5.3.2, 5.4.3 and Chapter 6.8
9

Natural factors have made small contributions to
radiative forcing over the past century.
• Chapter 6.11 and 6.15.1 • Chapter 6.9 and 6.15.1
• Chapter 6.15.1
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Confidence in the ability of models to
project future climate has increased.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

9

Chapeau: "Complex physically-based..."
Chapter 8.3.2, 8.5.1, 8.6.1, 8.10.3 and Chapter 12.3.2

9

Global average temperature and sea level
are projected to rise under all IPCC SRES
scenarios.
SPM Page

Cross-Reference: SPM Topic - Cftattter Section

13

Temperature • Chapter 9.3.3 • Chapter 9.3.3
• Chapter 2.2.2, 2.3.2 and 2.4 • Chapter 9.3.3
and Chapter 10.3.2 • Chapter 8.6.1, Chapter
12.4.3, Chapter 13.5.1 and 13.5.2
• Chapter 10.3.2 and Box 10.1 • Chapter 9.3.2

13

Precipitation • Chapter 9.3.1, 9.3.6, Chapter
10.3.2 and Box 10.1

15

Extreme events Table 1: Chapter 2.1, 2.2, 2.5.
2.7.2, 2.7.3, Chapter 9.3.6 and Chapter 10.3.2
• Chapter 2.7.3 and Chapter 9.3.6

• Chapter 7.2.1, 7.5.2 and 7.6.1 • Chapter 8.4.2
• Chapter 8.6.3 and Chapter 12.3.2
• Chapter 8.5.5, 8.7.1 and 8.7.5

There is new and stronger evidence that
most of the warming observed over the last
50 years is attributable to human activities.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

10

Chapeau: "The SAR concluded: The balance of
evidence suggests ..." Chapter 12.1.2 and 12.6

16

El Nino • Chapter 9.3.5 • Chapter 9.3.5

16

Monsoons • Chapter 9.3.5

10

• Chapter 12.2.2, 12.4.3 and 12.6
• Chapter 12.4.1, 12.4.2, 12.4.3 and 12.6
• Chapter 12.2.3, 12.4.1, 12.4.2, 12.4.3 and 12.6
• Chapter 12.4.3 and 12.6. • Chapter 12.6
• Chapter 12.4.3 • Chapter 12.4.3 and 12.6

16

Thermohaline circulation • Chapter 9.3.4

16

Snow and ice • Chapter 9.3.2 • Chapter 11.5.1
• Chapter 11.5.1 • Chapter 11.5.4

16

Sea level • Chapter 11.5.1

10

"In the light of new evidence and taking into
account the ..." Chapter 12.4 and 12.6

10

"Furthermore, it is very likely that the 20th
century warming has ..." Chapter 11.4

Anthropogenic climate change will persist
for many centuries.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

17

• Chapter 3.2.3, Chapter 4.4 and Chapter 6.15
• Chapter 9.3.3 and 9.3.4 • Chapter 11.5.4
• Chapter 11.5.4 • Chapter 11.5.4

Human influences will continue to change
atmospheric composition throughout the
21st century.
SPM Page

Cross-Reference: SPM Topic - Chapter Section

12

Chapeau: "Models have been used to make
projections ..." Chapter 4.4.5 and Appendix II

12

Greenhouse gases • Chapter 3.7.3 and Appendix 11
• Chapter 3.7.1, 3.7.2, 3.7.3 and Appendix 11
• Chapter 3.7.3 and Appendix 11
• Chapter 3.2.2 and Appendix II
• Chapter 4.4.5, 4.5, 4.6 and Appendix 11
• Chapter 3.7.3

12

Aerosols • Chapter 5.5.2, 5.5.3 and Appendix 11

12

Radiative forcing over the 21s1 century
• Chapter 6.15.2 and Appendix 11

Further work is required to address
remaining gaps in information and
understanding.
SPM Page

Cross-Reference: SPM Topic - Chapter Section
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Technical Summary of the Working Group I Report
A. Introduction

A.1 The IPCC and its Working Groups
The Intergovernmental Panel on Climate Change (IPCC) was
established by the World Meteorological Organisation (WMO)
and the United Nations Environment Programme (UNEP) in
1988. The aim was, and remains, to provide an assessment of
the understanding of all aspects of climate change', including
how human activities can cause such changes and can be
impacted by them. It had become widely recognised that
human-influenced emissions of greenhouse gases have the
potential to alter the climate system ( see Box 1), with possible
deleterious or beneficial effects. It was also recognised that
addressing such global issues required organisation on a global
scale, including assessment of the understanding of the issue
by the worldwide expert communities.
At its first session, the IPCC was organised into three Working
Groups. The current remits of the Working Groups are for
Working Group f to address the scientific aspects of the
climate system and climate change, Working Group II to
address the impacts of and adaptations to climate change, and
Working Group III to address the options for the mitigation of
climate change. The IPCC provided its first major assessment
report in 1990 and its second major assessment report in 1996.
The IPCC reports are (i) up-to-date descriptions of the knowns
and unknowns of the climate system and related factors, (ii)
based on the knowledge of the international expert
communities, ( iii) produced by an open and peer-reviewed
professional process, and (iv) based upon scientific publications
whose findings are summarised in terms useful to decision
makers. While the assessed information is policy relevant, the
IPCC does not establish or advocate public policy.
The scope of the assessments of Working Group I includes
observations of the current changes and trends in the climate

system, a reconstruction of past changes and trends, an
understanding of the processes involved in those changes, and
the incorporation of this knowledge into models that can attribute
the causes of changes and that can provide simulation of natural
and human-induced future changes in the climate system.

A.2 The First and Second Assessment
Reports of Working Group I
In the First Assessment Report in 1990, Working Group I broadly
described the status of the understanding of the climate system
and climate change that had been gained over the preceding
decades of research. Several major points were emphasised. The
greenhouse effect is a natural feature of the planet, and its
fundamental physics is well understood. The atmospheric
abundances of greenhouse gases were increasing, due largely to
human activities. Continued future growth in greenhouse gas
emissions was predicted to lead to significant increases in the
average surface temperature of the planet, increases that would
exceed the natural variation of the past several millennia and that
could be reversed only slowly. The past century had, at that time,
seen a surface warming of nearly 0.5°C, which was broadly
consistent with that predicted by climate models for the
greenhouse gas increases, but was also comparable to what was
then known about natural variation. Lastly, it was pointed out that
the current level of understanding at that time and the existing
capabilities of climate models limited the prediction of changes
in the climate of specific regions.
Based on the results of additional research and Special Reports
produced in the interim, IPCC Working Group I assessed the
new state of understanding in its Second Assessment Report
(SARz) in 1996. The report underscored that greenhouse gas
abundances continued to increase in the atmosphere and that
very substantial cuts in emissions would be required for stabilisation of greenhouse gas concentrations in the atmosphere
(which is the ultimate goal of Article 2 of the Framework
Convention on Climate Change). Further, the general increase in
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Climate change in IPCC usage refers to any change in climate over time, ------whether due to natural variability or as a result of human activity. This usage
differs from that in the Framework Convention on Climate Change, where climate change refers to a change of climate that is attributed directly or
indirectly to human activity that alters the composition of the global atrnosphere and that is in addition to natural dimate variability observed over
comparable lime periods. For a definition of scientific and technical terms: see the Glossary in Appendix I.
' The IPCC Second Assessment Report m referred to in this Technical Summary as the SAR.

A.3 The Third Assessment Report: This
Technical Summary

global temperature continued, with recent years being the
warmest since at least 1860. The ability of climate models to
simulate observed events and trends had improved, particularly
with the inclusion of sulphate aerosols and stratospheric ozone as
radiative forcing agents in climate models. Utilising this
simulative capability to compare to the observed patterns of
regional temperature changes, the report concluded that the
ability to quantify the human influence on global climate was
limited. The limitations arose because the expected signal was
still emerging from the noise of natural variability and because of
uncertainties in other key factors. Nevertheless, the report also
concluded that "the balance of evidence suggests a discernible
human influence on global climate". Lastly, based on a range of
scenarios of future greenhouse gas abundances, a set of
responses of the climate system was simulated.

What changes
have occurred?

The third major assessment report of IPCC Working Group I
builds upon these past assessments and incorporates the results
of the past five years of climate research. This Technical
Summary is based on the underlying information of the
chapters, which is cross-referenced in the Source Notes in the
Appendix. This Summary aims to describe the major features
(see Figure 1) of the understanding of the climate system and
climate change at the outset of the 21st century. Specifically:
• What does the observational record show with regard to
past climate changes, both globally and regionally and both
on the average and in the extremes? (Section B)

How well are the past and present
climates understood?

What changes
could lie ahead?

Observations:

Simulations:

• temperatures
• precipitation
• snow / ice cover
• sea level
• circulation
• extremes

• natural variation
• forcing agents

• global climate
• regional climate
• high impact events
• stabilisation

Observations vis-a-vis Simulations

Timeline:

This Summary:

Palaeo & Instrumental
Periods

The Present

The Future

Sections B + C

Sections D + E

Sections F + G

Figure 1: Key questions about the climate system and its relation to humankind. This Technical Summary, which is based on the underlying
information in the chapters, is a status report on the answers, presented in the structure indicated.

• How quantitative is the understanding of the agents that
cause climate to change, including both those that are
natural (e.g., solar variation) and human-related (e.g.,
greenhouse gases) phenomena? (Section C)
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• What is the current ability to simulate the responses of the
climate system to these forcing agents? In particular, how
well are key physical and biogeochemical processes
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• Based on today's observational data and today's climate
predictive capabilities, what does the comparison show
regarding a human influence on today's climate? (Sectinn E)
• Further, using current predictive tools, what could the
possible climate future be? Namely, for a wide spectrum of
projections for several climate-forcing agents, what does
current understanding project for global temperatures,
regional patterns of precipitation, sea levels, and changes in
extremes? (Section F)
Finally; what are the most urgent research activities that
need to be addressed to improve our understanding of the
climate system and to reduce our uncertainty regarding
future climate change?
The Third Assessment Report of IPCC Working Group I is the
product of hundreds of scientists from the developed and
developing world who contributed to its preparation and
review. What follows is a summary of their understanding of
the climate system.
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gases (decades to centuries), and, as a result, their concentrations
respond much more quickly to changes in emissions.

B. The Observed Changes in the
Climate System

Volcanic activity cah^ject

ige amounts of sulphur-contain%ng
gases (primarily sulphur dioxide) into the stratosphere, which are
transformed into sulphate aerosols. Individual eruptions can produce
a]arge, bui tmnsitory, negativc iadiative forcing, teuding to cool the
Earth's surface and lower atmosphere over periods of a few years.
The Sun's^output of nergy varies by small amounts (0.1%u) over
an 1l-year cycle and, in addition, variations over longer periods
may occur. On time-scales of tens to thousands of years. slow
variations in the Earth's orbit, which are well understood, have led
to changes in the seasonal and latitudinal distribution of solar
radiation. These changes have played an important part in
controlling the variations of climate in the distant past, such as the
glacial and inter-glacial cycles.

Is the Earth's climate changing? The answer is unequivocally
"Yes". A suite of observations supports this conclusion and
provides insight about the rapidity of those changes. These
data are also the bedrock upon which to construct the answer
to the more difficult question: "Why is it changing?", which is
addressed in later Sections.
This Section provides an updated summary of the observations
that delineate how the climate system has changed in the past.
Many of the variables of the climate system have been
measured directly, i.e., the "instrumental record". For example,
widespread direct measurements of surface temperature began
around the middle of the 19th century. Near global
observations of other surface "weather" variables, such as

When radiative forcing changes, the climate system responds on
various time-scales, ^Ttte longevst of these are due to the large beat
capacity of the deep ocean and dynamic adjustment of the ice
sheets. This means that the transient response to a change (either
positive or negative) may last.for thousands of years. Any changes
in the radiative balance of the Earth, including those due to an
increase in greenhouse gases or in aerosols, will alter the global
hydrological cycle and atmospheric and oceanic circulation,
thereby affecting weather patterns and regional temperatures and
precipitation.
Any humaminduced changes in climate will be embedded in:.a
background of natural climatic variations that occur on a whole
range of time- and space-scales, Climate variability can occur as a
result of natural changes in the forcing of the climate system, for
example variations in the strength of the incoming solar radiation
and changes in the concentrations of aerosols arising from volcanic
eruptions. Natural c),iroate variations can also occur in the absence
of a change in external forcing, as a result of complex interactions
between components of the climate system, such as the coupling
between the atmosphere and ocean. The El Nino-Southern
Oscillation (ENSO) phenomenon is an example of such natural
"internal" variability on interannual time-scales. To distinguish
anthropogenic climate change e from natural variations, it is
necessary to identify the anthrOpogenic ^signal" against the
background "noise" of natural climate variability.

precipitation and winds, have been made for about a hundred
years. Sea level measurements have been made for over 100
years in some places, but the network of tide gauges with long
records provides only limited global coverage. Upper air
observations have been made systematically only since the late
1940s. There are also long records of surface oceanic
observations made from ships since the mid-19th century and
by dedicated buoys since about the late I970s. Sub-surface
oceanic temperature measurements with near global coverage
are now available from the late 1940s. Since the late 1970s,
other data from Earth-observation satellites have been used to
provide a wide range of global observations of various
components of the climate system. In addition, a growing set
of palaeoclimatic data, e.g., from trees, corals, sediments, and
ice, are giving information about the Earth's climate of
centuries and millennia before the present.
This Section places particular emphasis on current knowledge of
past changes in key climate variables: temperature, precipitation
and atmospheric moisture, snow cover, extent of land and sea
ice, sea level, patterns in atmospheric and oceanic circulation,
extreme weather and climate events, and overall features of the
climate variability. The concluding part of this Section compares
the observed trends in these various climate indicators to we if a
collective picture emerges. The degree of this internal
consistency is a critical factor in assessing the level of confidence
in the current understanding of the climatc system.
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8.1 Observed Changes in Temperature
Temperatures in the Instrumental record for
land and oceans
The global average surface temperature has increased by 0.6
±0.2°C3 since the late 19th century. It is very likely that the
1990s was the warmest decade and 1998 the warmest year in
the instrumental record since 1861 (see Figure 2). The main
cause of the increased estimate of global warming of 0.15°C
since the SAR is related to the record warmth of the additional
six years (1995 to 2000) of data. A secondary reason is related
to improved methods of estimating change. The current,
slightly larger uncertainty range (±0.2°C, 95% confidence
interval) is also more objectively based. Further, the scientific
basis for confidence in the estimates of the increase in global

1910 to 1945 and since 1976. The rate of increase of temperature
for both periods is about 0.15°Gdecade. Recent wanning has
been greater over land compared to oceans; the increase in sea
surface temperature over the period 1950 to 1993 is about half
that of the mean land-surface air temperature. The high global
temperature associated with the 1997 to 1998 El Nino event
stands out as an extreme event, even taking into account the
recent rate of warming.

The regional patterns of the wanning that occurred in the early
part of the 20th century were different than those that occurred
in the latter part. Figure 3 shows the regional patterns of the
warming that have occurred over the full 20th century, as well
as for three component time periods. The most recent period of
warming (1976 to 1999) has been almost global, but the largest
increases in temperature have
occurred over the mid- and hieh
0.8
latitudes of the continents in the
GLOBAL
Northern Hemisphere. Year-round
U m
cooling is evident in the northm m 0.4
western North Atlantic and the
5 '
central North Pacific Oceans, but
*ao
m m
cum
the North Atlantic cooling trend
Ll ^ H" L-,
has recently reversed. The recent
Q 0.0
e^n^\^'i!III11111
regional patterns of temperature
inrn
change have been shown to be
related, in part, to various phases
nE-0.4
of atmospheric-oceanic
o
oscillations, such as the North
Data from thermometers.
Atlantic-Arctic Oscillation and
-0.8
2000 possibly the Pacific Decadal
1960
1980
1940
1920
1900
1660
1880
Oscillation. Therefore, regional
Year
temperature trends over a few
Figure 2: Combined annual land-surface air and sea surface temperature anomalies (°C) 1861 to 2000,
decades can be strongly influenced
relative to 1961 to 1990. Two standard error uncertainties are shown as bar; on the annual number.
by regional variability in the
(Based on Figure 2.7c1
climate system and can depart
appreciably from a global average. The 1910 to 1945 warming
temperature since the late 19th century has been strengthened
was initially concentrated in the North Atlantic. By contrast, the
since the SAR. This is due to the improvements derived from
period 1946 to 1975 showed significant cooling in the North
several new studies. These include an independent test of the

^ ^i ; i^ ^i

^i^ ! ^i. i1il11^

corrections used for time-dependent biases in the sea surface
temperature data and new analyses of the effect of urban "heat

Atlantic, as well as much of the Northern Hemisphere, and
warming in much of the Southern Hemisphere.

island" influences on global land-temperature trends. As
indicated in Figure 2, most of the increase in global temperature
since the late 19th century has occurred in two distinct periods:

New analyses indicate that global ocean heat content has
increased significantly since the late 1950s. More than half
of the increase in heat content has occurred in the upper 300 in

---------_...--- ---^^---- .---^----^----------^^ - -^----^Generally, temperature trends are rounded to the nearest 0.05°C per unit of time, the periods often being limited by data availability.
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(a) Annual temperature trends, 1901 to 2000
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(d) Annual temperature trends, 1976 to 2000
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(c) Annual temperature trends, 1946 to 1975
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(b) Annual temperature trends, 1910 to 1945
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Figure 3: Annual temperature trends for the periods 1901 to 1999, 1910 to 1945, 1946 to 1975 and 1976 to 1999 respectively. Trends are represented by
the area of the circle with red representing increases, blue representing decreases, and green little or no change. Trends were calculated from annually
averaged gridded anomalies with the requirement that the calculation of annual anomalies include a minimum of 10 months of data. For the period 1901
to 1999, trends were calculated only for time grid boxes containing annual anomalies in at least 66 of the 100 years. The minimum number of years
required for the shorter time periods (1910 to 1945, 1946 to 1975, and 1976 to 1999) was 24, 20, and 16 years respectively- [Based on Figure 2.91

of the ocean, equivalent to a rate of temperature increase in
this layer of about 0.04°C/decade.
New analyses of daily maximum and minimum land-surface
temperatures for 1950 to 1993 continue to show that this
measure of diurnal temperature range is decreasing very
widely, although not everywhere. On average, minimum
temperatures are increasing at about twice the rate of
maximum temperatures (0.2 versus O.l°C/decade).

Temperatures above the surface layer from
satellite and weather balloon records
Surface, balloon and .satellite temperature measurements show
that the troposphere and Earth's surface have warmed and
that the stratosphere has cooled. Over the shorter time period
for which there have been both satellite and weather balloon
data (since 1979), the balloon and satellite records show
significantly less lower-tropospheric warming than observed
at the surface. Analyses of temperature trends since 1958 for
the lowest 8 km of the atmosphere and at the surface are in

't^:zu^i^1 ;7:ururr•,tr^ :^i :ii^ 'il^Jr'
r ir^1 r;r:lup 1 iiap^rs

good agreement, as shown in Figure 4a, with a warming of
about 0.1°C per decade. However, since the beginning of the
satellite record in 1979, the temperature data from both
satellites and weather balloons show a warming in the global
middle-to-lower troposphere at a rate of approximately 0.05 ±
0.t0°C per decade. The global average surface temperature has
increased significantly by 0.15 ± 0.05°C/decade. The
difference in the warming rates is statistically significant. By
contrast, during the period 1958 to 1978, surface temperature
trends were near zero, while trends for the lowest 8 km of the
atmosphere were near 0.2°Gdecade. About half of the
observed difference in warming since 1979 is likely4 to be due
to the combination of the differences in spatial coverage of the
surface and tropospheric observations and the physical effects
of the sequence of volcanic eruptions and a substantial El
Nino (see Box 4 for a general description of ENSO) that
occurred within this period. The remaining difference is very
likely real and not an observing bias. It arises primarily due to
differences in the rate of temperature change over the tropical
and sub-tropical regions, which were faster in the lowest 8 km
of the atmosphere before about 1979,
.but which have been
slower since then. There are no significant differences in
warming rates over mid-latitude continental regions in the
Northern Hemisphere. In the upper troposphere, no significant
global temperature trends have been detected since the early
1960s. In the stratosphere, as shown in Figure 4b, both
satellites and balloons show substantial cooling, punctuated by
sharp warming episodes of one to two years long that are due
to volcanic eruptions.
Surface temperatures during the preinstrumental period from the proxy record
It is likely that the rate and duration of the warming of the 20th
century is larger than any other time during the last 1,000
years. The 1990s are likely to have been the warmest decade of
the millennium in the Northern Hemisphere, and 1998 is likely
to have been the warmest year. There has been a considerable
advance in understanding of temperature change that occurred
over the last millennium, especially from the synthesis of
individual temperature reconstructions. This new detailed
temperature record for the Northern Hemisphere is shown in
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Figure 4: (a) Time-series of seasonal temperature anomalies of the
troposphere based on balloons and satellites in addition to the surface.
(b) rime-sedes of seasonal temperature anomalies of the lower stratosphere from balloons and satellites. [Based on Figure 2.12)

Figure 5. The data show a relatively warm period associated
with the I Ith to 14th centuries and a relatively cool period
associated with the 15th to 19th centuries in the Northern
Hemisphere. However, evidence does not support these
"Medieval Warm Period" and "Little Ice Age" periods, respectively, as being globally synchronous. As Figure 5 indicates, the
rate and duration of warming of the Northern Hemisphere in
the 20th century appears to have been unprecedented during the
millennium, and it cannot simply be considered as a recovery
from the "Little Ice Age" of the 15th to 19th centuries. These
analyses are complemented by sensitivity analysis of the spatial
representativeness of available palaeoclimatic data, indicating
that the warmth of the recent decade is outside the 95%
confidence interval of temperature uncertainty, even during the
warmest periods of the last millennium. Moreover, several
different analyses have now been completed, each suggesting

In this Technical Summary and in the Summary for Policymakers, the following words have been used to indicate approximate judgmental estimates of
confidence: virtually certain (greater than 99% chance that a result is true); very likely (90-99% chance); likely (66-90% chance);
medium likelihood (33-66% chance); unlikely (10-33% chance): very unlikely (1-10% chance); exceptionally unlikely ( less than 1% chance).
The reader is referred to individual chapters for more details.
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- Instrumental data (AD 1902 to 1999)
- Reconstruction (AD 1000 to 1980)
- Reconstruction (40 year smoothed)
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Figure 5: Millennial Northern Hemisphere (NH) temperature reconstruction (blue - tree rings, corals, ice cores, and historical records) and instrumental data (red) from AD 1000 to 1999. Smoother version of NH series (black), and two standard error limits (gray shaded) are shown. [Based on
Figure 2.201

that the Northern Hemisphere temperatures of the past decade
have been warmer than any other time in the past six to ten
centuries. This is the time-span over which temperatures with
annual resolution can be calculated using hemispheric-wide
tree-ring, ice-cores, corals, and and other annually-resolved
proxy data. Because less data are available, less is known about

It is likely that large rapid decadal temperature changes area, red
during the last glacial and its deglaciation (between about
100,000 and 10,000 years ago), particularly in high Latitudes of
the Northern Hemisphere. In a few places during the
deglaciation, local increases in temperature of 5 to 10°C are
likely to have occurred over periods as short as a few decades.

annual averages prior to 1,000 years before the present and for
conditions prevailing in most of the Southern Hemisphere prior

During the last 10,000 years, there is emerging evidence of

to 1861.

the natural variability of climate.

significant rapid regional temperature changes, which are part of
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8.2 Observed Changes in Precipitation and
Atmospheric Moisture

B.3 Observed Changes in Snow Cover and
Land- and Sea-ice Extent

Since the time of the SAR, annual land precipitation has
continued to increase in the middle and high latitudes of the
Northern Hemisphere (very likely to be 0.5 to I%ddecade), except
over Eastent Asia. Over the sub-tropics (10°N to 30°N), landsurface rainfall has decreased on average (likely to be about
0.3%/decade), although this has shown signs of recovery in recent
years. Tropical land-surface precipitation measurements indicate
that precipitation likely has increased by about 0.2 to 0.3%/
decade over the 20th century, but increases are not evident over
the past few decades and the amount of tropical land (versus
ocean) area for the latitudes 10°N to IO°S is relatively small.
Nonetheless, direct measurements of precipitation and model
reanalyses of inferred precipitation indicate that rainfall has also
increased over large parts of the tropical oceans. Where and when
available, changes in annual streamflow, often relate well to
changes in total precipitation. The increases in precipitation over

Decreasing snow cover and land-ice extent continue to be
positively correlated with increasing land-surface temperatures. Satellite data show that there are very likely to have

Northern Hemisphere mid- and high latitude land areas have a
strong correlation to long-term increases in total cloud mount. In
contrast to the Northern Hemisphere, no comparable systematic
changes in precipitation have been detected in broad latitudinal
averages over the Southern Hemisphere.

been decreases of about 10% in the extent of snow cover
since the late 1960s. There is a highly significant correlation
between increases in Northern Hemisphere land temperatures and the decreases. There is now ample evidence to
support a major retreat of alpine and continental glaciers in
response to 20th century warming. In a few maritime
regions, increases in precipitation due to regional
atmospheric circulation changes have overshadowed
increases in temperature in the past two decades, and
glaciers have re-advanced. Over the past 100 to 150 years,
ground-based observations show that there is very likely to
have been a reduction of about two weeks in the annual
duration of lake and river ice in the mid- to high latitudes of
the Northern Hemisphere.
Northern Hemisphere sea-ice amounts are decreasing, but
no significant trends in Antarctic sea-ice extent are
apparent. A retreat of sea-ice extent in the Arctic spring and
summer of 10 to 15% since the 1950s is consistent with an

It is likely that total atmospheric water vapour has increased

increase in spring temperatures and, to a lesser extent,

several per cent per decade over many regions of the Northern

summer temperatures in the high latitudes. There is little

Hemisphere. Changes in water vapour over approximately the

indication of reduced Arctic sea-ice extent during winter

past 25 years have been analysed for selected regions using in situ

when temperatures have increased in the surrounding region.

surface observations, as well as lower-tropospheric measurements

By contrast, there is no readily apparent relationship

from satellites and weather balloons. A pattern of overall surface

between decadal changes of Antarctic temperatures and

and lower-tropospheric water vapour increases over the past few

sea-ice extent since 1973. After an initial decrease in the

decades is emerging from the most reliable data sets, although

mid-1970s, Antarctic sea-ice extent has remained stable, or

there are likely to be time-dependent biases in these data and

even slightly increased.

regional variations in the trends. Water vapour in the lower stratosphere is also likely to have increased by about 10% per decade
since the beginning of the observational record (1980).

Changes in total cloud amounts over Northene Hemisphere
mid- and high latitude continental regions indicate a likely
increase in cloud cover of about 2% since the beginning of the
20th century, which has now been shown to be positively
correlated with decreases in the diumal temperature ronge.
Similar changes have been shown over Australia, the only
Southern Hemisphere continent where such an analysis has been
completed. Changes in total cloud amount are uncertain both over
sub-tropical and tropical land areas, as well as over the oceans.

3!i',_

New data indicate that there likely has been an approximately 40% decline in Arctic sea-ice thickness in late
summer to early autumn between the period of 1958 to 1976
and the mid-1990s, and a substantially smaller decline in
winter. The relatively short record length and incomplete
sampling limit the interpretation of these data. Interannual
variability and inter-decadal variability could be influencing
these changes.
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B.4 Observed Changes in Sea Level
Changes during the Instrumental record
Based an tide gauge data, the rate of global mean sea level rise
during the 20th century is in the range 1.0 to 2.0 mm/yr, with a
central value of 1.5 mm/yr (the central value should not be
interpreted as a best estimate). (See Box 2 for the factors that
influence sea level.) As Figure 6 indicates, the longest instrumental
records (two or three centuries at most) of local sea level come
from tide gauges. Based on the very few long tide-gauge records,
the average rate of sea level rise has been larger during the 20th
century than during the 19th century. No significant acceleration

in the rate of sea level rise during the 20th century has been
detected. This is not inconsistent with model results due to the
possibility of compensating factors and the limited data.
Changes during the pre-instrumental record
Since the last glacial maximum about 20,000 years ago, the
sea level in locations far frvm present and former ice sheets
has risen by over 120 +n as a result of loss of mass from these
ice sheets. Vertical land movements, both upward and
downward, are still occurring in response to these large
transfers of mass from ice sheets to oceans. The most rapid
rise in global sea level was between 15,000 and 6,000 years
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ago, with an average rate of about 10 mm/yr. Based on
geological data, eustatic sea level (i.e., corresponding to a
change in ocean volume) may have risen at an average rate

B.5 Observed Changes in Atmospheric and
Oceanic Circulation Patterns
The behaviour of ENSO (see Box 4 for a general description),
has been unusual since the mid-1970s compared with the

of 0.5 mm/yr over the past 6,000 years and at an average rate
of 0.1 to 0.2 mm/yr over the last 3,000 years. This rate is
about one tenth of that occurring during the 20th century.

previous 100 years, with warm phase ENSO episodes being
relatively more frequent, persistent, and intense than the
opposite cool phase. This recent behaviour of ENSO is

Over the past 3,000 to 5,000 years, oscillations in global sea
level on time-scales of 100 to 1,000 years are unlikely to
have exceeded 0.3 to 0.5 m.

reflected in variations in precipitation and temperature over
much of the global tropics and sub-tropics. The overall effect
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Figure 6: Time-series of relative sea level for the past 300 years from Northern Europe: Amsterdam, Netherlands; Brest, France; Sheemess, UK;
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is likely to have been a small contribution to the increase in
global temperatures during the last few decades. The
Inter-decadal Pacific Oscillation and the Pacific Decadal
Oscillation are associated with decadal to multidecadal
climate variability over the Pacific basin. It is likely that these
oscillations modulate ENSO-related climate variability.
Other important circulation features that affect the climate
in large regions of the globe are being characterised. The
North Atlantic Oscillation (NAO) is linked to the strength of
the westerlies over the Atlantic and extra-tropical Eurasia.
During winter the NAO displays irregular oscillations on
interannual to multi-decadal time-scales. Since the 1970s,
the winter NAO has often been in a phase that contributes to
stronger westerlies, which correlate with cold season
warming over Eurasia. New evidence indicates that the NAO
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Asia and Africa, the frequency and intensity of drought have
been observed to increase in recent decades. In many
regions, these changes are dominated by inter-decadal and
multi-decadal climate variability, such as the shift in ENSO
towards more warm events. In many regions, inter-daily
temperature variability has decreased, and increases in the
daily minimum temperature are lengthening the freeze-free
period in most mid- and high latitude regions. Since 1950 it
is very likely that there has been a significant reduction in
the frequency of much-below-normal seasonal mean temperatures across much of the globe, but there has been a smaller
increase in the frequency of much-above-normal seasonal
temperatures.
There is no compelling evidence to indicate that the
characteristics of tropical and extratropical storms have

and changes in Arctic sea ice are likely to be closely
coupled. The NAO is now believed to be part of a wider
scale atmospheric Arctic Oscillation that affects much of the

changed. Changes in tropical storm intensity and frequency

extratropical Northern Hemisphere. A similar Antarctic
Oscillation has been in an enhanced positive phase during
the last 15 years, with stronger westerlies over the Southern
Oceans.

Owing to incomplete data and limited and conflicting

are dominated by interdecadal to multidecadal variations,
which may be substantial, e.g., in the tropical North Atlantic.
analyses, it is uncertain as to whether there have been any
long-term and large-scale increases in the intensity and
frequency of extra tropical cyclones in the Northern
Hemisphere. Regional increases have been identified in the

B.6 Observed Changes in Climate
Variability and Extreme Weather and
Climate Events

North Pacific, parts of North America, and Europe over the
past several decades. In the Southern Hemisphere, fewer
analyses have been completed, but they suggest a decrease in
extra-tropical cyclone activity since the 1970s. Recent

New analyses show that in regions where total precipitation

analyses of changes in severe local weather (e.g., tornadoes,

has increased, it is very likely that there have been even more
pronounced increases in heavy and extreme precipitation

thunderstorm days, and hail) in a few selected regions do not

events. The converse is also true. In some regions, however,

In general, trends in severe weather events are notoriously

heavy and extreme events (i.e., defined to be within the

difficult to detect because of their relatively rare occurrence

upper or lower ten percentiles) have increased despite the

and large spatial variability.

provide compelling evidence to suggest long-term changes.

fact that total precipitation has decreased or remained
constant. This is attributed to a decrease in the frequency of
precipitation events. Overall, it is likely that for many mid-

8.7 The Collective Picture: A Warming World
and Other Changes in the Climate System

and high latitude areas, primarily in the Northern

Over the 20th century (1900 to 1995), there were relatively

As summarised above, a suite of climate changes is now
well-documented, particularly over the recent decades to
century time period, with its growing set of direct
measurements. Figure 7 illustrates these trends in temperature
indicators (Figure 7a) and hydrological and storm-related
indicators (Figure 7b), as well as also providing au indication

small increases in global land areas experiencing severe

of certainty about the changes.

Hemisphere, statistically significant increases have occurred
in the proportion of total annual precipitation derived from
heavy and extreme precipitation events; it is likely that there
has been a 2 to 4% increase in the frequency of heavy
precipitation events over the latter half of the 20th century.

drought or severe wetness. In some regions, such as parts of

fasivt'^ s! ;^:iltutk:.rx/ J7 di1^ YY^r;^u^ ^^^:tp a ii:;ur;

Taken together, these trends illustrate a collective picture
of a warming world:

Some important aspects of climate appear not to have
changed.

• Surface temperature measurements over the land and
oceans (with two separate estimates over the latter) have
been measured and adjusted independently. All data sets
show quite similar upward trends globally, with two major
warming periods globally: 1910 to 1945 and since 1976.
There is an emerging tendency for global land-surface air
temperatures to warm faster than the global ocean-surface
temperatures.

• A few areas of the globe have not warmed in recent

• Weather balloon measurements show that lower-tropospheric
temperatures have been increasing since 1958, though only
slightly since 1979. Since 1979, satellite data are available
and show similar trends to balloon data.
• The decrease in the continental diurnal temperature range
coincides with increases in cloud amount, precipitation, and
increases in total water vapour.
• The nearly worldwide decrease in mountain glacier extent
and ice mass is consistent with worldwide surface
temperature increases. A few recent exceptions in coastal
regions are consistent with atmospheric circulation
variations and related precipitation increases.
• The decreases in snow cover and the shortening seasons of
lake and river ice relate well to increases in Northern
Hemispheric land-surface temperatures.
• The systematic decrease in spring and summer sea-ice
extent and thickness in the Arctic is consistent with
increases in temperature over most of the adjacent land and
ocean.

• Ocean heat content has increased, and global average sea
level has risen.
• The increases in total tropospheric water vapour in the last
25 years are qualitatively consistent with increases in
tropospheric temperatures and an enhanced hydrologic
cycle, resulting in more extreme and heavier precipitation
events in many areas with increasing precipitation, e.g.,
middle and high latitudes of the Northern Hemisphere.

decades, mainly over some parts of the Southern Hemisphere
oceans and parts of Antarctica.
• No significant trends in Antarctic sea-ice extent are apparent
over the period of systematic satellite measurements (since
1978).
• Based on limited data, the observed variations in the
intensity and frequency of tropical and extra-tropical
cyclones and severe local storms show no clear trends in the
last half of the 20th century, although multi-decadal fluctuations are sometimes apparent.
The variations and trends in the examined indicators imply
that it is virtually certain that there has been a generally
increasing trend in global surface temperature over the 20th
century, although short-term and regional deviations from this
trend occur.
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FIgure 7a: Schematic of observed variations of

(a) Temperature Indicators

the temperature indicators. [Based on Figure
2.39a]
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Figure 7b: Schematic of observed variations of
the hydrological and storm-related indicators.
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C. The Forcing Agents That Cause
Climate Change

t.a

In addition to the past variations and changes in the Earth's
climate, observations have also documented the changes that
have occurred in agents that can cause climate change. Most
notable among these are increases in the atmospheric
concentrations of greenhouse gases and aerosols (microscopic
airborne particles or droplets) and variations in solar activity,
both of which can alter the Earth's radiation budget and hence
climate. These observational records of climate-forcing agents
are part of the input needed to understand the past climate
changes noted in the preceding Section and, very importantly,
to predict what climate changes could lie ahead (see Section F).
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direct monitoring of the atmospheric concentrations of carbon
dioxide (CO,) began about the middle of the 20th century and,
in later years, for other long-lived, well-mixed gases such as
methane. Palaeo-atmospheric data from ice cores reveal the
concentration changes occurring in earlier millennia for some
greenhouse gases. In contrast, the time-series measurements for
the forcing agents that have relatively short residence times in
the atmosphere (e.g., aerosols) are more recent and are far less
complete, because they are harder to measure and are spatially
heterogeneous. Current data sets show the human influence on
atmospheric concentrations of both the long-lived greenhouse
gases and short-lived forcing agents during the last part of the
past millennium. Figure 8 illustrates the effects of the large
growth over the Industrial Era in the anthropogenic emissions of
greenhouse gases and sulphur dioxide, the latter being a
precursor of aerosols-

the radiative forcing of climate change that has occurred from
pre-industrial times to the present. Figure 9 shows the estimated
radiative forcings from the beginning of the Industrial Era
(1750) to 1999 for the quantifiable natural and anthropogenic

Methane

° 1250

Like the record of past climate changes, the data sets for forcing
agents are of varying length and quality. Direct measurements of
solar irradiance exist for only about two decades. The sustained

A change in the energy available to the global Earth-atmosphere
system due to changes in these forcing agents is termed
radiative forcing (Wm -2) of the climate system (see Box 1).
Defined in this manner, radiative forcing of climate change
constitutes an index of the relative global mean impacts on the
surface-troposphere system due to different natural and
anthropogenic causes. This Section updates the knowledge of

1.5

Carbon Dioxide

y

0

o.o

270
2501
two

ties

1200

1400

1600

1800

i
2000

Year

200

100

E

0
1600

law
Year

Figure 8: Records of changes in atmospheric composition. (a)
Atmospheric concentrations of CO, CH, and NxO over the past
1,000 years. Ice core and tim data for several sites in Antarctica and
Greenland (shown by different symbols) are supplemented with the
data from direct atmospheric samples over the past few decades
(shown by the line for CO. and incorporated in the curve representing
the global average of CHa). The estimated radiative forcing from
these gases is indicated on the right-hand scale. (b) Sulphate
concentration in several Greenland ice cores with the episodic effects
of volcanic eruptions removetl (lines) and total SO2 emissions from
sources in the US and Europe (crosses). [Based on (a) Figure 3.2b
(COz), Figure 4.1a and b(CHj and Figure 4.2 (NO) and (b) Figure
5.4a]
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Figure 9: Global, annual-mean radiative forcings (Wm 2) due to a number of agents for the period from pre-industdal (175e) to present (late 1990s;
about 2000) (numerical values are also listed in Table 6.11 of Chapter 6). For detailed explanations, see Chapter 6.13. The height of the rectangular
bar denotes a central or best estimate value, while its absence denotes no best estimate is possible. The vertical line about the rectangular bar with 5f
delimiters indicates an estimate of the uncertainty range, for the most part guided by the spread in the published values of the forcing. A vertical line
without a rectangular bar and with "o" delimiters denotes a forcing for which no central estimate can be given owing to large uncertainties. The
uncertainty range specified here has no statistical basis and therefore differs from the use of the term elsewhere in this document. A"level of scientific
understanding" index is accorded to each forcing, with high, medium, low and very low levels, respectively. This represents the subjective judgement
about the reliability of the forcing estimate, involving factors such as the assumptions necessary to evaluate the forcing, the degree of knowledge of
the physical/chemical mechanisms determining the forcing, and the uncertainties surrounding the quantitatlve estimate of the forcing (see Table 6.12).
The well-mixed greenhouse gases are grouped together into a single rectangular bar with the individual mean contnbutions tlue to COz, CH, Nz0 and
halocarbons shown (see Tables 6.1 and 6.11). Fossil fuel burning is separated into the "black carbon" and "organic carbon' components with its
separate best estimate and range. The sign of the effects due to mineral dust is itself an uncertainty. The indirect forcing due to tropospheric aemsols
is poorly understood. The same is two for the forcing due to aviation via its effects on contrails and cirrus clouds. Only the "first" type of indirect effect
due to aerosols as applicable in the context of liquid clouds is considered here. The "second" type of effect is conceptually important, but there exists
very little confidence in the simulated quantitative estimates. The forcing associated with stratospheric aerosols from volcanic eruptions is highly
variable over the period and is not considered for this plot (however, see Figure 6.8). All the forcings shown have distinct spatial and seasonal features
(Figure 6.7) such that the global, annual means appearing on this plot do not yield a complete picture of the radiative pedurbation- They are only
intended to give, in a relative sense, a first-order perspective on a global, annual mean scale and cannot be readily employed to obtain the climate
response to the total natural and/or anthropogenic fomings. As in the SAR, d is emphasised that the positive and negative global mean forcings cannot
be added up and viewed a pnort as providing offsets in terms of the complete global climate impact. [Based on Figure 6.61
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forcing agents. Although not included in the figure due to their
episodic nature, volcanic eruptions are the source of another
important natural forcing. Summaries of the information about
each forcing agent follow in the sub-sections below.
The forcing agents included in Figure 9 vary greatly in their
form, magnitude and spatial distribution. Some of the
greenhouse gases are emitted directly into the atmosphere;
some are chemical products from other emissions. Some
greenhouse gases have long atmospheric residence times and,
as a result, we well-mixed throughout the atmosphere.
Others are short-lived and have heterogeneous regional
concentrations. Most of the gases originate from both natural
and anthropogenic sources. Lastly, as shown in Figure 9, the
radiative forcings of individual agents can be positive (i.e., a
tendency to wann the Earth's surface) or negative ( i.e., a
tendency to cool the Earth's surface).

C.1 Observed Changes in Globally WellMixed Greenhouse Gas Concentrations and
Radiative Forcing
Over the millennium before the Industrial Era, the atmospheric
concentrations of greenhouse gases remained relatively
constant. Since then, however, the concentrations of many
greenhouse gases have increased directly or indirectly
because of human activities.
Table I provides examples of several greenhouse gases and
summarises their 1750 and 1998 concentrations, their
change during the 1990s, and their atmospheric lifetimes.
The contribution of a species to radiative forcing of climate
change depends on the molecular radiative properties of the
gas, the size of the increase in atmospheric concentration,
and the residence time of the species in the atmosphere,
once emitted. The latter - the ntm^spherir residence time of
the greenhouse gas - is a highly policy relevant characteristic.
Namely, emissions of a greenhouse gas that has a long
atmospheric residence time is a quasi-irreversible
commitment to sustained radiative forcing over decades,
centuries, or millennia, before natural processes can remove
the quantities emitted.

Table 1: Examples of greenhouse gases that are affected by human activities. [Based Upon Chapter 3 and Table 4.11

CO2
(Carbon
Dioxide)

CH4
(Methane)

N20
(Nitrous
Oxide)

Pre-industrial concentration

about 280 ppm

about 700 ppb

about 270 ppb

Concentration in 1998

365 ppm

1745 ppb

Rate of concentration
changet'

1.5 ppm/yr

Atmospheric lifetime

5 to 200 yr`

CFC-11
(Chlorofluoro
-carbon-11)

HFC-23
(Hydrofluoro
-carbon-23)

CF4
(Perfluoromethane)

zero

zero

40 ppt

314 ppb

268 ppt

14 ppt

80 ppt

7.0 ppb/yr a

0.8 ppb/yr

-1.4 ppt/yr

0.55 ppNyr

1 ppt/yr

12 yr d

114 yr d

45 yr

260 yr

>50,000 yr

° Rate has fluctuated between 0.9 ppMyr and 2.8 ppMyr for CO, and between 0 and 13 ppbtyr for CH° over the period 1990 to 1999.
° Rate is calculated over the period 1990 to 1999.
No single lifetime can be defined for CO. because at the different rates of uptake by different removal processes.
^ This lifetime has been defined as an 'adjustment time" that takes into account the indirect effect of the gas on its own residence time.
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Carbon dioxide (CO2)
The atmospheric concentration of CO2 has increased from
280 ppm5 in 1750 to 367 ppm in 1999 (31%, Table 1).
Today's CO, concentration has not been exceeded during the
past 420,000 years and likely not during the past 20 million
years. The rate of increase over the past century is unprecedented, at least during the past 20,000 years (Figure 10).
The CO2 isotopic composition and the observed decrease in
Oxygen (Oz) demonstrates that the observed increase in CO,
is predominately due to the oxidation of organic carbon by
fossil-fuel combustion and deforestation. An expanding set
of palaeo-atmospheric data from air trapped in ice over
hundreds of millennia provide a context for the increase in
CO2 concentrations during the Industrial Era (Figure 10).
Compared to the relatively stable CO2 concentrations (280 ±
10 ppm) of the preceding several thousand years, the
increase during the Industrial Era is dramatic. The average
rate of increase since 1980 is 0.4%/yr. The increase is a
consequence of CO2 emissions. Most of the emissions
during the past 20 years are due to fossil fuel burning, the
rest (10 to 30`ân) is predominantly due to land-use change,
especially deforestation. As shown in Figure 9, CO, is the
dominant human-influenced greenhouse gas, with a current
radiative forcing of 1.46 Wm-2, being 60% of the total from
the changes in concentrations of all of the long-lived and
globally mixed greenhouse gases.

Direct atmospheric measurements of CO, concentrations made
over the past 40 years show that year to year fluauatiofu in the
rate of increase of atmospheric CO, are large. In the 1990s, the
annual rates of CO2 increase in the atmosphere varied from 0.9
to 2.8 ppm/yr, equivalent to 1.9 to 6.0 PgC/yr. Such annual
changes can be related statistically to short-term climate
variability, which alters the rate at which atmospheric CO, is
taken up and released by the oceans and land. The highest rates
of increase in atmospheric CO2 have typically been in strong El
Nino years (Box 4). These higher rates of increase can be
plausibly explained by reduced terrestrial uptake (or terrestrial
outgacsing) of CO, during El Nino years, overwhelming the
tendency of the ocean to take up more CO, than usual.
Partitioning of anthropogenic CO, behveen atmospheric
increases and land and ocean uptake for the past two decades
can now be calculated from atmospheric observations. Table
2 presents a global CO, budget for the 1980s (which proves to
be similar to the one constructed with the help of ocean
model results in the SAR) and for the 1990s. Measurements
of the decrease in atmospheric oxygen (02) as well as the
increase in CO2 were used in the construction of these new
budgets. Results from this approach are consistent with other
analyses based on the isotopic composition of atmospheric
COz and with independent estimates based on measurements
of CO2 and I'CO, in seawater. The 1990s budget is based on
newly available measurements and updates the budget for

Table 2: Global CO. budgets (in PgC/yr) based on measurements of atmospheric CO2 and Oz. Positive values are fluxes to the atmosphere;
negative values represent uptake from the atmosphere. [Based upon Tables 3.1 and 3.31

SARab
1980 to 1989

3.3 ± 0.1

3.2 +0_1
6.3 ± 0.4
-1.7 ± 0.5
-1.4 ± 0.7

Ocean-atmosphere flux

5.5 ± 0.3
- 2.0 ± 0.5

;

3.3 ± 0.1
5.4 ± 0.3
-1.9 ± 0.6

Land-atmosphere flux d

-0.2+0-6

'- _

-0.2 ± 0.7

Atmospheric increase
Emissions ( fossil fuel, cement) `

This Reporta
1990 to 1999

1980 to 1989

° Note that the uncertainties cited in this table are i1 standard error. The uncertainties cited in the SAR were ±1.6 standard error (i.e., approximately
90°k confidence interval). Uncertainties cited from the SAR were adjusted to ±1 standard error. Error bars denote uncertainty, not interannual
variability, which is substantially greaterb Previous IPCC carbon budgets calculated ocean uptake from models and the land-almosphere flux was inferred by difference.
c The fossil fuel emissions term for the 1980s has been revised slightly downward since the SAR.
" The land-aboosphere flux represents the balance of a positive term due to land-use change and a residual terrestrial sink. The two terms cannot be
separated on the basis of current atmospheric measurements. Using independent analyses to estimate the land-use change component for 19801o
1989, the residual terrestrial sink can be inferred as follows: Land-use change 1.7 PgC/yr (0.6 to 2.5); Residual terrestrial sink -1.9 PgC/yr (-3.8 to
0.3). Comparable data for the 1990s are not yet available.
5

...
- .__ ...-........
__
.. -_..__
"___
- _
Atmospheric abundances of trace gases are reported here as the mole traction (molar mixing ratio) of the gas relative to dry air (ppm = 104, ppb = 10-9,
ppt = W -e). Atmospheric burden is reported as the total mass of the gas (e.g., Mt - Tg = 10'2g). The global carbon cycle is expressed in P9C = GtC.
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Figure 10: Variations in

Variations in atmospheric CO2 concentrations on different time-scales
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1989 to 1998 derived using SAR methodology for the IPCC
Special Report on Land Use, Land-Use Change and Forestry
(2000). The terrestrial biosphere as a whole has gained carbon
during the 1980s and 1990s; i.e., the CO2 released by landuse change (mainly tropical deforestation) was more than
compensated by other terrestrial sinks, which are likely
located in both the northern extra-tropics and in the tropics.
There remain large uncertainties associated with estimating
the CO. release due to land-use change (and, therefore, with
the magnitude of the residual terrestrial sink).
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Process-based modelling (terrestrial and ocean carbon
models) has allowed preliminary quantification of
mechanisms in the global carbon cycle. Terrestrial model
results indicate that enhanced plant growth due to higher CO2
(CO2 fertilisation) and anthropogenic nitrogen deposition
contribute significantly to CO, uptake, i.e., are potentially
responsible for the residual terrestrial sink described above,
along with other proposed mechanisms, such as changes in
land-management practices. The modelled effects of climate
change during the 1980s on the terrestrial sink are small and
of uncertain sign.
Methane (CH4)
Atmospheric methane (CHa) concentrations have increased by
about 150% (1,060 ppb) since 1750. The present CH4
concentration has not been exceeded during the past 420,000
years. Methane (CHa) is a greenhouse gas with both natural
(e.g., wetlands) and human-influenced sources (e.g.,
agriculture, natural gas activities, and landfills). Slightly more
than half of current CH4 emissions are anthropogenic. It is
removed from the atmosphere by chemical reactions. As
Figure 1I shows, systematic, globally representative
measurements of the concentration of CH, in the atmosphere
have been made since 1983, and the record of atmospheric
concentrations has been extended to earlier times from air
extracted from ice cores and firn layers. The current direct
radiative forcing of 0.48 Wm -1 from CHq is 20% of the total
from all of the long-lived and globally mixed greenhouse
gases (see Figure 9).
The atmospheric abundance of CHa continues to increase,
from about 1,610 ppb in 1983 to 1,745 ppb in 1998, but the
observed annual increase has declined during this period.
The increase was highly variable during the 1990s; it was
near zero in 1992 and as large as 13 ppb during 1998. There
is no clear quantitative explanation for this variability. Since

1985

1990

1995

2000

Year

Flgure 11: (a) Change in CHa abundance (mole fraction, in ppb - 1"
determined from ice cores, firn, and whole air samples plotted for the
last 1000 years. Radiative forcing, approximated by a linear scale since
the pre-industrial era, is plotted on the right axis. ( b) Globally averaged
CH. (monthly varying) and deseasonalised CH4 (smooth line)
abundance plotted for 1983 to 1999. (c) Instantaneous annual growth
rate (ppb/yr) in global atmospheric CH, abundance from 1983 through
1999 calculated as the derivative of the deseasonalised trend curve
above. Uncertainties (dotted lines) are ±1 standard deviation. [Based
on Figure 4.11
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the SAR, quantification of certain anthropogenic sources of
CH4, such as that from rice production, has improved.

brought the source/sink estimates closer in balance, compared
with the SAR. However, the predictive understanding

The rate of increase in atmospheric CH4 is due to a small
imbalance between poorly characterised sources and sinks,

associated with this significant, long-lived greenhouse gas has
not improved significantly since the last assessment. The
radiative forcing is estimated at 0.15 Wm -2, which is 6% of
the total from all of the long-lived and globally mixed
greenhouse gases (see Figure 9).

which makes the prediction of future concentrations
problematic. Although the major contributors to the global
CH 4 budget likely have been identified, most of them are quite
uncertain quantitatively because of the difficulty in assessing
emission rates of highly variable biospheric sources. The
limitations of poorly quantified and characterised CH 4 source
strengths inhibit the prediction of future CHa atmospheric
concentrations (and hence its contribution to radiative forcing)
for any given anthropogenic emission scenario, particularly
since both natural emissions and the removal of CH4 can be
influenced substantially by climate change.
Nitrous oxide (Nx0)
The atmospheric concentration of nitrous oxide (NO) has
steadily increased during the Industrial Era and is now 16%
(46 ppb) larger than in 1750. The present Nz0 concentration
has not been exceeded during at least the past thousand years.
Nitrous oxide is another greenhouse gas with both natural and
anthropogenic sources, and it is removed from the atmosphere
by chemical reactions. Atmospheric concentrations of Ni0
continue to increase at a rate of 0.25%/yr (1980 to 1998).
Significant interannual variations in the upward trend of N20
concentrations are observed, e.g., a 50% reduction in annual
growth rate from 1991 to 1993. Suggested causes are severalfold: a decrease in use of nitrogen-based fertiliser, lower
biogenic emissions, and larger stratospheric losses due to
volcanic-induced circulation changes. Since 1993, (he growth
of N 20 concentrations has returned to rates closer to those
observed during the 1980s. While this observed multi-year
variance has provided some potential insight into what
processes control the behaviour of atmospheric N.0, the
multi-year trends of this greenhouse gas remain largely
unexplained.

The global budget of nitrous oxide is in better balance than in
the SAR, but uncertainties in the emissions from individual
sources are still quite large. Natural sources of N20 are
estimated to be approximately 10 TgN/yr (1990), with soils
being about 65% of the sources and oceans about 30%.
New, higher estimates of the emissions from anthropogenic
sources (agriculture, biomass burning, industrial activities,
and livestock management) of approximately 7 TgN/yr have
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Halocarbons and related compounds
The atmospheric concentrations of many of those gases that
are both ozone-depleting and greenhouse gases are either
decreasing (CFC-11, CFC-113, CHjCCIj and CCh) or
increasing more slowly (CFC-12) in response to reduced
emissions under the regulations of the Montreal Protocol and
its Amendments. Many of these halocarbons are also
radiatively effective, long-lived greenhouse gases.
Halocarbons are carbon compounds that contain fluorine,
chlorine, bromine or iodine. For most of these compounds,
human activities are the sole source. Halocarbons that
contain chlorine (e.g., chlorofluorocarbons - CFCs) and
bromine (e.g., halons) cause depletion of the stratospheric
ozone layer and are controlled under the Montreal Protocol.
The combined tropospheric abundance of ozone-depleting
gases peaked in 1994 and is slowly declining. The
atmospheric abundances of some of the major greenhouse
halocarbons have peaked, as shown for CFC-l I in Figure 12.
The concentrations of CFCs and chlorocarbons in the
troposphere are consistent with reported emissions.
Halocarbons contribute a radiative forcing of 0.34 Wm 2,
which is 14% of the radiative forcing from all of the globally
mixed greenhouse gases (Figure 9).
The observed atmospheric concentrations of the substitutes for
the CFCs are increasing, and some of these compounds are
greenhouse gases. The abundances of the hydrochlorofluorocarbons (HCFCs) and hydrofluorocarbons (HFCs) are
increasing as a result of continuation of earlier uses and of
their use as substitutes for the CFCs. For example, the concentration of HFC-23 has increased by more than a factor of three
between 1978 and 1995. Because current concentrations are
relatively low, the present contribution of HFCs to radiative
forcing is relatively small. The present contribution of HCFCs
to radiative forcing is also relatively small, and future
emissions of these gases are limited by the Montreal Protocol.
The perfluorocarbons (PFCs, e.g., CF, and CiFb) and sulphur
hexafluoride (SF6) have anthropogenic sources, have extremely
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Further, ozone is not a directly emitted species, but rather it is
formed in the atmosphere from photochemical processes
involving both natural and human influenced precursor
species. Once formed, the residence time of ozone in the
atmosphere is relatively short, varying from weeks to months.
As a result, estimation of ozone's radiative role is more
complex and much less certain than for the above long-lived
and globally well-mixed greenhouse gases.
The observed losses of stratospheric ozone layer over the past
two, decades have caused a negative forcing of
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0.15 ± 0.1 Wrn z(i.e., a tendency toward cooling) of the
JO0e
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surface troposphere system. It was reported in Climate Change
1992: The Supplementary Report to the H'CC Scientific
Assessment, that depletion of the ozone layer by anthro-

Figure 12: Global mean CFC-11 (CFCI3) tropospheric abundance (fppt)
from 1950 to 1998 based on smoothed measurements and emission
models. CFC-71's radiative forcing is shown on the right axis. [Based
on Figure 4.6]

pogenic halocarbons introduces a negative radiative forcing.
The estimate shown in Figure 9 is slightly larger in magnitude
than that given in the SAR, owing to the ozone depletion that
has continued over the past five years, and it is more certain as
a result of an increased number of modelling studies. Studies
with General Circulation Models indicate that, despite the

long atmospheric residence times, and are strong absorbers of
infrared radiation. Therefore, these compounds, even with
relatively small emissions, have the potential to influence
climate far into the future. Perfluoromethane (CF,) resides in
the atmosphere for at least 50,000 years. It has a natural
background; however, current anthropogenic emissions exceed
natural ones by a factor of 1,000 or more and are responsible
for the observed increase. Sulphur hexafluoride (SF6) is 22,200
times more effective a greenhouse gas than CO2 on a per-kg
basis. The current atmospheric concentrations are very small
(4.2 ppt), but have a significant growth rate (0.24 ppt/yr).
There is good agreement between the observed atmospheric
growth rate of SF6 and the emissions based on revised sales
and storage data.

inhomogeneity in ozone loss (i.e., lower stratosphere at high
latitudes), such a negative forcing does relate to a surface
temperature decrease in proportion to the magnitude of the
negative forcing. Therefore, this negative forcing over the past
two decades has offset some of the positive forcing that is
occurring from the long-lived and globally well-mixed
greenhouse gases (Figure 9). A major source of uncertainty in
the estimation of the negative forcing is due to incomplete
knowledge of ozone depletion near the tropopause. Model
calculations indicate that increased penetration of ultraviolet
radiation to the troposphere, as a result of stratospheric ozone
depletion, leads to enhanced removal rates of gases like CHa,
thus amplifying the negative forcing due to ozone depletion.
As the ozone layer recovers in future decades because of the
effects of the Montreal protocol, relative to the present, future
radiative forcing associated with stratospheric ozone is

C.2 Observed Changes in Other Radiattvely
Important Gases
Atmospheric ozone (03)
Ozone (03) is an important greenhouse gas present in both the
stratosphere and troposphere. The role of ozone in the
atmospheric radiation budget is strongly dependent on the
altitude at which changes in ozone concentrations occur. The
changes in ozone concentrations are also spatially variable.

projected to become positive.

The global average radiative forcing due to increases in
tropospheric ozone since pre-industrial times is estimated to
have enhanced the anthropogenic greenhouse gas forcing by
0.35 ±0.2 Wm -1. This makes tropospheric ozone the third
most important greenhouse gas after CO, and CHa. Ozone is
formed by photochemical reactions and its future change will
be determined by, among other things, emissions of CHy and
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pollutants (as noted below). Ozone concentrations respond
relatively quickly to changes in the emissions of pollutants. On

of the reaction products of NO, fertilises the biosphere,
thereby decreasing atmospheric COz. While difficult to

the basis of limited observations and several modelling studies,
tropospheric ozone is estimated to have increased by about

quantify, increases in NO, that are projected to the year 2100
would cause significant changes in greenhouse gases.

35% since the Pre-industrial Era, with some regions experiencing larger and some with smaller increases. There have
been few observed increases in ozone concentrations in the
global troposphere since the mid-1980s at most of the few

C.3 Observed and Modelled Changes in
Aerosols

Carbon monoxide is identified as an important indirect
greenhouse gas. Model calculations indicate that emission of
100 Mt of CO is equivalent in terms of greenhouse gas
perturbations to the emission of about 5 Mt of CHa. The
abundance of CO in the Northern Hemisphere is about twice that
in the Southern Hemisphere and has increased in the second half
of the 20th century along with industrialisation and population.

Aerosols (very small airborne particles and droplets) are
known to influence significantly the radiative budget of the
Earth/atmosphere. Aerosol radiative effects occur in two
distinct ways: (i) the direct effect, whereby aerosols
themselves scatter and absorb solar and thermal infrared
radiation, and (ii) the indirect effect, whereby aerosols
modify the microphysical and hence the radiative properties
and amount of clouds. Aerosols are produced by a variety of
processes, both natural (including dust storms and volcanic
activity) and anthropogenic (including fossil fuel and
biomass burning). The atmospheric concentrations of
tropospheric aerosols are thought to have increased over
recent years due to increased anthropogenic emissions of
particles and their precursor gases, hence giving rise to
radiative forcing- Most aerosols are found in the lower
troposphere (below a few kilometres), but the radiative effect
of many aerosols is sensitive to the vertical distribution.
Aerosols undergo chemical and physical changes while in the
atmosphere, notably within clouds, and are removed largely
and relatively rapidly by precipitation (typically within a
week). Because of this short residence time and the
inhomogeneity of sources, aerosols are distributed
inhomogeneously in the troposphere, with maxima near the
sources. The radiative forcing due to aerosols depends not
only on these spatial distributions, but also on the size,
shape, and chemical composition of the particles and various
aspects (e.g., cloud formation) of the hydrological cycle as
well. As a result of all of these factors, obtaining accurate
estimates of this forcing has been very challenging, from
both the observational and theoretical standpoints.

The reactive nitrogen species NO and NOZ, (whose sum is
denoted NO), are key compounds in the chemistry of the

Nevertheless, substantial progress has been achieved in better
defining the direct effect of a wider set of different aerosols. The

troposphere, but their overall radiative impact remains
difficult to quantify. The importance of NO in the radiation
budget is because increases in NO , concentrations perturb
several greenhouse gases; for example, decreases in methane

SAR considered the direct effects of only three anthropogenic
aerosol species: sulphate aerosols, biomass-buming aerosols,
and fossil fuel black carbon (or soot). Observations have now
shown the importance of organic materials in both fossil fuel
carbon aerosols and biomass-buming carbon aerosols. Since

remote locations where it is regularly measured. The lack of
observed increase over North America and Europe is related to
the lack of a sustained increase in ozone-precursor emissions
from those continents. However, some Asian stations indicate
a possible rise in tropospheric ozone, which could be related to
the increase in East Asian emissions. As a result of more
modelling studies than before, there is now an increased
confidence in the estimates of tropospheric ozone forcing. The
confidence, however, is still much less than that for the well-mixed
greenhouse gases, but more so than that for aerosol forcing.
Uncertainties arise because of limited information on pre-industrial
ozone distributions and limited information to evaluate
modelled global trends in the modern era (i.e., post-1960).
Gases with only indirect radiative influences
Several chemically reactive gases, including reactive nitrogen
species (NO.), carbon monoxide (CO), and the volatile organic
compounds (VOCs), control, in part, the oxidising capacity of
the troposphere, as well as the abundance of ozone. These
pollutants act as indirect greenhouse gases through their
influence not only on ozone, but also on the lifetimes of CH,
and other greenhouse gases. The emissions of NO, and CO are
dominated by human activities.

and the HFCs and increases in tropospheric ozone. Deposition
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the SAR, the inclusion of estimates for the abundance of
fossil fuel organic carbon aerosols has led to an increase in
the predicted total optical depth (and consequent negative
forcing) associated with industrial aerosols. Advances in
observations and in aerosol and radiative models have allowed
quantitative estimates of these separate components, as well
as an estimate for the range of radiative forcing associated
with mineral dust, as shown in Figure 9. Direct radiative
forcing is estimated to be -0.4 Wm 2 for sulphate,
-0.2 Wm -' for biomass-buming aerosols, -0.l Win-' for
fossil fuel organic carbon, and +0.2 Wm -2 for fossil fuel black
carbon aerosols. Uncertainties remain relatively large,
however. These arise from difficulties in determining the
concentration and radiative characteristics of atmospheric
aerosols and the fraction of the aerosols that are of anthropogenic
origin, particularly the knowledge of the sources of
carbonaceous aerosols. This leads to considerable differences
(i.e., factor of two to three range) in the burden and
substantial differences in the vertical distribution (factor of
ten). Anthropogenic dust aerosol is also poorly quantified.
Satellite observations, combined with model calculations, are
enabling the identification of the spatial signature of the total
aerosol radiative effect in clear skies; however, the quantitative amount is still uncertain.
Estimates of the indirect radiative forcing by anthropogenic
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magnitude of any such indirect effect is not known, although it
is likely to be positive. It is not possible to estimate the number
of anthropogenic ice nuclei at the present time. Except at cold
temperatures (below -45°C) where homogeneous nucleation is
expected to dominate, the mechanisms of ice formation in
these clouds are not yet known.

C.4 Observed Changes in Other
Anthropogenic Forcing Agents
Land-use ( albedo) change
Changes in land use, deforestation being the major factor,
appear to have produced a negative radiative fo+ring of

-0.2 ±0.2 Wm Z(Figure 8). The largest effect is estimated to be
at the high latitudes. This is because deforestation has caused
snow-covered forests with relatively low albedo to be replaced
with open, snow-covered areas with higher albedo. The estimate
given above is based on simulations in which pre-industrial
vegetation is replaced by current land-use patterns. However, the
level of understanding is very low for this forcing, and there
have been far fewer investigations of this forcing compared to
investigations of other factors considered in this report.

C.5 Observed and Modelled Changes in
Solar and Volcanic Activity

aerosols remain problematic, although observational evidence

Radiative forcing of the climate system due to solar irradiance

points to a negative aerosol-induced indirect forcing in warnt

change is estimated to be 0.3 ± 0.2 Wm -2for the period 1750

clouds. Two different approaches exist for estimating the

to the present (Figure 8), and most of the change is estimated

indirect effect of aerosols: empirical methods and mechanistic

to have occurred during the first half of the 20th century. The

methods. The former have been applied to estimate the effects

fundamental source of all energy in the Earth's climate system

of industrial aerosols, while the latter have been applied to

is radiation from the Sun. Therefore, variation in solar output

estimate the effects of sulphate, fossil fuel carbonaceous

is a radiative forcing agent. The absolute value of the

aerosols, and biomass aerosols. In addition, models for the

spectrally integrated total solar irradiance (TSI) incident on the

indirect effect have been used to estimate the effects of the

Earth is not known to better than about 4 W nr'-, but satellite

initial change in droplet size and concentrations (a first

observations since the late 1970s show relative variations over

indirect effect), as well as the effects of the subsequent change

the past two solar I I -year activity cycles of about 0.1%, which

in precipitation efficiency (a second indirect effect). The

is equivalent to a variation in radiative forcing of about 0.2

studies represented in Figure 9 provide an expert judgement

Wm-2. Prior to these satellite observations, reliable direct

for the range of the first of these; the range is now slightly

measurements of solar irradiance are not available. Variations

wider than in the SAR; the radiative perturbation associated

over longer periods may have been larger, but the techniques

with the second indirect effect is of the same sign and could be

used to reconstruct historical values of TSI from proxy

of similar magnitude compared to the first effect.

observations (e.g., sunspots) have not been adequately verified.

The indirect radiative effect of aerosols is now understood to
also encompass effects on ice and mixed-phase clouds, but the

region, and studies with climate models suggest that inclusion

Solar variation varies more substantially in the ultraviolet
of spectrally resolved solar ivadiance variations and solar-
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induced stratospheric ozone changes may improve the realism
of model simulations of the impact of solar variability on
climate. Other mechanisms for the amplification of solar
effects on climate have been proposed, but do not have a
rigorous theoretical or observational basis.
Stratospheric aerosols from explosive volcanic emptions lead
to negative. forcing that lasts a few years. Several explosive
eruptions occurred in the periods 1880 to 1920 and 1960 to
1991, and no explosive eruptions since 1991. Enhanced
stratospheric aerosol content due to volcanic eruptions,
together with the small solar irradiance variations, result in a
net negative natural radiative forcing over the past two, and
possibly even the past four, decades.

C.6 Global Warming Potentials
Radiative forcings and Global Warming Potentials (GW'Ps) are
presented in Table 3 for an expanded set of gases. GWPs are a
measure of the relative radiative effect of a given substance
compared to CO„ integrated over a chosen time horizon. New
categories of gases in Table 3 include fluorinated organic
molecules, many of which are ethers that are proposed as
halocarbon substitutes. Some of the GWPs have larger
uncertainties than that of others, particularly for those gases
where detailed laboratory data on lifetimes are not yet
available. The direct GWPs have been calculated relative to
CO2 using an improved calculation of the CO, radiative
forcing, the SAR response function for a CO2 pulse, and new
values for the radiative forcing and lifetimes for a number of
halocarbons. Indirect GWPs, resulting from indirect radiative
forcing effects, are also estimated for some new gases,
including carbon monoxide. The direct GWPs for those species
whose lifetimes are well characterised are estimated to be
accurate within ±35%, but the indirect GWPs are less certain.

D. The Simulation of the Climate
System and its Changes
The preceding two Sections reported on the climate from the
distant past to the present day through the observations of
climate variables and the forcing agents that cause climate to
change. This Section bridges to the climate of the future by
describing the only tool that provides quantitative estimates of
future climate changes, namely, numerical models. The basic
understanding of the energy balance of the Earth system means
that quite simple models can provide a broad quantitative
estimate of some globally averaged variables, but more accurate
estimates of feedbacks and of regional detail can only come from
more elaborate climate models. The complexity of the processes
in the climate system prevents the use of extrapolation of past
trends or statistical and other purely empirical techniques for
projections. Climate models can be used to simulate the climate
responses to different input scenarios of future forcing agents
(Section F). Similarly, projection of the fate of emitted CO, (i.e.,
the relative sequestration into the various reservoirs) and other
greenhouse gases requires an understanding of the biogeochemical processes involved and incorporating these into a
numerical carbon cycle model.
A climate model is a simplified mathematical representation of
the Earth's climate system (see Box 3). The degree to which the
model can simulate the responses of the climate system hinges to
a very large degree on the level of understanding of the physical,
geophysical, chemical and biological processes that govern the
climate system. Since the SAR, researchers have made
substantial improvements in the simulation oRhe Earth's climate
system with models. First, the current understanding of some of
the most important processes that govern the climate system and
how well they are represented in present climate models are
summarised here. Then, this Section presents an assessment of
the overall ability of present models to make useful projections
of future climate.

0. t Climate Processes and Feedbacks
Processes in the climate system determine the natural
variability of the climate system and its response to perturbations,
such as the increase in the atmospheric concentrations of
greenhouse gases. Many basic climate processes of importance
are well-known and modelled exceedingly well. Feedback
processes amplify (a positive feedback) or reduce (a negative
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-Table 3: Direct Global Wanning potentials (GWPs) relative to carbon dioxide ( for gases for which the lifetimes have been adequately characterised).
GWPs are an index for estimating relative global warming contribution due to atmospheric emission of a kg of a particular greenhouse gas compared
to emission of a kg of carbon dioxide. GWPs calculated for different time horizons show the effects of atmospheric lifetimes of the different gases.
[Based upon Table 6.7]

Lifetime
(years)

Gas

Global Warming Potential
(Time Horizon in years)
20yrs
100yrs
1
1
23
62
275
296

5005'rs
1
7
156

Carbon dioxide
Methane
Nitrous oxide

CO,
CHe
NtO

12.O"
114"

Hydrofluorocarbons
HFC-23
HFC-32
HFC-01

CHF3
CHzFz
CH3F

260
5.0
2.6

9400
1800
330

12000
550
97

10000
170
30

HFC- 125
HFC-134
HFC-134a
HFC-143
HFC-143a
HFC-152
HFC-152a
HFC-161

CHFiCF,
CHF,CHFi
CHiFCF3
CHFiCHiF
CF'CH'
CH,FCHzF
CH,CHFz
CH,CHzF

29
9.6
13.8
3.4
52
0.5
1.4
0.3

5900
3200
3300
1100
5500
140
410
40

3400
1100
1300
330
4300
43
120
12

1100
330
400
100
1600
13
37
4

HFC-227ea
HFC-236cb
HFC-236ea
HFC-236fa
HFC-245ca
HFC-245fa
HFC-365mfc
HFC-03-10mee

CF3CHFCF3
CHiFCFzCFt
CHFzCHFCF,
CFjC11zCF,
CHiFCFzCHFz
CHFiCHzCF,
CFICHiCFiCH,
CF,CHFCHFCF2CF3

33
13.2
10
220
5.9
7.2
9.9
15

5600
3300
3600
7500
2100
3000
2600
3700

3500
1300
1200
9400
640
950
890
1500

1100
390
390
7100
200
300
280
470

15100
3900
8000
5900
5900
6800
6000
6100

22200
5700
11900
8600
8600
10000
8900
9000

32400
8900
18000
12400
12400
14500
13200
13200

I

I

<d

Fully fluorinated species
SF,
CF,
CiFs
C3Fa

3200
50000
10000
2600
2600
3200
4100
3200

C4Fio
c-C4Fr
CsFJ2
C6Fi4
Ethers and Halogenated Ethers

0.015

CH3OCH3
HFE-125
HFE- 134
HFE-143a

CF,OCHFz
CHFiOCHFi
CH3OCF3

150
26.2
4.4

12900
10500
2500

14900
6100
750

9200
2000
230

HCFE-235da2
HFE-245fa2
HFE-254cb2
HFE-7 100
HFE-7200
H-Galden 1040x
HG-10
HG-01

CF3CHCIOCHFz
CF,CHiOCHFi
CHFzCFiOCH3
CaFqOCH3
C4FqOCtHs
CHFtOCFzOC,F40CHF,
CHFiOCFzOCHFi
CHFzOCFzCFiOCHFz

2.6
4.4
0.22
5.0
0.77
6.3
12.1
6.2

1100
1900
99
1300
190
5900
7500
4700

340
570
30
390
55
1800
2700
1500

110
180
9
120
17
560
850
450

' The methane GWPS include an indirect contribution from stratospheric Hi9 and O3 production.
^ The values for methane and nitrous oxide are adjustment times, which incorporate the indirect effects of emission of each gas on its own lifetime.
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Box 3: Climate Models: How
are they built and how are they
applied?

The Development of Climate models, Past, Present and Future
Ati619]as

Comprehensive climate models are
based on physical laws represented by
mathematical equations that are solved
using a three-dimensional grid over the
globe. FoG climate simulation, the
major components of the climate
system must be represented in submodels (atmosphere, ocean, land
surface, cryosphere and biosphere),
along with the processes that go on
within and between them. Most results
in this report are derived from the
results of models, which include some
representation of all these components.
Global climate models in which the,
atmosphere and ocean components have
been coupled together are also known
as Atmosphere-Ocean General
Circulation Models (AOGCMs). In the
atmospheric module, for example,
equations are solved that describe the
large-scale evolution of momentum,
heat and moisture. Similar equations
are solved for the ocean- Currently, the
resolution of the atmospheric part of a
typical model is about 250 Ian in the
horizontal and about 1 km in the
vertical above the boundary layer. The
resolution of a typical ocean model is
about 200 to 400 in in the vertical, with
a horizontal resolution of about 125 to
250 kin. Equations are typically solved
for every half<hour of a model
=
integration. Many physical processes,
such as those related to clouds or ocean
convection, take place on much smaller
spatial scales than the model grid and
therefore cannot be modelled and
resolved explicitly- Their average
effects`are approximately included in a
simple way by taking advantage of

--.•-.-/

..

A^m060119re

....

Md-196es

Fuy 199as

Late 1990c

Mme>ptK+e

3^9

An1m^Pera

tanaartus

PreseM dy

EaRy2a90a?

{^ . J ^

^iaroaxaa

^tzw^^!e!ia+

a.
^awao^vice )
SWphete
2erp5Ul

^u^9
SWpute

6emsW

SNpnete

1erPTd
^

carn"^ q ao

.

4 oaro eq qds

^
A

Sulpl^ur
cyUe moCal

non^aYphe^e

asianel6

' °-^""'^t
.^ ^
oeaancamoa }cy^°^
qHe motla
/

Z= ^ I "- "991010,

Box 3, Figure 1: The development of climate models over the last 25 years showing how the
different components are first developed separately and later coupled into comprehensive
climate models.

physically based relationships with the
larger-scale variables. This technique is
known as parametrization.

have been incorporated to represent the
emissions of sulphur and how they are

In order to make quantitative

Currently in progress, in a few models,
is the coupling of the land carbon cycle
and the ocean carbon cycle. The
atmospheric chemistry component
currently is modelled outside the main
climate model. The ultimate aim is, of

projections of future climate change, it
is necessary to use climate models that
simulate all the important processes
governing the future evolution of the
climate. Climate models have
developed over the past few decades as
computing power has increased. During
that time, models of the main
components, atmosphere, land, ocean
and sea ice have been developed
separately and then gradually
integrated. This coupling of the various
components is a difficult process. Most
recently, sulphur cycle components

oxidised to form aerosol particles.

course, to model as much as possible of

the whole of the Earth's climate ,;ystern
so that all the components can interact
and, thus, the predictions of climate
change will continuously take into
account the effect of feedbacks among
components. The Figure above shows
the past, present and possible future
evolution of climate models.
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feedback) changes in response to an initial perturbation and
hence are very important for accurate simulation of the
evolution of climate.
Water vapour
A major feedback accounting for the large warming predicted by
climate models in response to an increase in CO2 is the increase
in atmospheric water vapour. An increase in the temperature of
the atmosphere increases its water-holding capacity; however,
since most of the atmosphere is undersaturated, this does not
automatically mean that water vapour, itself, must increase.
Within the boundary layer (roughly the lowest 1 to 2 km of the
atmosphere), water vapour increases with increasing temperature.
In the free troposphere above the boundary layer, where the
water vapour greenhouse effect is most important, the situation is
harder to quantify. Water vapour feedback, as derived from
current models, approximately doubles the warming from what it
would be for fixed water vapour. Since the SAR, major
improvements have occurred in the treatment of water vapour in
models, although detrainment of moisture from clouds remains
quite uncertain and discrepancies exist between model water
vapour distributions and those observed. Models are capable of
simulating the moist and very dry regions observed in the tropics
and sub-tropics and how they evolve with the seasons and from
year to year. While reassuring, this does not provide a check of
the feedbacks, although the balance of evidence favours a
positive clear-sky water vapour feedback of the magnitude
comparable to that found in simulations.
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1990, probably the greatest uncertainty in future projections of
climate arises from clouds and their interactions with radiation.
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Clouds
As has been the case since the first IPCC Assessment Report in

..a.x..

Clouds can both absorb and reflect solar radiation (thereby
cooling the surface) and absorb and emit long wave radiation
(thereby warming the surface). The competition between these
effects depends on cloud height, thickness and radiative
properties. The radiative properties and evolution of clouds
depend on the distribution of atmospheric water vapour, water
drops, ice particles, atmospheric aerosols and cloud thickness.
The physical basis of cloud parametrizations is greatly improved
in models through inclusion of bulk representation of cloud
microphysical properties in a cloud water budget equation,
although considerable uncertainty remains. Clouds represent a
significant source of potential error in climate simulations. The
pnscibility that models underestimate systematically solar
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absorption in clouds remains a controversial matter. The sign of
the net cloud feedback is still a matter of uncertainty, and the
various models exhibit a large spread. Further uncertainties arise
from precipitation processes and the difficulty in correctly
simulating the diurnal cycle and precipitation amounts and
frequencies.
Stratosphere
There has been a growing appreciation of the importance of
the stratosphere in the climate .sy.stem because of changes in
its structure and recognition of the vital role of both radiative
and dynamical processes. The vertical profile of temperature
change in the atmosphere, including the stratosphere, is an
important indicator in detection and attribution studies. Most
of the observed decreases in lower-stratospheric temperatures
have been due to ozone decreases, of which the Antarctic
`•ozone hole" is a part, rather than increased CO, concentrations. Waves generated in the troposphere can propagate
into the stratosphere where they are absorbed. As a result,
stratospheric changes alter where and how these waves are
absorbed, and the effects can extend downward into the
troposphere. Changes in solar irradiance, mainly in the
ultraviolet (UV), lead to photuchemically-induced ozone
changes and, hence, alter the stratospheric heating rates, which
can alter the tropospheric circulation. Limitations in resolution
and relatively poor representation of some stratospheric
processes adds uncertainty to model results.
Ocean
Major improvements have taken place in modelling ocean
processes, in particular heat transport. These improvements, in
conjunction with an increase in resolution, have been
important in reducing the need forJlux adjustment in models
and in producing realistic simulations of natural large-scale
circulation patterns and improvements in simulating El Nino
(see Box 4). Ocean currents carry heat from the tropics to
higher latitudes. The ocean exchanges heat, water (through
evaporation and precipitation) and CO, with the atmosphere.
Because of its huge mass and high heat capacity, the ocean
slows climate change and influences the time-scales of
variability in the ocean-atmosphere system. Considerable
progress has been made in the understanding of ocean
processes relevant for climate change. Increases in resolution,
as well as improved representation (parametrization) of
important sub-grid scale processes (e.g., mesoscale eddies),
have increased the realism of simulations. Major uncertainties

still exist with the representation of small-scale processes, such
as overflows (flow through narrow channels, e.g., between
Greenland and Iceland), western boundary currents (i.e., largescale narrow currents along coastlines), convection and mixing.
Boundary currents in climate simulations are weaker and wider
than in nature, although the consequences of this for climate
are not clear.
Cryosphere
The representation of sea-ice processes continues to improve,
with several climate models now incorporating physically based
treatments of ice dynamics. The representation of land-ice
processes in global climate models remains rudimentary. The
cryosphere consists of those regions of Earth that are seasonally
or perennially covered by snow and ice. Sea ice is important
because it reflects more incoming solar radiation than the sea
surface (i.e., it has a higher albedo), and it insulates the sea from
heat loss during the winter. Therefore, reduction of sea ice gives
a positive feedback on climate warming at high latitudes.
Furthermore, because sea ice contains less salt than sea water,
when sea ice is formed the salt content (salinity) and density of
the surface layer of the ocean is increased. This promotes an
exchange of water with deeper layers of the ocean, affecting
ocean circulation. The formation of icebergs and the melting of
ice shelves returns fresh water from the land to the ocean, so that
changes in the rates of these processes could affect ocean
circulation by changing the surface salinity. Snow has a higher
albedo than the land surface; hence, reductions in snow cover
lead to a similar positive albedo feedback, although weaker than
for sea ice. Increasingly complex snow schemes and sub-grid
scale variability in ice cover and thickness, which can significantly influence albedo and atmosphere-ocean exchanges, are
being introduced in some climate models.
Land surface
Research with models containing the latest representations of
the land surface indicates that the direct effects of increased
CO2 on the physiology of plants could lead to a relative
reduction in evapotranspiration over the tropical continents,
with associated regional warming and drying over that
predictedfor conventional greenhouse warming effects. Land
surface changes provide important feedbacks as anthropogenic
climate changes (e.g., increased temperature, changes in precipitation, changes in net radiative heating, and the direct effects of
CO) will influence the state of the land surface (e.g., soil
moisture, albedo, roughness and vegetation). Exchanges of
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energy, momentum, water, heat and carbon between the land
surface and the atmosphere can be defined in models as
functions of the type and density of the local vegetation and the
depth and physical properties of the soil, all based on landsurface data bases that have been improved using satellite
observations. Recent advances in the understanding of
vegetation photosynthesis and water use have been used to
couple the terrestrial energy, water and carbon cycles within a
new generation of land surface parametrizations, which have
been tested against field observations and implemented in a few
GCMs, with demonstrable improvements in the simulation of
land-atmosphere fluxes. However, significant problems remain
to be solved in the areas of soil moisture processes, runoff
prediction, land-use change and the treatment of snow and subgrid scale heterogeneity.
Changes in land-surface cover can affect global climate in
several ways. Large-scale deforestation in the humid tropics
(e.g., South America, Africa, and Southeast Asia) has been
identified as the most important ongoing land-surface process,
because it reduces evaporation and increases surface temperature.
These effects are qualitatively reproduced by most models.
However, large uncertainties still persist on the quantitative
impact of large-scale deforestation on the hydrological cycle,
particularly over Amazonia.
Carbon cycle
Recent improvements in process-based terrestrial and ocean
carbon cycle models and their evaluation against observations
have given more confidence in their use forfuture scenario
.studies. CO2 naturally cycles rapidly among the atmosphere,
oceans and land. However, the removal of the CO, perturbation
added by human activities from the atmosphere takes far longer.
This is because of processes that limit the rate at which ocean
and terrestrial carbon stocks can increase. Anthropogenic CO, -is
taken up by the ocean because of its high solubility (caused by
the nature of carbonate chemistry), but the rate of uptake is
limited by the finite speed of vertical mixing. Anthropogenic

concentrations. Process-based models of the ocean and land
carbon cycles (including representations of physical, chemical
and biological processes) have been developed and evaluated
against measurements pertinent to the natural carbon cycle. Such
models have also been set up to mimic the human perturbation
of the carbon cycle and have been able to generate time-series of
ocean and land carbon uptake that are broadly consistent with
observed global trends. There are still substantial differences
among models, especially in how they treat the physical ocean
circulation and in regional responses of terrestrial ecosystem
processes to climate. Nevertheless, current models consistently
indicate that when the effects of climate change are considered,
CO, uptake by oceans and land becomes smaller.

D.2 The Coupled Systems
As noted in Section D.1, many feedbacks operate within the
individual components of the climate system (atmosphere, ocean,
cryosphere and land surface). However, many important
processes and feedbacks occur through the coupling of the
climate system components. Their representation is important to
the prediction of large-scale responses.
Modes of natural variability
There is an increasing realisation that natural circulation
patterns, such as ENSO and NAO, play a fundamental role in
global climate and its interannual and longer-term variability.
The strongest natural fluctuation of climate on intemnnual timescales is the ENSO phenomenon (see Box 4). It is an inherently
coupled atmosphere ocean mode with its core activity in the
tropical Pacific, but with important regional climate impacts
throughout the world. Global climate models are only now
beginning to exhibit variability in the tropical Pacific that
resembles ENSO, mainly through increased meridional
resolution at the equator. Patterns of sea surface temperature and
atmospheric circulation similar to those occurring during ENSO
on interannual time-scales also occur on decadal and longer
time-scales.

CO2 is taken up by terrestrial ecosystems. through several
possible mechanisms, for example, land management, CO, fertil-

The North Atlantic Oscillation (NAO) is the dominarn panem of

isation (the enhancement of plant growth as a result of increased

northern wintertime atmospheric circulation variability and is

atmospheric CO, concentration) and increasing anthropogenic

increasingly being simulated realistically. The NAO is closely

inputs of nitrogen. This uptake is limited by the relatively small

related to the Arctic Oscillation (AO), which has an additional

fraction of plant carbon that can enter long-term storage (wood

annular component around the Arctic- There is strong evidence

and humus). The fraction of emitted CO, that can be taken up by

that the NAO arises mainly from internal atmospheric processes

the oceans and land is expected to decline with increasing CO,

involving the entire troposphere-stratosphere system.
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Flucmations in Atlantic Sea Surface Tempemtums (SSTs) are
related to the strength of the NAO, and a modest two-way
interaction between the NAO and the Atlantic Ocean, leading to
decadal variability, is emerging as important in projecting
climate change.
Climate change may manifest itself both as shifting means, as
well as changing preference of specific climate regimes, as
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evidenced by the obsen,ed trend toward positive values for the
last 30 years in the NAO indez and the climate "shift" in the
tropical Pacific about 1976. While coupled models simulate
features of observed natural climate variability, such as the
NAO and ENSO, which suggests that many of the relevant
processes are included in the models, further progress is
needed to depict these natural modes accurately. Moreover,
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because ENSO and NAO are key determinants of regional
climate change and can possibly result in abrupt and counter
intuitive changes, there has been an increase in uncertainty in
those aspects of climate change that critically depend on
regional changes.
The thermohallne circulation (THC)
The thennohaline circulation (THC) is responsible for the major
part of the meridional heat transport in the Atlantic Ocean. The
THC is a global-scale overturning in the ocean driven by density
differences arising from temperature and salinity effects. In the
Atlantic, heat is transported by warm surface waters flowing
northward and cold saline waters from the North Atlantic

demonstrated with a hierarchy of models. It is not yet clear
what this threshold is and how likely it is that human activity
would lead it to being exceeded (see Section F.6). Atmospheric
circulation can be characterised by different preferred patterns;
e.g., arising from ENSO and the NAO/AO, and changes in their
phase can occur rapidly. Basic theory and models suggest that
climate change may be first expressed in changes in the
frequency of occurrence of these patterns. Changes in
vegetation, through either direct anthropogenic deforestation or
those caused by global warming, could occur rapidly and could
induce further climate change. It is supposed that the rapid
creation of the Sahara about 5,500 years ago represents an
example of such a non-linear change in land cover.

returning at depth. Reorganisations in the Atlantic THC can be
triggered by perturbations in the surface buoyancy, which is
influenced by precipitation, evaporation, continental runoff, seaice formation, and the exchange of heat, processes that could all
change with consequences for regional and global climate.
Interactions between the atmosphere and the ocean are also
likely to be of considerable importance on decadal and longer
time-scales, where the THC is involved. The interplay between
the large-scale atmospheric forcing, with warming and
evaporation in low latitudes and cooling and increased precipitation at high latitudes, forms the basis of a potential instability
of the present Atlantic THC. ENSO may also influence the
Atlantic THC by altering the fresh water balance of the tropical
Atlantic, therefore providing a coupling between low and high
latitudes. Uncertainties in the representation of small-scale flows
.over sills and through narrow straits and of ocean convection
limit the ability of models to simulate situations involving
substantial changes in the THC. The less saline North Pacific
means that a deep THC does not occur in the Pacific.
Non-linear events and rapid climate change

The possibility for rapid and irreversible changes in the climate
system exists, but there is a large degree of uncertainty about
the mechanisms involved and hence also about the likelihood
or time-scales of such transitions. The climate system involves
many processes and feedbacks that interact in complex nonlinear ways. This interaction can give rise to thresholds in the
climate system that can be crossed if the system is perturbed
sufficiently. Them is evidence from polar ice cores suggesting
that atmospheric regimes can change within a few years and
that large-scale hemispheric changes can evolve as fast as a few
decades. For example, the possibility of a threshold for a rapid
transition of the Atlantic THC to a collapsed state has been

D.3 Regionalisation Techniques
Regional climate information was only addressed to a limited
degree in the SAR. Techniques used to enhance regional detail
have been substantially improved since the SAR and have
become more widely applied. They fall into three categories:
high and variable resolution AOGCMS; regional (or nested
limited area) climate models (RCMs); and
empiricaVstahstical and statistical/dynamical methods. The
techniques exhibit different strengths and weaknesses and
their use at the continental scale strongly depends on the
needs of specific applications.
Coarse resolution AOGCMs simulate atmospheric general
circulation features well in general. At the regional scale, the
models display area-average biases that are highly variable
from region to region and among models, with subcontinental area averaged seasonal temperature biases
typically +4°C and precipitation biases between -40 and
+80%. These represent an important improvement compared
to AOGCMs evaluated in the SAR.
The development of high resolutiotdvariable resolution
Atmospheric General Circulation Models (AGCMs) since the
SAR generally shows that the dynamics and large-scale flow
in the models improves as resolution increases. In some
cases, however, systematic errors are worsened compared to
coarser resolution models, although only very few results
have been documented.

High resolution RCMs have matured considerably since the SAR.
Regional models consistently improve the spatial detail of
simulated climate compared to AGCMs. RCMs driven by
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observed boundary conditions evidence area-averaged
temperature biases (regional scales of 105 to 106 km'-) generally
below 2°C, while precipitation biases are below 50%.
Regionalisation work indicates at finer scales that the changes
can be substantially different in magnitude or sign from the
large area-average results. A relatively large spread exists
among models, although attribution of the cause of these
differences is unclear.

D.4 Overall Assessment of Abilities
Coupled models have evolved and improved significantly since
the SAR. In general, they provide credible simulations of
climate, at least down to sub-continental scales and over
temporal scales from seasonal to decadal. Coupled models, as
a class, are considered to be suitable tools to provide useful
projections nf freture climates. These models cannot yet
simulate all aspects of climate (e.g., they still cannot account
fully for the observed trend in the surface-troposphere
temperature differences since 1979). Clouds and humidity also
remain sources of significant uncertainty, but there have been
incremental improvements in simulations of these quantities.
No single model can be considered " best", and it is important

Climate of the 20th century
Confidence in the ability of models to project future climates is
increased by the ability of several models to reproduce
warming trends in the 20th century surface air temperature
when driven by increased greenhouse gases and sulphate
aerosols. This is illustrated in Figure 13. However, only
idealized scenarios of sulphate aerosols have been used and
contributions from some additional processes and forcings
may not have been included in the models. Some modelling
studies suggest that inclusion of additional forcings like solar
variability and volcanic aerosols may improve some aspects of
the simulated climate variability of the 20th century.
Extreme events
Analysis of and confidence in extreme events simulated within
climate models are still emerging, particularly for storm tracks
and storm frequency. "Tropical-cyclone-like" vortices are
being simulated in climate models, although enough
uncertainty remains over their interpretation to warrant caution
in projections of tropical cyclone changes. However, in
general, the analysis of extreme events in both observations
(see Section B.6) and coupled models is underdeveloped.
Observed arM SimWaled global mea0 temperature

to utilise results from a range of carefully evaluated coupled
models to explore effects of different formulations. The
rationale for increased confidence in models arises from model

1.0
0.e

performance in the following areas.
°.6r

Flux adjustment
The overall confidence in model projections is increased by
the improved performance of several models that do not use
flux adjustment. These models now maintain stable, multicentury simulations of surface climate that are considered to
be of sufficient quality to allow their use for climate change
projections. The changes whereby many models can now run
without flux adjustment have come from improvements in
both the atmospheric and oceanic components. In the model
atmosphere, improvements in convection, the boundary layer,
clouds, and surface latent heat fluxes are most notable. In the
model ocean, the improvements are in resolution, boundary
layer mixing, and in the representation of eddies. The results
from climate change studies with flux adjusted and non-flux
adjusted models are broadly in agreement; nonetheless, the
development of stable non-flux adjusted models increases
confidence in their ability to simulate future climates.
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Figure 13: Observed and modelled global annual mean temperature
anomalies (°C) relative to the average of the observations over the
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period 1900 to 1930. The control and three independent simulations with
the same greenhouse gas plus aerosol to" and slightly different initial
conditions are shown from an AOOCM. The three greenhouse gas plus
aerosol simulations are labeled 'ran 1','run 2', and'run 3'respectNely.
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Interannual variability
The performance of coupled models in simulating ENSO has
improved; however, its variability is displaced westward and
its strength is generally underestimated. When suitably
initialised with surface wind and sub-surface ocean data, some
coupled models have had a degree of success in predicting
ENSO events.
Model intercomparisons
The growth in systematic intercomparisons, of models provides
the core evidence for the growing capabilities of climate
models. For example, the Coupled Model Intercomparison
Project (CMIP) is enabling a more comprehensive and
systematic evaluation and intercomparison of coupled models
run in a standardised configuration and responding to
standardised forcing. Some degree of quantification of
improvements in coupled model performance has now been
demonstrated. The Palaeoclimate Model Intercomparison
Project (PMIP) provides intercomparisons of models for the
mid-Holocene (6,000 years before present) and for the Last
Glacial Maximum (21,000 years before present). The ability of
these models to simulate some aspects of palaeoclimates,
compared to a range of palaeoclimate proxy data, gives
confidence in models (at least the atmospheric component)
over a range of difference forcings.

.
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E. The Identification of a Human
Influence on Climate Change
Sections B and C characterised the observed past changes in
climate and in forcing agents, respectively. Section D examined
the capabilities of climate models to predict the response of the
climate system to such changes in foxing. This Section uses
that information to examine the question of whether a human
influence on climate change to date can be identified.
This is an important point to address. The SAR concluded that
"the balance of evidence suggests that there is a discernible
human influence on global climate". It noted that the detection
and attribution of anthropogenic climate change signals will be
accomplished through a gradual accumulation of evidence. The
SAR also noted uncertainties in a number of factors, including
internal variability and the magnitude and patterns of forcing
and response, which prevented them from drawing a stronger
conclusion.
E.1 The Meaning of Detection and
Attribution
Detection is the process of demonstrating that an observed
change is significantly different (in a statistical sense) than can
be explained by natural vanabiCttv Attribution is the process of
establishing cause and effect with some defined level of
confidence, including the assessment of competing hypotheses.
The response to anthropogenic changes in climate forcing occurs
against a backdrop of natural internal and externally forced
climate variability. Internal climate variability, i.e., climate
variability not forced by external agents, occurs on all time-scales
from weeks to centuries and even millennia. Slow climate
components, such as the ocean, have particularly important rules
on decadal and century time-scales because they integrate
weather variability. Thus, the climate is capable of producing
long time-scale variations of considerable magnitude without
external influences. Externally forced climate variations (signals)
may be due to changes in natural forcing factors, such as solar
radiation or volcanic aerosols, or to changes in anthropogenic
forcing factors, such as increasing concentrations of greenhouse
gases or aerosols. The presence of this natural climate variabifity
means that the detection and attribution of anthropogenic climate
change is a statistical "signal to noise" problem. Detection
studies demonstrate whether or not an observed change is highly
unusual in a statistical sense, but this does not necessarily
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imply that we understand its causes. The attribution of climate
change to anthropogenic causes involves statistical analysis
and the careful assessment of multiple lines of evidence to
demonstrate, within a pre-specified margin of error, that the
observed changes are:
• unlikely to be due entirely to internal variability;
• consistent with the estimated responses to the given
combination of anthropogenic and natural forcing; and

variability in these models. Estimates of the longer time-scale
variability relevant to detection and attribution studies is
uncertain, but, on interannual and decadal time-scales, some
models show similar or larger variability than observed, even
though models do not include variance from external sources.
Conclusions on detection of an anthropogenic signal are
insensitive to the model used to estimate internal variability,
and recent changes cannot be accounted for as pure internal

observational sampling errors has been estimated for the

variability, even if the amplitude of simulated internal
variations is increased by a factor of two or perhaps more.
Most recent detection and attribution studies find no evidence
that model-estimated internal variability at the surface is
inconsistent with the residual variability that remains in the
observations after removal of the estimated anthropogenic
signals on the large spatial and long time-scales used in
detection and attribution studies. Note, however, the ability to
detect inconsistencies is limited. A. Figure 14 indicates, no
model control simulation shows a trend in surface air
temperature as large as the observed trend over the last 1,000

global and hemispheric mean temperature record. There is also

years.

• not consistent with alternative, physically plausible
explanations of recent climate change that exclude
important elements of the given combination of forcings.

E.2 A Longer and More Closely Scrutinised
Observational Record
Three of the last five year.s (1995, 1997 and 1998) t.crc the
warmest globally in the instrumental record. The impact of

a better understanding of the errors and uncertainties in the
sateliite-hased (Microwave Sounding Unit, MSU) temperature
record. Discrepancies between MSU and radiosonde data have
largely been resolved, although the observed trend in the
difference between the surface and lower tropospheric
temperatures cannot fully be accounted for (see Section B).
New reconstructions of temperature over the last 1,000 years
indicate that the temperature changes over the last hundred
years we unlikely to be entirely natural in origin, even taking
into account the large uncertainties in palaeo-reconstructions
(see Section B).

E.3 New Model Estimates of Internal Variability
The warming over the past 100 years is very unlikely to be
due to internal variability alone, as estimated by current
models. The instrumental record is short and covers the period
of human influence and palaeo-records include natural forced
variations, such as those due to variations in solar irradiance
and in the frequency of major volcanic eruptions. These
limitations leave few alternatives to using long "control"
simulations with coupled models for the estimation of internal
climate variability. Since the SAR, more models have been
used to estimate the magnitude of internal climate variability,
a representative sample of which is given in Figure 14. As can
be seen, there is a wide range of global scale internal

Figure 14: Global mean surface air temperature anomalies from 1,000
year control simulations With three different climate models, - Hadley,
Geophysical Fluid Dynamics Laboratory and Hamburg, compared to
the recent instrumental record. No model control simulation shows a
trend in surface air temperature as large as the observed trend. It
internal variability is correct in these models, the recent warming is
likely not due to variability produced within the climate system alone.
[Based on Figure 12.11
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E.4 New Estimates of Responses to Natural
Forcing
Assessments based on physical principles and model
simulations indicate that natura[ forcing alone is unlikely to
explain the recent observed global warming or the observed
changes in vertical temperature structure of the atmosphereFully coupled ocean-atmosphere models have used
reconstructions of solar and volcanic forcings over the last one
to three centuries to estimate the contribution of natural forcing
to climate variability and change. Although the reconstruction
of natural forcings is uncertain, including their effects produces
an increase in variance at longer (multi decadal) time-scales.
This brings the low-frequency variability closer to that deduced
from palaeo-reconstructions. It is likely that the net natural
forcing (i.e., solar plus volcanic) has been negative over the
past two decades, and possibly even the past four decades.
Statistical assessments confirm that simulated natural
variability, both internal and naturally forced, is unlikely to
explain the warming in the latter half of the 20th century (see
Figure 15). However, there is evidence for a detectable volcanic

a:

greenhouse gases and some representation of aerosol effects
have become available. Several studies have included an
explicit representation of greenhouse gases (as opposed to an
equivalent increase in C02). Some have also included tropospheric ozone changes, an interactive sulphur cycle, an explicit
radiative treatment of the scattering of sulphate aerosols, and
improved estimates of the changes in stratospheric ozone.
Overall, while detection of the climate response to these other
anthropogenic factors is often ambiguous, detection of the
influence of greenhouse gases on the surface temperature
changes over the past 50 years is robust. In some cases,
ensembles of simulations have been ran to reduce noise in the
estimates of the time-dependent response. Some studies have
evaluated seasonal variation of the response. Uncertainties in
the estimated climate change signals have made it difficult to
attribute the observed climate change to one specific
combination of anthropogenic and natural influences, but all
studies have found a significant anthropogenic contribution is
required to account for surface and tropospheric trends over at
least the last thirty years.

influence on climate and evidence that suggests a detectable
solar influence, especially in the early part of the 20th century.

E.6 A Wider Range of Detection Techniques

Even if the models underestimate the magnitude of the
response to solar or volcanic forcing, the spatial and temporal
patterns are such that these effects alone cannot explain the
observed temperature changes over the 20th century.

Temperature
Evidence of a human influence on climate is obtained over a
substantially wider range of detection techniques. A major
advance since the SAR is the increase in the range of

E.5 Sensitivity to Estimates of Climate
Change Signals

techniques used and the evaluation of the degree to which the
results are independent of the assumptions made in applying
those techniques. There have been studies using pattern

There is a wide range of evidence of qualitative consistencies

correlations, optimal detection studies using one or more fixed

between observed climate changes and model responses to
anlhropogenic forcing. Models and observations show

patterns and time-varying patterns, and a number of other

increasing global temperature, increasing land-ocean

techniques, increased rigour in the assessment of the rote of

temperature contrast, diminishing sea-ice extent, glacial

anthropogenic forcing in climate, and the robustness of results

retreat, and increases in precipitation at high latitudes in the

to the assumptions made using those techniques, has increased

Northern Hemisphere. Some qualitative inconsistencies

the confidence in these aspects of detection and attribution.

remain, including the fact that models predict a faster rate of
warming in the mid- to upper troposphere than is observed in
either satellite or radiosonde tropospheric temperature records.

techniques. The increase in the number of studies, breadth of

Results are sensitive to the range of temporal and spatial scales
that are considered. Seven] decades of data are necessary to
separate forced signals from internal variability. Idealised

All simulations with greenhouse gases and sulphate aerosols

studies have demonstrated that surface temperature changes are

that have been used in detection studies have found that a

detectable only on scales in the order of 5,000 km. Such studies

significant anthropogenic contribution is required to account

show that the level of agreement found between simulations

for surface and tropospheric trends over at least the last 30

and observations in pattern correlation studies is close to what

years. Since the SAR, more simulations with increases in

one would expect in theory.
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Figure 15: Global mean surface temperature anomalies relative to the 1880 to 1920 mean from the instrumental record compared with ensembles
of four simulations with a coupled ocean-atmosphere climate model forced (a) with solar and volcanic forcing only, (b) with anthropogenic forcing
including well mixed greenhouse gases, changes in stratospheric and tropospheric ozone and the direct and indirect effects of sulphate aerosols,
and-(c) with all forcings, both natural and anthropogenic. The thick line shows the instrumental data while the thin lines show the individual model
simulations in the ensemble of four members. Note that the data are annual mean values. The model data are only sampled at the locations where
there are observations. The changes in sulphate aerosol are calculated inleractivey, and changes in tropospheric ozone were calculated offline
using a chemical transport model. Changes in cloud brightness (the first indirect effect of sulphate aerosols) were calculated by an off line
simulation and included in the model. The changes in stratospheric ozone were based on observations. The volcanic and solar forcing were based
on published combinations of measured and proxy data. The net anthropogenic forcing at 1990 was 1.0 Wm-' including a net cooling of 1.0 Wm-2
due to sulphate aerosols. The net natural forcing for 1990 relative to 1860 was 0.5 Wm-2, and for 1992 was a net cooling of 2.0 Wm' due to
Mount Pinatubo. Other models forced with anthropogenic forcing give similar results to those shown in (b). (Based on Figure 12.7]

Most attribution studies find that, over the last 50 years, the
estimated rate and magnitude of global warming due to
increasing concentrations of greenhouse gases alone are
comparable with or larger than the observed warming.
Attribution studies address the question of "whether the
magnitude of the simulated response to a particular forcing
agent is consistent with observations". The use of multi-signal
techniques has enabled studies that discriminate between the
effects of different factors on climate. The inclusion of the
time dependence of signals has helped to distinguish between
natural and anthropogenic forcings. As more response patterns
are included, the problem of degeneracy (different
combinations of patterns yielding near identical fits to the
observations) inevitably arises. Nevertheless, even with all the
major responses that have been included in the analysis, a
distinct greenhouse gas signal remains detectable.
Furthermore, most model estimates that take into account both
greenhouse gases and sulphate aerosols are consistent with
observations over this period. The best agreement between
model simulations and observations over the last 140 years is
found when both anthropogenic and natural factors are
included (see Figure 15). These results show that the torcings
included are sufficient to explain the observed changes, but do
not exclude the possibility that other forcings have also
contributed. Overall, the magnitude of the temperature
response to increasing concentrations of greenhouse gases is
found to be consistent with observations on the scales
considered ( see Figure 16), but there remain discrepies
between modelled and observed response to other natural and
anthropogenic factors.
Uncertainties in otherforcings that have been included do not
prevent identification of the effect of anthropogenic
greenhouse gases over the last 50 years. The sulphate forcing,
while uncertain, is negative over this period. Changes in
natural forcing during most of this period are also estimated to
be negative. Detection of the influence of anthropogenic
greenhouse gases therefore cannot be eliminated either by the
uncertainty in sulphate aerosol forcing or because natural
forcing has not been included in all model simulations. Studies
that distinguish the separate responses to greenhouse gas,
sulphate aerosol and natural forcing produce uncertain
estimates of the amplitude of the sulphate aerosol and natural
signals, but almost all studies are nevertheless able to detect
the presence of the anthropogenic greenhouse gas signal in the
recent climate record.

The detection and attribution methods used should not be
sensitive to errors in the amplitude of the global mean
response to individual forcings. In the signal-estimation
methods used in this report, the amplitude of the signal is
estimated from the observations and not the amplitude of the
simulated response. Hence the estimates are independent of
those factors determining the simulated amplitude of the
response, such as the climate sensitivity of the model used. In
addition, if the signal due to a given forcing is estimated
individually, the amplitude is largely independent of the
magnitude of the forcing used to derive the response.
Uncertainty in the amplitude of the solar and indirect sulphate
aerosol forcing should not affect the magnitude of the
estimated signal.
Sea level
It is very, likely that the 20th century warming has contributed
significantly to the observed sea level rise, through thermal
expansion of sea water and widespread loss of land ice.
Within present uncertainties, observations and models are both
consistent with a lack of significant acceleration of sea level
rise during the 20th century
E.7 Remaining Uncertainties in Detection
and Attribution
Some progress has been made in reducing uncet7aintv, though
many of the sources of uncertainty identified in the SAR still
exist. These include:
• Discrepancies between the vertical profile of temperature
change in the troposphere seen in observations and models.
These have been reduced as more realistic forcing histories
have been used in models, although not fully resolved.
Also, the difference between observed surface and

lower tropospheric trends over the last two decades cannot
be fully reproduced by model simulations.
• Large uncertainties in estimates of internal climate
variability from models and observations. Although as
noted above, these are unlikely (bordering on very unlikely)
to be large enough to nullify the claim that a detectable
climate change has taken place.

• Considerable uncertainty in the reconstructions of solar
and volcanic forcing which are based on proxy or limited
observational data for all but the last two decades.
Detection of the influence of greenhouse gases on climate
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Figure 16: (a) Estimates of the "scaling factors' by which the amplitude of several model-simulated signals must be multiplied to reproduce
the corresponding changes in the observed record. The vertical bars indicate the 5 to 95% uncertainty range due to internal variability. A
range encompassing unity implies that this combination of forcing amplitude and model simulated response is consistent with the
corresponding observed change, while a range encompassing zero implies that this model-simulated signal is not detectable. Signals are
defined as the ensemble mean response to external forcing expressed in large-scale (>5,000 km) near-surface temperatures over the 1946 to
1996 period relative to the 1896 to 1996 mean. The first entry (G) shows the scaling factor and 5 to 95% confidence interval obtained with the
assumption that the observations consist only of a response to greenhouse gases plus internal variability. The range is significantly less than
one (consistent with results from other models), meaning that models forced with greenhouse gases alone significantly over predict the
observed warming signal. The next eight entries show scaling factors for model-simulated responses to greenhouse and sulphate forcing
(GS), with two cases including indirect sulphate and tropospheric ozone forcing, one of these also including stratospheric ozone depletion
(GSI and GSIO, respectively). All but one (CGCM1) of these ranges is consistent with unity. Hence there is little evidence that models are
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appears to be robust to possible amplification of the solar
forcing by ozone-solar or solar-cloud interactions, provided
these do not alter the pattern or time-dependence of the
response to solar forcing. Amplification of the solar signal
by these processes, which are not yet included in models,
remains speculative.
• L.arge uncertainties in anthropogenic forcing are associated
with the effects of aerosols. The effects of some anthropogenic factors, including organic carbon, black carbon,
biomass aerosols, and changes in land use, have not been
included in detection and attribution studies. Estimates of
the size and geographic pattern of the effects of these
forcings vary considerably, although individually their
global effects are estimated to be relatively small.

• Large differences in the response of different models to the
same forcing. These differences, which are often greater
than the difference in response in the same model with and
without aerosol effects, highlight the large uncertainties in
climate change prediction and the need to quantify
uncertainty and reduce it through better observational data
sets and model improvement.
E.8 Synopsis
In the light of new evidence and taking into account the
remaining uncertainties, most of the observed warming over
the last 50 years is likely to have been due to the increase in
greenhouse gas concentrations.

systematically over- or under predicting the amplitude of the observed response under the assumption that model-simulated GS signals and
internal variability are an adequate representation (i.e., that natural forcing has had little net impact on this diagnostic). Observed residual
variability is consistent with this assumption in all but one case (ECHAM3, indicated by the asterisk). One is obliged to make this assumption
to include models for which only a simulation of the anthropogenic response is available, but uncertainty estimates in these single signal
cases are incomplete since they do not account for uncertainty in the naturally forced response. These ranges indicate, however, the high
level of confidence with which internal variability, as simulated by these various models, can be rejected as an explanation of recent nearsurface temperature change. A more complete uncertainty analysis is provided by the next three entries, which show corresponding scaling
factors on individual greenhouse (G), sulphate (5), solar-plus-volcanic (N), solar-only (So) and volcanic-only (V) signals for those cases in
which the relevant simulations have been performed. In these cases, multiple factors are estimated simultaneously to account for uncertainty
in the amplitude of the naturally forced response. The uncertainties increase but the greenhouse signal remains consistently detectable. In
one case (ECHAM3) the model appears to be overestimating the greenhouse response (scaling range in the G signal inconsistent with unity),
but this result is sensitive to which component of the control is used to define the detection space. It is also not known how it would respond
to the inclusion of a volcanic signal. In cases where both solar and volcanic forcing is included (HadCM2 and HadCM3), G and S signals
remain detectable and consistent with unity independent of whether natural signals are estimated jointly or separately (allowing for different
errors in S and V responses).
(b) Estimated contributions to global mean warming over the 20th century, based on the results shown in ( a), with 5 to 95% confidence
intervals. Although the estimates vary depending on which model's signal and what forcing is assumed, and are less certain if more than one
signal is estimated, all show a significant contribution from anthropogenic climate change to 20th century warming. [Based on Figure 12.121
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F. The Projections of the Earth's
Future Climate
The tools of climate models are used with future scenarios of
forcing agents (e.g., greenhouse gases and aerosols) as input
to make a suite of projected future climate changes that
illustrates the possibilities that could lie ahead. Section F.l
provides a description of the future scenarios of forcing
agents given in the IPCC Special Report on Emission
Scenarios (SRES) on which, wherever possible, the future
changes presented in this section are based. Sections F.2 to
F.9 present the resulting projections of changes to the future
climate. Finally, Section F.10 presents the results of future
projections based on scenarios of a future where greenhouse
gas concentrations are stabilised.

demographic change, social and economic development,
technological change, resource use, and pollution
management. This influence is broadly reflected in the
storylines and resulting scenarios.
Since the SRES was not approved until 15 March 2000, it
was too late for the modelling community to incorporate the
final approved scenarios in their models and have the results
available in time for this Third Assessment Report. However,
draft scenarios were released to climate modellers earlier to
facilitate their input to the Third Assessment Report, in
accordance with a decision of the IPCC Bureau in 1998. At
that time, one marker scenario was chosen from each of four
of the scenario groups based directly on the storylines (AIB,
A2, B1, and B2). The choice of the markers was based on
which of the initial quantifications best reflected the storyline
and features of specific models. Marker scenarios are no

F.1 The IPCC Special Report on Emissions
Scenarios (SRES)
In 1996, the IPCC began the development of a new set of
emissions scenarios, effectively to update and replace the
well-known IS92 scenarios. The approved new set of
scenarios is described in the IPCC Special Report on
Emission Scenarios (SRES). Four different narrative
storylines were developed to describe consistently the
relationships between the forces driving emissions and their
evolution and to add context for the scenario quantification.
The resulting set of 40 scenarios (35 of which contain data
on the full range of gases required to force climate models)
cover a wide range of the main demographic, economic and
technological driving forces of future greenhouse gas and
sulphur emissions. Each scenario represents a specific
quantification of one of the four storylines. All the scenarios
based on the same storyline constitute a scenario "family"
(See Box 5, which briefly describes the main characteristics
of the four SRES storylines and scenario families). The
SRES scenarios do not include additional climate initiatives,
which means that no scenarios are included that explicitly
assume implementation of the United Nations Framework
Convention on Climate Change or the emissions targets of
the Kyoto Protocol. However, greenhouse gas emissions are
directly affected by non-climate change policies designed for
a wide range of other purposes (e.g., air quality).
Furthermore, government policies can, to varying degrees,
influence the greenhouse gas emission drivers, such as

K)

more or less likely than any other scenarios, but are
considered illustrative of a particular storyline. Scenarios
were also selected later to illustrate the other two scenario
groups (AIFI and AIT) within the A I family, which specifically explore alternative technology developments, holding
the other driving forces constant. Hence there is an
illustrative scenario for each of the six scenario groups, and
all are equally plausible. Since the latter two illustrative
scenarios were selected at a late stage in the process, the
AOGCM modelling results presented in this report only use
two of the four draft marker scenarios. At present, only
scenarios A2 and B2 have been integrated by more than one
AOGCM. The AOGCM results have been augmented by
results from simple climate models that cover all six
illustrative scenarios. The IS92a scenario is also presented in
a number of cases to provide direct comparison with the
results presented in the SAR.

The final four marker scenarios contained in the SRES differ
in minor ways from the draft scenarios used for the AOGCM
experiments described in this report. In order to ascertain the
likely effect of differences in the draft and final SIZES
scenarios, each of the four draft and final marker scenarios
were studied using a simple climate model. For three of the
four marker scenarios (At B, A2, and B2) temperature
change from the draft and marker scenarios are very similar.
The primary difference is a change to the standardised
values for 1990 to 2000, which is common to all these
scenarios. This results in a higher forcing early in the period.
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There are further small differences in net forcing, but these
decrease until, by 2100, differences in temperature change in
the two versions of these scenarios are in the range I to 2%.
For the BI scenario, however, temperature change is significantly lower in the final version, leading to a difference in
the temperature change in 2100 of almost 20%, as a result of
generally lower emissions across the full range of
greenhouse gases.
Anthropogenic emissions of the three main greenhouse
gases, CO2, CHI and NO, together with anthropogenic
sulphur dioxide emissions, are shown for the six illustrative
SRES scenarios in Figure 17. It is evident that these
scenarios encompass a wide range of emissions. For
comparison, emissions are also shown for IS92a. Particularly
noteworthy are the much lower future sulphur dioxide
emissions for the six SIZES scenarios, compared to the IS92
scenarios, due to structural changes in the energy system as
well as concerns about local and regional air pollution.
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F.2 Projections of Future Changes in
Greenhouse Gases and Aerosols
Models indicate that the illustrative SRES scenarios lead to verv
different CO, concentration trajectories (see Figure 18). By
2100, carbon cycle models project atmospheric CO, concentrations of 540 to 970 plum for the illustrative SRES scenarios
(90 to 250% above the concentration of 280 ppm in 1750). The
net effect of land and ocean climate feedbacks as indicated by
models is to further increase projected atmospheric CO. concentrations by reducing both the ocean and land uptake of CO2.
These projections include the land and ocean climate feedbacks.
Uncertainties, especially about the magnitude of the climate
feedback from the terrestrial biosphere, cause a variation of
about -10 to +30% around each scenario. The total range is 490
to 1260 ppm (75 to 350% above the 1750 concentration).
Measures to enhance carbon storage in terrestrial ecosystems
could influence atmospheric CO2 concentration, but the upper
bound for reduction o( CO, concentration by such means is 40
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Figure 17: Anthropogenic emissions of COi, OH4N20 and sulphur dioxide for the six illustrative SRES scenarios, At B, A2. B1 and B2, Al Fl and
A1T. For comparison the IS92a scenario is also shown. [Based on IPGC Special Report on Emissions Scenarios.]

to 70 ppm. If all the carbon released by historic land-use
changes could be restored to the terrestrial biosphere over the
course of the century (e.g., by reforestation), CO2 concentration
would be reduced by 40 to 70 ppm. Thus, fossil fuel CO2
emissions are virtually certain to remain the dominant control
over trends in atmospheric CO: concentration during this
century.
Mode! calculations of the abundances of the primary non-C02
greenhouse gases by the year 2100 vary considerably across

the six illustrative SRES scenarios. In general A I B, A IT and
B1 have the smallest increases, and AIFI and A2, the largest.
The CHa changes from 1998 to 2100 range from -190 to
+1970 ppb (-I 1 to +112%), and N,O increases from +38 to
+144 ppb (+12 to +46%) (see Figures 17b and c). The HFCs
(134a, 143a, and 125) reach abundances of a few hundred to a
thousand ppt from negligible levels today. The PFC CF4 is
projected to increase to 200 to 400 ppt, and SF6 is projected to
increase to 35 to 65 ppt.
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For the six illustrative SRES emissions scenarios, projected
emissions of indirect greenhouse gases (NO, CO, VOC),
together with changes in CHa, are projected to change the
global mean abundance of the tropospheric hydroxyl radical
(OH), by -20% to +6% over the next century. Because of the
importance of OH in tropospheric chemistry, comparable, but
opposite sign, changes occur in the atmospheric lifetimes of
the greenhouse gases CH, and HFCs. This impact depends in
large part on the magnitude of and the balance between NO
and CO emissions. Changes in tropospheric 03 of -12 to +62%
are calculated from 2000 until 2100. The largest increase
predicted for the 21 st century is for scenarios Al Fl and A2
and would be more than twice as large as that experienced
since the Pre-industrial Era. These 03 increases are attributable
to the concurrent and large increases in anthropogenic NO2
and CH4 emissions.
The large growth in emissions of greenhouse gases and other
pollutants as projected in some of the six illustrative SRES
scenarios for the 21st century will degrade the global
environment in ways beyond climate change. Changes
projected in the SRES A2 and AIFI scenarios would degrade
air quality over much of the globe by increasing background
levels of tropospheric 03' In northern mid-latitudes during
summer, the zonal average of 03 increases near the surface
are about 30 ppb or more, raising background levels to about
80 ppb, threatening the attainment of current air quality
standards over most metropolitan and even rural regions and
compromising crop and forest productivity. This problem
reaches across continental boundaries and couples emissions
of NO2 on a hemispheric scale.
Except for- sulphate and black carbon, models show an
approximately linear dependence of the abundance of
aerosols on emissions. The processes that determine the
removal rate for black carbon differ substantially between the
models. leading to major uncertainty in the future projections
of black carbon. Emissions of natural aerosols such as sea
salt, dust, and gas phase precursors of aerosols such as
terpenes, sulphur dioxide (SO,), and dimethyl sulphide
oxidation may increase as a result of changes in climate and
Figure 18: Atmospheric concentrations of CO2. CH4 and N.0 resulting
from the six SRES scenarios and from the 1592a scenario computed
with current methodology. [Based on Figures 3.12 and 4.141

atmospheric chemistry.

The six illustrative SRES scenarios cover nearly the full range
of forcing that results from the full set of SRES scenarios.
Estimated total historical anthropogenic radiative forcing
from 1765 to 1990 followed by forcing resulting from the six
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SRES scenarios are shown in
Figure 19. The forcing from the
full range of 35 SRES scenarios
is shown on the figure as a
shaded envelope, since the
forcings resulting from
individual scenarios cross with
time. The direct forcing from
biomass-burning aerosols is
scaled with deforestation rates.
The SRES scenarios include the
possibility of either increases or
decreases in anthropogenic
aerosols (e.g., sulphate aerosols,
biomass aerosols, and black and
organic carbon aerosols),
depending on the extent of
fossil fuel use and policies to
abate polluting emissions. The
SRES scenarios do not include
emissions estimates for nonsulphate aerosols. Two methods
for projecting these emissions
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Figure 19: Simple model results: estimated historical anthropogenic radiative forcing up to the year 2000
were considered in this report:
followed by radiative forcing for the six illustrative SRES scenarios. The shading shows the envelope of
the first scales the emissions of
fossil fuel and biomass aerosols forcing that encompasses the full set of thirty five SRES scenarios- The method of calculation closely
follows that explained in the chapters. The values are based on the radiative forcing for a doubling of CO.
with CO while the second
from seven AOGCMs. The IS92a, IS92c, and IS92e forcing is also shown following the same method of
scales the emissions with SO2
calculation. [Based on Figure 9.13a]
and deforestation. Only the
second method was used for
climate projections. For
comparison, radiative forcing is also shown for the IS92a
three-quarters of the total. The radiative forcing due to 03scenario. It is evident that the range for the new SIZES
depleting gases decreases due to the introduction of emission
scenarios is shifted higher compared to the IS92 scenarios.
controls aimed at curbing stratospheric ozone depletion. The
This is mainly due to the reduced future SOi emissions of the
direct aerosol (sulphate and black and organic carbon
SRES scenarios compared to the IS92 scenarios, but also to
components taken together) radiative forcing (evaluated
the slightly larger cumulative carbon emissions featured in
relative to present day, 2000) varies in sign for the different
some SIZES scenarios.
scenarios. The direct plus indirect aerosol effects are projected

In almost all SRES scenarios, the radiative forcing due to
CO2, CH, NO and tropospheric 03 continue to increase,
with the fraction of the total radiative forcing due to CO2
projected to increase from slightly more than half to about

to be smaller in magnitude than that of CO2. No estimates are
made for the spatial aspects of the future forcings. The indirect
effect of aerosols on clouds is included in simple climate model
calculations and scaled non-linearly with SO2 emissions,
assuming a present day value of -0.8 Wmz, as in the SAR.
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F.3 Projections of Future Changes in
Temperature

average surface air temperature, relative to the period 1961 to
1990, is 3.0°C (with a range of 1.3 to 4.5°C) for the A2 draft
marker scenario and 2.2°C ( with a range of 0.9 to 3.4°C) for the

AOGCM results
Climate sensitivity is likely to be in the range of 1.5 to 4.5°C.
This estimate is unchanged finm the first IPCC Assessment
Report in 1990 and the SAR. The climate sensitivity is the
equilibrium response of global surface temperature to a doubling
of equivalent CO, concentration. The range of estimates arises
from uncertainties in the climate models and their internal
feedbacks, particularly those related to clouds and related
processes. Used for the fiat time in this IPCC report is the

B2 draft marker scenario. The B2 scenario produces a smaller
warming that is consistent with its lower rate of increased CO,
concentration.

Transient Climate Response (TCR). The TCR is defined as the
globally averaged surface air temperature change, at the time of
doubling of CO', in a]&/yr CO,- increase experiment. This rate
of CO2 increase is assumed to represent the radiative forcing
from all greenhouse gases. The TCR combines elements of
model sensitivity and factors that affect response (e.g., ocean
heat uptake). The range of the TCR for current AOGCMs is 1. 1
to 3.1°C.
Including the direct effect of sulphate aerosols reduces global
mean mid-21st century warming. The surface temperature
response pattern for a given model, with and without sulphate
aerosols, is more similar than the pattern between two models
using the same forcing.

On time-scales of a fm decades, the current observed rate of
warming can be used to constrain the projected response to a
given emissions scenario despite uncertainty in climate
sensitivity. Analysis of simple models and intercomparisons of
AOGCM responses to idealised forcing scenarios suggest that,
for most scenarios over the coming decades, errors in large-scale
temperature projections are likely to increase in proportion to the
magnitude of the overall response. The estimated size of and
uncertainty in current observed warming rates attributable to
human influence thus provides a relatively model independent
estimate of uncertainty in multi-decade projections under most
scenarios. To be consistent with recent observations, anthropogenic warming is likely to lie in the range 0.1 to 0.2°C/decade
over the next few decades under the IS92a scenario. This is
similar to the range of responses to this scenario based on the
seven versions of the simple model used in Figure 22.
Most of the features of the geographical response in the SRES
scenario experiments are similarfor different scenarios (see
Figure 20) and are similar to those for idealised 1% CO,

Models project changes in several broad-scale climate variables.

increase integrations. The biggest difference between the t°k

As the radiative forcing of the climate system changes, the land

CO, -increase experiments, which have no sulphate aerosol, and

warms faster and more than the ocean, and there is greater

the SRES experiments is the regional moderating of the warming

relative warming at high latitudes. Models project a smaller

over industrialised areas, in the SRES experiments, where the

surface air temperature increase in the North Atlantic and

negative forcing from sulphate aerosols is greatest. This regional

circumpolar southern ocean regions relative to the global mean.

effect was noted in the SAR for only two models, but this has

There is projected to be a decrease in diurnal temperature range

now been shown to be a consistent response across the greater

in many areas, with night-time lows increasing more than

number of more recent models.

daytime highs. A number of models show a general decrease of

It is very likely that nearly all land areas will warm more rapidly

daily variability of surface air temperature in winter and
increased daily variability in summer in the Northern

than the global average, particularly those at northern high

Hemisphere land areas. As the climate warms, the Northern

AOGCM simulations forced with SIZES A2 and B2 emissions

Hemisphere snow cover and sea-ice extent are projected to

scenarios indicate that in winter the warming for all high-latitude

decrease. Many of these changes are consistent with recent

northern regions exceeds the global mean warming in each

observational trends, as noted in Section B.

model by more than 40% (1.3 to 6.3°C for the range of models

latitudes in the cold season. Results (see Figure 21) from recent

and scenarios considered). In summer, warming is in excess of
Multi-model ensembles ofAOGCM simulationsfora range of
scenarios are being used to quantify the mean climate change

40% above the global mean change in central and northern Asia.

and uncertainty based on the range of model results. For the end
of the 21 st centurv (2071 to 2100), the mean change in global

August, and Southeast Asia for both seasons, do the models

Only in south Asia and southern South America in June/July/
consistently ehuw warming less than the global average.
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Figure 20: The annual
mean change of the
temperature (colour
shading) and its range
(isolines) (Unit: -C) for the
SRES scenario A2 (upper
panel) and the SRES
scenario B2 ( lower panel).
Both SRES scenarios
show the period 2071 to
2100 relative to the period
1961 to 1990 and were
performed by OAGCMs.
[Based on Figures 9.10d
and 9.10e]
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Simple climate model results
Due to computational expense, AOGCMs can only be run for a
limited number of scenarios. A simple model can be calibrated
to represent globally averaged AOGCM responses and run for

projected temperatures and the wider range are due primarily to
the lower projected SO2 emissions in the SRES scenarios
relative to the IS92 scenarios. The projected rate of warming is
much larger than the observed changes during the 20th century

a much larger number of scenarios.

and is very likely to be without precedent during at least the
last 10,000 years, based on palaeoclimate data.

The globally averaged surface temperature is projected to
increase by 1.4 to 5.8°C (Figure 22(a)) over the period 1990 to
2100. These results are for the full range of 35 SRES scenarios,
based on a number of climate models.b' Temperature increases
are projected to be greater than those in the SAR, which were

The relative ranking of the SRES scenarios in terms of global
mean temperature changes with time. In particular, for
scenarios with higher fossil fuel use (hence, higher carbon
dioxide emissions, e.g., A2), the SOi emissions are also
higher. In the near term (to around 2050), the cooling effect of

about 1.0 to 3.5°C based on six IS92 scenarios. The higher

a Complex physically based climate models are the main tool for projecting future climate change. In order to explore the range of scenartos, these are
complemented by simple climate models calibrated to yield an equivalent response in temperature and sea level to complex climate models. These
projections are obtained using a simple climate model whose climate sensitivity and ocean heat uptake are calibrated to each of 7 complex climate
models. The climate sensitivity used in the simple model ranges from 1.7 to 4.2°C, which is comparable to the commonly accepted range of 1.5 to 4.5°C.
7 This range does not include uncertainties in the modelling of radiative forcing, e.g. aerosol forcing uncertainties. A small carbon cycle climate feedback is included.
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amplification represents warming ranges of 1.7 to 6.3°C for A2 and 1.3 to 4.7°C for B2. [Based on Chapter 10, Box 1, Figure 11
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Figure 22: Simple model
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higher sulphur dioxide emissions significantly reduces the
warming caused by increased emissions of greenhouse gases
in scenarios such as A2. The opposite effect is seen for
scenarios B I and B2, which have lower fossil fuel emissions

F.4 Projections of Future Changes in Precipitation

as well as lower SO2 emissions, and lead to a larger nearterm warming. In the longer term, however, the level of
emissions of long-lived greenhouse gases such as CO2 and
N20 become the dominant determinants of the resulting

different climate model responses contribute similar

(see Figure 23) from recent AOGCM simulations forced with
SRES A2 and B2 emissions scenarios indicate that it is likely
for precipitation to increase in both summer and winter over
high-latitude regions. In winter, increases are also seen over
northern mid-latitudes, tropical Africa and Antarctica, and in
summer in southern and eastern Asia. Australia, central
America, and southern Africa show consistent decreases in

uncertainty to the range of global temperature change.

winter rainfall.

Further uncertainties arise due to uncertainties in the

Based on patterns emerging from a limited number of.studie.s

Globally averaged water vapour, evaporation and precipitation are projected to increase. At the regional scale both
increases and decreases in precipitation are seen. Results

climate changes.
By 2100, differences in emissions in the SRES scenarios and

radiative forcing. The largest forcing uncertainty is that due

with current AOGCMs, older GCMs, and regionalisation

to the sulphate aerosols.

studies, there is a strong correlation between precipitation
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interannual variability and mean precipitation. Future
increases in mean precipitation will likely lead to increases
in variability. Conversely, precipitation variability will likely
decrease only in areas of reduced mean precipitation.

F.5 Projections of Future Changes in
Extreme Events
it is only recently that changes in extremes of weather and
climate observed to date have been compared to changes
projected by models (Table 4). More hot days and heat waves
are very likely over nearly all land areas. These increases are
projected to be largest mainly in areas where soil moisture
decreases occur. Increases in daily minimum temperature are

projected to occur over nearly all land areas and are generally
larger where snow and ice retreat. Frost days and cold waves
are very likely to become fewer. The changes in surface air
temperature and surface absolute humidity are projected to
result in increases in the heat index (which is a measure of the
combined effects of temperature and moisture). The increases
in surface air temperature are also projected to result in an
increase in the "cooling degree days" (which is a measure of
the amount of cooling required on a given day once the
temperature exceeds a given threshold) and a decrease in
"heating degree days". Precipitation extremes are projected to
increase more than the mean and the intensity of precipitation
events are projected to increase. The frequency of extreme

Table 4: Estimates of confidence in observed and projected changes in extreme weather and climate events. The table depicts an assessment of
confidence in observed changes in extremes of weather and climate during the tatter halt of the 20tn century (left column) and in projected
changes during the 21st century (right column)', This assessment relies on observational and modelling studies, as well as physical plausibility of
future projections across all commonly used scenarios and is based on expert judgement (see Footnote 4). [Based upon Table 9.61

Confidence in observed

,

changes (tatter half of the 20th 'i.
century)

Changes in Phenomenon

Confidence in projected changes
(during the 21st century)

Likely

Higher maximum temperatures
and more hot days over nearly all
land areas

Very likely

Very likely

Higher minimum temperatures,
fewer cold days and frost days
over nearly all land areas

Very likely

Very likely

Reduced diurnal temperature
range over most land areas

Very likely

Likely, over many areas

Increase of heat indexs over land

Very likely, over most areas

areas
More intense precipitation
events"

Very likely, over many areas

Likely, over many Northern
Hemisphere mid- to high latitude
land areas
Likely, in a few areas

Not observed in the few analyses
available
Insufficient data for assessment

Increased summer continental
drying and associated risk of
drought
Increase in tropical cyclone peak
wind intensities`
Increase in tropical cyclone mean
and peak precipitation intensities`

' For more details see Chapter 2 (observations) and Chapters 9, 10 (projections).
^ For other areas there are either insufficient data of conflicting analyses.
= Past and future changes in tropical cyclone location and frequency are uncertain.
.
Heat index: A combination of temperature and humidity that measures effects on human comfort

r^;-

Likely, over most mid-latitude
continental interiors (Lack of consistent
projections, in other areas)

Likely, over some areas
Likely, over some areas
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precipitation events is projected to increase almost
everywhere. There is projected to be a general dryiitg of the
mid-continental areas during summer. This is ascribed to a
combination of increased temperature and potential
evaporation that is not balanced by increases of precipitation.
There is little agreement yet among models concerning future
changes in mid-latitude storm intensity, frequency, and
variability. There is little consistent evidence that shows
changes in the projected frequency of tropical cyclones and
areas of formation. However, some measures of intensities
show projected increases, and some theoretical and modelling
studies suggest that the upper limit of these intensities could
increase. Mean and peak precipitation intensities from tropical
cyclones are likely to increase appreciably.

Atlantic THC weakens in most models, the relative roles of
surface heat and fresh water fluxes vary from model to model.
Wind stress changes appear to play only a minor role in the

For some other extreme phenomena, many of which may have

to changes in the cloud radiative forcing and/or evaporative

important impacts on the environment and society, there is

damping of the east-west sea surface temperature gradient in

currently insufficient information to assess recent trends, and

some models. Confidence in projections of changes in future

transient response.

F.7 Projections of Future Changes in
Modes of Natural Variability
Many models show a mean El Niho-like response in the
tropical Pacific, with the central and eastern equatorial Pacific
sea surface temperatures projected to wann more than the
western equatorial Pacific and with a corresponding mean
eastward shift of precipitation. Although many models show an
El Nino-like change of the mean state of tropical Pacific sea
surface temperatures, the cause is uncertain. It has been related

confidence in models and understanding is inadequate to make

frequency, amplitude, and spatial pattern of El Nino events in

firm projections. In particular, very small-scale phenomena

the tropical Pacific is tempered by some shortcomings in how

such as thunderstorms, tornadoes, hail, and lightning are not

well El Nino is simulated in complex models. Current

simulated in global models. Insufficient analysis has occurred

projections show little change or a small incrcase in amplitude

of how extra-tropical cyclones may change.

for El Nino events over the next 100 years. However, even with
little or no change in El Nino amplitude, global warming is

F.6 Projections of Future Changes in
Thermohaline Circulation

likely to lead to greater extremes of drying and heavy rainfall
and increase the risk of droughts and floods that occur with El
Nino events in many regions. It also is likely that warming

Most models show weakening of the Northern Hemisphere
Thermohaline Circulation (THC), which contributes to a
reduction of the surface warming in the northern North
Atlantic. Even in models where the THC weakens, there is still
a warming over Europe due to increased greenhouse gases. In
experiments where the atmospheric greenhouse gas concentration is stabilised at twice its present day value, the North
Atlantic THC is projected to recover from initial weakening
within one to several centuries. The THC could collapse
entirely in either hemisphere if the rate of change in radiative

associated with increasing greenhouse gas concentrations will
cause an increase of Asian summer monsoon precipitation
variability. Changes in monsoon mean duration and strength
depend on the details of the emission scenario. The confidence
in such projections is limited by how well the climate models
simulate the detailed seasonal evolution of the monsoons.
There is no clear agreement on changes in frequency or
structure of naturally occurring modes of variability, such as
the North Atlantic Oscillation, i.e., the magnitude and character
of the changes vary across the models.

forcing is large enough and applied long enough. Models
indicate that a decrease of the THC reduces its resilience to
perturbations, i.e., a once reduced THC appears to be less
stable and a shut-down can become more likely. However, it is
too early to say with confidence whether an irreversible
collapse in the THC is likely or not, or at what threshold it
might occur and what the climate implications could be. None
of the current projections with coupled models exhibits a
complete shut-down of the THC by 2100- Although the North

F.8 Projections of Future Changes in Land
Ice (Glaciers, Ice Caps and Ice Sheets),
Sea Ice and Snow Cover
Glaciers and ice caps will continue their widespread retreat
during the 21st century and Northern Hemisphere snow cover
and sea ice are projected to decrease further Methods have
been developed recently for estimating glacier melt from

3, :::
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seasonally and geographically dependent patterns of surface
air temperature change, that are obtained from AOGCM
experiments. Modelling studies suggest that the evolution of
glacial mass is controlled principally by temperature changes,
rather than precipitation changes, on the global average.
The Antarctic ice sheet is likely to gain mass because of
greater precipitation, while the Greenland ice sheet is likely to
lose mass because the increase in runoff will esceed the
precipitation increa.se. The West Antarctic Ice Sheet (WA1S)

has attracted special attention because it contains enough ice
to raise sea level by 6 in and because of suggestions that
instabilities associated with its being grounded below sea level
may result in rapid ice discharge when the surrounding ice
shelves are weakened. However, loss of grounded ice leading
to substantial sea level rise from this source is now widely
agreed to be very unlikely during the 21st century, although its
dynamics are still inadequately understood, especially for
projections on longer time-scales.

Figure 24: Global average sea level rise 1990 to 2100 for the SRES scenarios. Thermal expansion and land ice changes were calculated using a
simple climate model calibrated separately for each of seven AOGCMs, and contributions from changes in permafrost, the effect of sediment
deposition and the long-term adjustment of the ice sheets to past climate change were added. Each of the six lines appearing in the key is the
average of AOGCMs for one of the six illustrative scenarios. The region in dark shading shows the range of the average of AOGCMs for all thirty
five SRES scenarios. The region in light shading shows the range of all AOGCMs for all thirty five scenarios. The region delimited by the outermost
lines shows the range of all AOGCMs and scenarios including uncertainty in land ice changes, permafrost changes and sediment deposition. Note
that this range does not allow for uncertainty relating to ice-dynamic changes in the West Antarctic ice sheet. [Based on Figure 11.12]
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F.9 Projections of Future Changes in Sea
Level
Projections of global average sea level rise from 1990 to
2100, using a range of AOGCMs following the IS92a
.scenario ( including the direct effect of sulphate aerosol
emissions), lie in the range 0.11 to 0.77 m. This range
reflects the systematic uncertainty of modelling. The main
contributions to this sea level rise are:
• a thermal expansion of 0.11 to 0.43 m, accelerating
through the 21st century;
• a glacier contribution of 0.01 to 0.23 m;
• a Greenland contribution of -0.02 to 0.09 m; and
• an Antarctic contribution of -0.17 to +0.02 m.
Also included in the computation of the total change are
smaller contributions from thawing of permafrost,
deposition of sediment, and the ongoing contributions from
ice sheets as a result of climate change since the Last
Glacial Maximum. To establish the range of sea level rise
resulting from the choice of different SRES scenarios,
results for thermal expansion and land-ice change from
simple models tuned to several AOGCMs are used (as in
Section F.3 for temperature).
For the full set of SRES scenarios, a sea level rise of 0.09 to
0.88 in is projected for 1990 to 2100 (see Figure 24),
primarily from thermal expansion and loss of mass from
glaciers and ice caps. The central value is 0.48 on, which
corresponds to an average rate of about two to four times the
rate over the 20th century. The range of sea level rise
presented in the SAR was 0.13 to 0.94 in based on the 1S92
scenarios. Despite higher temperature change projections in
this assessment, the sea level projections are slightly lower,
primarily due to the use of improved models which give a
smaller contribution from glaciers and ice sheets. If
terrestrial storage continues at its current rates, the
projections could be changed by -0.21 to 0.11 m. For an
average of the AOGCMs, the SRES scenarios give results
that differ by 0.02 in or less for the first half of the 21st
century. By 2100, they vary over a range amounting to about
50% of the central value. Beyond the 21st century, sea level
rise depends strongly on the emissions scenario.
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compared to global average sea level rise. However,
confidence in the regional distribution of sea level change
from AOGCMs is low because there is little similarity
between models, although nearly all models project greater
than average rise in the Arctic Ocean and less than average
rise in the Southern Ocean. Further, land movements, both
isostatic and tectonic, will continue through the 21st century
at rates that are unaffected by climate change. It can be
expected that by 2100, many regions currently experiencing
relative sea level fall will instead have a rising relative sea
level. Lastly, extreme high water levels will occur with
increasing frequency as a result of mean sea level rise. Their
frequency may be further increased if storms become more
frequent or severe as a result of climate change.

F.10 Projections of Future Changes in
Response to CO. Concentration
Stabilisation Profiles
Greenhouse gases and aerosols
All of tire stabilisation profiles studied require CO,
emissions to eventually drop well below current levels.
Anthropogenic CO2 emission rates that arrive at stable CO2
concentration levels from 450 to 1,000 ppm were deduced
from the prescribed CO2 profiles (Figure 25a). The results
(Figure 25b) are not substantially different from those
presented in the SAR; however, the range is larger, mainly
due to the range of future terrestrial carbon uptake caused
by different assumptions in the models. Stabilisation at 450.
650 or 1,000 ppm would require global anthropogenic
emissions to drop below 1990 levels within a few decades,
about a century, or about two centuries, respectively, and
continue to steadily decrease thereafter. Although there is
sufficient uptake capacity in the ocean to incorporate 70 to
80% of foreseeable anthropogenic CO. emissions to the
atmosphere, this process takes centuries due to the rate of
ocean mixing. As a result, even several centuries after
emissions occurred, about a quarter of the increase in
concentration caused by these emissions is still present in
the atmosphere. To maintain constant CO2 concentration
beyond 2300 requires emissions to drop to match the rate of
carbon sinks at that time. Natural land and ocean sinks with
the capacity to persist for hundreds or thousands of years are

Models agree on the qualitative conclusion that the range of
regional variation in sea level change is substantial

small (<0.2 PgC/yr).
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Global mean temperature continues to increase for hundreds
of years at a rate of a few tenths of a degree per century after
concentrations of CO2 have been stabilised, due to long
time-scales in the ocean. The temperature implications of CO,
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1,000 ppm were studied using a simple climate model tuned to
seven AOGCMs with a mean climate sensitivity of 2.8°C. For
all the pathways leading to stabilisation, the climate system
shows considerable warming during the 21 st century and
beyond (see Figure 26). The lower the level at which
concentrations stabilise, the smaller the total temperature change.
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Figure 25: Projded CO2 emissions pemlitUng stabilisation of atmospheric
CO2 concentrations at different final values. Panel (a) shows the assumed
trajectories of CO, concentration (WRE scenarios) and panels (b) and (c)
show the implied CO2 emissions, as projected with two fast carbon cycle
models, Bem-CC and ISAM. The model ranges for ISAM were obtained
by tuning the model to approximate the range of responses to COz and
climate from model intercomparisons. This approach yields a lower bound
on uncertainties in the carbon cycle response. The model ranges for BemCC were obtained by combining dtlferent bounding assumptions about the
behaviour of the CO2 fertilization effect, the response of heterotrophic
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Figure 26: Simple model results: Projected global mean temperature
changes when the concentration of CO2 is stabilised following the WRE
profiles (see Chapter 9 Section 9.3.3). For comparison, results based on
the S profiles in the SAR are also shown in green (51000 not available).
The results are the average produced by a simple climate model tuned
to seven AOGCMs. The baseline scenario is scenario All), this is
specified only to 2100. After 2100, the emissions of gases other than
CO, are assumed to remain constant at their MB 2100 values. The
projections are labelled according to the level of CO. stabilisation. The

respiration to temperature and the turnover time of the ocean, thus

broken lines after 2100 indicate increased uncertainty in the simple

approaching an upper bound on uncertainties in the carbon cycle
response. For each model, the upper and lower bounds are indicated by

climate model results beyond 2100. The black dots indicate the time of

the top and bottom of the shaded area Alternatively, the lower bound
(where hidden) is indicated by a hatched line. [Based on Figure 3.13]

[Based on Figure 9.161
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CO. stabilisation. The stabilisation year for the WRE1000 profile is 2375.
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Sea level
if greenhouse gas concentrations were stabilised (even at
present levels), sea level would nonetheless continue to rise for
hundreds of years. After 500 years, sea level rise from thermal
expansion may have reached only half of its eventual level,
which models suggest may lie within a range of 0.5 to 2.0 in
and I to 4 in for CO2 levels of twice and four times preindustrial, re.spectively. The long time-scale is characteristic of
the weak diffusion and slow circulation processes that
transport heat into the deep ocean.
The loss of a substantial fraction of the total glacier mass is
likely. Areas that are currently marginally glaciated are most
likely to become ice-free.
Ice sheets will continue to react to climatic change during the
next several thousand years, even if the climate is stabilised.
Together, the present Antarctic and Greenland ice sheets
contain enough water to raise sea level by almost 70 in if they
were to melt, so that only a small fractional change in their
volume would have a significant effect.

used in Chapter 11. For a warming over Greenland of 5.5°C,
consistent with mid-range stabilisation scenarios (see Figure
26), the Greenland ice sheet is likely to contribute about 3 in
in 1,000 years. For a warming of 8°C, the contribution is about
6 in, the ice sheet being largely eliminated. For smaller
warmings, the decay of the ice sheet would be substantially
slower (see Figure 27).
Current ice dynamic rnodels project that the West Antarctic ice
sheet (WAIS) will contribute no more than 3 mrn/yr to sea level
rise over the nest thousand years, evert if significant changes
were to occur in the ice shelves. Such results are strongly
dependent on model assumptions regarding climate change
scenarios, ice dynamics and other factors. Apart from the
possibility of an internal ice dynamic instability, surface
melting will affect the long-term viability of the Antarctic ice
sheet. For warmings of more than 10°C, simple runoff models
predict that a zone of net mass loss would develop on the ice
sheet surface. Irreversible disintegration of the WAIS would
result because the WAIS cannot retreat to higher ground once
its margins are subjected to surface melting and begin to

Models project that a local annual average worming of larger

recede. Such a disintegration would take at least a few

than 3°C, sustained for millennia, would lead to virtually a

millennia. Thresholds for total disintegration of the East

complete melting of the Greenland ice sheet with a reulting

Antarctic ice sheet by surface melting involve warmings above

sea level rise of about 7 m Projected temperatures over

20°C, a situation that has not occurred for at least 15 million

Greenland are generally greater than globally averaged

years and which is far more than predicted by any scenario of

temperatures by a factor of 1.2 to 3.1 for the range of models

climate change currently under consideration.

Figure 27: Response of the Greenland ice sheet to three climatic
warming scenarios during the third millennium expressed in equivalent
changes of global sea level. The curve labels refer to the mean annual
temperature rise over Greenland by 3000 AD as predicted by a twodimensional climate and ocean model forced by greenhouse gas concentration rises until 2130 AD and kept constant after that. Note that
projected temperatures over Greenland are generally greater than
globally averaged temperatures by a factor of 12 to 3.1 for the range of
models used in Chapter 11. [Based on Figure 11.161
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G. Advancing Understanding
The previous sections have contained descriptions of the
current state of knowledge of the climate of the past and
present, the current understanding of the forcing agents and
processes in the climate system and how well they can be
represented in climate models. Given the knowledge possessed
today, the best assessment was given whether climate change
can be detected and whether that change can be attributed to
human influence. With the best tools available today,
projections were made of how the climate could change in the
future for different scenarios of emissions of greenhouse gases.
This Section looks into the future in a different way.
Uncertainties are present in each step of the chain from
emissions of greenhouse gases and aerosols, through to the
impacts that they have on the climate system and society (see
Figure 28). Many factors continue to limit the ability to detect,
attribute, and understand current climate change and to project
what future climate changes may be. Further work is needed in
nine broad areas.

G.2 Climate Processes and Modelling
Estimate better future emissions and concentrations of
greenhouse gases an d aerosols. It is particularly important that
improvements are realised in deriving concentrations from
emissions of gases and particularly aerosols, in addressing
biogeochemical sequestration and cycling, and specifically,
and in determining the spatial-temporal distribution of CO2
sources and sinks, currently and in the future.
Understand and characterise more completely dominant
processes ( e.g., ocean mixing) and feedbacks (e.g., from
clouds and sea ice) in the atmosphere, biota, land and ocean
surfaces, and deep oceans. These sub-systems, phenomena,
and processes are important and merit increased attention to
improve prognostic capabilities generally. The interplay of
observation and models will be the key for progress. The
rapid forcing of a non-linear system has a high prospect of
producing surprises.
Address nwre completely patterns of long-term climate
variability. This topic arises both in model calculations and in
the climate system. In simulations, the issue of climate drift

G.1 Data

within model calculations needs to be clarified better in part
because it compounds the difficulty of distinguishing signal

Arrest the decline of observational networks in many parts of
the world. Unless networks are significantly improved, it may

and noise. With respect to the long-term natural variability in
the climate system per se, it is important to understand this

be difficult or impossible to detect climate change in many
areas of the globe.

variability and to expand the emerging capability of

Expand the observational foundation for climate studies to

Explore more fully the probabilistic character of future

predicting patterns of organised variability such as ENSO.

provide accurate, long-term data with expanded temporal and

climate states by developing multiple ensembles of model

spatial coverage. Given the complexity of the climate system

calculations. The climate system is a coupled non-linear

and the inherent multi-decadal time-scale, there is a need for

chaotic system, and therefure the long-term prediction of

long-term consistent data to support climate and environmental

future exact climate states is not possible. Rather the focus

change investigations and projections. Data from the present

must be upon the prediction of the probability distribution of

and recent past, climate-relevant data for the last few centuries,

the system's future possible states by the generation of

and for the last several millennia are all needed. There is a

ensembles of model solutions.

particular shortage of data in polar regions and data for the
quantitative assessment of extremes on the global scale.

Improve the integrated hierarchy of global and regional
climate models with emphasis on improving the simulation of
regional impacts and extreme weather events. This will require
improvements in the understanding of the coupling between
the major atmospheric, oceanic, and terrestrial systems, and
extensive diagnostic modelling and observational studies that
evaluate and improve simulative performance. A particularly
important issue is the adequacy of data needed to attack the
question of changes in extreme events.
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G.3 Human Aspects
Link more formally physical climate-biogeochemical models
with models of the human system and thereby provide the basis
for expanded exploration of possible cause-effect-cause
patterns linking human and non-human components of the
Earth system. At present, human influences generally are
treated only through emission scenarios that provide external
forcings to the climate system. In future more comprehensive
models are required in which human activities need to begin to

Socio-economic assumptions
(W GII/Ch 3; WGIII/Ch 2 - SPIES)

I
Emissions scenarios
(WGIIVCh 2. SRES)
C
0
a

!

I
Concentration projections
(WGVCh 3.4.5)

T--

Radiative forcing projections
(WGUCh 6)

interact with the dynamics of physical, chemical, and
biological sub-systems through a diverse set of contributing

Climate projections
(WGVCh a,9,10)

activities, feedbacks and responses.

G.4 International Framework
Accelerate internationally progress in understanding climate
change by strengthening the international frarnework that is
needed to co-ordinate national and institutional efforts so that
research, computational, and observational resources may be
used to the greatest overall advantage. Elements of this
framework exist in the international programmes supported by
the International Council of Scientific Unions (ICSU)- the
World Meteorological Organization (WMO), the United
Nations Environment Programme (UNBP), and the United
Nations Education, Scientific and Cultural Organisation
(UNESCO). There is a corresponding need for strengthening
the co-operation within the international research community,
building research capacity in many regions and, as is the goal
of this assessment, effectively describing research advances in
terms that are relevant to decision making.

__H

Sea level projections
(WGVCh 11)

Climate scenarios
(WGVCh 13)

T

T

Global change scenarios
(WGIVCh 3)

Impacts
(WGII)

Figure 28: The cascade of uncertainties in projections to be
considered in developing climate and related scenarios for
climate change impact, adaptation, and mitigation assessment.
[Based on Figure 13.2]
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The Climate System: an Overview

1.1 Introduction to the Climate System
1.1.1 Climate
Weather and climate
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Climate variables
The traditional knowledge of weather and climate focuses on
those variables that affect daily life most directly: average,
maximum and minimum temperature, wind near the surface of the
Earth, precipitation in its various forms, humidity, cloud type and
amount, and solar radiation. These are the variables observed
hourly by a large number of weather stations around the globe.
However this is only part of the reality that determines
weather and climate. The growth, movement and decay of weather
systems depend also on the vertical structure of the atmosphere, the
influence of the underlying land and sea and many other factors not
directly experienced by human beings. Climate is determined by
the atmospheric circulation and by its interactions with the largescale ocean currents and the land with its features such as albedo,
vegetation and soil moisture. The climate of the Earth as a whole
depends on factors that influence the radiative balance, such as for
example, the atmospheric composition, solar radiation or volcanic
eruptions. To understand the climate of our planet Earth and its
variations and to understand and possibly predict the changes of
the climate brought about by human activities, one cannot ignore
any of these many factors and components that determine the
climate. We must understand the climate eyslem, the complicated
system consisting of various components, including the dynamics
and composition of the atmosphere, the ocean, the ice and snow
cover, the land surface and its features, the many mutual
interactions between them, and the large variety of physical,
chemical and biological processes taking place in and among
these components. "Climate" in a wider sense refers to the state of
the climate system as a whole, including a statistical description of
its variations. This chapter provides the reader with an overview of
the climate system and the climate in this wider sense, and acts as
an introduction to the Report.

Weather and climate have a profound influence on life on Earth.
They are part of the daily experience of human beings and are
essential for health, food production and well-being. Many
consider the prospect of human-induced climate change as a
matter of concern. The IPCC Second Assessment Report
(IPCC, 1996) (hereafter SAR) presented scientific evidence that
human activities may already be influencing the climate. If one
wishes to understand, detect and eventually predict the human
influence on climate, one needs to understand the system that
determines the climate of the Earth and of the processes that
lead to climate change.
In common parlance the notions "weather" and "climate"
are loosely defined'. The "weather', as we experience it, is the
fluctuating state of the atmosphere around us, characterised by
the temperature, wind, precipitation, clouds and other weather
elements. This weather is the result of rapidly developing and
decaying weather systems such as mid-latitude low and high
pressure systems with their associated frontal zones, showers
and tropical cyclones. Weather has only limited predictability.
Mesoscale convective systems are predictable over a period of
hours only; synoptic scale cyclones may be predictable over a
period of several days to a week. Beyond a week or two
individual weather systems are unpredictable. "Climate" refers
to the average weather in terms of the mean and its variability
over a certain time-span and a certain area. Classical
climatology provides a classification and description of the
various climate regimes found on Earth. Climate varies from
place to place, depending on latitude, distance to the sea,
vegetation, presence or absence of mountains or other
1.1.2 The Climate System
geographical factors. Climate varies also in time; from season
to season, year to year, decade to decade or on much longer
Its components
time-scales, such as the Ice Ages. Statistically significant
The climate system, as defined in this Report, is an interactive
variations of the mean state of the climate or of its variability,
system consisting of five major components: the atmosphere, the
typically persisting for decades or longer, are referred to as
hydrosphere, the cryosphere, the land surface and the biosphere,
"climate change". The Glossary gives definitions of these
forced or influenced by various external forcing mechanisms, the
important and central notions of "climate variability" and
most important of which is the Sun (see Figure 1.1). Also the
"climate change".
direct effect of human activities on the climate system is considClimate variations and change, caused by external forcings,
ered an external forcing.
may be partly predictable, particularly on the larger, continental
The atmosphere is the most unstable and rapidly changing
and global, spatial scales. Because human activities, such as the
part of the system. Its composition, which has changed with the
emission of greenhouse gases or land-use change, do result in
evolution of the Earth, is of central importance to the problem
external forcing, it is believed that the large-scale aspects of
assessed in this Report. The Earth's dry atmosphere is composed
human-induced climate change are also partly predictable.
mainly of nitrogen (Ni, 78.1 % volume mixing ratio), oxygen (Oz,
However the ability to actually do so is limited because we
20.9% volume mixing ratio, and argon (Ar, 0.93% volume mixing
cannot accurately predict population change, economic change,
ratio). These gases have only limited interaction with the
technological development, and other relevant characteristics of
incoming solar radiation and they do nut interact with the infrared
future human activity. In practice, therefore, one has to rely on
radiation emitted by the Earth. However there are a number of
carefully constructed scenarios of human behaviour and trace gases, such as carbon dioxide (CO,), methane (CHa), nitrous
determine climate projections on the basis of such scenarios.
oxide (N,0) and ozone (03), which do absorb and emit infrared
radiation. These so called greenhouse gases, with a total volume
t For a definition of scientific and technical terms used in this
Report: see Appendix l: Glossary.

mixing ratio in dry air of less than 0.1% by volume, play an
essential role in the Earth's energy budget. Moreover the
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Figure 1.1: Schematic view of the components of the global climate system (bold), their processes and interactions (tldn arrows) and some aspects
that may change (bold arrows).

atmosphere contains water vapour (H20), which is also a natural
greenhouse gas. Its volume mixing ratio is highly variable, but it

The hydrosphere is the component comprising all liquid
surface and subterranean water, both fresh water, including

is typically in the order of I%. Because these greenhouse gases

rivers, lakes and aquifers, and saline water of the oceans and

absorb the infrared radiation emitted by the Earth and emit

seas. Fresh water runoff from the land returning to the oceans

infrared radiation up- and downward, they tend to raise the

in rivers influences the ocean's composition and circulation.

temperature near the Earth's surface. Water vapour, CO, and O,

The oceans cover approximately 70% of the Earth's surface.
They store and transport a large amount of energy and dissolve

also absorb solar short-wave radiation.

The atmospheric distribution of ozone and its role in the
Earth's energy budget is unique. Ozone in the lower part of the
atmosphere, the troposphere and lower stratosphere, acts as a
greenhouse gas. Higher up in the stratosphere there is a natural
layer of high ozone concentration, which absorbs solar ultra-violet
radiation. In this way this so-called ozone layer plays an essential
role in the stratosphere's radiative balance, at the same time
filtering out this potentially damaging form of radiation.
Beside these gases, the atmosphere also contains solid and
liquid particles (aerosols) and clouds, which interact with the
incoming and outgoing radiation in a complex and spatially very
variable manner. The most variable component of the atmosphere
is water in its various phases such as vapour, cloud droplets, and
ice crystals. Water vapour is the strongest greenhouse gas. For
these reasons and because the transition between the various
phases absorb and release much energy, water vapour is central to
the climate and its variability and change.

and store great quantities of carbon dioxide. Their circulation,
driven by the wind and by density contrasts caused by salinity
and thermal gradients (the so-called thermohaline circulation),
is much slower than the atmospheric circulation. Mainly due to
the large thermal inertia of the oceans, they damp vast and
strong temperature changes and function as a regulator of the
Earth's climate and as a source of natural climate variability, in
particular on the longer time-scales.
The cryosphere, including the ice sheets of Greenland and

Antarctica, continental glaciers and snow fields, sea ice and
permafrost, derives its importance to the climate system from
its high reflectivity (albedo) for solar radiation, its low
thermal conductivity, its large thermal inertia and, especially,
its critical role in driving deep ocean water circulation.
Because the ice sheets store a large amount of water,
variations in their volume are a potential source of sea level
variations (Chapter 11).
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Vegetation and soils at the land surface control how energy
received from the Sun is returned to the atmosphere. Some is
returned as long-wave (infrared) radiation, heating the
atmosphere as the land surface warms. Some serves to evaporate
water, either in the soil or in the leaves of plants, bringing water
back into the atmosphere. Because the evaporation of soil
moisture requires energy, soil moisture has a strong influence on
the surface temperature. The texture of the land surface (its
roughness) influences the atmosphere dynamically as winds blow
over the land's surface. Roughness is determined by both
topography and vegetation. Wind also blows dust from the
surface into the atmosphere, which interacts with the atmospheric
radiation.

These are just a few examples from a virtually inexhaustible
list of complex interactions some of which are poorly known or
perhaps even unknown. Chapter 7 provides an assessment of the
present knowledge of physical climate processes and feedbacks,
whilst Chapter 3 deals with biological feedbacks.
Any change, whether natural or anthropogenic, in the
components of the climate system and their interactions, or in the
external forcing, may result in climate variations. The following
sections introduce various aspects of natural climate variations,
followed by an introduction to the human influence on the
climate system.
1.2 Natural Climate Variations

The marine and terrestrial biospheres have a major impact
on the atmosphere's composition. The biota influence the uptake

7.2.7 Natural Forcing of the Climate System

and release of greenhouse gases. Through the photosynthetic
process, both marine and terrestrial plants (especially forests)

The San and the global energy balance

store significant amounts of carbon from carbon dioxide. Thus,

The ultimate source of energy that drives the climate system is

the biosphere plays a central role in the carbon cycle, as well as

radiation from the Sun. About half of the radiation is in the visible

in the budgets of many other gases, such as methane and nitrous

short-wave part of the electromagnetic spectrum. The other half

oxide. Other biospheric emissions are the so-called volatile

is mostly in the near-infrared part, with some in the ultraviolet
part of the spectrum. Each square metre of the Earth's spherical

organic compounds (VOC) which may have important effects on
climate. Because the storage of carbon and the exchange of trace

surface outside the atmosphere receives an average throughout
the year of 342 Watts of solar radiation, 31% of which is

gases are influenced by climate, feedbacks between climate

immediately reflected back into space by clouds, by the

change and atmospheric concentrations of trace gases can occur.

atmosphere, and by the Earth's surface. The remaining 235 Wrn z

The influence of climate on the biosphere is preserved as fossils,

is partly absorbed by the atmosphere but most (168 Wm 2) warms

tree rings, pollen and other records, so that much of what is

the Earth's surface: the land and the ocean. The Earth's surface
returns that heat to the atmosphere, partly as infrared radiation,

atmospheric chemistry, on aerosol formation and therefore on

known of past climates comes from such biotic indicators.

Interactions among the components
Many physical, chemical and biological interaction processes
occur among the various components of the climate system on a
wide range of space and time scales, making the system
extremely complex. Although the components of the climate
system are very different in their composition, physical and
chemical properties, structure and behaviour, they are all linked
by fluxes of mass, heat and momentum: all subsystems are open
and interrelated.
As an example, the atmosphere and the oceans are strongly
coupled and exchange, among others, water vapour and heat
through evaporation. This is part of the hydrological cycle and
leads to condensation, cloud formation, precipitation and mnoff,
and supplies energy to weather systems. On the other hand,
precipitation has an influence on salinity, its distribution and the
thermohaline circulation. Atmosphere and oceans also
exchange, among other gases, carbon dioxide, maintaining a
balance by dissolving it in cold polar water which sinks into the
deep ocean and by outgassing in relatively warm upwelling
water near the equator.

Some other examples: sea ice hinders the exchanges
between atmosphere and oceans; the biosphere influences the
carbon dioxide concentration by photosynthesis and respiration,
which in turn is influenced by climate change. The biosphere also
affects the input of water in the atmosphere through evapotranspiration, and the atmosphere's radiative balance through the
amount of sunlight reflected back to the sky (albedo).

partly as sensible heat and as water vapour which releases its heat
when it condenses higher up in the atmosphere. This exchange of
energy between surface and atmosphere maintains under present
conditions a global mean temperature near the surface of 14°C,
decreasing rapidly with height and reaching a mean temperature
of -58°C at the top of the troposphere.

For a stable climate, a balance is required between
incoming solar radiation and the outgoing radiation emitted by
the climate system. Therefore the climate system itself must
radiate on average 235 Wm ' back into space. Details of this
energy balance can be seen in Figure 1.2, which shows on the
left hand side what happens with the incoming solar radiation,
and on the right hand side how the atmosphere emits the
outgoing infrared radiation. Any physical object radiates energy
of an amount and at wavelengths typical for the temperature of
the object: at higher temperatures more energy is radiated at
shorter wavelengths. For the Earth to radiate 235 Wm'-, it
should radiate at an effective emission temperature of -19°C
with typical wavelengths in the infrared part of the spectrum.
This is 33°C lower than the average temperature of 14°C at the
Earth's surface. To understand why this is so, one must take into
account the radiative properties of the atmosphere in the infrared
part of the spectrum.
The natural greenhouse effect
The atmosphere contains several trace gases which absorb and
emit infrared radiation. These so-called greenhouse gases absorb
infrared radiation, emitted by the Earth's surface, the atmosphere
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and clouds, except in a transparent part of the spectrum called the
"atmospheric window", as shown in Figure 1.2. They emit in turn
infrared radiation in all directions including downward to the
Earth's surface. Thus greenhouse gases trap heat within the
atmosphere. This mechanism is called the natural greenhouse
effect. The net result is an upward transfer of infrared radiation
from warmer levels near the Earth's surface to colder levels at
higher altitudes. The infrared radiation is effectively radiated
back into space from an altitude with a temperature of, on
average, -19°C, in balance with the incoming radiation, whereas
the Earth's surface is kept at a much higher temperature of on
average 14°C. This effective emission temperature of -19°C
corresponds in mid-latitudes with a height of approximately 5
km. Note that it is essential for the greenhouse effect that the
temperature of the lower atmosphere is not constant (isothermal)
but decreases with height. The natural greenhouse effect is part
of the energy balance of the Earth, as can be seen schematically
in Figure 1.2.
Clouds also play an important role in the Earth's energy
balance and in particular in the natural greenhouse effect. Clouds
absorb and emit infrared radiation and thus contribute to warming
the Earth's surface, just like the greenhouse gases. On the other
hand, most clouds are bright reflectors of solar radiation and
tend to cool the climate system. The net average effect of the
Earth's cloud cover in the present climate is a slight cooling: the

reflection of radiation more than compensates for the greenhouse
effect of clouds. However this effect is highly variable, depending
on height, type and optical properties of clouds.
This introduction to the global energy balance and the
natural greenhouse effect is entirely in terms of the global mean
and in radiative terms. However, for a full understanding of the
greenhouse effect and of its impact on the climate system,
dynamical feedbacks and energy transfer processes should also
be taken into account. Chapter 7 presents a more detailed analysis
and assessment.
Radiative forring and forcing variabilirv
In an equilibrium climate state the average net radiation at the top
of the atmosphere is zero. A change in either the solar radiation
or the infrared radiation changes the net radiation. The corresponding imbalance is called "radiative forcing". In practice, for this
purpose, the top of the troposphere (the tropopause) is taken as
the top of the atmosphere, because the stratosphere adjusts in a
matter of months to changes in the radiative balance, whereas the
surface-troposphere system adjusts much more slowly, owing
principally to the large thermal inertia of the oceans. The
radiative forcing of the surface troposphere system is then the
change in net irradiance at the tropopausc after allowing for
stratospheric temperatures to readjust to radiative equilibrium,
but with surface and tropospheric temperatures and state held
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fixed at the unperturbed values. A detailed explanation and
discussion of the radiative forcing concept may be found in
Appendix 6.1 to Chapter 6.
External forcings, such as the solar radiation or the large
amounts of aerosols ejected by volcanic eruption into the
atmosphere, may vary on widely different time-scales, causing
natural variations in the radiative forcing. These variations may
be negative or positive. In either case the climate system must
react to restore the balance. A positive radiative forcing tends to
warm the surface on average, whereas a negative radiative
forcing tends to cool it. Internal climate processes and feedbacks
may also cause variations in the radiative balance by their impact
on the reflected solar radiation or emitted infrared radiation, but
such variations are not considered part of radiative forcing.
Chapter 6 assesses the present knowledge of radiative forcing and
its variations, including the anthropogenic change of the
atmospheric composition.
1.2.2 Natural Variability of Climate

feedback is the water vapour feedback in which the amount of
water vapour in the atmosphere increases as the Earth warms. This
increase in turn may amplify the warming because water vapour
is a strong greenhouse gas. A strong and very basic negative
feedback is radiative damping: an increase in temperature strongly
increases the amount of emitted infrared radiation. This limits and
controls the original temperature increase.
A distinction is made between physical feedbacks involving
physical climate processes, and biogeochemical feedbacks often
involving coupled biological, geological and chemical processes.
An example of a physical feedback is the complicated interaction
between clouds and the radiative balance. Chapter 7 provides an
overview and assessment of the present knowledge of such
feedbacks. An important example of a biogeochemical feedback is
the interaction between the atmospheric CO2 concentration and the
carbon uptake by the land surface and the oceans. Understanding
this feedback is essential for an understanding of the carbon cycle.
This is discussed and assessed in detail in Chapter 3.
Many processes and interactions in the climate system are
non-linear. That means that there is no simple proportional relation

Internally and externally induced climate variability
Climate variations, both in the mean state and in other statistics
such as, for example, the occurrence of extreme events, may result
from radiative forcing, but also from internal interactions between
components of the climate system. A distinction can therefore be
made between externally and internally induced natural climate
variability and change.

between cause and effect. A complex, non-linear system may

When variations in the external forcing occur, the response
time of the various components of the climate system is very
different. With regard to the atmosphere, the response time of the

of its variability and the predictability of its variations. The daily
weather is a good example. The evolution of weather systems
responsible for the daily weather is governed by such non-linear

troposphere is relatively short, from days to weeks, whereas the

chaotic dynamics. This does not preclude successful weather

stratosphere comes into equilibrium on a time-scale of typically a

prediction, but its predictability is limited to a period of at most

display what is technically called chaotic behaviour. This means
that the behaviour of the system is critically dependent on very
small changes of the initial conditions. This does not imply,
however, that the behaviour of non-Linear chaotic systems is
entirely unpredictable, contrary to what is meant by "chaotic" in
colloquial language. It has, however, consequences for the nature

few months. Due to their large heat capacity, the oceans have a

two weeks. Similarly, although the climate system is highly non-

much longer response time, typically decades but up to centuries

linear, the quasi-linear response of many models to present and

or millennia. The response time of the strongly coupled surface-

predicted levels of external radiative forcing suggests that the
large-scale aspects of human-induced climate change may be

troposphere system is therefore slow compared with that of the
stratosphere, and is mainly determined by the oceans. The

predictable, although as discussed in Section 1.3.2 below,

biosphere may respond fast, e.g. to droughts, but also very slowly
to imposed changes. Therefore the system may respond to

unpredictable behaviour of non-linear systems can never be ruled
out. 'Ihe predictability of the climate system is discussed in

variations in external forcing on a wide range of space- and timescales. The impact of solar variations on the climate provides an

Chapter 7.

example of such externally induced climate variations.
But even without changes in external forcing, the climate

Global and hemispheric variability
Climate varies naturally on all time-scales. During the last million
years or so, glacial periods and interglacials have alternated as a
result of variations in the Earth's orbital parameters. Based on
Antarctic ice cores, more detailed information is available now
about the four full glacial cycles during the last 500,000 years. In
recent years it was discovered that during the last glacial period
large and very rapid temperature variations took place over large
parts of the globe, in particular in the higher latitudes of the
Northern Hemisphere. These abrupt events saw temperature
changes of many degrees within a human lifetime. In contrast, the
last 10,000 years appear to have been relatively more stable,
though Locally quite large changes have occurred.
Recent analyses suggest that the Northern Hemisphere
climate of the past 1,000 years was characterised by an irregular
but steady cooling, followed by a strong warming during the 20th

may vary naturally, because, in a system of components with very
different response times and non-linear interactions, the
components are never in equilibrium and are constantly varying.
An example of such internal climate variation is the El NinoSouthern Oscillation (ENSO), resulting from the interaction
between atmosphere and ocean in the tropical Pacific.

Feedbacks and non-linearities
The response of the climate to the internal variability of the
climate system and to external forcings is further complicated by
feedbacks and non-linear responses of the components. A process
is called a feedback when the result of the process aBects its origin
thereby intensifying (positive feedback) or reducing (negative
feedback) the original effect. An important example of a positive

-
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century. Temperatures were relatively warm during the l lth to
13th centuries and relatively cool during the 16th to 19th
centuries. These periods coincide with what are traditionally
known as the medieval Climate Optimum and the Little Ice Age,
although these anomalies appear to have been most distinct only
in and around the North Atlantic region. Based on these analyses,
the warmth of the late 20th century appears to have been unprecedented during the millennium. A comprehensive review and
assessment of observed global and hemispheric variability may
be found in Chapter 2.
The scarce data from the Southern Hemisphere suggest
temperature changes in past centuries markedly different from
those in the Northern Hemisphere, the only obvious similarity
being the strong warming during the 20th century.
Regional patterns of climate variability
Regional or local climate is generally much more variable than
climate on a hemispheric or global scale because regional or local
variations in one region are compensated for by opposite
variations elsewhere. Indeed a closer inspection of the spatial
structure of climate variability, in particular on seasonal and
longer time-scales, shows that it occurs predominantly in
preferred large-scale and geographically anchored spatial patterns.
Such patterns result from interactions between the atmospheric
circulation and the land and ocean surfaces. Though geographically anchored, their amplitude can change in time as, for
example, the heat exchange with the underlying ocean changes.
A well-known example is the quasi-periodically varying
ENSO phenomenon, caused by atmosphere-ocean interaction in
the tropical Pacific. The resulting El Nino and La Nina events have
a worldwide impact on weather and climate.
Another example is the North Atlantic Oscillation (NAO),
which has a strong influence on the climate of Europe and part of
Asia. This pattern consists of opposing variations of barometric
pressure near Iceland and near the Azores. On average, a westerly
current, between the Icelandic low pressure area and the Azores
high-pressure area, carries cyclones with their associated frontal
systems towards Europe. However the pressure difference
between Iceland and the Azores fluctuates on time-scales of days
to decades, and can be reversed at times. The variability of NAO
has considerable influence on the regional climate variability in
Europe, in particular in wintertime. Chapter 7 discusses the
internal processes involved in NAO variability.
Similarly, although data are scarcer, leading modes of
variability have been identified over the Southern Hemisphere.
Examples are a North-South dipole structure over the Southern
Pacific, whose variability is strongly related to FNSO variability,
and the Antarctic Oscillation, a zonal pressure fluctuation between
middle and high latitudes of the Southern Hemisphere. A detailed
account of regional climate variability may be found in Chapter 2.
1.2.3 Extreme Events
Climate as defined is associated with a certain probability distribution of weather events. Weather events with values far away
from the mean (such as heat waves, droughts and flooding) are by
definition less likely to occur. The least likely events in a statis-
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tical sense are called "extreme events". Extreme weather in one
region (e.g. a heat wave) may be normal in another. In both
regions nature and society are adapted to the regional weather
averaged over longer periods, but much less to extremes. For
example, tropical African temperatures could severely damage
vegetation or human health if they occurred in Northern Europe.
Impacts of extreme events are felt strongly by ecosystems and
society and may be destructive.
Small changes in climate may, but will not necessarily, have
a large impact on the probability distribution of weather events in
space and time, and on the intensity of extremes. Nature and
society are often particularly ill prepared and vulnerable for such
changes. This is the reason why since the SAR much more
attention has been paid to observed and projected variations of
extremes. Chapter 2 gives an assessment of the present
knowledge.
1.3 Human-induced Climate Variations
1.3.1 Human Influence on the Climate System
Human beings, like other living organisms, have always
influenced their environment. It is only since t.he beginning of the
Industrial Revolution, mid-18th century, that the impact of
human activities has begun to extend to a much larger scale,
continental or even global. Human activities, in particular those
involving the combustion of fossil fuels for industrial or domestic
usage, and biomass burning, produce greenhouse gases and
aerosols which affect the composition of the atmosphere. The
emission of chlorofluorocarbons (CFCs) and other chlorine and
bromine compounds has not only an impact on the radiative
forcing, but has also led to the depletion of the stratospheric
ozone layer. Land-use change, due to urbanisation and human
forestry and agricultural practices, affect the physical and biological properties of the Earth's surface. Such effects change the
radiative forcing and have a potential impact on regional and
global climate.
Anthropogenic perturbation of the atmospheric composition
For about a thousand years before the Industrial Revolution, the
amount of greenhouse gases in the atmosphere remained
relatively constant. Since then, the concentration of various
greenhouse gases has increased. The amount of carbon dioxide,
for example, hasincreased by more than 30'h, since pre-industrial
times and is still increasing at an unprecedented rate of on
average 0.4% per year, mainly due to the combustion of fossil
fuels and deforestation. We know that this increase is anthropogenic because the changing isotopic composition of the
atmospheric CO, betrays the fossil origin of the increase. The
concentration of other natural radiatively active atmospheric
components, such as methane and nitrous oxide, is increasing as
well due to agricultural, industrial and other activities. The
concentration of the nitrogen oxides (NO and NO2) and of carbon
monoxide (CO) are also increasing. Although these gases are not
greenhouse gases, they play a role in the atmospheric chemistry
and have led to an increase in tropospheric ozone, a greenhouse
gas, by 40% since pre-industrial times (Chapter 4). Moreover,
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NO2 is an important absorber of visible solar radiation.
Chlorofluorocarbons and some other halogen compounds do not
occur naturally in the atmosphere but have been introduced by
human activities. Beside their depleting effect on the stratospheric ozone layer, they are strong greenhouse gases. Their
greenhouse effect is only partly compensated for by the depletion
of the ozone layer which causes a negative forcing of the surfacetroposphere system. All these gases, except tropospheric ozone
and its precursors, have long to very long atmospheric lifetimes
and therefore become well-mixed throughout the atmosphere.
Human industrial, energy related, and land-use activities also
increase the amount of aerosol in the atmosphere, in the form of
mineral dust, sulphates and nitrates and soot. Their atmospheric
lifetime is short because they are removed by rain. As a result
their concentrations are highest near their sources and vary
substantially regionally, with global consequences. The increases
in greenhouse gas concentrations and aerosol content in the
atmosphere result in a change in the radiative forcing to which the
climate system must act to restore the radiative balance.
The enhanced greenhouse effect
The increased concentration of greenhouse gases in the
atmosphere enhances the absorption and emission of infrared
radiation. The atmosphere's opacity increases so that the altitude
from which the Earth's radiation is effectively emitted into space
becomes higher. Because the temperature is lower at higher
altitudes, less energy is emitted, causing a positive radiative
forcing. This effect is called the enhanced greenhouse effect,
which is discussed in detail in Chapter 6.
If the amount of carbon dioxide were doubled instantaneously,
with everything else remaining the same, the outgoing infrared
radiation would be reduced by about 4 Win-'. In other words, the
radiative forcing corresponding to a doubling of the CO, concentration would be 4 Wm z. To counteract this imbalance, the
temperature of the surface-troposphere system would have to
increase by 1.2°C ( with an accuracy of ±10'Yo), in the absence of
other changes. In reality, due to feedbacks, the response of the
climate system is much more complex. It is believed that the
overall effect of the feedbacks amplifies the temperature increase
to 1.5 to 4.5°C. A significant pail of this uncertainty range arises
from our limited knowledge of clouds and their interactions with
radiation. To appreciate the magnitude of this temperature
increase, it should be compared with the global mean temperature
difference of perhaps 5 or 6°C from the middle of the last Ice Age
to the present interglacial.
The so-called water vapour feedback, caused by an increase in
atmospheric water vapour due to a temperature increase, is the most
important feedback responsible for the amplification of the temperature increase. Concern has been expressed about the strength of
this feedback, in particular in relation to the role of upper tropospheric humidity. Since the SAR, thinking about this feedback has
become increasingly sophisticated thanks both to modelling and to
observational studies. Feedbacks are discussed and assessed in
Chapter 7. In particular, the present state of knowiedge of the water
vapour feedback is examined in Section 7.2.1.
It has been suggested that the absorption by CO, is already
saturated so that an increase would have no effect. This, however,

is not the case. Carbon dioxide absorbs infrared radiation in the
middle of its 15 pm band to the extent that radiation in the middle
of this band cannot escape unimpeded: this absorption is
saturated. This, however, is not the case for the band's wings. It
is because of these effects of partial saturation that the radiative
forcing is not proportional to the increase in the carbon dioxide
concentration but shows a logarithmic dependence. Every further
doubling adds an additional 4 Wm -2 to the radiative forcing.
The other human-made greenhouse gases add to the effect of
increased carbon dioxide. Their total effect at the surface is often
expressed in terms of the effect of an equivalent increase in
carbon dioxide.
The effect of aerosols
The effect of the increasing amount of aerosols on the radiative
forcing is complex and not yet well known. The direct effect is
the scattering of part of the incoming solar radiation back into
space. This causes a negative radiative forcing which may partly,
and locally even completely, offset the enhanced greenhouse
effect. However, due to their short atmospheric lifetime, the
radiative forcing is very inhomogeneous in space and in time.
This complicates their effect on the highly non-linear climate
system. Some aerosols, such as soot, absorb solar radiation
directly, leading to local heating of the atmosphere, or absorb and
emit infrared radiation, adding to the enhanced greenhouse effect.
Aerosols may also affect the number, density and size of
cloud droplets. This may change the amount and optical properties of clouds, and hence their reflection and absorption. It may
also have an impact on the formation of precipitation. As
discussed in Chapter 5, these are potentially important indirect
effects of aerosols, resulting probably in a negative radiative
forcing of as yet very uncertain magnitude.
Land-use change
The terra "land-use change" refers to a change in the use or
management of land. Such change may result from various
human activities such as changes in agriculture and irrigation,
deforestation, reforestation and afforestation, but also from
urbanisation or traffic. Land-use change results in changing the
physical and biological properties of the land surface and thus the
climate system.

It is now recognized that land-use change on the present
scale may contribute significantly to changing the local, regional
or even global climate and moreover has an important impact on
the carbon cycle. Physical processes and feedbacks caused by
land use change, that may have an impact on the climate, include
changes in albedo and surface roughness, and the exchange
between land and atmosphere of water vapour and greenhouse
gases. These climatic consequences of land-use change are
discussed and evaluated in Section 4 of Chapter 7. Land-use
change may also affect the climate system through biological
processes and feedbacks involving the terrestrial vegetation,
which may lead to changes in the sources and sinks of carbon in
its various forms. Chapter 3 reviews the consequences for the
carbon cycle. Obviously the combined effect of these physical
and biogeochemical processes and feedbacks is complex, but
new data sets and models start to shed light on this.

94
Urbanisation is another kind of land-use change. This may
affect the local wind climate through its influence on the surface
roughness. It may also create a local climate substantially warmer
than the surrounding countryside by the heat released by densely
populated human settlements, by changes in evaporation characteristics and by modifying the outgoing long-wave radiation
through interception by tall buildings etc. This is known as an
"urban heat island". The influence on the regional climate may be
noticeable but small. It may however have a significant influence
on long instrumental temperature records from stations affected
by expanding urbanisation. The consequences of this urbanisation effect for the global surface temperature record has been the
subject of debate. It is discussed in Section 2.2.2 of Chapter 2.
Climate response
The increase in greenhouse gas and aerosol concentrations in the
atmosphere and also land-use change produces a radiative forcing
or affects processes and feedbacks in the climate system. As
discussed in Chapter 7, the response of the climate to these
human-induced forcings is complicated by such feedbacks, by
the strong non-linearity of many processes and by the fact that the
various coupled components of the climate system have very
different response times to perturbations. Qualitatively, an
increase of atmospheric greenhouse gas concentrations leads to
an average increase of the temperature of the surface-troposphere
system. The response of the stratosphere is entirely different. The
stratosphere is characterised by a radiative balance between
absorption of solar radiation, mainly by ozone, and emission of
infrared radiation mainly by carbon dioxide. An increase in the
carbon dioxide concentration therefore leads to an increase of the
emission and thus to a cooling of the stratosphere.
The only means available to quantify the non-linear climate
response is by using numerical models of the climate system
based on well-established physical, chemical and biological
principles, possibly combined with empirical and statistical
methods.
1.3.2 Modelling and Projection of Anthropogenfe Climate
Change
Climate models
The behaviour of the climate system, its components and their
interactions, can be studied and simulated using tools known as
climate models. These are designed mainly for studying climate
processes and natural climate variability, and for projecting the
response of the climate to human-induced forcing. Each
component or coupled combination of components of the climate
system can be represented by models of varying complexity.
The nucleus of the most complex atmosphere and ocean
models, called General Circulation Models (Atmospheric
General Circulation Models (AGCMs) and Ocean General
Circulation Models (OGCMs)) is based upon physical laws
describing the dynamics of atmosphere and ocean, expressed by
mathematical equations- Since these equations are non-linear,
they need to be solved numerically by means of well-established
mathematical techniques. Current atmosphere models are solved
spatially on a three-dimensional grid of points on the globe with
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a horizontal resolution typically of 250 km and some 10 to 30
levels in the vertical. A typical ocean model has a horizontal
resolution of 125 to 250 km and a resolution of 200 to 400 m in
the vertical. Their time-dependent behaviour is computed by
taking time steps typically of 30 minutes. The impact of the
spatial resolution on the model simulations is discussed in
Section 8.9 of Chapter 8.
Models of the various components of the climate system
may be coupled to produce increasingly complex models. The
historical development of such coupled climate models is shown
in Box 3 of the Technical Summary. Processes taking place on
spatial and temporal scales smaller than the model's resolution,
such as individual clouds or convection in atmosphere models, or
heat transport through boundary currents or mesoscale eddies in
ocean models, are included through a parametric representation
in terms of the resolved basic quantities of the model. Coupled
atmosphere-ocean models, including such parametrized physical
processes, are called Atmosphere-Ocean General Circulation
Models (AOGCMs). They are combined with mathematical
representations of other components of the climate system,
sometimes based on empirical relations, such as the land surface
and the cryosphere. The most recent models may include
representations of aerosol processes and the carbon cycle, and in
the near future perhaps also the atmospheric chemistry. The
development of these very complex coupled models goes hand in
hand with the availability of ever larger and faster computers to
run the models. Climate simulations require the largest, most
capable computers available.
A realistic representation of the coupling between the
various components of the climate system is essential. In particular the coupling between the atmosphere and the oceans is of
central importance. The oceans have a huge heat capacity and a
decisive influence on the hydrological cycle of the climate
system, and store and exchange large quantities of carbon
dioxide. To a large degree the coupling between oceans and
atmosphere determines the energy budget of the climate system.
There have been difficulties modelling this coupling with enough
accuracy to prevent the model climate unrealistically drifting
away from the observed climate. Such climate drift may be
avoided by adding an artificial correction to the coupling, the socalled "flux adjustment". The evaluation in Chapter 8 of recent
model results identifies improvements since the SAR, to the point
that there is a reduced reliance on such corrections, with some
recent models operating with minimal or no adjustment.
For various reasons, discussed in Section 8.3 of Chapter 8, it
is important to also develop and use simpler models than the fully
coupled comprehensive AOGCMs, for example to study only one
or a specific combination of components of the climate system or
even single processes, or to study many different alternatives,
which is not possible or is impractical with comprehensive
models. In IPCC (1997) a hierarchy of models used in the IPCC
assessment process was identified and described, differing in
such aspects as the number of spatial dimensions, the extent to
which physical processes are explicitly represented, the level to
which empirical parametrization is involved, and the computational costs of running the models. In the IPCC context, simple
models are also used to compute the consequences of greenhouse
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gas emission scenarios. Such models are tuned to the AOGCMs
to give similar results when globally averaged.
Projections of climate change
Climate models are used to simulate and quantify the climate
response to present and future human activities. The first step is
to simulate the present climate for extended simulation periods,
typically many decades, under present conditions without any
change in external climate forcing.
The quality of these simulations is assessed by systematically comparing the simulated climate with observations of the
present climate. In this way the model is evaluated and its quality
established. A range of diagnostic tools has been developed to
assist the scientists in carrying out the evaluation. This step is
essential to gain confidence in and provide a baseline for projections of human-induced climate change. Models may also be
evaluated by running them under different palaeochmate (e.g. Ice
Age) conditions. Chapter 8 of this report presents a detailed
assessment of the latest climate models of various complexity, in
particular the AOGCMs. Once the quality of the model is
established, two different strategies have been applied to make
projections of future climate change.
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greenhouse gas concentrations followed by stabilisation at
various levels. Climate simulations based on such idealised
scenarios may provide insight in to the climate response to
potential policy measures leading to a stabilisation of the GHG
concentrations, which is the ultimate objective of the United
Nations Framework Convention on Climate Change (UNFCCC)
as formulated in its Article 2. See Section 3 of Chapter 9 for an
assessment.
Projections from present models show substantial
agreement, but at the same time there is still a considerable
degree of ambiguity and difference between the various models.
All models show an increase in the globally averaged equilibrium
surface temperature and global mean precipitation. In Chapter 9
the results of various models and intercomparison projects are
assessed Model results are more ambiguous about the spatial
patterns of climate change than about the global response.
Regional patterns depend significantly on the time dependence of
the forcing, the spatial distribution of aerosol concentrations and
details of the modelled climate processes. Research tools have
been developed to generate more reliable regional climate
information. These tools and their results are presented and
assessed in Chapter 10.

The first, so-called equilibrium method is to change, e.g.

To study the impact of climate change, a plausible and

double, the carbon dioxide concentration and to run the model

consistent description of a possible future climate is required.

again to a new equilibrium. The differences between the climate

The construction of such climate change scenarios relies mainly

statistics of the two simulations provide an estimate of the

on results from model projections, although sometimes informa-

climate change corresponding to the doubling of carbon dioxide,

tion from past climates is used. The basis for and development of

and of the sensitivity of the climate to a change in the radiative
forcing. This method reduces systematic errors present in both

such scenarios is assessed in Chapter 13. Global and regional sealevel change scenarios are reviewed in Chapter 11.

simulations. If combined with simple slab ocean models, this
strategy is relatively cheap because it does not require long runs
to reach equilibrium. However it does not provide insight in to the
time dependence of climate change.

The second, so-called transient, method, common nowadays
with improved computer resources, is to force the model with a
greenhouse gas and aerosol scenario. The difference between
such simulation and the original baseline simulation provides a
time-dependent projection of climate change.
This transient method requires a time-dependent profile of
greenhouse gas and aerosol concentrations. These may be
derived from so-called emission scenarios. Such scenarios have
been developed, among others by IPCC, on the basis of various
internally coherent assumptions conceming future socioeconomic and demographic developments. In the SAR the IPCC
Scenarios IS92 were used (IPCC, 1994). The most recent IPCC
emission scenarios are described in the IPCC Special Report on
Emission Scenarios (Nakifenovic et at., 2000). Different assumptions concerning e.g. the growth of the world population, energy
intensity and efficiency, and economic growth, lead to considerably different emission scenarios. For example the two extreme
estimates in the IPCC IS92 scenarios of the carbon dioxide
emission by 2100 differ by a factor of 7. Because scenarios by
their very nature should not be used and regarded as predictions,
the term "climate projections- is used in this Report.
Transient simulations may also be based on artificially
constructed, so-called idealised, scenarios. For example,
scenarios have been constructed, assuming a gradual increase of

Predictability, global and regional
In trying to quantify climate change, there is a fundamental
question to be answered: is the evolution of the state of the
climate system predictable? Since the pioneering work by Lorenz
in the 1960s, it is well known that complex non-linear systems
have limited predictability, even though the mathematical
equations describing the time evolution of the system are
perfectly deterministic.
The climate system is, as we have seen, such a non-linear
complex system with many inherent time scales. Its predictability
may depend on the type of climate event considered, the time and
space scales involved and whether internal variability of the
system or variability from changes in external forcing is involved.
Intemal variations caused by the chaotic dynamics of the climate
system may be predictable to some extent. Recent experience has
shown that the ENSO phenomenon may possess a fair degree of
predictability for several months or even a year ahead. The same
may be true for other events dominated by the long oceanic timescales. such as perhaps the NAO. On the other hand, it is not
known, for example, whether the rapid climate changes observed
during the last glacial period are at all predictable or are
unpredictable consequences of small changes resulting in major
climatic shiftsThere is evidence to suggest that climate variations on a
global scale resulting from variations in external forcing are
partly predictable. Examples are the mean annual cycle and
short-term climate variations from individual volcanic emptions,
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which models simulate well. Regularities in past climates, in
particular the cyclic succession of warm and glacial periods
forced by geometrical changes in the Sun-Earth orbit, are
simulated by simple models with a certain degree of success. The
global and continental scale aspects of human-induced climate
change, as simulated by the models forced by increasing
greenhouse gas concentration, are largely
reproducible.
Although this is not an absolute proof, it provides evidence that
such externally forced climate change may be predictable, if their
forcing mechanisms are known or can be predicted.
Finally, global or continental scale climate change and
variability may be more predictable than regional or local scale
change, because the climate on very large spatial scales is less
influenced by internal dynamics, whereas regional and local
climate is much more variable under the influence of the internal
chaotic dynamics of the system. See Chapter 7 for an assessment
of the predictability of the climate system.
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7.3.3 Observing Anthropogenic Climate Change

earth-observation satellites have been launched, providing a wide
range of observations of various components of the climate
system all over the globe. The correct interpretation of such data
still requires high quality in situ and surface data. The longer
observational records suffer from changes in instrumentation,
measurement techniques, exposure and gaps due to political
circumstances or wars. Satellite data also require compensation
for orbital and atmospheric transmission effects and for instrumental biases and instabilities. Earlier the problems related to
urbanisation were mentioned. To be useful for the detection of
climate change, observational records have to be adjusted
carefully for all these effects.
Concern has been expressed about the present condition of
the observational networks. The number of upper-air observations, surface stations and observations from ships is declining,
partly compensated for by an increasing number of satellite
observations. An increasing number of stations are being
automated, which may have an impact on the quality and
homogeneity of the observations. Maintaining and improving the
quality and density of existing observational networks is essential
for necessary high standard information. In order to implement
and improve systematic observations of all components of the
climate system, the World Meteorological Organization and the
International Oceanographic Commission have established a
Global Climate Observing System (GCOS). Initially GCOS uses
existing atmospheric, oceanic and terrestrial networks. Later
GCOS will aim to amplify and improve the observational
networks where needed and possible.
Observations alone are not sufficient to produce a coherent
and global picture of the state of the climate system. So-called
data assimilation systems have been developed, which combine
observations and their temporal and spatial statistics with model
information to provide a coherent quantitative estimate in space
and time of the state of the climate system. Data assimilation also
allows the estimation of properties which cannot easily be
observed directly but which are linked to the observations
through physical laws. Some institutions have recently
reanalysed several decades of data by means of the most recent
and most sophisticated version of their data assimilation system,
avoiding in this way inhomogenities due to changes in their
system. However inhomogeneities in these reanalyses may still
exist due to changing sources of information, such as the
introduction of new satellite systems.

Observing the climate
The question naturally arises whether the system has already
undergone human-induced climate change. To answer this
question, accurate and detailed observations of climate and
climate variability are required. Instrumental observations of land
and ocean surface weather variables and sea surface temperature
have been made increasingly widely since the mid-19th century.
Recently, ships' observations have been supplemented by data
from dedicated buoys. The network of upper-air observations,
however, only became widespread in the late 1950s. The density
of observing stations always has been and still is extremely
inhomogeneous, with many stations in densely populated areas
and virtually none in huge oceanic areas. In recent times special

The 20th century
Historically, human activities such as deforestation may have had
a local or regional impact, but there is no reason to expect any
large human influence on the global climate before the 20th
century. Observations of the global climate system during the
20th century are therefore of particular importance. Chapter 2
presents evidence that there has been a mean global warming of
0.4 to 0.8°C of the atmosphere at the surface since the late 19th
century. Figure 2.1 of Chapter 2 shows that this increase took
place in two distinct phases, the first one between 1910 and 1945,
and recently since 1976. Recent years have been exceptionally
wann, with a larger increase in minimum than in maximum
temperatures possibly related, among other factors, to an increase

Rapid climate change
A non-linear system such as the climate system may exhibit rapid
climate change as a response to internal processes or rapidly
changing external forcing. Because the probability of their
occurrence may be small and their predictability limited, they are
colloquially referred to as "unexpected events" or "surprises".
The abrupt events that took place during the last glacial cycle are
often cited as an example to demonstrate the possibility of such
rapid climate change. Certain possible abrupt events as a result of
the rapidly increasing anthropogenic forcing could be envisioned.
Examples are a possible reorganization of the thcrmohaline
ocean circulation in the North Atlantic resulting in a more
southerly course of the Gulf Stream, which would have a
profound influence on the climate of Western Europe, a possible
reduction of upper-level ocean cycling in the Southern Ocean, or
a possible but unlikely rapid disintegration of part of the Antarctic
ice sheet with dramatic consequences for the global sea level.
More generally, with a rapidly changing external forcing, the
non-linear climate system may experience as yet unenvisionable,
unexpected, rapid change. Chapter 7, in particular Section 7.7, of
this Report reviews and assesses the present knowledge of nonlinear events and rapid climate change. Potential rapid changes in
sea level are assessed in Chapter 1 I.
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in cloud cover. Surface temperature records indicate that the
1990s are likely to have been the warmest decade of the millennium in the Northern hemisphere, and 1998 is likely to have been
the warmest year. For instrumentally recorded history, 1998 has
been the warmest year globally. Concomitant with this temperature increase, sea level has risen during the 20th century by 10 to
20 cm and there has been a general retreat of glaciers worldwide,
except in a few maritime regions, e.g. Norway and New Zealand
(Chapter 11).
Regional changes are also apparent. The observed warming
has been largest over the mid- and high-latitude continents in
winter and spring. Precipitation trends vary considerably
geographically and, moreover, data in most of the Southern
Hemisphere and over the oceans are scarce. From the data
available, it appears that precipitation has increased over land in
mid- and high latitudes of the Northern Hemisphere, especially
during winter and early spring, and over most Southern
Hemisphere land areas. Over the tropical and the Northern
Hemisphere subtropical land areas, particularly over the
Mediterranean region during winter, conditions have become
drier. In contrast, over large parts of the tropical oceans minfall
has increased.
Them is considerable variability of the atmospheric evculadon at long time-scales. The NAO for example, with its strong

how climate varies naturally. Although estimates have improved
since the SAR, there is still considerable uncertainty in the
magnitude of this natural climate variability. The SAR concluded
nevertheless, on the basis of careful analyses, that "the observed
change in global mean, annually averaged temperature over the
last century is unlikely to be due entirely to natural fluctuations
of the climate system".
Having detected a climatic change, the most likely cause of
that change has to be established. This is the attribution problem.
Can one attribute the detected change to human activities, or
could it also be due to natural causes? Also attribution is a statistical process. Neither detection nor attribution can ever be
"certain", but only probable in a statistical sense. The attribution
problem has been addressed by comparing the temporal and
spatial patterns of the observed temperature increase with model
calculations based on anthropogenic forcing by greenhouse gases
and aerosols, on the assumption that these patterns carry a fingerprint of their cause. In this way the SAR found that "there is
evidence of an emerging pattern of climate response to forcing by
greenhouse gases and sulphate aerosols in the observed climate
record". Since the SAR new results have become available which
tend to support this conclusion. The present status of the
detection of climate change and attribution of its causes is
assessed in Chapter 12.

influence on the weather and climate of extratropical Eurasia,
fluctuates on multi-annual and multi-decadal time-scales, perhaps
influenced by varying temperature patterns in the Atlantic Ocean.
Since the 1970s the NAO has been in a phase that gives stronger

1.4 A 'Road-map' to this Report

westerly winds in winter. Recent ENSO behaviour seems to have

This Report, the third IPCC Working Group I Assessment Report
since 1990, assesses the state of scientific understanding of the

been unusual compared to that of previous decades: there is

climate system and its variability and change, in particular

evidence that El Nino episodes since the mid-1970s have been

human-induced climate change. This section provides a'road

relatively more frequent than the opposite La Nina episodes.

map' to the 14 chapters of this report and the major issues they

There are suggestions that the occurrence of extreme

are designed to address. Each chapter provides an initial

weather events has changed in certain areas, but a global pattern

summary of the Working Group I Second Assessment Report

is not yet apparent. For example, it is likely that in many regions

(1PCC, 1996) and then goes on to emphasise the progress made

of the world, both in the Northern and Southern Hemisphere,
there has been a disproportionate increase in heavy and extreme

since then. The chapters can be viewed as covering the following

precipitation rates in areas where the total precipitation has
increased. Across most of the globe there has been a decrease in

climate change (Chapters 2 to 6), our present understanding and
ability to model the climate system (Chapters 7, 8 and 14) and
possible futmp climate change (Chapters 9 to 13).

the frequency of much below-normal seasonal temperatures.

A detailed assessment of observed climate variability and
change may be found in Chapter 2, and of observed sea level
change in Chapter 11. Figure 2.39 of Chapter 2 summarises
observed variations in temperature and the hydrological cycle.
Detection and attribution
The fact that the global mean temperature has increased since the
late 19th century and that other trends have been observed does
not necessarily mean that an anthropogenic effect on the climate
system has been identified. Climate has always varied on all
time-scales, so the observed change may be natural. A more
detailed analysis is required to provide evidence of a human
impact.
Identifying human-induced climate change requires two
steps. First it must be demonstrated that an observed climate
change is unusual in a statistical sense. This is the detection
problem. For this to be successful one has to know quantitatively

three broad areas: past changes and the factors that can force

In order to understand, assess and quantify the possible
human influence on climate, an analysis of past climate
variability and change is required (Chapter 2). The chapter
tackles such questions as: how much is the world warming and is
the recent global warming unusual? It looks in detail at trends
and variability during the recent instrumental period (the last 100
years or so) and draws on palaeo-data to put them into the context
of climate over much longer periods.
There are many factors that are known to influence climate,
both natural and human-induced. The increase in concentrations
of greenhouse gases and aerosols through human activity is of
particular concem. Chapters 3 to 5 examine how well the three
most important human contributions to the changing composition
of the atmosphere; carbon dioxide, other greenhouse gases and
aerosols, are understood, including the physical, chemical and
biological processes which determine the atmospheric concentrations of these components. The next step, taken in Chapter 6, is
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to evaluate how this change in atmospheric composition has
affected radiative forcing within the context of other factors such
as land-use change, volcanic eruptions and solar variations.
Understanding the climate response to these various radiative
forcings and projecting how they could affect future climate
requires an understanding of the physical processes and feedbacks
in the climate system and an ability to model them (Chapter 7).
The only tools available for such projections of future climate are
numerical models of the climate system of various complexity. An
evaluation of such models against observations of the present and
past climate and model intercomparisons provide the basis for
confidence in such tools (Chapter 8).
Climate models together with scenarios of future emissions
of radiatively active atmospheric components, as for example the
SRES scenarios (NakiferwviE etaL, 2000), recently developed by
IPCC specifically for this purpose, are used to project future
climate change. State-of-the-art projections for the next 100 years
are assessed in Chapter 9, mainly at a global level, but also
including large-scale patterns, their spatial and temporal
variability and extreme events. Partly in response to the need for
more details of climate change at a regional level, research in this
area has been particularly active over the last 5 years. A new
chapter, compared to previous assessments, has been included
which examines the various techniques available to derive
regional climate projections and, as far as is currently possible,
assesses regional climate change information (Chapter 10).
Chapter 1 I assesses the current state of knowledge of the rate of
change of global average and regional sea level in response to
climate change.
A key conclusion from the SAR was that "the balance of
evidence suggests that there is a discernible human influence on
global climate". Chapter 12 assesses research over the last 5 years
on the detection and attribution of climate change drawing on the
developments in observational research (Chapters 2 to 6) and
modelling (Chapters 7 to 10) to consider how this conclusion has
changed.

Data derived directly from projections with climate models
are often inappropriate for assessing the impacts of climate
change which can require detailed, regional or local information
as well as observational data describing current (or baseline)
climate. Climate change scenarios are plausible representations
of future climate constructed explicitly for impact assessment
and form a key link between IPCC Working Groups T and 11. For
the first time, Working Group I have included a chapter dedicated
to climate scenarios (Chapter 13) - this is intended to provide an
assessment of scenario generation techniques, rather than to
present scenarios themselves.
All chapters of the report highlight areas of certainty and
uncertainty, and gaps in current knowledge. Chapter 14 draws
together this information to present key areas that need to be
addressed to advance understanding and reduce uncertainty in the
science of climate change.
A comprehensive and integrated summary of all results of
this assessment report may be found in the Technical Summary
in this volume. A brief summary highlighting points of particular
policy relevance is presented in the Summary for Policymakers.
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Executive Summary
Overview
The best estimate of global surface temperature change is a 0.6°C
increase since the late 19th century with a 95% confidence interval
of 0.4 to 0.8°C. The increase in temperature of 0.15°C compared
to that assessed in the IPCC WGI Second Assessment Report
(IPCC, 1996) (hereafter SAR) is partly due to the additional data
for the last five years, together with improved methods of analysis
and the fact that the SAR decided not to update the value in the
First Assessment Report, despite slight additional warming. It is
likely that there have been real differences between the rate of
warming in the troposphere and the surface over the last twenty
years, which are not fully undetstood. New palaeoclimate analyses
for the last 1,000 years over the Northern Hemisphere indicate that
the magnitude of 20th century warming is likely to have been the

temperature associated with the 1997/98 El Nino event stands
out in both surface and tropospheric temperatures as an extreme
event, even after consideration of the recent rate of warming.
• Confidence in the magnitude of global warming since the late
19th century has increased since the SAR due to new analyses,
including model simulations of land-surface temperature
changes and new studies of the effect of urbanisation on global
land temperature trends. There is a high level of consistency
between changes in sea surface temperatures (SSTs) and nearsurface land air temperatures across the land-ocean boundary
over the 20th century, despite independent observing systems
and independent bias correction factors for SSTs before 1942.
The assessed warming is considerably larger than the total
contributions of the plausible sources of error.

largest of any century during this period. In addition, the 1990s are

• Twentieth century temperature trends show a broad pattern of
tropical warming, while extra-tropical trends have been more

likely to have been the warmest decade of the millennium. New

variable. Warming from 1910 to 1945 was initially concen-

analyses indicate that the global ocean has warmed significantly

trated in the North Atlantic and nearby regions. The Northern

since the late 1940s: more than half of the increase in heat content

Hemisphere shows cooling during the period 1946 to 1975

has occurred in the upper 300 in, mainly since the late 1950s. The

while the Southern Hemisphere shows warming. The recent

warming is superimposed on strong global decadal variability.
Night minimum temperatures are continuing to increase, length-

1976 to 2000 warming was largely globally synchronous, but

ening the freeze-free season in mauy mid- and high latitude

emphasised in the Northern Hemisphere continents during
winter and spring, with year-round cooling in parts of the

regions. There has been a reduction in the frequency of extreme

Southern Hemisphere oceans and Antarctica. North Atlantic

low temperatures, without an equivalent increase in the frequency

cooling between about 1960 and 1985 has recently reversed.

of extreme high temperatures. Over the last twenty-five years, it is
likely that atmospheric water vapour has increased over the
Northern Hemisphere in many regions. There has been quite a

Overall, warming over the Southern Hemisphcrc has been
more uniform during the instrumental record than that over the
Northern Hemisphere.

widespread reduction in daily and other sub-monthly time-scales
of temperature variability during the 20th century. New evidence
shows a decline in Arctic sea-ice extent, particularly in spring and
summer. Consistent with this finding are analyses showing a new
40% decrease in the average thickness of summer Arctic sea ice

• The patterns of global temperature change since the 1970s are
related in part to the positive westerly phase of the North
Atlantic/Arctic Oscillation and possibly to decadal to multidecadal variability in the Pacific.

over approximately the last thirty years, though uncertainties are
difficult to estimate and the influence of multi-decadal variability
cannot yet be assessed. Widespread increases are, likely to have
occurred in the proportion of total precipitation derived from
heavy and extreme precipitation events over land in the mid- and
high latitudes of the Northern Hemisphere.

Changes in Temperature and Related Variables
Changes in near-.surface temperature from the instrumental
record
• Average global surface temperature has increased by approximately 0.6°C since the late 19th century, with 95% confidence
limits of close to 0.4 and 0.8°C. Most of this macaw has
occurred in two periods, from about 1910 to 1945 and since
1976, and the largest recent warming is in the winter extratropical Northern Hemisphere. The warming rate since 1976,
0.17°Gdecade, ha.s been slightly larger than therate of warming
during the 1910 to 1945 period (0.14°C/decade), although the
total increase in temperature is larger for the 1910 to 1945
period. The most recent warming period also has a faster rate of
warming over land compared with the oceans. The high global

• A multi-decadal fluctuation of SST in the North Atlantic has
been in a rising phase since about the mid-1980s. Warming in
many regions of this ocean has accelerated over the last five
years and is likely to have contributed to quite rapid parallel
increases of near-surface air temperature in much of Europe- New analysis shows that the global ocean heat content has
increased since the late 1950s. This increase is superimposed
on substantial global decadal variability. More than half the
heating is contained in the uppermost 300 m where it is equivalent to an average temperature increase of 0.037'C/decade- Analyses of mean daily maximum and minimum land surface
air temperatures continue to support a reduction in the diurnal
temperature range in many parts of the world, with, globally,
minimum temperatures increasing at nearly twice the rate of
maximum temperatures between about 1950 and 1993. The
rate of temperature increase during this time has been 0.1°C
and 0.2°C for the maximum and minimum, respectively. This
is about half of the rate of temperature increase over the
oceans during this time.
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Changes in temperature-related variables
• Alpine and continental glaciers have extensively retreated in
response to 20th century warming. Glaciers in a few maritime
regions are advancing, mainly due to increases in precipitation
related to atmospheric circulation changes, e.g., Norway, New
Zealand.
• The duration of Northern Hemisphere lake-ice and river-ice
cover over the past century, or more, shows widespread
decreases averaging to about two fewer weeks of ice cover.
• There is a highly significant interannual (+0.6) and multi-decadal
correlation between increases in the Northern Hemisphere spring
land temperature and a reduction in the Northern Hemisphere
spring snow cover since data have been available (1966). Snow
cover extent has decreased by about 10% since 1966.
• A 10 to 15% reduction in sea-ice extent in the Arctic spring and
summer since the 1950s is consistent with an increase in
spring, and to a lesser extent, summer temperatures in the high
latitudes. There is little indication of reduced Arctic sea-ice
extent during winter when temperatures have increased in the
surrounding region.
• New data from submarines indicate that there has been about a
40% decline in Arctic sea-ice thickness in summer or early
autumn between the period 1958 to 1976 and the mid-1990s, an
average of near 4 cm per year. Other independent observations
show a much slower decrease in winter sea-ice thickness of
about I cm per year. The influence of substantial intemnnual
and inter-decadal variability on these changes cannot be
assessed because of restricted sampling.
• By contrast, there is no readily apparent relationship between
decadal changes in Antarctic temperatures and sea-ice extent
since 1973. Satellite data indicate that after a possible initial
decrease in the mid-1970s, Antarctic sea-ice extent has stayed
almost stable or even increased since 1978.

Observed Climate Variability and Change

• It is very likely that these significant differences in trends between
the surface and lower troposphere are real and not solely an
artefact of measurement bias, though differences in spatial and
temporal sampling are likely to contribute. The differences are
particularly apparent in many parts of the tropics and sub-tropics
where the surface has warmed faster than the lower troposphere.
In some other regions, e.g., North America, Europe and Australia,
lower-tropospheric and surface trends are very similar.
• Throughout the stratosphere, negative temperature trends have
been observed since 1979, ranging from a decrease of 0.5 or
0.6°C/decade in the lower stratosphere to 2.5°C/decade in the
upper stratosphere.
Changes in temperature during the pre-instrumental period
The past millennium
• New analyses indicate that the magnitude of Northern
Hemispher warming over the 20th century is likely to have
been the largest of any century in the last 1,000 years.
• The 1990s are likely to have been the warmest decade of the
millennium in the Northern Hcmisphcre and 1998 is likely to
have been the warmest year. Because less data are available,
less is known about annual averages prior to 1,000 years before
the present and for conditions prevailing in most of the
Southern Hemisphere prior to 1861.
Evidence does not support the existence of globally synchronous periods of cooling or warming associated with the 'Little
Ice Age' and 'Medieval Warm Period'. However, reconstructed
Northern Hemisphere temperatures do show a cooling during
the 15th to 19th centuries and a relatively warm period during
the I1th to 14th centuries, though the latter period is still cooler
than the late 20th century.
Analyses of borehole temperatures indicate a non-linear
increase in global average ground surface temperature over
land of 1.0 ± 0.3°C over the last 500 years, with most of the

Changes in temperature above the surface layer
• Analysis of global temperature trends since 1958 in the low to
mid-tmposphere from balloons shows a warming of about
+0.1 °C/decade, which is similar to the average rate of warming
at the surface. Since the early 1960s no significant trends have
been detected for the global mean temperature in the
uppermost troposphere.
• Satellites have only been available since 1979. Between 1979
and 2000, based on satellites and balloons, the lower-tropospheric trend has been +0.04 ± 0.11°C/decade and 0.03 ±
0.10°Gdecade, respectively. By contrast, surface temperature
trends for 1979 to 2000 were greater, at 0.16 ±0.06°C/decade.
The trend in the difference of the surface and lower-tropospheric series of 0.13 ± 0.06°C/decade is clearly statistically
sigttificant. This is in contrast to near zero surface temperature
trends over 1958 to 1978
.when the global lower-tropospheric
temperature warmed by 0.03°C/decade relative to the surface.

increase occurring since the late 19th century. There may be
additional uncertainties due to the assumptions used in this
technique, and decreasing resolution back in time limits
confidence in the exact timing of the warming.

Changes across the last 500,000 years
It is very likely that large and rapid decadal temperature
changes occurred during the last glacial and its deglaciation
(between about 100,000 and 10,000 years ago), particularly in
higher latitudes of the Northern Hemisphere. During the last
deglaciation, local increases in temperature are likely to have
been as large as 5 to 10°C over a few decades. Over the same
period there is evidence of less pronounced but nearly synchronous changes worldwide, except in high southern latitudes.
• Antarctic ice cores have provided new evidence of almost inphase changes of temperature, carbon dioxide and methane
through the ice age cycles over the past 420,000 years.
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• There is emerging evidence for significant, rapid (timescales of several decades or more), regional temperature
changes during the last 10,000 years. However, the
evidence does not indicate that any such events were global
in scale.
Changes in Precipitation and Related Variables
Precipitation
• Instrumental records of land-surface precipitation continue
to show an increase of 0.5 to 1%/decade in much of the
Northern Hemisphere mid- and high latitudes. A notable
exception includes parts of eastern Russia. In contrast, over
much of the sub-tropical land areas rainfall has decreased
during the 20th century (by -0.3%/decade), but this trend has
weakened in recent decades. Other precipitation indicators
suggest that large parts of the tropical oceans have had more
precipitation in recent decades, and that precipitation has
significantly increased over tropical land areas during the
20th century (2.4%/century). The increase in precipitation
over the tropics is not evident during the past few decades.
• In the Southern Hemisphere; the pattern of island rainfall in
parts of the South Pacific has changed since the mid-] 970s,
associated with the more frequent occurrence of the warm
phase of the El Nino Southern Oscillation (ENSO).
• Where data are available, changes in annual streamtlow
usually relate well to changes in total precipitation.
Water vapour
• Changes in water vapour mixing ratio have been analysed
for selected regions using in situ surface observations as
well as lower-tropospheric measurements based on
satellites and weather balloons. A pattern of overall surface
and lower-tropospheric water vapour mixing ratio increases
over the past few decades is emerging, although there are
likely to be some time-dependent biases in these data and
regional variations in trends. The more reliable data sets
show that it is likely that total atmospheric water vapour
has increased several per cent per decade over many regions
of the Northern Hemisphere since the early 1970s. Changes
over the Southern Hemisphere cannot yet be assessed.

• Satellite observations of upper-tropospheric humidity from
1980 to 1997 show statistically significant positive trends
of 0.1%/year for the zone 10°N to 10"S. Other trends are
not statistically significant, but include a 0.04%/year
positive trend for the zone 60°N to 60°S but a negative
trend of -0.l%/year over the region 30°S to 60°S.
• Balloon observations of stratospheric water vapour above
18 km show an increase of about 1%/year for the period
from 1981 to 2000. Shorter satellite records show a similar
positive trend, suggesting that the change is global in
character, but they also indicate a slowing of the positive
trend after 1996.

Clouds
• It is likely that there has been an increase in total cloud cover
of about 2% over many mid- to high latitude land areas since
the beginning of the 20th century. The increases in total cloud
amount are positively correlated with decreases in the diurnal
temperature range. Changes in total cloud amount are uncertain
both over sub-tropical and tropical land area as well as over
the oceans.
Changes in Atmospheric/Oceanic Circulation
El Nino-Southern Oscillation (ENSO)
• The frequency and intensity of ENSO has been unusual since the
mid-1970s compared with the previous 100 years. Wamt phase
ENSO episodes have been relatively more frequent, persistent,
or intense than the opposite cold phase during this period.
• This recent behaviour of ENSO is related to variations in precipitation and temperature over much of the global tropics and subtropics and some mid-latitude areas. The overall effect is likely
to have made a small contribution to the increase in global
surface temperature during the last few decades.
Other Oscillations
• The Inter-decadal Pacific Oscillation is likely to be a Pacificwide manifestation of the Pacific Decadal Oscillation. Both are
associated with decadal climate variability over the Pacific
basin. It is likely that these related phenomena modulate ENSOrelated climate variability.
The winter North Atlantic Oscillation (NAO) and the associated Arctic Oscillation (AO), which appear to be largely the
same phenomenon, show decadal to multi-decadal variability.
Since the 1970s these oscillations have been in a phase that
gives stronger westerly winds over much of extra-tropical
Eurasia in the winter half year. This is associated with cold
season warming over extra-tropical Eurasia, but cooling in
some regions further south.
• The High Latitude Mode (HLM) orAntaretic Oscillation (AAO)
in the Southern Hemisphere has been in an enhanced positive
phase in the last fifteen years, with stronger westerly winds over
the Southern Ocean.
• It is likely that rapid (time-scales of several decades or more)
changes of atmospheric and ocean circulation occurred during
inter-glacial periods, affecting regional climate, without human
interference.
Changes in Extreme (within the upper or lower ten percentiles)
Weather and Climate Events
Precipitation
• New analyses show that in regions where total precipitation has
increased it is very likely that there have been even more
pronounced increases in heavy and extreme precipitation events.
The converse is also true.

lao
• In some regions, heavy and extreme precipitation events have
increased despite the fact that total precipitation has decreased
or remained constant. This is attributed to a decrease in the
frequency of precipitation events. Changes in the frequency of
heavy precipitation events can arise from several causes, e.g.,
changes in atmospheric moisture or circulation.
• Over the latter half of the 20th century it is likely that there has
been a 2 to 4% increase in the frequency of heavy precipitation
events reported by the available observing stations in the midand high latitudes of the Northern Hemisphere.
• Trends for severe drought and wet area statistics for 1900 to
1995 are relatively small over global land areas. However,
during the last two or three decades there have been some
increases in the globally combined severe dry and wet areas.
Temperature
• In many regions inter-daily temperature variability has
decreased. Increases in the daily minimum temperatures are

Observed Climate Variability and Change

lengthening the freeze-free season in most mid- and high
latitude regions.
• A significant reduction in the frequency of extreme low
monthly and seasonal average temperatures across much of
the globe has occurred since the late 19th century. However,
a relatively smaller increase in the frequency of extreme high
monthly and seasonal average temperatures has been
observed.
Stonns
• Changes in tropical and extra-tropical storm intensity and
frequency are dominated by inter-decadal to multi-decadal
variations, with no significant trends over the 20th century
evident. Conflicting analyses make it difficult to draw definitive conclusions about changes in storm activity, especially in
the extra-tropics.
• No systematic changes in the frequency of tornadoes, thunder
days, or hail events are evident in the limited areas analysed.

Observed Climate Variability and Change

11 Introduction
Observed climate change and variability (for definitions, see the
IPCC Glossary, Appendix 1) are considered in this chapter by
addressing seven commonly asked questions related to the
detection of climate change and sensitivity of the climate to
anthropogenic activity. The questions are:
How much is the world warming?
Is the recent warming unusual?
How rapidly did climate change in the distant past?
Have precipitation and atmospheric moisture changed?
Are the atmosphericloceanic circulations changing?
Has climate variability, or have climate ertreme.s, changed?
Are the observed trends internally consistent?
This chapter emphasises change against a background of
variability. The certainty of conclusions that can be drawn about
climate from observations depends critically on the availability of
accurate, complete and consistent series of observations. For
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2.2 How Much is the World Warming?
2.2.1 Background
The SAR concluded that, on a global average, land-surface air
and sea surface temperature rose by between 0.3°C and 0.6°C
between the late 19th century and 1994. In this section, the recent
warming is re-examined, using updated data. We include recent
analyses of the diurnal asymmetry of the warming and its
geographical structure. Conventional temperature observations
are supplemented by indirect evidence and by satellite-based
data. For the first time, we make objective estimates of uncertainties in the surface temperature data, though these are preliminary.
We also assess recent work in compiling hemispheric and global
temperature records from palaeoclimatic data, especially for the
most recent millennium.
2.2.2 Temperature in the Instrumental Record for Land and
Oceans

many variables important in documenting, detecting, and
attributing climate change, Karl et at. (1995a) demonstrate that

Note that all data sets are adjusted to have zero anomaly when
averaged over the period 1961 to 1990.

the data are still not good enough for really firm conclusions to
be reached, as noted in the IPCC WGI Second Assessment

2.2.2.1 Land-surface air temperature

Report (IPCC, 1996) (hereafter SAR). This especially applies to
global trends in variables that have large regional variations, such
as precipitation, whereas conclusions about temperature changes
are often considerably more firmly based. The recently
designated Global Climate Observing System (GCOS) upper air
network (Wallis, 1998) and a GCOS surface network (Petersen et
a(., 1997), maintained and reporting to higher standards, may

The SAR reviewed the three databases of land-surface air temperature due to Jones (1994), Hansen and Lebedeff (1988) and
Ynnikov et al. (1990). The first and second databases have been
updated by Jones et al. (2N)1) and Hansen et at (1999), respectively, and a further analysis has become available (Peterson and
Vose, 1997; Petersen et at, 1998a, 1999). The last paper also
separates mral temperature stations in the Global Historical

of some of our results. New data sets e.g., on surface humidity,
sea-ice thickness and sub-surface ocean temperature, have

Climatology Network (GHCN) (Peterson and Vose, 1997) from
the full set of stations which, in common with the other three
analyses, have been screened for urbanisation effects. While there

widened the range of conclusions than can be drawn since the

is little difference in the long-term (1880 to 1998) mral

SAR, albeit tentatively. However, a wider range of analytical

(0.70°C/century) and full set of station temperature trends
(actually less at 0.65°Gcentury), more recent data (1951 to 1989),
as cited in Peterson et a1. (1999), do suggest a slight divergence

have had a limited positive impact on the quality and availability

techniques and tests of the data have increased our confidence in
areas such as surface temperature changes.

Throughout the chapter we try to consistently indicate the
degree of our confidence in trends and other results. Sometimes
we provide quantitative estimates of uncertainty, as far as
possible the value of twice the standard error, or we estimate
statistical significance at the 0.05 (5%) level. This is the
appropriate terminology and implies that what we see is very
unusual, given the null hypothesis. We use the word "trend" to
designate a generally progressive change in the level of a
variable. Where numerical values are given, they are equivalent
linear trends, though more complex changes in the variable will
often be clear from the description. We use the word "consistent"
to imply similarity between results or data sets that are expected
to be related on physical grounds. Where this is not possible, we
use the following words to indicate judgmental estimates of
confidence: virtually certain (>99% chance that a result is true);
very likely (?90% but <_99% chance); likely (>66% but <90%
chance); medium likelihood (>33% but 566% chance), unlikely
(>10% but <_33% chance); very unlikely (2l% but <_I0%n chance)
and exceptionally unlikely (<) % chance).

in the rural (0.80°C/ccnmry) and full set of station trends
(0.92°C(century). However, neither pair of differences is statistically significant. In addition, while not reported in Peterson et al.,
the 1951 to 1989 trend for urban stations alone was
0.10°Gdecade. We conclude that estimates of long-term (1880 to
1998) global land-surface air temperature variations and trends
are relatively little affected by whether the station distribution
typically used by the four global analyses is used, or whether a
special effort is made to concentrate on rural stations using
elaborate criteria to identify them. Part of the reason for this lack
of sensitivity is that the average trends in available worldwide
urban stations for 1951 to 1989 are not greatly more than those
for all land stations (0.09°C/decade). The differences in trend
between rural and all stations are also virtually unaffected by
elimination of areas of largest temperature change, like Siberia,
because such areas are well represented in both sets of stations.

These results confirm the conclusions of Jones et al. (1990)
and F,asterling et a!. (1997) that urban effects on 20th century
globally and hemispherically averaged land air temperature time-
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Box 2.1: Urban Heat Island and the Observed Increases in Land Air Temperature.
There are two primary reasons why urban heat islands have been suspected as being partially responsible for the observed increases
in land air temperatures over the last few decades. The first is related to the observed decrease in the diumal temperature range and
the second is related to a lower rate of warming observed over the past twenty years in the lower troposphere compared with the
surface.
Since the 1950s both daily maximum and minimum temperatures are available over more than 50% of the global land area. These
data indicate that on average the mean minimum temperature has increased at nearly twice the rate of the maximum temperature,
reducing the daily temperature range by about 0.8°C over these areas. This has raised questions related to whether the growth of
urban heat islands may be responsible for a substantial portion of the observed mean temperature increase, because it is well-known
that compared to non-urban areas urban heat islands raise night-time temperatures more than daytime temperatures. Nonetheless,
the relatively strong correlation between observed decreases in the daily temperature range with increases of both precipitation
(leading to more moist surface conditions) and total cloud amount support the notion that the reduction in diurnal temperature range
is in response to these physical changes.
Since 1979 satellite observations and weather balloons (which generally agree well) show substantially less warming of the global
lower troposphere (around 2 km) than surface temperatures (0.03 and 0.04°C/decade, respectively, compared to 0.16°C/decade at the
surface). However, over the Northern Hemisphere land areas where urban heat islands are most apparent, both the trends of lowertropospheric temperature and surface air temperature show no significant differences. In fact, the lower-tropospheric temperatures
warm at a slightly greater rate over North America (about 0.28°C/decade using satellite data) than do the surface temperatures
(0.27°C/decade), although again the difference is not statistically significant. In the global average, the trend differences arise largely
from the tropical and sub-tropical oceans. In many such regions, the near-surface marine air temperatures tend to be cool and dense
compared with conditions aloft, allowing for the lapse rate with height, disconnecting near-surface (up to about I km) conditions from
higher layers in the atmosphere. Thus the surface marine layer and the troposphere above can have differing variations and trends
Clearly, the urban heat island effect is a real climate change in urban areas, but is not representative of larger areas. Extensive tests
have shown that the urban heat island effects are no more than about 0.05°C up to 1990 in the global temperature records used in
this chapter to depict climate change. Thus we have assumed an uncertainty of zero in global land-surface air temperature in 1900
due to urbanisation, linearly increasing to 0.06°C (two standard deviations 0.12°C) in 2000.

series do not exceed about 0.05°C over the period 1900 to 1990
(assumed here to represent one standard error in the assessed
non-urban trends). However, greater urbanisation influences in
future cannot be discounted. Note that changes in borehole
temperatures (Section 2.3.2), the recession of the glaciers
(Section 2.2.5.4), and changes in marine temperature (Section
2.2.2.2), which are not subject to urbanisation, agree well with
the instrumental estimates of surface warming over the last
century. Reviews of the homogeneity and construction of current
surface air temperature databases appear in Peterson et at.
(1998b) and Jones et al. (1999a). The latter shows that global
temperature anomalies can be converted into absolute tempemture values with only a small extra uncertainty.
Figure 2.1a shows the Jones et at (2001) CRU (Climatic
Research Unit) annual averages, together with an approximately
decadally smoothed curve, to highlight decadal and longer
changes. This is compared with smoothed curves from the other
three analyses in Figure 2.1 b. We do not show standard errors for
the CRU land data using the Jones er at (1997b) method as tests
suggest that these may not be reliable for land data on its own.
Instead we use an optimum averaging method (Folland et a!.,
2001) where the calculated uncertainties are centred on the
simple CRU average. We have added an estimate of the
additional, independent, uncertainty (twice the standard error)

due to urbanisation increasing from zero in 1900 to 0.12°C in
2000. (The )ones et at (1990) estimates can be interpreted as one
standard error equal to 10% of the global warming to that time of
about 0.05°C, see also Box 2.1 on urbanisation.) Note that the
warming substantially exceeds the calculated uncertainties. (We
have not included the possible refinement of assuming urbanisation uncertainties to apply to the cold side of the trend line only,
which would reduce the total uncertainty range in Figure 2.1.)
Over global land, a further warming of surface air tempetature has occurred since the SAR. The Peterson and Vose (1997)
NCDC (National Climate Data Center) series gives distinctly
more warming than does the CRU series since the mid- I980s. The
former series is a straightforward average of local land areas,
weighted according to their size, whereas the CRU series is a
simple average of the two hemispheres which gives more weight
to the relatively small area of the Southern Hemisphere land.
Because the Northern Hemisphere land has warmed considerably
faster than the Southern Hemisphere land since the mid-1980s
(reflected in Table 2.1), the simple average results in less
warming. The Hansen et a!. (1999) GISS (Goddard Institute for
Space Studies) series has recently been revised and shows a little
less warming than the CRU series since the late 1980s. One mason
for this behaviour lies in the way that the Hansen series is
constructed. Among other differences, this series gives much niore
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weight to oceanic islands and Antarctica. Because the oceans and
Antarctica have warmed less than the rest of the global land in the
last fifteen years (see below), the Hansen series can be expected to
show less warming. Some of these considerations apply to the
V'mnikov et al. (1990) SHI (State Hydrological Institute) series,
though this excludes areas south of 60°S.
A new record was set in all four series in 1998 (anomalies
relative to 1961 to 1990 of CRU, 0.68°C; NCDC, 0.87°C; GISS,
0.58°C; and SHI, 0.58°C). 1998 was influenced by the strong
1997/98 El Nino; the warming influence of El Niflo on global
temperature is empirically well attested (e.g., Jones, 1994) and the
physical causes are starting to be uncovered (Meehl et at, 1998).
However, 1998 was considerably warmer than 1983, a year
warmed by the comparable 1982/83 El Nino. In fact 1998 was
between 0.34 and 0.54°C warmer than 1983 over land, depending
on the temperature series used, though there was some offsetting
cooling from volcanic aerosols from the 1982 El Chichon eruption
in 1983. 1999 was globally much cooler than 1998, with an
anomaly of 0.40°C in the CRU series, as it was cooled by the
strongest La Nina since 1988/89. Despite its relative coolness,
1999 was still the fifth warmest year in the CRU record. Depending
on the record used, 1999 was between 0.11 °C and 0.33°C warmer
than the last comparable IA Nina year, 1989. It is noteworthy,
however, that north of 20°N, 1999 was nearly as warm as 1998.
Mitigation of the warming trend in the early 1990s was short-lived
and was mainly due to the cooling influence of the emption of
Mount Pinatubo in 1991 (Parker et at, 1996), highlighted in the
SAR. The ten warmest years in all four records have occurred after
1980, six or seven of them in the 1990s in each series.
Based on the CRU series, equivalent linear trends in global,
Northern and Southern Hemisphere land-surface air temperature
are shown in Table 2.1. Because warning may not persist at the
rates shown, all trends are shown in °Cldecade. The two main
periods of warming in all three series are between about 1910 to
1945 and between 1976 to 2000 (updated from Karl et at, 2000).
Trends have been calculated using a restricted maximum likelihood
method (Diggle et al., 1999) that allows for serial correlation in the
data. It gives larger standard errors than ordinary least squares
methods when data have a complex temporal structure, as is true
here. Table 2.1 and Figure 2.1 show that the rate of global and
hemispheric warming in land-surface air temperature from 1976 to
2000 was about twice as fast (but interannually more variable) than
that for the period 1910 to 1945. However, trends over such short
periods are very susceptible to end effects so the values in Table
2.1, and Table 2.2 below, should be viewed with caution for these
periods. Both periods of warming am statistically significant, as is
(easily) the warming since 1861 or 1901. Uncertainties in the
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Figure 2.1: (a) Annual anomalies of global average land-surface air
temperature ("C), 1861 to 2000, relative to t961 to 1990 values. Bars
and solid curve are from CRU (Jones et at, 2001). Values are the
simple average of the anomalies for the two hemispheres. The
smoothed curve was created using a 21-point binomial filter giving near
decadal averages. (b) As (a) but smoothed curves only from NCDC
(updated from Peterson and Vose, 1997) - thin solid curve; G1SS
(adapted from Hansen et at, 1999) - thick dashed curve; SHI (updated
from Vinnikov el al., 1990) - thin dashed curve to 1999 only; Peterson
and Vose (1997) - thin solid curve. Thick solid curve - as in (a). Two
standard error uncertainties are centred on the CRU curve and are
estimated using an optimum averaging method (Folland et at, 2001)
and include uncertainties due to urbanisation but not due to uncertainties in thermometer exposures. The NCDC curve is the weighted
average of the two hemispheres according to the area sampled, which
accounts for most of the differences from the CRU curve.

annual values due to data gaps, including an additional estimate of
uncertainties due to urbanisation, are included for land-surface air
temperature but equivalent uncertainties are not currently available

The equivalent linear changes in global average CRU land-

for the marine data alone. Thus estimates in Table 2.1 for the

surface air temperature over 1861 to 2000 and 1901 to 2000 that
take into account annual sampling errors and uncertainties due

marine data may be conservative, though the effect of adding the
influence of annual uncertainties to the land-surface air temperature data trends was small. The period 1946 to 1975 had no
significant change of temperature, though there was a small nonsignificant, but regionally more marked, cooling over the
Northern Hemisphere, as discussed by Parker et al. (1994).

to urbanisation are 0.63 ± 0.24°C and 0.61 ± 0.18°C respectively. Corresponding Northern and Southern Hemisphere
changes for 1901 to 2000 are 0.71 ± 0.31 °C and 0.52 ± 0.13°C,
respectively. Marine surface temperatures are discussed further
in Section 2.2.2.2.
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Table 2.7: Restricted maximum likelihood linear trends in annual avemge land-surface air temperature (ISAT) anomalies from CRU and sea surface
temperature (SST) and night marine air temperance (NMAT) anomalies from the UK Met Office (UKMO). Twice the standard errors of the trends
are shown in brackets. Trends significant at the 5% level or better, according to calculations made using an appropriate form of the t test, are shown
in bold type. The significances of the trends are indicated beneath their twice standard errors. The method for calculating the trends, standard errors
and significances allows for serial correlation and can result in a trend for the globe that is not exactly equal to the average of the trends for the
hemispheres, consistent with uncertainties in the trends. The estimates of trends and errors for the land data account for uncertainties in the annual
anomalies due to data gaps and urbanisation Uncertainties in annual marine anomalies are not available. Trends are given in °C/decade.

Northern Hemisphere
CRU LSAT
(Jonesetal.,2tql)
Southern Hemisphere
CRU LSAT
()onesetal.,21101)
Global
CRU LSAT
(Joneseta1.,2001)
Northern Hemisphere
UKMO SST
(Jonesetal.,2001)
Southern Hemisphere
IJIQvtO SST
(]oneset al.,2001)
Global
UKMO SST
(Jones eta1.,21)01)
Global
UKMO NMAT
(Parker et al., 1995)

1861 to 2000 1901 to 2000
0.06
0.07
(0.02)
(0.03)
1%
1%
0.03
0.05
(0.01)
(0.01)
1%
I%
0.05
0.06
(0.02)
(0-02)
1%
1%
0.03
O.OS
(0.01)
(0.02)
1%
I%
0.04
0.06
(0.01)
(0.01)
1%
1%
0.04
0.06
(0.01)
(0.01)
1%
1%
0.05
(0.02)
1%

1910 to 1945 1946 to 1975 1976 to 2000
0.14
-0.04
031
(0.05)
(0.11)
(0.06)
1%
I%
0.08
0.02
0.13
(0.04)
(0.05)
(0.08)
1%
1%
0.11
-0.01
0.22
(0.03)
(0.05)
(0-08)
1%
1%
0.15
-0.05
0.18
(0.04)
(0.10)
(0.05)
1%
1%
0.13
0.06
0.10
(0.05)
(0.07)
(0.05)
1%
1%
0.15
0.14
0.01
(0.04)
(0.06)
(0.04)
1%
I%
0.14
-0.01
0.11
(0.04)
(0.06)
(0.05)
1%
1%

Maximum and minimum temperature

As reported in the SAR, and updated by Easterling et a!. (1997),
the increase in temperature in recent decades has involved a faster
rise in daily minimum than daily maximum temperature in many
continental regions. This gives a decrease in the diurnal temperature range (DTR) in many parts of the world. The analysis by
Easterling et ad. (1997) increased total global coverage from 37%
to 54% of global land area. Large parts of the world have still not
been analysed due to a lack of observations or inaccessible data,
particularly in the tropics. Updating all the data remains a
problem, so the analysis ends in 1993.
The overall global trend for the maximum temperature
during 1950 to 1993 is approximately 0.1 °C/decade and the trend
for the minimum temperature is about 0.2°C/decade.
Consequently, the trend in the DTR is about -0.1 °C/decade. The
rate of temperature increase for both maximum and minimum
temperature over this period is greater than for the mean temperature over the entire 20th century, reflecting the strong warming
in recent decades. Note that these trends for 1950 to 1993 will
differ from the global trends due to the restricted data coverage
so we only quote trends to 0.1°C.
Since the DTR is the maximum temperature minus the
minimum temperature, the DTR can decrease when the trend in
the maximum or minimum temperature is downward, upward, or
unchanging. This contributes to less spatial coherence on the DTR
map than on maps of mean temperature trend. Maximum temperatures have increased over most areas with the notable exception
of eastern Canada, the southern United States, portions of Eastern

and southern Europe (Brunetti et al., 2000a), southern China, and
parts of southern South America. Minimum temperatures,
however, increased almost everywhere except in eastern Canada
and small areas of Eastern Europe and the Middle East. The DTR
decreased in most areas, except over middle Canada, and parts of
southern Africa, south-west Asia, Europe, and the western tropical
Pacific Islands. In some areas the pattern of temperature change
has been different. In both New Zealand (Salinger, 1995) and
central Europe (Weber et al., 1994; BrSzdil et al., 1996) maximum
and minimum temperatures have increased at similar rates. In
India the DTR has increased due to a decrease in the minimum
temperature (Kumar et al., 1994). Eastern Canada also shows a
slight increase in DTR due to a stronger cooling in maximum
temperatures relative to minimum temperatures (Easterling et a!.,
1997). However, recently annual mean maximum and minimum
temperatures for Canada have been analysed using newly
homogenised data (Vincent, 1998; Vincent and Gullet, 1999);
these have increased by 0.3 and 0.4°C, respectively, over the last
fifty years (Zhang et at, 1999). Central England temperature also
shows no decrease in DTR since 1878 (Parker and Horton, 1999).
Similarly, a new temperature data set for north-east Spain (not
available on Figure 2.2 below, Brunet-India et al., 1999a,b), shows
an increase in maximum temperature over 1913 to 1998 to be
about twice as fast as that of minimum temperature. Recent
analyses by Quintana-Gomez (1999) reveal a large reduction in
the DTR over Venezuela and Colombia, primarily due to
increasing minimum temperatures (up to 0.5°C/decade). In
northern China, the decrease in DTR is due to a stronger warming
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Figurc 22: Trends in annual diurnal temperature range (DTR, °Cldecade), from 1950 to 1993, for non-urban stations only, updated from
Easterling et al. (1997). Decreases are in blue and increases in red. This data set of maximum and minimum temperature differs from and
has more restricted coverage than those of mean temperature used elsewhere in Section 2.2.

in minimum temperature compared with maximum temperatures.
However, in southern China the decreased DTR is due to a cooling
in maximum with a slight warming in minimum temperature
(Zhai and Ren, 1999).
The DTR is particularly susceptible to urban effects. Gallo et
a!. (1996) examined differences in DTR between stations based
on predominant land use in the vicinity of the observing site.
Results show statistically significant differences in DTR between
stations associated with predominantly rural land useJland cover
and those associated with more urban land use/land cover, with
rural settings generally having larger DTR than urban settings.
Although this shows that the distinction between urban and rural
land use is important as one of the factors that can influence the
trends observed in temperatures, Figure 2.2 shows annual mean
trends in diurnal temperature range in worldwide non-urban
stations over the period 1950 to 1993 (from Easterling et aL,
1997). The trends for both the maximum and minimum temperatotes are about 0.005°Gdecade smaller than the trends for the full
network including urban sites, which is consistent with earlier
estimated urban effects on global temperature anomaly timeseries (Jones et al., 1990).
Minimum temperature for both hemispheres increased
abruptly in the late 1970s, coincident with an apparent change
in the character of the El Nino-Southern Oscillation (ENSO)
phenomenon, giving persistently warmer sea temperatures in
the tropical central and east Pacific (see Section 2.6.2).
Seasonally, the strongest changes in the DTR were in the boreal
winter (-0.13°C/decade for rural stations) and the smallest changes
were during boreal summer (-0.065°C/decade), indicating some
seasonality in the changes. Preliminary extensions of the Easterling
et a!. (1997) analysis to 1997 show that the declining trends in
DTR have continued in much of North America and Asia.
Figure 2.3 shows the relationship between cloudiness and
the DTR for a number of regions where long-term cloud cover
data are available (Dai et al., 1997a). For each region there was
an increase in cloud cover over the 20th century and generally a
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Figure 23: Cloud cover (solid line) and DTR (°C, dashed line) for
Europe, USA, Canada, Australia, the former Soviet Union, and eastern
China (from Dai et a/., 1997a). Note that the axis for DTR has been
inverted. Therefore, a positive correlation of cloud cover with inverted
DTR indicates a negative cloud cover/DTR correlation.

decrease in DTR. In some instances the correlation between
annual cloud cover and annual DTR is remarkably strong,
suggesting a distinct relationship between cloud cover and DTR.
This would be expected since cloud dampens the diurnal cycle of
radiation balance at the surface. Anthropogenically-caused
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increases in tropospheric aerosol loadings have been implicated
in some of these cloud cover changes, while the aerosols
themselves can cause small changes in DTR without cloud
changes (Hansen et al., 1998 and Chapter 6).
2.2.2.2 Sea surface temperature and ocean air temperature
The analyses of SST described here all estimate the sub-surface
bulk temperature, (i.e. the temperature in the first few metres of
the ocean) not the skin temperature. Thus the Reynolds and
Smith ( 1994) and Smith et al. ( 1996) data, which incorporate
polar orbiting satellite temperatures, utilise skin temperatures
that have been adjusted to estimate bulk SST values through a
calibration procedure.
' Many historical in situ marine data still remain to be
digitised and incorporated into the database, to improve coverage
and reduce the uncertainties in our estimates of marine climatic
variations. A combined physical-empirical method (Folland and
Parker, 1995) is used, as in the SAR, to estimate adjustments to
ships' SST data obtained up to 1941 to compensate for heat losses
from uninsulated (mainly canvas) or partly-insulated (mainly
wooden) buckets (see Box 2.2). The corrections are independent
of the land-surface air temperature data Confirmation that these
spatially and temporally complex adjustments are quite realistic
globally is emerging from simulations of the Jones ( 1994) landsurface air temperature anomalies using the Hadley Centre
atmospheric climate model HadAM3 forced with observed SST
and sea-ice extents since 1871, updated from Rayner et at
(1996). Figure 2.4 (Folland et at, 2001) shows simulations of
global land-surface air temperature anomalies in model runs
forced with SST, with and without bias adjustments to the SST
data before 1942. All runs with uncorrected SST (only the
average is shown) give too cold a simulation of land-surface air
temperature for much of the period before 1941 relative to the
1946 to 1965 base period, with a dramatic increase in 1942. All
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Figure 24: Tests of bias adjustments to sea surface temperature (SST)
using a climate model (Folland nr al., 2001). Black line - annual mean
observed land surface air temperature (SAT) anomaly (°C) from a 1946
to 1965 average (Jones, 1994), a period before major anttuopogenic
warming. Red line - annual averages of four simulations of SAT
anomalies using uncorrected SST data, 1872 to 1941, and an average of
six simulations for 1941 to 1998. Blue line- average of six simulations
of SAT, forced with SST data corrected up to 1941 (Folland and Parker,
1995). Simulated data are collocated with available observations.

six individual runs with bias-adjusted SST (only the average is
shown) give simulated land air temperatures close to those
observed so that internal model variability is small on decadal
time-scales compared to the signal being sought These global
results are mostly confirmed by ten similar large regional landsurface air temperature analyses (not shown). Hanawa et at
(2000) have provided independent confirmation of the SST bias
corrections around Japan. Therefore, our confidence in the SST
data sets has increased. Marine data issues are discussed further
in Box 2.2, in Trenberth et at (1992) and Folland et at (1993).
Figure 2.5a shows annual values of global SST, using a
recently improved UKMO analysis that does not fill regions of
missing data (Jones et at, 2001), together with decadally
smoothed values of SST from the same analysis. NMAT is also
shown. These generally agree well after 1900, but NMAT data
are warmer before that time with a slow cooling trend from 1860
not seen in the SSTs, though the minimum around 1910 is seen
in both series. The SST analysis from the SAR is also shown. The
changes in SST since the SAR are generally fairly small, though
the peak warmth in the early 1940s is more evident in the more
recent analysis, supported by the NMAT analysis. A contribution
to decadally averaged global warmth at that time is likely to have
arisen from closely spaced multiple El NiBo events centred near
1939 to 1941 and perhaps 1942 to 1944 (Bigg and Inonue, 1992;
and Figure 2.29). The NMAT data largely avoid daytime heating
of ships' decks (Bottomley et at, 1990; Folland and Parker,
1995). Although NMAT data have been corrected for warm
biases in World War Il they may still be too warm in the Northern
Hemisphere at that time (Figurc 2.5c), though there is good
agreement in the Southern Hemisphere (Figure 2.5d). The
NMAT analysis is based on that in Parker et al. (1995) but differs
from that used in the SAR in that it incorporates optimal interpolated data using orthogonal spatial patterns (eigenvectors).
This is similar to the technique described by Kaplan et al. (1997,
1998) but with additional allowance for non-stationarity of the
data (Parker et al, 1995). Great care is needed in making these
reconstructions in a changing climate, as pointed out by Harrell
and Trenberth (1999). This NMAT analysis has been chosen
because of the often very sparse data. NMAT confirms the SST
trends in the 20th century until 1991 (see also Table 2.1). After
1991, NMAT warmed at a slower rate than SST in parts of the
Southern Hemisphere, notably the South Indian and the tropical
South Pacific Oceans. Overall, however, the SST data should be
regarded as more reliable, though the relative changes in NMAT
since 1991 may be partly real (Christy et at, 2001). The similar
trends in SST and island air temperature found by Folland el a!.
(1997) for four regions of the tropical and extra-tropical South
Pacific overmuch of the last century support the generally greater
reliability of the SST data.
Figure 2.5b shows three time-series of changes in global SST.
The UKMO series (as in Figure 2.5a) does not include polar
orbiting satellite data because of possible time-varying biases in
them that remain difficult to correct fully (Reynolds, 1993) though
the NCEP (National Centers for Environmental Prediction) data
(adapted from Smith et at, 1996 and Reynolds and Smith, 1994),
starting in 1950, do include satellite data after 1981. The NCDC
series (updated from Quayle et a!., 1999) starts in 1880 and
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Figure 2.5: (a) Annual anomalies of global SST (bars and solid curve) and global night marine air temperature (NMAT, dotted curve), 1861 to 2000, relative to 1961 to 1990 ("C) from UK Met
Office analyses (NMAT updated from Parker et at, 1995). Smoothed curves were created using a 21-point binomial filter to give near-decadal averages. Also shown are the equivalent S.ST
anomalies from the SAR - dashed curve. (b) Smoothed annual global SST (°C), 1861 to 2000, relative to 1961 to 1990, from USA National Climate Data Centre, Quayle et al. ( 1999) (thin
dashed line, includes satellite data); USA National Centres for Environmental Prediction, Reynolds and Smith (1994) and Smith et n!. (1996) (thin solid line, includes satellite data, to 1999 only),
and UK Met Office (Jones et al., 2001) (thick line). (c) UKMO SST and NMAT anomaly time-series from a 1961 to 1990 average for the Northern Hemisphere. (d) As (c) but for the Southern
Hemisphere. Both for 1861 to 2000.
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Box 2.2: Adjustments and Corrections to Marine Observations.
The SST data used here comprise over 80 million observations from the UK Main Marine Data Bank, the United States
Comprehensive Ocean Atmosphere Data Set (COADS) and recent information telecommunicated from ships and buoys from the
World Weather Watch. These observations have been carefully checked for homogeneity and carefully corrected for the use of
uninsulated wooden and canvas buckets for collecting seawater prior to 1942. However, corrections prior to about 1900 are less
well known because of uncertainties in the mix of wooden and canvas buckets. Nevertheless, Figure 2.4 provides good evidence
that even in the 1870s, SST was little biased relative to land-surface air temperatures globally. Since 1941, observations mainly
come from ship engine intake measurements, better insulated buckets and latterly, from buoys. SST anomalies (from a 1961 to
1990 average) are first averaged into I° latitude by 1° longitude boxes for five-day periods; the anomaly for a given observation is
calculated from a 1° box climatology that changes each day throughout the year. The five-day 1 0 box anomalies are then aggregated
into 5° boxes for the whole month with outlying values rejected, and monthly average anomalies calculated. Further adjustments
are made to monthly SST anomalies for the varying numbers of observations in each 5° box because when observations are few,
random errors tend to increase the variance of the monthly mean. NMAT data are treated similarly and have quite similar characteristics. However, a variance adjustment to NMAT data is not yet made. NMAT data are also corrected for the progressive increase
in the height of thermometer screens on ships above the ocean surface, though no corrections have been made since 1930. Because
there are only about half as many NMAT as SST data and NMAT have smaller temporal persistence, monthly NMAT anomalies
may be less representative than SST anomalies even on quite large space wales. On longer time-scales, and over the majority of
large ocean regions in the 20th century, there is good agreement between NMAT and SST. 19th century NMAT anomaly timeseries should be viewed cautiously because of the sparse character of the constituent observations, and regionally varying biases,
only some of which have been corrected.

includes satellite data to provide nearly complete global coverage.
Up to 1981, the Quayle el at series is based on the UKMO series,
adjusted by linear regression to match the NCEP series after 1981.
It has a truly global coverage based on the optimally interpolated
Reynolds and Smith data. The Kaplan et at (1998) global analysis
is not shown because it makes no allowance for non-stationarity
(here the existance of global warming) in its optimum interpolation procedures, as noted by Howell and Trenberth (1999). The
wannest year globally in each SST record was 1998 (UKMO,
0.43°C, NCDC, 0.39°C, and NCEP, 0.34°C, above the 1961 to
1990 average). The latter two analyses are in principle affected by
artificially reduced trends in the satellite data (Harrell and
Trenberth, 1999), though the data we show include recent
attempts to reduce this. The global SST show mostly similar
trends to those of the land-surface air temperature until 1976, but
the trend since 1976 is markedly less (Table 2.1). NMAT trends
are not calculated from 1861, as they are too unreliable. The
difference in trend between global SST and global land air
temperature since 1976 does not appear to be significant, but the
trend in NMAT (despite any residual data problems) does appear
to be less than that in the land air temperature since 1976. Figures
2.5c and d show that NMAT and SST trends remain very similar
in the Northern Hemisphere to the end of the record, but diverge
rather suddenly in the Southern Hemisphere from about 1991, as
mentioned above. The five warmest years in each of the UKMO,
NCDC and NCEP SST analyses have occurred after 1986, four of
them in the 1990s in the UKMO analysis.
Particularly strong warming has occurred in the extratropical North Atlantic since the mid-1980s (approximately 35°
to 65°N, 0° to 35°W not shown). This warming appears to be
related in part to the warming phase of a multi-decadal fluctuation (Folland et al., 1986, 1999a; Delworth and Mann, 2000; see
Section 2.6), perhaps not confined to the North Atlantic (Minobe,
1997; Chao et al., 2000), though global warming is likely to be

contributing too. In addition, the cooling in the north-western
North Atlantic south of Greenland, reported in the SAR, has
ceased. These features were noted by Hansen et al. (1999).
2.2.2.3 Land and sea combined

Figure 2.6 summarises the relative changes of UKMO SST,
UKMO NMAT and CRU land-surface air temperature. The
greater warming of the land in recent years is clew, but otherwise
all three curves have a generally similar shape except that modest
cooling of NMAT in the late 19th century is not seen in the SST
data as noted for Figure 2.5. The relative coldness of the land
around 1885 to 1895 comes from the Northern Hemisphere
continental interiors, particularly in winter, as global coastal land
air temperature and adjacent SST anomalies agree well at this
time (Parker et at, 1995), confirmed by the Jones et al. (2001)
data. Note that there are some systematic compensating differences between the land and SST in the late 19th century in both
hemispheres (not shown). The CRU land data are generally about
0.1 to 0.2°C colder in the Northern Hemisphere except at the
beginning of the record (early 1860s), when they agree, and
rather colder than this in 1885 to 1890. The opposite is seen in the
Southern Hemisphere before 1885 when SST is generally 0.1 to
0.2°C colder and 0.3°C colder around 1875. Overall the SST data
are less variable in each hemisphere in these rather poorly
observed periods. The Southern Hemisphere land temperature at
this time can actually represent a very small observed area of the
hemisphere while the SST data, though sparse, are generally
considerably more widespread. The sharp cooling in SST around
1903/4 in Figures 2.5 and 2.6, seen in the land as well as the two
ocean surface data sets, was discussed for the North Atlantic and
Indian Oceans by Helland-Hansen and Nansen (1920) not long
after the event. The reduced warming of the NMAT in the last
decade reflects differences in the Southern Hemisphere discussed
above. Slightly greater warming of the global ocean than the

113

Observed Climate Variability and Change

0.8

UKMO SST (adapted from Jones at at, 2001)
UKMO NMAT (adapted from Parker at at, 1995)
CRU LSAT (Jones at al., 2001)

-0.6L1860

1880

J
1900

1
1920

L
1940

i
1960

i
1980

11
2000

Year
Figure 2.6: Smoothed annual anomalies of global average sea surface temperature (°C) 1861 to 2000, relative to 1961 to 1990 (blue curve), night
marine air temperature (green curve), and land-surface air temperature (red curve). The data are from UK Met Office and CRU analyses (adapted
from Jones et al., 2001, and Parker el at, 1995). The smoothed curves were created using a 2l-point binomial filter giving near-decadal averages.
Also shown (inset) are the smoothed differences between the land-surface air and sea surface temperature anomalies.

global land in 1910 to 1945 (seen in Table 2.1) is within the

years markedly when data are sparse. Thus extra warmth of the

uncertainties of either data set, as a slightly slower warming of
the ocean might be expected on physical grounds.

warm year 1878 (strongly affected by the 1877/18 El Nino) in the
Northern relative to the Southern Hemisphere in the area weighted
average (not shown) disappears when optimum averages are used.

Figures 2.7a to c show annual time-series of anomalies of
combined land-surface air temperature and SST for the
hemispheres and globe since 1861, based on the latest CRU land
air temperature data and the UKMO SST data. Jones et al. (2001)
temperature data have been averaged by both a standard weighting
method, used in the SAR, as shown by the dashed smoothed
curves, and by an optimum averaging method (Shen et al., 1998;
Folland et at, 2001) as shown by the bars and solid smoothed
curves. The latter method uses the variance-covariance matrix
instead of correlation functions (Kagan, 1997). The calculated
uncertainties (twice the standard error) in the annual values are
also shown (including the independent urbanisation and SST bias
correction uncertainties). Optimum averaging gives less weight to
areas of high data uncertainty than do ordinary averaging
methods, and it takes much better account of data gaps. It also
gives more weight to Antarctica, the great bulk of which (away
from the Antarctic Peninsula) has warmed little in the last two
decades (Comiso, 2000). Optimum averages can affect individual

In the Northern Hemisphere, the optimum averages are little
different from area weighted averages, but they are consistently
warmer in the sparsely sampled Southern Hemisphere before
1940, often by more than one tenth of a degree. The overall effect
on global temperature is small, however (Figure 2.7c)

The five warmest global optimally averaged years since the
beginning of the record in 1861 all occurred in the 1990s with
1998 having the warmest anomaly (0.55°C). This year was significantly warmer than the second warmest year, 1995 (0.38°C),
while 1999 was fourth warmest year, despite the strong La Nina
event. The remarkably consistent monthly global warmth of 1998
is discussed in Karl et at (2000).
Table 2.2 shows linear trends of the annual optimum
averages, and twice their standard errors, for the globe and
hemispheres using the restricted maximum likelihood method as
in Table 2.1 and allowing for the annual uncertainties due to data
gaps, urbanisation over land, and bias corrections to SST. Since
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Figure 2.7: Smoothed annual anomalies of combined land-sudacc air and sea surface temperatures (°C), 1861 to 2000. relative to 1961 to 1990,
for (a) Northern Hemisphere; (b) Southern Hemisphere; and (c) Globe. The smoothed curves were created using a 2t-point binomial filter giving
near-decadal averages. Optimally avernged anomalies (Folland et al., 2001) - solid curves; standard area weighted anomalies (adapted from Jones
et at, 2001) - dashed curves. Also shown are the unsmoothed optimum averages - red bars, and twice their standard errors - width denoted by
black "I". Note that optimum averages for the Southern Hemisphere are a little wanner before 19411, when the data are sparse, than the areaweighted averages. However, the two types of averaging give similar results in the Northern Hemisphere.

115

Observed Climate Variability and Change

Table 2.2: As Table 2.1 but for annual optimally averaged combined CRU land-surface air temperature anomalies and UKMO sea
surface temperature anomalies (CRU ISAT + UKMO SST). All of the estimates of trends and errors in the table accountfor uncertainties in the annual anomalies due to data gaps, urbanisation over land, and bias corrections to SST.
1861 to 2000
0.05

1901to 2000
0.06

1910 to l945
0.17

1946 to 1975
-0.05

CRU LSAT + UKMO SST

(0.02)

(0.02)

(0.03)

(0.05)

(Follandet al.,2001)

17n
0.04
(0.01)
1%
0.04
(0.01)
1%

1%
0.05
(0.02)
1%
0.06
(0.02)
1%

1%
0.09
(0.05)
1%
0.14
(0.04)
1%

Northern Hemisphere

Southern Hemisphere
CRU LSAT + UKMO SST
(Follandeta1.,2001)
Global
CRULSAT +UKMOSST
(Follandetal.,2001)

1861 the hemispheres have warmed by approximately the same
amount. However both the earlier period of warming ( 1910 to
1945) and the more recent one (1976 to 1999) saw rates of
warming about twice as great in the Northern Hemisphere. There
was continued (non-significant) warming in the Southern
Hemisphere, though at a reduced rate, in 1946 to 1975, which
partially offset (non-significant) cooling in the Northern
Hemisphere over the same period to give a(non-significant )
0.03°C cooling globally. The global trend from 1861 to 2000 can
be cautiously interpreted as an equivalent linear warming of
0.61°C over the 140-year period, with a 95% confidence level
uncertainty of ± 0.16°C. From 1901 an equivalent warming of
0.57°C has occurred, with an uncertainty of t 0.17°C.
Figure 2.8 shows a smoothed optimally averaged annual
global time-series with estimates of uncertainty at ± twice the
standard error of the smoothed (near decadal) estimate. Note that
the optimum average uncertainties increase in earlier years
mainly because of the much larger data gaps. Also shown are
uncertainties estimated by Jones et at (1997b) using a different
method centred on the Jones er at (2001) land and sea surface
temperature series. This series uses the average of anomalies from
all available grid boxes, weighted according to grid box area.
Therefore, in contrast to the Jones et al. (2001) global landsurface air temperature data, the global land and sea surface
temperature data are not a simple average of the hemispheres. The
optimally averaged uncertainties vary from about 15 to 65% less
than those given by Jones et at (1997b). This is reasonable as
optimum averages have minimum variance amongst the range of
unbiased estimates of the average. Not surprisingly, there is
relatively little difference in the decadal averages themselves.
However unlike the Jones et al. estimates of uncertainty, the
optimum average also includes uncertainties in bias corrections to
SST up to 1941 (Folland and Parker, 1995) and the uncertainties
(as included in Figure 2.1) in the land data component that are due
to urbanisation. Cessation of the SST component of uncertainty
after 1941 is the mason for a lack of increase in uncertainties in
the fairly poorly observed period 1942 to 1945. Uncertainties due
to changes in thermometer screens are poorly known hot could be
0.1 °C globally in the 19th and early 20th centuries (Parker, 1994);
they are not included here, but a preliminary analysis appears in
Folland el al. (2001). For further discussion of changes in land
and ocean surface temperature, see Jones et at (1999a).
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Figure 2.8: Smoothed annual anomalies of global combined landsurface air and sea surface temperatures ('C), 1861 to 2000, relative to
1961 to 1990, and twice their standard errors. The smoothed curves
and shaded areas were created using a 21-point binomial filter giving
near-decadal averages, with appropriate errors. Optimally averaged
anomalies and uncertainties (Folland et at, 2001) - solid curve and
dark shading; standard area weighted anomalies and uncertainties
(adapted from Jones et a!., 1997b, 2001) - dashed curve and light
shading. Now that uncertainties decrease after 1941 due to the
cessation of uncertainties due to bias corrections in sea surface temperature. On the other hand, uncerlainties due to urbanisation of the land
component, assessed as zero in 1900, continue to increase after 1941
to a maximum in 2000.

Referring back to Table 2.2 and including the second
decimal place, our best estimate of the equivalent linear rate of
global land and ocean surface warming between 1861 to 2000 is
0.044°Cldecade, or a warming of 0.61 ± 0.16°C. Over the period
1901 to 2000, the equivalent values are 0.058°C/decade or a
warming of 0.57 ± 0.17°C. These values include the modifying
effects of the annual uncertainties. So we calculate that since the
late 19th or the beginning of the 20th century, up to 2000, global
warming has been 0.6 + 0.2°C. This is 0.15°C more warming
than the 0.3 to 0.6°C estimated more subjectively up to 1994 by
the SAR. This relatively large increase is explained by the
increase in temperature since the SAR was completed, improved
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(a) Annual temperature trends, 1901 to 2000

(b) Annual temperature trends, 1910 to 1945

(c) Annual temperature trends, 1946 to 1975

(d) Annual temperature trends, 1976 to 2000
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Figure 2.9: (a) to (d) Annual surface temperature trends for the periods 1901 to 2000, 1910 to 1945, 1946 to 1975, mid 1976 to 2000, respectively
('C/decade), calculated from combined land-surface air and sea surface temperatures adapted from Jones et at. (2001). The red, blue and green
circles indicate areas with positive trends, negative trends and little or no trend respectively. The size of each circle reflects the sin of the trend
that it represents. Trends were calculated from annually averaged gridded anomalies with the requirement that annual anomalies include a
minimum of 10 months of data. For the period 1901 to 2000, trends were calculated only for those grid boxes containing annual anomalies in at
least 66 of the 100 years. The minimum number of years required for the shorter time periods (1910 to 1945, 1946 to 1975, and 1976 to 2000)
was 24, 20, and 16 years, respectively.

methods of analysis and the fact that the SAR decided not update
the value in the First Assessment Report, despite slight additional
warming. The latter decision was likely to have been due to a
cautious interpretation of overall uncertainties which had at that
time to be subjectively assessed.
2.2.2.4 Are the land and ocean surface temperature changes
mutually consistent?
Most of the warming in the 20th century occurred in two distinct
periods separated by several decades of little overall globally
averaged change, as objectively identified by Karl et at (2000)
and discussed in IPCC (1990, 1992, 1996) and several references
quoted therein. Figures 2.9 and 2.10 highlight the worldwide
behaviour of temperature change in the three periods. These linear
trends have been calculated from the Jones et at. (2001) gridded
combination of UKMO SST and CRU land-surface air temperature, from which the trends in Table 2.2 were calculated. Optimum
averaging has not been used for Figures 2.9 and 2.10, and only
trends for grid boxes where reasonably complete time-series of
data exist are shown. The periods chosen are 1910 to 1945 (first

warming period), 1946 to 1975 (period of little global temperature
change), 1976 to 2000 (second warming period, where all four
seasons are shown in Figure 2.10) and the 20th century, 1901 to
2000. It can be seen that there is a high degree of local consistency
between the SST and land air temperature across the land-ocean
boundary, noting that the corrections to SST (Folland and Parker,
1995) are independent of the land data. The consistency with
which this should be true locally is not known physically, but is
consistent with the similarity of larger-scale coastal land and
ocean surface temperature anomalies on decadal time-scales
found by Parker et at (1995). The warming observed in the period
from 1910 to 1945 was greatest in the Northern Hemisphere high
latitudes, as discussed in Parker et al. (1994). By contrast, the
period from 1946 to 1975 shows widespread cooling in the
Northern Hemisphere relative to much of the Southern, consistent
with Tables 2.1 and 2.2 and Parker et al. (1994). Much of the
cooling was seen in the Northern Hemisphere regions that showed
most warming in 1910 to 1945 (Figure 2.9 and Parker et at.,
1994). In accord with the results in the SAR, recent warming
(1976 to 2000) has been greatest over the mid-latitude Northern
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(a) DJF temperature trends, 1976 to 2000

(b) MAM temperature trends, 1976 to 2000

(c) JJA temperature trends, 1976 to 2000

(d) SON temperature trends, 1976 to 2000
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Figure 2.10: (a) to (d) Seasonal surface temperature trends for the period 1976 to 2000 (°C/decade), calculated from combined land-surface air
and sea surface temperatures adapted from Jones et al. (2001). The red, blue and green circles indicate areas with positive trends, negative trends
and little or no trend respectively. The size of each circle reflects the size of the trend that it represents. Trends were calculated from seasonally
averaged gridded anomalies with the requirement that the calculation of seasonal anomalies should include all three months. Trends were
calculated only for those grid boxes containing seasonal anomalies in at least 16 of the 24 years.

Hemisphere continents in winter. However, the updated data shows
only very limited areas of year-round cooling in the north-west
North Atlantic and mid-latitude North Pacific. Over 1901 to 2000
as a whole, noting the strong consistency across the land-ocean
boundary, most warming is observed over rrtid- and high latitude
Asia and parts of western Canada. The only large areas of observed
cooling arejust south and east of Greenland and in a few scattered
continental regions in the tropics and sub-tropics.
Faster warming of the land-surface temperature than the
ocean surface temperature in the last two decades, evident in
Figure 2.6, could in part be a signal of anthropogenic warming (see
Chapters 9 and 12). However, a component, at least in the Northern
Hemisphere north of 40 to 45°N, may result from the sharp
increase in the positive phase of the winter half year North Atlantic
Oscillation (NAO)/Arcdc Oscillation (AO) since about 1970
(Section 2.6.5), though this itself might have an anthropogenic
component (Chapter 7). There has also been a strong bras to the
warm, phase of El Nino since about 1976 (Section 2.6.2). In particular, Hurrell and van Loon (1997) and Thompson et at. (2000a)
show that the positive phase of the NAO advects additional warm
air over extra-tropical Eurasia north of about 45°N. The positive
phase of the NAO or AO is therefore likely to be a major cause of

the winter half-year warming in Siberia and northern Europe in
Figure 2.10, as also quantified by Hornell (1996). Cooling over the
western North Atlantic Ocean also occurs, partly due to advection
of cold air in an enhanced north to north-west airflow. Harrell
(1996) also shows that the warm phase of El Nino is associated
with widespread extra-tropical continental warming, particularly
over North America and parts of Siberia, with cooling over the
North Pacific Ocean. Both effects are consistent with the strong
warming over Siberia in winter in 1976 to 2000 (Figure 2.10),
warming ova much of North America and cooling over the Davis
Strait region. Note that some regional details of the seasonal trends
for 1976 to 2000 in Figure 2.10 may be sensitive to small changes
in record length. A test for the shorter period 1980 to 1997 showed
the same general worldwide pattern of (generally somewhat
reduced) seasonal warming trends as in Figure 2.10, but with some
regional changes, particularly over North America, almost
certainly related to atmospheric circulation fluctuations. However,
Siberian trends were considerably more robust.

We conclude that in the 20th century we have seen a consistent large-scale warming of the land and ocean surface. Some
regional details can be explained from accompanying
atmospheric circulation changes.
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2.2.2.5 Sub-surface ocean temperatures and salinities
While the upper ocean temperature and salinity are coupled to the
atmosphere on diurnal and seasonal time-scales, the deep ocean
responds on much longer time-scales. During the last decade,
data set development, rescue, declassification and new global
surveys have made temperature and salinity profile data more
readily available (Levitus et al., 1994, 2000a).
Global
Levitus et al. (1997, 2000b) made annual estimates of the heat
content of the upper 300 in of the world ocean from 1948 through
to 1998 (Figure 2.11). The Atlantic and Indian Oceans each show
a similar change from relatively cold to relatively warm
conditions around 1976. The Pacific Ocean exhibits more of a
bidecadal signal in heat storage. In 1998, the upper 300 in of the
world ocean contained (1.0±0-5) x 1023 Joules more heat than it
did in the mid-1950s, which represents a warming of 0.3 ±
0.15°C. A least squares linear regression to the annual temperature anomalies from 1958 to 1998 gives a warming of
0.037°C/decade. White eta!. (1997, 1998b) computed changes in
diabatic heat storage within the seasonal mixed layer from 1955
to 1996 between 20'S and 60°N and observed a warming of 0.15
f 0.02`C or 0.036°C/decade.
Extension of the analysis to the upper 3,000 in shows that
similar changes in heat content have occurred over intermediate
and deep waters in all the basins, especially in the North and
South Atlantic and the South Indian Oceans. The change in
global ocean heat content from the 1950s to the 1990s is equivalent to a net downwards surface heat flux of 0.3 Wm^2 over the
whole period.
Pacific
The winter and spring mixed-layer depths over the sub-tropical
gym of the North Pacific deepened 30 to 80% over the period
1960 to 1988 (Polovina et at, 1995). Over the sub-polar gyre,
mixed-layer depths reduced by 20 to 30% over the same period.
The surface layer of the sub-polar gym in the north-east Pacific
has both warmed and freshened, resulting in a lower surface
density (Freeland et at, 1997). Wong et at (1999) compared
trans-Pacific data from the early 1990s to historical data collected
about twenty years earlier. The changes in temperature and
salinity are consistent with surface warming and freshening at
mid- and higher latitudes and the subsequent subduction
( downward advection) of these changes into the thermocline.
From 1968/69 and 1990/91, the South Pacific waters beneath the
base of the thermocline have cooled and freshened (Johnson and
Orsi, 1997); the greatest cooling and freshening of -1.0°C and
0.25, respectively, occurred near 48'S and were still observed at
20°S. All the deep water masses show a cooling and freshening
at these high southern latitudes.
Arctic
Recent surveys of the Arctic Ocean (Quadfasel et at, 1993;
Carmack el at, 1995; Jones et al., 1996) have revealed a subsurface Atlantic-derived warm water layer that is up to 1°C
warmer and whose temperature maximum is up to 100 dbar
shallower than observed from ice camps from the 1950s to the
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Figure 2.11: Time-series for 1948 to 1998 of ocean heat content
anomalies in the upper 300 in for the two hemispheres and the global
ocean. Note that t.5 x 102 J equals I wan-year-m r averaged over the
entire surface of the earth. Vertical lines through each yearly estimate
are ± one standard error (Lcvitus et at, 2000b).

1980s, as well as from ice-breaker data in the late 1980s and early
1990s. Warming is greatest in the Eurasian Basin. Annual surveys
of the southern Canada Basin since 1979 (Melling, 1998), have
shown a warming and deepening lower Atlantic layer, the lower
halocline layer cooling by 0.12°C and the upper halocline layer
warming by 0.15°C. Steele and Boyd (1998) compared winter
temperature and salinity profiles obtained over the central and
eastern Arctic Basins from submarine transects in 1995 and 1993
with Soviet data collected over the period 1950 to 1989
(Environmental Working Group, 1997). They showed that the
cold halocline waters cover significantly less area in the newer
data. This is consistent with a decreased supply of cold, fresh
halocline waters from the Pacific Shelf areas.
Atlantic
The sub-arctic North Atlantic exhibits decadal variability in both
temperature and salinity (Belkin et at, 1998). Reverdin et at
(1997) found that the variability of salinity around the entire
subarctic gyre for the period 1948 to 1990 was most prominent at
periods of 10 years and longer, and extended from the surface to
below the base of the winter mixed layer. This salinity signal was
only coherent with elsewhere in the north-western Atlantic. A
single spatial pattern explains 70% of the variance of the upper
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ocean salt content of the subarctic gyre, corresponding to a signal
propagating from the west to the north-east. Reverdin et at also
found that fluctuations in the outflow of fresh water from the
Arctic are associated with periods of greater or fewer than usual
northerly winds east of Greenland or off the Canadian
Archipelago.
North Atlantic deep waters begin as intermediate waters in
the Nordic seas. These waters have freshened over the 1980s and
1990s (BOnisch et at, 1997). In addition, the absence of deep
convection over the same period has caused Nordic Sea bottom

latitudes 30 to 35°S. They found warming throughout the upper
900 in of the water column (maximum average warming over this
section of 0.5°C at 220 dbar).
2.2.3 Temperature of the Upper Air
Uncertainties in discerning changes
Several measuring systems are available to estimate the temperature variations and trends of the air above the surface, though all
contain significant time-varying biases as outlined below.

waters to become warmer, saltier and less dense. The FaroesShetland Channel is the principal pathway between the north-east

Weather balloons

Atlantic and the Norwegian Sea and has been surveyed regularly

The longest data sets of upper air temperature are derived from
instruments carried aloft by balloons (radiosondes). Changes in

since 1893 (Turrell et at., 1999). Unfortunately, the quality of the
salinity measurements was poor from 1930 through to 1960.
Since the mid-1970s, the intermediate and bottom waters

balloon instrumentation and data processing over the years have
been pervasive, however, resulting in discontinuities in these

entering the North Atlantic through the channel have freshened at

temperature records (Gaffen, 1994; Parker and Cox, 1995; Parker

rates of 0.02/decade and 0.01 /decade, respectively. The decreased
salinities have resulted in decreased water densities and a

et at., 1997). Gaffen et al. (2000b) attempted to identify these
biases by using statistical tests to determine "change-points" -

decrease of between I and 7%/decade in the transport of deep

sudden temperature shifts not likely to be of natural origin (e.g.,
instrument changes). However, they found that alternative

water into the North Atlantic.

In the Labrador Sea, winter oceanic deep convection was
intense during the earlier 1990s, extending to deeper than
2,400 an in 1992 to 1994. This produced a Labrador Sea water
mass colder, denser and fresher than has been observed over at
least the last five decades (Lazier, 1995; Dickson et al., 1996).

methods for identifying change points yield different trend
estimates and that the analysis was hampered by the lack of
complete documentation of instrument and data processing
changes for many stations. This study, however, only analysed
change points in the time-seriesof individual stations in isolation.

Within the tropical and sub-tropical gyres of the North

Another technique, used successfully with surface data, relies on

Atlantic, the deep and intermediate water masses are warming.
Ocean station S (south-cast of Bennuda, 32°l7N, 64°50'W) has

differences produced from comparisons among several stations in
close proximity. In addition, Santer et al- (1999) noted that temper-

been sampled bi-weekly since 1954. Joyce and Robins (1996)

ature trends estimated from radiosonde data sets are sensitive to

extended the hydrographic record from ocean station S back from
1954 to 1922 using nearby observations. They find an almost

how temperature shifts are dealt with, which stations are utilised,

constant rate of warming over the 1,500 to 2,500 dbar layer of

Worldwide temperatures from the Microwave Sounding Unit
(MSU) data (Christy et al., 2000) have been available from the
beginning of 1979 for intercomparison studies. Parker et al. (1997)
used the lower-stratospheric and lower-tropospheric MSU
products to adjust monthly radiosonde reports for stations in
Australia and New Zealand at times when instrumental or dataprocessing changes were documented. Some individual strnto
spheric corrections were as much as 3°C due to radiosonde instrument changes. The main disadvantage of the Parker et a1.
technique is that the raw MSU record has time-varying biases
which most first be estimated and eliminated (Christy et al., 2000).
Gaffen et al. (2000b) compared trends for 1959 to 1995,
calculated using linear regression, for twenty-two stations with
nearly complete data records at levels between 850 and 30 hPa.
Each of these stations is included in two data sets created since the
SAR: (a) monthly mean temperatures reported by the weather
balloon station operators (Parker et al., 1997; CLIMAT TEMP
data) and (b) monthly mean temperatures calculated from archived
daily weather balloon releases (Eskridge er at., 1995; CARDS
data). Decadal trends at individual sites differed randomly between
the two data sets by typically 0.1 °C/decade, with the largest differences at highest altitudes. In a few cases the differences were larger
and statistically significant at the 1% level. The discrepancies were
sometimes traceable to time-of observation differences of the data
used to calculate the averages.

0.05°C/decade over the 73-year period 1922 to 1995. This
corresponds to a net downward heat flux of 0.7 Wni z. Sections
completed in 1958, 1985 and 1997 along 52°W and 66°W
between 20°N to 35°N (Joyce et at, 1999) show a rate of
warning of 0.06°C/decade, similar to that seen at Bermuda but
averaged over a larger 1,700 in depth interval. Trans-Atlantic
sections along 24°N in 1957, 1981 and 1992 show a similar
warming between 800 and 2,500 m(Parrilla et at, 1994; Bryden
et al., 1996). The maximum warming at 1,100 in is occurring at
a rate of 0.1 °C/decade. At 8°N between 1957 and 1993, Arhan et
al. (1998) showed warming from 1,150 and 2,800 in with the
maximum warming of 0.15°C at 1,660 m.

The Antarctic bottom water in the Argentine Basin of the
South Atlantic experienced a marked cooling (0.05°C) and
freshening (0.008) during the 1980s (Coles et at, 1996). The
bottom waters of the Verna Channel at the northern end of the
Argentine basin did not change significantly during the 1980s but
warmed steadily during a 700-day set of current meter deployments from 1992 to 1994 (Zenk and Hogg, 1996).
The Indian Ocean
Bindoff and Mcdougall ( 2000) have examined changes between
historical data collected mostly in the period 1959 to 1966 with
WOCE data collected in 1987 in the southern Indian Ocean at

and the method used for areal averaging.
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The analysis of trends requires long station data records with
minimal missing data The records for 180 stations in the combined
Global Climate Observing System Upper Air Network (GUAN)
and the Angell ( 1988, 2000) network do not generally meet this
standard, as only 74 of the GUAN stations, for instance, have at
least 85% of tropospheric monthly means available for 1958 to
1998. In the lower stratosphere ( up to 30 hPa), only twenty-two
stations meet this requirement (Gallen et al., 2000b). These
deficiencies present the dilemma of using either relatively small
networks of stations with adequate data (the Southern Hemisphere,
in particular, is poorly sampled) or larger networks with poorer
quality data ( adding uncertainty to the resulting trend estimates).
Characteristics, such as spatial coverage, of each data set
derived from the weather balloon data are different. For example,
Sterin ( 1999) used data from over 800 stations from the CARDS
and telecommunicated data sets, with only gross spatial and
temporal consistency checks. The data were objectively interpolated to all unobserved regions, introducing extra uncertainty.
Parker et al. (1997) placed CLIMAT TEMP data into 5° latitude x
100 longitude grid boxes from about 400 sites, leaving unobserved
boxes missing. Further data sets were created employing limited
spatial interpolation and bias-adjustments, but uncertainties related
to spatial under-sampling remain (HurteB et at, 2000). Angell
(1988) placed observations from 63 stations into seven broad latitudinal bands, calculated the simple average for each band and
produced global, hemispheric and zonal mean anomalies.
Satellites
Radiosondes measure temperatures at discrete levels, but satellite
instruments observe the intensity of radiation from deep
atmospheric layers. The advantage of satellites is the essentially
uniform, global, coverage. The three temperature products that are
commonly available fran MSU are: the low to mid-troposphere
(MSU 2LT, surface to about 8 km), mid-troposphere (MSU 2,
surface to about 18 km, hence including some stratospheric
emissions) and the lower stratosphere (MSU 4,15 to 23 km, hence
including some tropical tropospheric emissions) (Christy et al.,
2(00). No other data, such as from radiosondes, are used to
construct these MSU data sets. It is important to note that the
troposphere and stratosphere are two distinct layers of the
atmosphere with substantially different temperature variations and
trends. The altitude of the troposphere/stratosphere boundary
varies with latitude, being about 16 to 17 krn in the tropics but only
8 to 10 km at high latitudes.
Since the SAR, several issues have emerged regarding MSU
temperatures. Mo (1995) reported that for one of the longest-lived
satellites (NOAA-12, 1991 to 1998) the non-llnear calibration
coefficients were erroneous, affecting MSU 2 and MSU 2LT.
Wentz and Schabel (1998) discovered that satellite orbit decay
introduces gradual, spurious cooling in MSU 2LT. Christy et al.
(1998, 2000) found that instrument responses often differ between
the laboratory assessments and on-orbit performance, requiring
further cortections. Additional adjustments were also made by
recalculating and removing spurious temperature trends due to
diumal effects induced by the east-west drift of the spacecraft
(Christy et a1., 2000). The magnitude of the spurious trends (1979
to 1998) removed from version D compared to version C were:
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orbit decay, -0.11; instrument response, +0.04 and diurnal drift,
+0.03°Gdecade.
Version D of the MSU data is used in Figure 2.12. The SAR
presented version B that for the low to mid-troposphere indicated
a global trend about 0.05°Cldecade more negative than version D
(for 1979 to 1995). Quite separately, Prabhakara et at (1998)
generated a version of MSU 2 without corrections for satellite drift
or instrument body effects, in many ways similar to MSU 2 version
A of Spencer and Christy (1992a, 1992b).
The Stratospheric Sounding Unit (SSU) detects the intensity
of thermal emissions and measures deep layer temperatures at
altitudes above 20 km (Nash and Forrester, 1986). As with the
MSU products, adjustments are required for radiometer biases,
diurnal sampling and orbital drift (Chanin and Ramaswamy, 1999).
Rocketsondes and lidar
Data sets generated from rocketsondes have been updated
(Golitsyn et at., 1996; Lysenko et al., 1997), providing temperature information to as high as 75 km. Important difficulties arise
with these data due to different types of instrumentation, tidal
cycles (amplitude 2°C) and to assumed corrections for aerodynamic heating. The last set of adjustments has the most significant
impact on trends. The approximately 1 I-year solar cycle forces a
temperature perturbation of >1°C in the mid- to upper stratosphere (30 to 50 km). Keckhut el al. (1999) and Dunkerton et al.
(1998) created a quality-controlled data set of these measurements, which is used in Chanin and Ramaswamy (1999). The
very limited number of launch sites leads to some uncertainty in
deduced temperatures, and most launches were terminated in the
mid- 1990s.
Rayleigh lidar measurements began in 1979 at the Haute
Provence Observatory in southern France and have spread to
locations around the world. Lidar techniques generate the vertical
profile of temperature from 30 to 90 km, providing absolute
temperatures within 2.5°C accuracy. Chanin and Ramaswamy
(1999) have combined MSU 4, SSU, radiosonde, lidar and rocketsonde data to estimate 5-km thick layer temperature variations for
altitudes of 15 to 50 km, generally limited to the Northern
Hemisphere mid-latitudes.
Reanalyses
The principle of reanalysis is to use observations in the data
assimilation scheme of a fixed global weather forecasting model
to create a dynamically consistent set of historical atmospheric
analyses (Kalnay et at, 1996). Within the assimilation scheme,
potentially errant data are amended or excluded using comparisons with neighbours and/or calculated conditions. However,
small, time-dependent biases in the observations, of magnitudes
important for climate change, are virtually impossible to detect in
the model, even in areas of adequate in situ data. Furthermore, in
areas with few in situ data the reanalyses are often affected by
inadequate model physics or satellite data for which time-varying
biases have not been removed.
Though interannual variability is reproduced well, known
discontinuities in reanalysed data sets indicate that further
research is required to reduce time-dependent errors to a level
suitable for climate change studies (Basist and Chelliah, 1997;
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Figure 2.12: (a) Seasonal anomalies of global average temperature ('C), 1958 to 2000, relative to 1979 to 1990 for the lower troposphere, as
observed from satellites (MSU 2LT) and balloons (UKMO 2LT), and for the surface (adapted from Jones er al., 2001). Also shown (bottom graph)
are the differences between the surface temperature anomalies and the averages of the satellite and balloon-based observations of the lower-tropospheric temperature anomalies. (b) As (a) but for the temperature of the lower stratosphere, as observed from satellites (MSU 4 and SSU 15X) and
balloons (UKMO 4). The times of the major explosive eruptions of the Agung, El Chichon and Mt. Rnatubo volcanoes are marked. Also shown
(bottom graph) are the differences between the MSU 4 and UKMO 4 based temperature anomalies.

Hurrell and Trenberth, 1998; Sauter et al., 1999,2000; Stendel et
al., 2000). It is anticipated that future assessments of climate
change will utilise reanalysis products to which substantial
improvements will have been made. Data from the NCEP
reanalysis are included below for comparison purposes, but
longer-term stratospheric trends from NCEP are especially
suspect due to a large shift in temperature when satellite data
were incorporated for the first time in 1978 (Santer et al., 1999).
2.2.4 How do Surface and Upper Air Temperature Variations
Compare?
In Figure 2.12 we display the surface, tropospheric and stratospheric temperature variations using representative data sets from
those described above. Trend values ('C/decade) are shown in

Table 2.3 with 95% confidence intervals, which in part represent
uncertainties due to temporal sampling, not those due to measurement error (see below). The effect of explosive volcanic events
(Agung, 1963; El Chichon, 1982; and Mt. Pinatubq 1991) is
evident in Figure 2.12, as is a relative shift to warmer temperatures in the lower troposphere compared to the surface in the late
1970s, followed by large variations in both due to ENSO (particularly in 1998). After the shift in the late 1970s, the overall
tropospheric temperature trend is near zero but the surface has
warmed (see Figure 2.12a and Table 2.3).
Global variations and trends in the lower stratosphere are
temporally more coherent than in the troposphere (Figure 2.12b),
though the warming effects due to the volcanic eruptions are
clearly evident. For the period 1958 to 2000, all stratospheric data
sets except NCEP 4, which contains erroneous trends, show signif-
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Table 2.3: As Table 2.1 but for annual average surface and upper air temperature anomalies from various data sets. The surface temperature heads
are of combined land-surface air temperature (LSAT) and sea surface temperature (SST) or sea ice and sea surface temperature (IS5T) anomalies.
The upper air trends are of temperature anomalies corresponding to or approximately corresponding to temperature anomalies from MSU channels
2LT and 4. The tropical region is defined as the latitude band 20°S to 20°N for all the data sets except for the G1SS LSA T + UKMO ISST data set
where the region is defined as the latitude band 23.6°S to 23.6°N. The last tire of the table shows trends in the differences between temperature
anomalies for the surface, from the UKMO LSAT + UXMO SST data set, andfor the lower troposphere, taken as the average of the UKMO 2LT and
MSU 2LT anomalies for 1979 to 2000 and as the UKMO 2LT anomalies atone before 1979. None of the estimates of trends and errors account for
uncertainties in the annual anomalies as these are not available. All calculations use data to the end of 2000 except for those for the NOAA data
sets. which include data up to August 2000 only.

1958 to 2000
Surface
UKMO LSAT + UKMO SST
(>on. et' 2001)

1958 to 1978

1979 to 2000

Globe

Tropics

Globe

Tropics

Globe

Tro fcs

0.10
(0.05)

0.08
(0.06)

-0.05
(0.07)

-0.09
(0.12

0.16
(0.06)

0.10
(0.10)

0.09

0.09

-0.03

-0.09

0.13

0.09

(nansenetad.,1999:Rayner eral., 20DO)

(0.04)

(0.06)

NCDC LSAT +NCEP SST
((luayleeta!.,1999;Reynoldsandsmith.1994)

0.09
(0,05)

0.09
(0.06)

(0.07)
-0.05
(0.06)

0.11
-0.08
(0.11)

(0.07
0.14
(0.06)

(0.10
0.10
(0.11)

0.11
(0.07)

0.13
(0.08)

-0.03
(0.12)

0.07
(0.16)

0.13
(0.07)
0.07

0,08
(0,08)
0.07
(0.07)

-0.05
(0.17)
0.04
(0.20
0.07

0.03
(0.10)
0.04
(0.11)
0.01
(0.11)
-0.03
(0.1$
0.00

-0.08
(0.12)
-0.06
(0.16)
-0 .07
(0.14)
-0.11
(O.t9)
-0.06

GISS LSAT + UKMO ISST

Lower troposphere
UKMO 2LT
(t'arteroat.,lvm)
MSU 2LT
(Christy etat.,2oo0)

0.04

0.07

0.02
(0.18)
-0.08
0.1$)
-0.03

(0.04)

(0.05)

(0.06)

(0.08)

(0.07)

(0.09)

-039
(0.15)
.

-031
(0.19)

-0.37
(0.21}

-0.07
(0.51)

-0-64
(0.47)
-052

-050
(0.54)
-0.29

(0.48)

(0.51)

NOAA 100-50hPa
(Mgen,2000)

-0.25
(0.62)
-0.64
(0.30)

RIHMI100-50hPa
(Smso1999)

-0.25
(0.12)

-0.04
(0.32)
-0.58
(0.39)
-0.22
(0.12)

-036
(033)
-0.23
(0.22)
-0.20
(0.27)

-0.46
(0.29)
0.20
(0.43)
-0.08
(0.10)

-0.61
(1.21)
-1.10
(058)
-0.43
(0.24)

-0.57
(0.77
-0.68
(2.08)
-0.45
(0.28)

-0.01
(0.05)

-0.05
(0.07)

-0.03
(0.08)

-0.16
(0.10)

0.13
(0.06)

0.17
(0.06)

NCEP 2LT
(Stencel etad., 20n0)
NOAA 850-300hPa
(Mge1420n0)
RIHMI850-300hPa

(surin.1999)

(0.08)

Lower stratosphere
UKM04
(tarkeretaL,19W)
MSU 4

(anstyet at.,2(ao)
NCEP 4
(smn&A et at., zooo)

Surface minus lower troposphere

icant negative trends (Table 2.3). Note that MSU 4, and simulations of MSU 4 (UKMO 4 and NCEP 4), include a portion of the
upper troposphere below 100 hPa and so are expected to show less
negative trends than those measuring at higher altitudes (e.g., the
100 to 50 hPa layers in Table 2.3 and the SSU in Figure 2.12b).
Blended information for 5 km thick levels in the stratosphere at 45°N compiled by Chanin and Ramaswamy (1999)
show a negative trend in temperature increasing with height:
-0.5°C/decade at 15 km, -0.8°C/decade at 20 to 35 km, and
-2.5°C/decade at 50 km. These large, negative trends are consistent with models of the combined effects of ozone depletion and

increased concentrations of infrared radiating gases, mainly water
vapour and carbon dioxide (Chapters 6 and 12).
The vertical profile of temperature trends based on surface
data and radiosondes is consistent with the satellite temperatures.
Global trends since 1979 are most positive at the surface, though
less positive for night marine air temperatures in the Southern
Hemisphere (see Section 2.2.2.2), near zero for levels between
850 to 300 hPa (1.5 to 8 km) and negative at 200 hPa ( I 1 km) and
above. Thus during the past two decades, the surface, most of the
troposphere, and the stratosphere have responded differently to
climate forcings because different physical processes have
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dominated in each of these regions during that time (Trenberth et
al., 1992; Christy and McNider, 1994; NRC, 2000 and Chapter
12). On a longer time-scale, the tropospheric temperature trend
since 1958, estimated from a sparser radiosonde network, is
closer to that of the surface, about f0.10°Cldecade (Figure 2.12a
and Table 2.3) (Angell, 1999, 2000; Brown el al., 2000; Gaffen
et at, 2000a). Gaffen et al. (2000a) and Brown er at (2000) noted
a decreasing lower-tropospheric lapse rate from 1958 to 1980,
and an increasing lower-tropospheric lapse rate after 1980
(Figure 2.12a). However, Folland et al. (1998) showed that global
upper-tropospheric temperature has changed little since the late
1960s because the observed stratospheric cooling extended into
the uppermost regions of the troposphere.
Between 1979 and 2000, the magnitude of trends between the
surface and MSU 2LT is generally most similar in many parts of
the Northern Hemisphere extra-tropics (20°N to pole) where deep
vertical mixing is often a characteristic of the troposphere. For
example, the northern extra-tropical trends for the surface and
MSU 2LT were 0.28 and 0.21°C/decade, respectively, and over
the North American continent trends were 0.27 ± 0.24 and 0.28
±0.23°Gdecade, respectively, with an annual correlation of 0.92.
Over Europe the rates were 0.38 ±0.36 and 0.38±030°C/decade,
respectively. Some additional warming of the surface relative to
the lower troposphere would be expected in the winter half year
over extra-tropical Asia (whole year warming rates of 0.35 ± 0.20
and 0.18 ± 0.18°C/decade, respectively), consistent with the
vertical temperature structure of the increased positive phase of
the Arctic Oscillation (Thompson et al., 2000a, Figure 2.30). The
vertical structure of the atmosphere in marine environments,
however,.generally reveals a relatively shallow inversion layer
(surface up to 0.7 to 2 km) which is somewhat decoupled from
the deep troposphere above (Trenberth et al., 1992; Christy,
1995; Hurrell and Trenberth, 1996). Not only are local surface
versus tropospheric correlations often near zero in these
regions, but surface and tropospheric trends can be quite
different (Chase et al., 2000). This is seen in the different trends
for the period 1979 to 2000 in the tropical band, 0.10±0.10 and
-0.06 ± 0.16°C/decade, respectively (Table 2.3) and also in the
southern extra-tropics where the trends are 0.08 ± 0.06 and -0.05
± 0.08°C/decade, respectively. Trends calculated for the differences between the surface and the troposphere for 1979 to 2000
are statistically significant globally at 0.13 ± 0.06°Gdecade, and
even more so in the tropics at 0.17 ± 0.06°C/decade. Statistical
significance arises because large interannual variations in the
parent time-series are strongly correlated and so largely disappear
in the difference time-series (Santer et al., 2000; Christy er al.,
2001). However, as implied above, they are not significant over
many extra-tropical regions of the Northern Hemisphere such as
North America and Europe and they are also insignificant in some
Southern Hemisphere areas. The sequence of volcanic emption,
ENSO events, and the trends in the Arctic Oscillation have all
been linked to some of this difference in warming rates (Michaels
and Knappenburg, 2000; Sauter et at, 2000; Thompson et at,
2000a; Wigley, 2000) and do explain a part of the difference in the
rates of warming (see Chapter 12).
The linear trend is a simple measure of the overall tendency
of a time-series and has several types of uncertainty; temporal

sampling uncertainty owing to short data sets, spatial sampling
errors owing to incomplete spatial sampling, and various other
forms of measurement error, such as instrument or calibration
errors. Temporal sampling uncertainties are present even when
the data are perfectly known because trends calculated for short
periods are unrepresentative of other short periods, or of the
longer term, due to large interannual to decadal variations. Thus
confidence intervals for estimates of trend since 1979 due to
temporal sampling uncertainty can be relatively large, as high as
± 0.2°CJdecade below 300 hPa (Table 2.3, Sauter et at, 2000).
Accordingly, the period from 1979 to 2000 provides limited
information on long-term trends, or trends for other 22-year
periods.
Uncertainties arising from measurement errors due to the
factors discussed in Section 2.2.3, including incomplete spatial
sampling, can be substantial. One estimate of this uncertainty can
be made from comparisons between the various analyses in Table
2.3. For trends below 300 hPa, this uncertainty may be as large as
±0.10°Cdecade since 1979, though Christy et al. (2000) estimate
the 95% confidence interval as±0.06`C for the MSU 2LT layer
average. For example, Sauter et al. (2000) find that when the
satellite observations from MSU 2LT are masked to match the less
than complete global coverage of the surface observations during
the past few decades, the differences in the trends between the
surface and the troposphere are reduced by about one third.
Summarising, it is very likely that the surface has warmed in
the global average relative to the troposphere, and the
troposphere has warmed relative to the stratosphere since 1979
(Figure 2.12a,b; Pielke er al., 1998a,b; Angell, 1999, 2000;
Brown et al., 2000; Christy et al., 2000; Gaffen et al., 2000a;
Hurrell et al., 2000; NRC, 2000; Stendel et al., 2000). However,
the relative warming is spatially very variable and most significant in the tropics and sub-tropics. There is evidence that the
troposphere warmed relative to the surface in the pre-satellite era
(1958 to 1979, see Brown et al., 2000; Gaffen et al., 2000a),
though confidence in this finding is lower. Uncertainties due to
limited temporal sampling prevent confident extrapolation of
these trends to other or longer time periods (Christy et al., 2000;
Hornell er al., 2000; NRC, 2000; Sauter et al., 2000). Some
physical explanations for changes in the vertical profile of global
temperature trends are discussed in Chapter 12 but a full explanation of the lower-tropospheric lapse rate changes since 1958
requires further research.
2.2.5 Changes in the Cryosphere
This chapter does not describe changes in the major ice sheets as
this is dealt with in detail in Chapter 11.
2.2.5.1 Snow cover, including snowfall
Satellite records indicate that the Northern Hemisphere annual
snow-cover extent (SCE) has decreased by about 10% since 1966
largely due to decreases in spring and summer since the mid1980s over both the Eurasian and American continents (Figure
2.13a; Robinson, 1997, 1999). Winter and autumn SCE show no
statistically significant change. Reduction in snow cover during
the mid- to late 1980s was strongly related to temperature

124

Observed Climate Variability and Change

6

66 68 70 72 74 76 78 80 82 84 86 88 90 92 94 96 90 00
Year

(b)

72 7476 78 80 82 84 86 88 90 92 94 96 98
Year

Figure 213: (a) Anomalies of monthly snow cover over the Northern
Hemisphere lands (including Greenland) between November 1966 and
May 2000. Also shown are twelve-month running anomalies of
hemispheric snow extent, plotted on the seventh month of a given
interval. Anomalies are calculated from NOAA/NESDIS snow maps.
Men hemispheric snow extent is 25.2 million km2 for the full period
of record. the curve of running means is extrapolated by using period
of record monthly means for 12 months in the late 1960s in order to
create a continuous curve of running means. Missing months fell
between May and October, and no winter months an: missing. June
1999 to May 2000 values are based on preliminary analyses. (b)
Seasonal snowcover anomalies (in million km2) versus temperature
anomalies (in °C). Both snow and temperature anomalies are area
averages over the region for which climatological values of seasonal
snow-cover frequency (based on the 1973 to 1998 period) are between
10 and 90%. Season is indicated at the top of each panel. Axis for
snow anomaly on the left-hand-side y axis, axis for temperature
anomaly is on the right-hand-side y axis. Bar plot indicates lime-series
of snow cover anomalies. Continuous colour curve indicates nine-point
weighted average of snow-cover anomaly. Dashed black curve
indicates time-series of nine-point weighted average of area average
temperature anomaly. Snow-cover calculations are based on the
NOAA/NFSDIS snow cover data for the period 1973 to 1998 (updated
from Robinson et al., 1993). Temperature calculations are based on the
Jones data set, hence anomalies are with respect to the time.period
1961 to 1990. Snow anomalies are with respect to the time period
1973 to 1998. Correlation coefficient (r) between seasonal snow cover
anomalies and temperature anomalies is indicated in parentheses.
(Figure contributed by David A. Robinson and Anjuti Bamzai, Rutgers
University.)

increases in snow covered areas (Figure 2.13b). There is a highly
significant interannual (+0.6) and multi-decadal correlation
between increases in the Northern Hemisphere spring land
temperature and a reduction in the Northern Hemisphere spring
snow cover since data have been available (1966). Snow cover
extent has decreased about 10% since 1966. The improvements in
the quantity and quality of the visible satellite imagery used to
produce the operational snow-cover product cannot account for
the observed changes in snow cover.
Longer regional time-series based on station records and
reconstructions suggest that Northern Hemisphere spring and
summer SCEs in the past decade have been at their lowest values
in the past 100 years. In the other seasons, it is likely that extents
in the latter portion of the 20th century exceeded those of earlier
years (Brown, 2000).
Reconstructions for North America suggest that while there
has been a general decrease in spring SCE since 1915, it is likely
that winter SCE has increased (Brown and Goodison, 1996; Frei
et al., 1999; Hughes and Robinson, 1996; Hughes et al., 1996).
Similar to the results in North America, in Eurasia April SCE has
significantly decreased; but lack of data has prevented an analysis
of winter trends (Brown, 2000). Over Canada, there has been a
general decrease in snow depth since 1946, especially during
spring, in agreement with decreases in SCE (Brown and Braaten,
1998). Winter depths have declined over European Russia since
1900 (Meshcherskaya et a!., 1995), but have increased elsewhere
over Russia in the past few decades (Fallot et a!., 1997). The
common thread between studies that have examined seasonality is
an overall reduction in spring snow cover in the latter half of the
20th century.
There have been relatively few studies of snowfall trends
across the globe. Statistically significant increases in seasonal
snowfall have been observed over the central USA in the 20th
century (Hughes and Robinson, 1996). In recent decades, snowfall
has also been heavier to the lee of the North American Great.
Lakes than earlier in the century (Leathers and Ellis, 1996). These
findings are in line with observations from Canada and the former
Soviet Union, reflecting a trend towards increased precipitation
over the mid-latitude lands in the Northern Hemisphere
(Groisman and Easterling, 1994; Brown and Goodison, 1996; Ye
et a!., 1998).
2.25.2 Sea-ice extent and thickness
Sea-ice extent
Sea-ice extent is expected to become a sensitive indicator of a
warming climate, although only recently have long records
become available in the Arctic, and our knowledge of Antarctic
sea-ice extent before the 1970s is very limited.
Sea-ice extent (the area within the ice-ocean margin) was
observed from space from 1973 to 1976 using the ESMR
(Electrically Scanning Microwave Radiometer) satellite-based
instrument, and then continuously from 1978 using the SSMR
(Scanning Multichannel Microwave Radiometer) (1978 to 1987)
and SSM/1(Special Sensor Microwave/Imager) (1987 to present).
By inter-calibrating data from different satellites, Bj6rgo et a!.
(1997) and subsequently Cavalieri et al. (1997) obtained uniform
monthly estimates of sea-ice extent for both hemispheres from
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Figure 114: Monthly Arctic sea-ice extent anomalies, 19731o 2000,
relative to 1973 to 1996. The data are a blend of updated Walsh (Walsh,
1978), Goddard Space Flight Center satellite passive microwave
(Scanning Multichannel Microwave Radiometer (SMMR) and Special
Sensor Microwave/Imager (SSM/1)) derived data (Cavalieri et at.,
1997) and National Centers for Environmental Prediction satellite
passive microwave derived data (Grumbine, 1996). Updated digitised
ice data for the Great Lakes are also included (Assel, 1983).

Fig 2-15: Tune-series of annual and seasonal sea-ice extent in the
Northern Hemisphere, 1901 to 1999, (Annual values from Vinnikov et
al., 1999b; seasonal values updated from Chapman and Walsh, 1993.)

November 1978 through to December 1996. Over this period, the

data before the satellite era (Vinnikov et al., 1999a). It should be

Related to the decline in sea-ice extent is a decrease in the
length of the sca-ice season (Parkinson, 2000) and an increase in
the length of the Arctic summer melting season between 1979 and
1998, also derived from satellite data. The shortest season was
1979 (57 days) and the longest was in 1998 (81 days) with an
increasing trend of 5 days per decade (Smith, 1998, updated). The
7% per decade reduction in the multi-year ice area during 1978 to
1998 is relatively large compared with an approximately
2%/decade decrease in the total ice area in winter (Johannessen et
al., 1999). This reflects greater summer melting, consistent with
the results of Smith (1998).

emphasised that the spatial coverage of earlier data is not complete,
with the largest data voids in the autumn and winter. Because few

1997; Parkinson et al., 1999) shows a weak increase of 1.3 ±

sea-ice extent over the Northern Hemisphere showed a decrease of
2.8 + 0.3%/decade (Parkinson et at., 1999), consistent with
Johannessen et al. (1995) (Figure 2.14). The Arctic decrease was
strongest in the Eastern Hemisphere and most apparent in summer
(Maslanik et al., 1996; Parkinson et al., 1999).
Hemispheric and regional data sets for the Arctic enable the
satellite-derived trends in Figure 2.14 to be placed into a century
scale context. Figure 2.15 shows annual time-series of the Northern
Hemisphere ice extent by season from 1901 to 1999 using in situ

Over the period 1979 to 1996, the Antarctic (Cavalieri et al.,

data were available, the variability of the autumn and wintertime
series in Figure 2.15 is smaller during the early decades of the
century. Essentially no data for summer and autumn are available
for the World War B period. The summer decrease that is largely

0.2%/decade. Figure 2.16 (for 1973 to 1998) shows a new
integrated data set of Antarctic sea-ice extent that was put together

responsible for the overall downward trend during the satellite era

back to 1973. While showing the same weak increase after 1979,
it also suggests greater ice extents in the mid-1970s. Although

is present during the entire second half of the 20th century (Figure

for the new European Centre for Medium-range Weather
Forecasts (ECMWF) 40-year reanalysis that extends the record

2.15). This decrease represents about 15% of the average summer

century scale time-series cannot be constructed for the Antarctic,

extent in the first half of the 20th century. Spring values show a

de la Mare (1997) has used whaling ship logs to infer significantly

somewhat weaker negative trend over the same period with a total
reduction of near 8%, but there is only a slight and uncertain

greater ice extent in the Southern Ocean during the 1930s and

downward trend in autumn and winter since about 1970.

earlier evidence, however, introduces substantial uncertainty into

The overall recent decrease of Arctic ice extent is, at first sight,
consistent with the recent pattern of high latitude temperature
change, which includes a warming over most of the sub-aretic land
areas (Section 2.2.2.1). Some of this pattern of warming has been
attributed to recent trends in the atmospheric circulation of the
North Atlantic Oscillation and its Arctic-wide manifestation, the
Arctic Oscillation (Section 2.6).

this conclusion.

1940s than during recent decades. The indirect nature of the

Antarctic Peninsula ice shelves
Although warming over Antarctica as a whole appears to have
been perhaps half of a degree in the last half century ( Jacka and
Budd, 1998), the Antarctic Peninsula has warmed more rapidly,
by more than 20C since the 1940s (King, 1994). This regional
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Figure 2.16: Monthly Antarctic sea-ice extent anomalies, 1973 to
2000, relative to 1973 to 1996. The data are a blend of National Ice
Center (NIC) chart-derived data (Knight, 1984), Goddard Space
Flight Center satellite passive-microwave ( Scanning Multichannel
Microwave Radiometer (SMMR) and Special Sensor
MicrowaveQmager (SSMA)) derived data (Cavalieri er at, 1997) and
National Centers for Environmental Prediction satellite passivemicrowave derived data (Gmmbine, 1996). It is uncertain as to
whether the decrease in interannual variability of sea ice after about
1988 is real or an observing bias.
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warming, whose cause has yet to be fully discovered (but see
Section 2.6.6), has led to a southerly migration of the climatic
limit of ice shelves so that five ice shelves have retreated over the
last century (Vaughan and Doake, 1996). The progressive retreat
of ice shelves eventually resulted in the spectacular final-stage
collapse of the Prince Gustav and parts of the Larsen ice shelves
in 1995. Each left only a small residual shelf. After the collapse,
James Ross Island, situated off the northern end of the Antarctic
Peninsula, is now circumnavigable by ship for the first time since
it was discovered in the early 19th century (Vaughan and
Lachlan-Cope, 1995)Sea-ice thickness
Our knowledge of sea-ice thickness in the Arctic comes largely
from upward sonar profiling by USA and British submarines since
1958 and 1971, respectively. Rothrock et a!. (1999) compared late
summer September to October data from 1993, 1996 and 1997
from an USA civilian submarine research programme with data
from six summer cruises from the period 1958 to 1976. Thickness
was adjusted to mid-September values to account for seasonal
variability. The significant decline in mean ice thickness was
observed for all regions, increasing from the Canada Basin towards
Europe (Figure 2.17). Overall, there was a mean reduction in
thickness of 42% from 3.1 to 1.8 m the earlier period to the present.
Wadhams and Davis (2000) have compared ice thickness
changes between October 1976 and September 1996 between
81°N and 90°N near the 00 meridian. The overall decline in mean
sea-ice thickness between 1976 and 1996 was 43%. Over every
one degree of latitude, both a significant decline in ice thickness
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Figure 2.17: Mean ice thickness at places where early cruises were
(nearly) collocated with cruises in the 1990s. Early data (1958 to 1976)
are shown by open triangles, and those from the 1990s by solid
squares, both seasonally adjusted to September 15. The small dots
show the original data before the seasonal adjustment. The crossings
are grouped into six regions separated by the solid lines. From
Rothrock et al. (1999).

and some completely open water were observed. Despite these
dramatic results, it is not known whether these changes reflect
long-term change or a major mode of multi-decadal variability.
Vinje et al. (1998) measured the thickness of ice exiting the
Arctic Ocean through Fram Strait from 1990 to 1996 using
moored upward looking sonars and reported a mther different
result. The mean annual ice thickness in Fram Strait varied from
2.64 to 3.41 m. These observations were consistent with Arctic
Ocean-wide ice thickness estimates made by drilling from Soviet
Ice Stations from 1972 to 1981 and from submarine transects
from 1960 to 1982, suggesting little change in ice thickness from
the 1960s and 1970s to the 1990s.
Nagumyi el al. (1994, 1999) used measurements of long
surface gravity waves in the Arctic ice pack to estimate the mean
ice thickness from wave attenuation. These measurements are
available for the winters of 1978/79 to 1990/91. Johannessen et
al. (1999) demonstrated a strong correlation between these ice
thickness estimates and the area of multi-year (MY) ice in the
Arctic Ocean as obtained from the SSMR and SSM/I. Both the
area of MY ice and the ice thickness (winter) estimates show a
decrease of 5 to 7%/decade, considerably less than the submarine
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estimates (late summer). Even though the satellite measurements
have continued for more than twenty years, they are inadequate
to distinguish between changes due to long-term trends or
interannual/inter-decadal variability (Johannessen et al., 1999).
2.2.5.3 Permafrost
About 25% of the land mass of the Northern Hemisphere is
underlain by permafrost, including large regions of Canada, China,
Russia and Alaska, with smaller permafrost areas in mountain
chains of many other countries in both the Northern and Southern
Hemisphere (Brown et al., 1997; Zhang et a!., 1999). Permafrost
in large part depends on climate. Over half of the world's
permafrost is at temperatures a few degrees below 0°C.
Temperature variations in near-surface permafrost (20 to 200 in
depth) can be used as a sensitive indicator of the inter-annual and
decade-to-century climatic variability and long-term changes in the
surface energy balance (Lachenbruch and Marshall, 1986;
Lachenbruch et al., 1988; Clow et at, 1991; Beltrami and Taylor,
1994; Majorowicz and Judge, 1994). Very small changes in surface
climate can produce important changes in permafrost temperatures. Lachenbruch and Marshall (1986) used climate teconsuuctions from deep (>125 in depth) temperature measurements in
permafrost to show that there has been a general warming of the
permafrost in the Alaskan Arctic of 2 to 4°C over the last century.

thickness of the active layer could be expected to increase in
response to warming of the climate. A circumpolar network to
monitor active-layer thickness at representative locations was
developed in the 1990s to track long-term trends in active layer
thickness (Nelson and Brown, 1997). Active layer thickness timeseries are becoming available (Nelson et al., 1998; Nixon and
Taylor, 1998), and evidence of increasing thaw depths is starting
to be reported (Pavlov, 1998; Wolfe et at, 2000).
2.2.5.4 Mountain glaciers
The recession of mountain glaciers was used in IPCC (1990) to
provide qualitative support to the rise in global temperatures
since the late 19th century. Work on glacier recession has considerable potential to support or qualify the instrumental record of
temperature change and to cast further light on regional or
worldwide temperature changes before the instrumental era. Two
types of data from glaciers contain climatic information: (i) mass
balance observations and (ii) data on the geometry of glaciers,
notably glacier length. More comprehensive information is now
becoming available and worldwide glacier inventories have been
updated (e.g., IAHS (ICSI)/UNEP/UNESCO, 1999). Note that
changes in the Greenland and Antarctic ice sheets are discussed
in Chapter 11.
We first discuss mass balance observations. The specific mass

Evidence of change in the southern extent of the discontin-

balance is defined as the net annual gain or loss of mass at the

uous permafrost zone in the last century has also been recorded.

glacier surface, per unit area of the surface. The mass balance

In North America, the southern boundary of the discontinuous

averaged over an entire glacier is denoted by B,°. Systematic
investigations of glacier mass balance started after 1945, so these

permafrost zone has migrated northward in response to warming
after the Little Ice Age, and continues to do so today (Thie, 1974;
Vitt et al., 1994; Halsey et a!., 1995; Laberge and Payette, 1995;

records are shorter than the instrumental climate records normally
available in the vicinity. In contrast to frequently made statements,

French and Egorov, 1998). In China both an increase in the lower

B. is not necessarily a more precise indicator of climate change

altitudinal limit of mountain permafrost and a decrease in areal

than is glacier length. Time-series of B. do contain year-to-year
variability reflecting short-temr fluctuations in meteorological

extent have been observed (Wang et a1., 2000).
Long-term monitoring of shallow permafrost began in

quantities but of concern on longer time-scales is the effect of

earnest in the last few decades. Recent analyses indicate that

changing glacier geometry. A steadily retreating glacier will get

permafrost in many regions of the earth is currently warming
(Gravis et at., 1988; Haeberli et a!., 1993: Osterkamp, 1994;

thinner and the mass balance will become more negative because

Pavlov, 1994; Wang and French, 1994; Ding, 1998; Sharkhuu,
1998; Vonder Muhll et at., 1998; Weller and Anderson, 1998;
Osterkamp and Romanovsky, 1999; Romanovsky and

surface that is not reflected in a large-scale temperature signal.
Climatic interpretation of long-term trends in of mass balance data
requires the use of coupled mass balance-ice flow models to

Osterkarnp, 1999). However, the onset, magnitude (from a few
tenths to a few degrees centigrade) and rate of warming varies
regionally, and not all sites in a given region show the same trend
(Osterkamp and Romanovsky, 1999). This variability, as well as
short-term (decadal or less) trends superimposed on long-term
(century) trends, is briefly discussed in Serreze et al. (2000).
Them has also been evidence of recent permafrost cooling into
the mid-1990s in parts of north-eastetn and north-westem
Canada (Allard et al., 1995; Bum, 1998). However, there are
regional data gaps, such as in the central and high Arctic in North
America. A new international permafrost thermal monitoring
network (Burgess et al., 2000) is being developed to help address
these gaps and document the spatial and temporal variability
across the globe.

Properties of the surface and the active layer (that having
seasonal freezing and thawing) affect surface heat exchanges in
permafrost regions. Other conditions remaining constant, the

of a slowly increasing surface air temperature due to a lowering

separate the climatic and geometric parts of the signal. Such studies
have only just begun. However, mass balance observations are
needed for estimating the contribution of glacier melt to sea level
rise, so are discussed farther in Chapter 11.

A wealth of information exists on the geometry of valley
glaciers. Glacier records are very useful for studies of Holocene
climate variability (e.g., Haeberh et a!., 1998; and Section 2.4).
Written documents going back to the 16th century exist that
describe catastrophic floods caused by the bursting of glacierdammed lakes or amble land and farms destroyed by advancing
glaciers, e.g., in 18th century Norway (0strem et al., 1977). A
large amount of information is available from sketches, etchings,
paintings and old photographs of glaciers, though many show the
same glaciers (Holzhauser and Zumbuhl, 1996). About fifty
glaciers have two or more useful pictures from distinctly different
times. In many cases geomorphologic evidence in the form of
terminal moraines and trimlines can be used as reliable comple-
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mentary information to construct the history of a glacier over the
last few centuries. Systematic mapping of glaciers started only
100 years ago and has been limited to a few glaciers. The most
comprehensive data are of length variations. Glacier length
records complement Ne instrumental meteorological record
because (i) some extend further back in time; (ii) some records
are from remote regions where few meteorological observations
exist; (iii) on average, glaciers exist at a significantly higher
altitude than meteorological stations.
The last point is of particular interest in the light of the
discrepancy between recent tropical glacier length reduction and
lack of warming in the lower troposphere since 1979 indicated by
satellites and radiosondes in the tropics (Section 2.2.3). Longterm monitoring of glacier extent provides abundant evidence
that tropical glaciers are receding at an increasing rate in all
tropical mountain areas. This applies to the tropical Andes
(Brecher and Thompson, 1993; Hastenmth and Ames, 1995;
Ames, 1998), Mount Kenya and Kilimanjaro (Hastenrath and
Kruss, 1992; Hastenrath and Greischar, 1997) and to the glaciers
in Irian Jaya (Peterson and Peterson, 1994).
Relating mass balance fluctuations to meteorological
conditions is more complicated for tropical glaciers than for midand high latitude glaciers, and it has not been demonstrated that
temperature is the most important factor. Nevertheless, the fast
glacier recession in the tropics seems at first sight to be consistent
with an increase in tropical freezing heights of 100 in over the
period 1970 to 1986 as reported by Diaz and Graham (1996),
corresponding to an increase of 0.5°C at tropical high mountain
levels, which they also link to increases in tropical SST since the
mid-1970s (Figure 2.10). However, although Gaffen et al. (2000)
found a similar increase over 1960 to 1997, they found a lowering
of freezing level over 1979 to 1997 which, at least superficially,
is not consistent with glacier recession.
Figure 2.18 shows a representative selection of glacier length
records from different pails of the world and updates the diagram
in IPCC (1990). It is clear from Figure 2.18 that glacier retreat on
the century time-scale is worldwide. The available data suggest that
this retreat generally started later at high latitudes but in low and
mid-latitudes the retreat generally started in the mid-19th century.
On the global scale, air temperature is considered by most
glaciologists to be the most important factor reflecting glacier
retreat. This is based on calculations with mass balance models
(Greuell and Oerlemans, 1987; Oerlemans, 1992; Fleming et at,
1997; J6hannesson, 1997). For a typical mid-latitude glacier, a
30% decrease in cloudiness or a 25% decrease in precipitation
would have the same effect as a I°C temperature rise. Such
changes in cloudiness or precipitation can occur locally or even
regionally on a decadal time-scale associated with changes in
circulation, but global trends of this size on a century time-scale
are very unlikely. As mentioned in the SAR, Oerlemans (1994)
concluded that a warming rate of 0.66 ± 0.20°C per century at the
mean glacier altitude could explain the linear part of the observed
retreat of 48 widely distributed glaciers.
Glaciers are generally not in equilibrium with the prevailing
climatic conditions and a more refined analysis should deal with
the different response times of glaciers which involves modelling
(Oerlemans et a!., 1998). It will take some time before a large
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Figure 218: A collection of twenty glacier length records fmm
different parts of the world. Curves have been translated along the
vertical axis to make them fit in one frame. The geographical distribulion of the data is also shown, though a single triangle may represent
more than one glacier. Data are from the World Glacier Monitoring
Service (http://www.geo.unizh.ch/wgmst) with some additions from
various unpublished sources.
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number of glaciers are modelled. Nevertheless, work done so far
indicates that the response times of glacier lengths shown in
Figure 2.18 are in the 10 to 70 year range. Therefore the timing
of the onset of glacier retreat implies that a significant global
warming is likely to have started not later than the mid-19th
century. This conflicts with the Jones et al. (2001) global land
instrumental temperature data (Figure 2.1), and the combined
hemispheric and global land and marine data (Figure 2.7), where
clear warming is not seen until the beginning of the 20th century.
This conclusion also conflicts with some (but not all) of the
palaeo-temperature reconstructions in Figure 2.21, Section 2.3 ,
where clear warming, e.g., in the Mann et al. (1999) Northern
Hemisphere series, starts at about the same time as in the Jones
et al. (2001) data. These discrepancies are currently unexplained.
For the last two to three decades, far more records have been
available than are shown in Figure 2.18. Many are documented at
the World Glacier Monitoring Service in Zurich, Switzerland
(e.g., fAHS (ICSJ)/UNBP/UNESCO, 1998) The general picture
is one of widespread retreat, notably in Alaska, Franz-Josef Land,
Asia, the Alps, Indonesia and Africa, and tropical and subtropical regions of South America. In a few regions a considerable number of glaciers are currently advancing (e.g., Western
Norway, New Zealand). In Norway this is very likely to be due to
increases in precipitation owing to the positive phase of the North
Atlantic Oscillation (Section 2.6), and in the Southern Alps of
New Zealandand due to wetter conditions with little warming
since about 1980. Finally, indications in the European Alps that
current glacier recession is reaching levels not seen for perhaps a
few thousand years comes from the exposure of radiocarbondated ancient remains in high glacial saddles. Here there is no
significant ice flow and melting is assumed to have taken place in
situ for the first time in millennia (e.g., the finding of the 5,000year-old Oetzal "ice man").

2.2.5.5 Lake and river ice
Numerous studies suggest the importance of lake and river ice
break-up as an index of climate variability and change, especially
as related to temperature and snow cover (Palecki and Barry,
1986; Schindler et al., 1990; Robertson et al., 1992; Assel and
Robertson, 1995; Anderson et al., 1996; Wynne et a!., 1998;
Magnuson et al., 2000). Records of lake and river ice can be used
to independently evaluate changes of temperature and, to some
extent, snow cover. Like other proxy measurements they have
limitations, and are subject to their own time-dependent biases
such as changes in observers and protocols related to the identification of "ice on" and "ice off" conditions. Larger lakes oftgn
have the best records, but are often located new human settlements which can affect the homogeneity of the record, e.g.,
associated cooling water discharges and urban heat islands, so
care is needed to select suitable lakesA recent analysis has been made of trends in 39 extensive
Northern Hemisphere lake and river ice records over the 150-year
period from 1846 to 1995. Ice break-up dates now occur on
average about nine days earlier in the spring than at the beginning
of the record, and autumn freeze-up occurs on average about ten
days later (Magnuson et al., 2000). Only one of the 39 records, in
Japan, showed changes that indicate a slight cooling.
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2.2,6 Are the Retreat of Glaciers, Sea Ice, and Snow Cover
Consistent with the Surface Temperature Trends?
A significant relationship has been found between interannual
variations (correlation = -0.60) of the Northern Hemisphere
snow-cover extent and land-surface air temperature in spring
since the 1960s. However, the observed increase in temperature
during the winter is not reflected in a reduced snow-cover extent.
Reduced ice cover on the Northern Hemisphere lakes and rivers,
primarily due to earlier onset in spring of ice-free conditions
during the 20th century, is consistent with reduced snow cover
extent in that season. Sea-ice retreat in the Arctic spring and
summer is also consistent with an increase in spring, and to a
lesser extent, summer temperatures in the high northern latitudesSummer temperature increases have been less than in spring in
nearby land areas, but Arctic sea-ice extent and especially
thickness have markedly decreased. Nevertheless, there is only a
small indication of reduced Arctic sea ice during winter when
temperatures have also increased. Antarctic sea-ice extent has not
decreased since the late 1970s, possibly related to recent indications of little change in Antarctic temperatures over much of the
continent in that period . There is now ample evidence to support
a major retreat of most mountain glaciers during the last 100
years in response to widespread increases in temperature. There
has been especially fast glacial recession in the tropics in recent
decades, although tropical temperatures in the free atmosphere
new glacier levels have increased little since 1980 according to
radiosonde and MSU data.
2.2.7 Summary
Global surface temperatures have increased between 0.4 and 0.8°C
since the late 19th century, but most of this increase has Occurred
in two distinct periods, 1910 to 1945 and since 1976. The rate of
temperature increase since 1976 has been over 0.15°Gdecade. Our
confidence in the rate of warming has increased since the SAR due
to new analyses including: model simulations using observed SSTs
with and without corrections for time-dependent biases, new
studies of the effect of urbanisation on global land temperature
trends, new evidence for mass ablation of glaciers, continued
reductions in snow-cover extent, and a significant reduction in
Arctic sea-ice extent in spring and summer, and in thickness.
However, there is some disagreement between warming rates in the
various land and ocean-based data sets in the 1990s, though all
agree on appreciable warming.

New analyses of mean daily maximum and minimum temperatures continue to support a reduction in the diumal temperature
range with minimum temperatures increasing at about twice the
rate of maximum temperatures over the second half of the 20th
century. Seasonally, the greatest warming since 1976 over land has
occurred during the Northern Hemisphere winter and spring, but
significant warming has also occurred in the Northern Hemisphere
summer. Southern Hemisphere warming has also been strongest
during the winter over land, but little difference between the
seasons is apparent when both land and oceans are considered. The
largest rates of warming continue to be found in the mid- and high
latitude continental regions of the Northern Hemisphere.
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Analyses of overall temperature trends in the low to midtroposphere and near the surface since 1958 are in good
agreement, with a warming of about 0.1°C per decade. Since the
beginning of the satellite record (1979), however, low to midtroposphere temperatures have warmed in both satellite and
weather balloon records at a global rate of only 0.04 and
0.03°Cldecade respectively. This is about 0.12°Cldecade less
than the rate of temperature increase new the surface since 1979.
About half of this difference in warming rate is very likely to be
due to the combination of differences in spatial coverage and the
real physical affects of volcanoes and ENSO (Sauter et al., 2000),
see also Chapter 12. The remaining difference remains
unexplained, but is likely to be real. In the stratosphere, both
satellites and weather balloons continue to show substantial
cooling. The faster rate of recession of tropical mountain glaciers
in the last twenty years than might have been expected from the
MSU and radiosonde records remains unexplained, though some
glaciers may still be responding to the warming indicated by
radiosondes that occurred around 1976 to 1981.

2.3 Is the Recent Warming Unusual?
2.3.1 Background
To determine whether 20th century warming is unusual, it is
essential to place it in the context of longer-term climate
variability. Owing to the sparseness of instrumental climate
records prior to the 20th century (especially prior to the mid- 19th
century), estimates of global climate variability during past
centuries most often rely upon indirect "proxy" indicators natural or human documentary archives that record past climate
variations, but must be calibrated against instrumental data for a
meaningful climate interpretation (Bradley, 1999, gives a
review). Coarsely resolved climate trends over several centuries
are evident in many regions e.g., from the recession of glaciers
(Grove and Switsur, 1994; and Section 2.2.5.4) or the geothermal
information provided by borehole measurements (Pollack et at,
1998). Large-scale estimates of decadal, annual or seasonal
climate variations in past centuries, however, must rely upon
sources that resolve annual or seasonal climatic variations. Such
proxy information includes width and density measurements
from tree rings (e.g., Cook, 1995; see Fritts, 1991, for a review),
layer thickness from laminated sediment cores (e.g., Hughen et
al., 1996; Lamoureux and Bradley, 1996), isotopes, chemistry,
and accumulation from annually resolved ice cores (e.g.,
Claussen et at, 1995; Fisher et at, 1998), isotopes from corals
(e.g., 7hdhope et at, 1995; Dunbar and Cole, 1999), and the
sparse historical documentary evidence available over the globe
during the past few centuries (see e.g., Bradley and Jones, 1995;
Pfister et at, 1998). Taken as a whole, such proxy climate data
can provide global scale sampling of climate variations several
centuries into the past, with the potential to resolve large-scale
patterns of climate change prior to the instrumental period, albeit
with important limitations and uncertainties.
The SAR examined evidence for climate change in the past,
on time-scales of centuries to millennia. Based on information
from a variety of proxy climate indicators, reconstructions of
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mountain glacier mass and extent, and geothermal subsurface
information from boreholes, it was concluded that summer temperatures in the Northern, Hemisphere during recent decades are the
warmest in at least six centuries- While data prior to AD 1401) were
considered too sparse for reliable inferences regarding hemispheric
or global mean temperatures, regional inferences were nonetheless
made about climate changes further back in time.
Since the SAR, a number of studies based on considerably
expanded databases of palaeoclimate information have allowed
more decisive conclusions about the spatial and temporal patterns
of climate change in past centuries. A number of important
advances have been in key areas such as ice core palaeoclimatology (e.g., White et al., 1998a), dendroclimatology (e.g., Cook,
1995; Briffa et at, 1998b), and geothermal palaeo-temperature
estimation (e.g., Pollack et at, 1998). Moreover, the latest studies
based on global networks of "multi-proxy" data have proved
particularly useful for describing global or hemispheric patterns
of climate variability in past centuries (e.g., Bradley and Jones,
1993; Hughes and Din, 1994; Mann et at, 1995; Fisher, 1997;
Overpeck et at, 1997; Mann et at, 1998, 1999). Such estimates
allow the observed trends of the 20th century to be put in a
longer-term perspective. These have also allowed better comparisons with possible physical influences on climate forcings (Lean
et at, 1995; Crowley and Kim, 1996, 1999; Overpeck et at,
1997; Mann et at, 1998; Waple et at, 2001), and for new evaluations of the low-frequency climate variability exhibited by
numerical climate models (Barnett et at, 1996; Jones et al, 1998;
Crowley and Kim, 1999; Delwonh and Mann, 2000).
2.3.2 Temperature of the Past 1,000 Years
The past 1,000 years are a particularly important time-frame for
assessing the background natural variability of the climate for
climate change detection. Astronomical boundary conditions
have strayed relatively little from their modem-day values over
this interval (but see Section 2.3.4 for a possible caveat) and, with
the latest evidence, the spatial extent of large-scale climate
change during the past millennium can now be meaningfully
characterised (Briffa et at, 1998b; Jones et at, 1998; Mann et at.
1998; 1999; 2000a; 2000b). Moreover, estimates of volcanic and
solar climate forcings are also possible over this period, allowing
model-based estimates of their climate effects ( Crowley and
Kim, 1999; Free and Robock, 1999).
2.3.2.1 Falacoclimare proxy indicators
A "proxy" climate indicator is a local record that is interpreted
using physical or biophysical principles to represent some
combination of climate-related variations back in time.
Palaeoclimate proxy indicators have the potential to provide
evidence for large-scale climatic changes prior to the existence of
widespread instrumental or historical documentary records.
Typically, the interpretation of a proxy climate record is complicated by the presence of "noise" in which climate information is
immersed, and a variety of possible distortions of the underlying
climate information (e.g., Bradley, 1999; Ren, 1999a,b). Careful
calibration and cross-validation procedures are necessary to
establish a reliable relationship between a proxy indicator and the
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climatic variable or variables it is assumed to represent, providing
a "transfer" function through which past climatic conditions can
be estimated. High-resolution proxy climate indicators, including
tree rings, corals,. ice cores, and laminated lake/mean sediments,
can be used to provide detailed information on annual or nearannual climate variations back in time. Certain coarser resolution
proxy information (from e.g., boreholes, glacial moraines, and
non-laminated ocean sediment records) can usefully supplement
this high-resolution information. Important recent advances in
the development and interpretation of proxy climate indicators
are described below.
Tree rings
Tree-ring records of past climate are precisely dated, annually
resolved, and can be well calibrated and verified (Fritts, 1976).
They typically extend from the present to several centuries or
more into the past, and so are useful for documenting climate
change in terrestrial regions of the globe. Many recent studies
have sought to reconstruct warm-season and annual temperatures
several centuries or more ago from either the width or the density
of annual growth rings (Briffa et al., 1995; D'Arrigo et al., 1996;
Jacoby et al., 1996; D'Arrigo et al., 1998; Wiles et al., 1998;
Hughes et at, 1999; Cook et al., 2000). Recently, there has been

useful when supplemented by other types of proxy information in
"multi-proxy" estimates of past temperature change (Overpeck a
al., 1997; Jones et a!., 1998; Mann et al., 1998; 1999; 2000a;
2000b; Crowley and Lowery, 2000).
Corals
Palaeoclimate reconstructions from corals provide insights into
the past variability of the tropical and sub-tropical oceans and
atmosphere, prior to the instrumental period, at annual or seasonal
resolutions, making them a key addition to terrestrial information.
Because of their potential to sample climate variations in ENSOsensitive regions, a modest network of high-quality coral site
records can resolve key large-scale patterns of climate variability
(Evans et at, 1998). The corals used for palaeoclimate reconstruction grow throughout the tropics in relatively shallow waters, often
living for several centuries. Accurate annual age estimates are
possible for most sites using a combination of annual variations in
skeletal density and geochemical parameters. Palaeoclimate
reconstructions from corals generally rely on geochemical chamcteristics of the coral skeleton such as temporal variations in trace
elements or stable isotopes or, less frequently, on density or
variations in fluorescence. Dunbar and Cole (1999) review the use
of coral records for palaeoclimatic reconstruction.

a concerted effort to develop spatial reconstructions of past
temperature variations (e.g., Briffa et al., 1996) and estimates of
hemispheric and global temperature change (e.g., Briffa et al.,

Ice cores

1998b; Briffa, 2000). Tree-ring networks are also now being used
in reconstruct important indices of climate variability over several
centuries such as the Southern Oscillation Index ( Stable et al.,

the islands of the North Atlantic and Arctic Oceans, Antarctica,

1998), the North Atlantic Oscillation (Cook et al., 1998; Cullen et
at., 2001) and the Antarctic Oscillation Index (Villalba et a!.,
1997) (see also Section 2.6), as well as patterns of pre-instm-

indicators include stable isotopes (e.g., 110), the fraction of

mental precipitation and drought (Section 2.5.2.2).

of dust pollen, and trace gases such as Cl-Lt and CO,

Ice cores from polar regions of northern Greenland, Canada and
and alpine, tropical and sub-tropical locations (e.g., Thompson,
1996) can provide several climate-related indicators. These
melting ice, the rate of accumulation of precipitation, concentrations of various salts and acids, the implied atmospheric loading

Several important caveats must be home in mind when using

Recently, there has been increased activity in creating high-

tree-ring data for palaeoclimate reconstructions. Not least is the

resolution Antarctic ice core series e.g., for the past millennium
(Peel et al., 1996; Mayewski and Goodwin, 1997; Morgan and

intrinsic sampling bias. Tree-ring information is available only in
terrestrial regions, so is not available over substantial regions of

van Ommen, 1997). In certain regions, isotope information from

the globe, and the climate signals contained in tree-ring density or
width data reflect a complex biological response to climate

ice cores shows the late 20th century temperatures as the warmest
few decades in the last 1,000 years (Thompson et a!., 2000a). Key

forcing. Non-climatic growth trends must be removed from the
tree-ring chronology, making it difficult to resolve time-scales
longer than the lengths of the constituent chronologies (Briffa,
2000). Furthermore, the biological response to climate forcing

or even seasonal where accumulations rates are particularly high
- see van Ommen and Morgan, 1996, 1997), availability in polar

strengths of ice core information are their high resolution (annual

may change over time. There is evidence, for example, that high

and high-elevation regions where other types of proxy climate
information like tree-ring data are not available, and their

latitude tree-ring density variations have changed in their response

provision of multiple climate- and atmosphere-related variables

to temperature in recent decades, associated with possible nonclimatic factors (Briffa et at, 1998a). By contrast, Vaganov et al.

from the same reasonably well dated physical location (e.g., the

(1999) have presented evidence that such changes may actually be
climatic and result from the effects of increasing winter precipita-

regional sampling bias (high elevation or high latitude) and melt

tion on the starting date of the growing season (see Section
2.7.2.2). Carbon dioxide fertilization may also have an influence,

accurately.

particularly on high-elevation drought-sensitive tree species,
although attempts have been made to correct for this effect where
appropriate (Mann et at, 1999). Thus climate reconstructions
based entirely on tree-ring data are susceptible to several sources
of contamination or non-stationarity of response. For these
reasons, investigators have increasingly found tree-ring data most

GISP2 core; White et a!., 1998a). A weakness of ice core data is
water and precipitation accumulation data are not easy to date

The best dated series are based on sub-annual sampling of
cores and the counting of seasonal ice layers. Such series may
have absolute dating errors as small as a few years in a millennium
(Fisher et at., 1996). Dating is sometimes performed using
volcanic acid layers with assumed dates (e.g., Clausen et al.,
1995) but uncertainties in the volcanic dates can result in dating
uncertainties throughout the core (Fisher et a!., 1998).
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Lake and ocean sediments
Annually laminated (varved) lake sediments offer considerable
potential as high-resolution archives of palaeo-environmental
conditions where other high-resolution proxy indicators are not
available (e.g., and terrestrial regions), and latitudes poleward of
the treeline (Lamoureux and Bradley, 1996; Wohlfarth et al.,
1998; Hughen et al., 2000). When annual deposition of the varves
can be independently confirmed (e.g., through radiometric
dating), they provide seasonal to interannual resolution over
centuries to millennia. Varved sediments can be formed from
biological processes or from the deposition of inorganic
sediments, both of which are often influenced by climate
variations. Three primary climate variables may influence lake
varves: (a) summer temperature, serving as an index of the
energy available to melt the seasonal snowpack, or snow and ice
on glaciers; (b) winter snowfall, which governs the volume of
discharge capable of mobilising sediments when melting; and (c)
minfall. Laminated lake sediments dominated by (a) can be used
for inferences about past high latitude summer temperature
changes (e.g., Overpeck et al., 1997), while sediments dominated
by the latter two influences can be used to estimate past drought
and precipitation patterns (Section 2.5.2.2).
Ocean sediments may also be useful for high-resolution
climate reconstructions. In rare examples, annually laminated
sediments can be found (e.g., Hughen et al., 1996; Black et al.,
1999) and it is possible to incorporate isotope and other information in climate reconstructions, much as varved lake sediments
are used. Otherwise, sedimentation rates may sometimes still be
sufficiently high that century-scale variability is resolvable (e.g.,
the Bermuda rise ocean sediment oxygen isotope record of
Keigwin, 1996). Dating in such cases, however, must rely on
radiometric methods with relatively poor age control.
Borehole measurements
Borehole measurements attempt to relate profiles of temperature
with depth to the history of temperature change at the ground
surface. The present global database of more than 600 borehole
temperature-depth profiles has the densest geographic coverage
in North America and Europe, but sparser data are available in
other regions (e.g., Australia, Asia, Africa and South America).
The depths of the temperature profiles range from about 200 to
greater than 1,000 in, allowing palaeo-temperature reconstructions back several hundred to a thousand years. Although largescale temperature reconstructions have been made to more than a
millennium ago (Huang et al., 1997), they show substantial
sensitivity to assumptions that are needed to convert the temperature profiles to ground surface temperature changes. Borehole
data are probably most useful for climate reconstructions over the
last five centuries (Pollack et al., 1998).
Figure 2.19 shows a reconstructed global ground surface
temperature history (Pollack et a!., 1998; see also Huang et al.,
2000) from an average of the 358 individual sites, most located
in North America and Eurasia, but some located in Africa, South
America and Australia ( similar results are obtained by Huang et
al., 2000, using an updated network of 616 sites). Superimposed
is an instrumental estimate of global surface air temperature
(Jones and Briffa, 1992). The ensemble of reconstructions shows
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Figure 2.19: Reconstructed global ground temperature estimate from
borehole data over the past five centuries, relative to present day.
Shaded areas represent * two standard errors about the mean history
(Pollack et at, 1998). Superimposed is a smoothed (five-year running
average) of the global surface air temperature instrumental record since
1860 (Jones and Britfa, 1992).

that the average ground temperature of the Earth has increased by
about 0.5°C during the 20th century, and that this was the
warmest of the past five centuries. About 80% of the sites experienced a net warming over this period. The estimated mean
cumulative ground surface temperature change since 1500 is
close to 1.0 ± 0.3°C. Uncertainties due to spatial sampling (see
Pollack et al., 1998 and Huang et al., 2000) are also shown. It
should be noted that the temporal resolution of the borehole
estimates decreases sharply back in time, making it perilous to
compare the shape of the trend shown in Figure 2.19 with betterresolved trends determined from higher-resolution climate proxy
data discussed below.
While borehole data provide a direct estimate of ground
surface temperatures under certain simplifying assumptions
about the geothermal properties of the earth near the borehole, a
number of factors complicate their interpretation. Non-temperature-related factors such as land use changes, natural land cover
variations, long-term variations in winter snow cover and soil
moisture change the sub-surface thermal properties and weaken
the interpretation of the reconstructions as estimates of surface air
temperature change. In central England, where seasonal snow
cover is not significant, and major land-use changes occurred
many centuries ago, borehole ground surface temperature trends
do tend to be similar to those in long instrumental records (Jones,
1999). In contrast, Skinner and Majorowicz ( 1999) show that
borehole estimates of ground surface temperature warming
during the 20th century in north-westem North America are I to
2°C greater than in corresponding instrumental estimates of
surface air temperature. They suggest that this discrepancy may
be due to land-use changes that can enhance warming of the
ground surface relative to that of the overlying atmospheric
boundary layer (see also Lewis, 1998). Such factors need to be
better understood before borehole temperature measurements can
be confidently interpreted.
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Documentary evidence
Historical documentary data are valuable sources of
information about past climate (e.g., Brown and Issar, 1998;
Bradley, 1999). However, their use requires great care, as such
documents may be biased towards describing only the more
extreme events, and are, in certain cases, prone to the use of
inconsistent language between different writers and different
epochs, and to errors in dating. As for all proxy information,
historical documents require careful calibration and verification
against modem instrumental data. Two areas particularly strong
in historical documents describing climate are Europe and China.
In Europe, attempts have been made to extend long climate series
back in time using a combination of documentary evidence and
fragmentary instrumental records (e.g., Pfister, 1995; Pfister et
al., 1998). Additional information about past climate change has
also been obtained purely from documentary records in Europe
(e.g., Martin-Vide and Barriendos, 1995; Brazdil, 1996; Pfister et
at, 1996, 1998, 1999; Pfister and BrSzdil, 1999; Rodrigo et at,
1999). In China, regional instrumental temperature series have
been extended back over much of the past millennium using
documentary data combined with inferences from ice cores and
tree rings (Wang et at, 1998a, 1998b; Wang and Gong, 2000).

retreats) of mountain glaciers. Owing to the complex balance

8 respectively). Mann et at (1998) reconstructed global patterns
of annual surface temperature several centuries back in time. They
calibrated a combined terrestrial (tree ring, ice core and historical
documentary indicator) and marine (coral) multi-proxy climate
network against dominant patterns of 20th century global surface
temperature- Averaging the reconstructed temperature patterns
over the far more data-rich Northern Hemisphere half of the
global domain, they estimated the Northern Hemisphere mean
temperature back to AD 1400, a reconstruction which had significant skill in independent cross-validation tests. Self-consistent
estimates were also made of the uncertainties. This work has now
been extended back to AD 1000 (Figure 2.20, based on Mann et
at, 1999). The uncertainties (the shaded region in Figure 2.20)
expand considerably in earlier centuries because of the sparse
network' of proxy data. Taking into account these substantial
uncertainties, Mann et at (1999) concluded that the 1990s were
likely to have been the warmest decade, and 1998 the warmest
year, of the past millennium for at least the Northern Hemisphere.
Jones et at (1998) came to a similar conclusion from largely
independent data and an entirely independent methodology.
Crowley and Lowery (2000) reached the similar conclusion that
medieval temperatures were no warmer than mid-20th century
temperatures. Borehole data (Pollack et at, 1998) independently
support this conclusion for the past 500 years although, as
discussed earlier (Section 2.3.2.1), detailed interpretations
comparison with long-term trends from such of such data are
perilous owing to loss of temporal resolution back in time.

between local changes in melting and ice accumulation, and the
effects of topography which influence mountain glaciers (see

The largely independent multi-proxy Northern Hemisphere
temperature reconstructions of Jones et al. (1998) and Mann et

Section 2.2.5.4), it is difficult to reconstruct regional (as opposed
to global) climate changes from the extent of mountain glaciers

at (1999) are compared in Figure 2.21, together with an

alone (Oerlemans, 1989). For example, both increased winter
precipitation ( through greater accumulation) and lower summer

temperature estimate by Briffa (2000) based on tree-ring density

temperatures (through decreased melting or "ablation") can lead

smoothed Mann et at series. Significant differences between the
three reconstructions are evident during the 17th and early 19th

Mountain glacier moraines
The position of moraines or till left b ehind by receding glaciers
can provide information on the advances (and, less accurately, the

to more positive glacial mass balances. The inertia of large
glaciers dictates that they respond to climate change relatively
slowly, with delays of decades or occasionally centuries. For
smaller, fast moving glaciers in regions where precipitation and
accumulation are moderate, temperature changes are usually the
dominant factor influencing mountain glacier masses and

independent (extra-tropical, warm-season) Northern Hemisphere
data. The estimated uncertainties shown are those for the

centuries where either the Briffa et at or Jones et at series lie
outside the estimated uncertainties in the Mann et al. series.
Much of these differences appear to result from the different
latitudinal and seasonal emphases of the temperature estimates.
This conclusion is supported by the observation that the Mann et

lengths. Here glacier moraine evidence in combination with other

at hemispheric temperature average, when restricted to just the

lines of evidence can provide reliable information on past
regional temperature changes ( Salinger, 1995; Holzhauser and
Zumbuhl, 1996; Raper et at, 1996; Salinger et a1., 1996).

extra-tropical (30 to 70°N band) region of the Northern
Hemisphere, shows greater similarity in its trend over the past

2.3.2.2 Multi-proxy synthesis of recent temperature change
Since the SAR there have been several attempts to combine
various types of high-resolution proxy climate indicators to create
large-scale palaeoclimate reconstructions that build on earlier
work by e.g., Bradley and Jones (1993); Hughes and Diaz (1994)
and Mann et at (1995). Overpeck et at (1997) and Fisher (1997)
have sought to combine information from ice cores, varved lake
sediment cores, and tree rings to reconstruct high latitude climate
trends for past centuries. ]ones et al. (1998) estimated extratropical Northern and Southern Hemisphere warm-season temper
ature changes during the past millennium using a sparse set of
extra-tropical warm-season temperature proxy indicators (10 and

few centuries to the Jones et at reconstruction. The differences
between these reconstructions emphasise the importance of
regional and seasonal variations in climate change. These are
discussed in the next section.

2.3.3 Was there a`Zittle Ice Age" and a "Medieval Warm
Period"?
The terms "Little Ice Age" and "Medieval Warm Period" have
been used to describe two past climate epochs in Europe and
neighbouring regions during roughly the 17th to 19th and 1 I th to
14th centuries, respectively. The timing, however, of these cold
and warm periods has recently been demonstrated to vary
geographically over the globe in a considerable way (Bradley and
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Figure 2.20: Millennial Northern Hemisphere (NH) temperature reconstruction (blue) and instrumental data (red) from AD 1000 to 1999. adapted
from Mann et al. (1999). Smoother version of NH series (black), linear trend from AD 1000 to 1850 (purple-dashed) and two standard error IimiLs
(grey shaded) are shown.

Mann at al., 1999, reconstruction (annual mean, full hemisphere)
Mann at al, 1999, reconstruction (annual mean, 30°N to 70°N latitude band)
Jones at al. 1998, reconstruction (summer, extra-tropical emphasis)
Briffa, 2000, reconstruction (tree-ring density only, summer, extra-tropical)
Instrumental data (annual mean, full hemisphere)

Year
Figure 2.21: Comparison of warm-season (]ones et at, 1998) and annual mean (Mann et a1., 1998, 1999) multi-proxy-based and warm season
nee-ring-baced (Briffa, 2000) millennial Northern Hemisphere temperature reconstructions. The recent instrumental annual mean Northern
Hemisphere temperature record to 1999 is shown for comparison. Also shown is an extra-tropical sampling of the Mann et a!. (1999) temperature
pattern reconstructions more directly comparable in its latitudinal sampling to the Jones et a!. series. The self-consistently estimated two standard
error limits (shaded region) for the smoothed Mann et al. (1999) series are shown. The horizontal zero line denotes the 1961 to 1990 reference
period mean temperature. AU series were smoothed with a 40-year Hamming-weights lowpa" filter, with boundary constraints imposed by
padding the series with its mean values during the first and last 25 years.
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Jones, 1993; Hughes and Diaz, 1994; Crowley and Lowery, 2000).
Evidence from mountain glaciers does suggest increased glaciation in a number of widely spread regions outside Europe prior to
the 20th century, including Alaska, New Zealand and Patagonia
(Grove and Switsur, 1994). However, the timing of maximum
glacial advances in these regions differs considerably, suggesting
that they may represent largely independent regional climate
changes, not a globally-synchronous increased glaciation (see
Bradley, 1999). Thus current evidence does not support globally
synchronous periods of anomalous cold or warmth over this
timeframe, and the conventional terms of "Little Ice Age" and
"Medieval Warm Period" appear to have limited utility in
describing trends in hemispheric or global mean temperature
changes in past centuries- With the more widespread proxy data
and multi-proxy reconstructions of temperature change now
available, the spatial and temporal character of these putative
climate epochs can be reassessed.
Mann et at (1998) and Jones et al. (1998) support the idea
that the 15th to 19th centuries were the coldest of the millennium
over the Northern Hemisphere overall. However, viewed
hemispherically, the "Little Ice Age" can only be considered as a
modest cooling of the Northern Hemisphere during this period of
less than I°C relative to late 20th century levels (Bradley and
Jones, 1993; Jones et al., 1998; Mann et at, 1998; 1999; Crowley
and Lowery, 2000). Cold conditions appear, however, to have been
considerably more pronounced in particular regions. Such regional
variability can be understood in part as reflecting accompanying
changes in atmospheric circulation. The "Little Ice Age" appears
to have been most clearly expressed in the North Atlantic region as
altered patterns of atmospheric circulation (O'Brien er at, 1995).
Unusually cold, dry winters in central Europe (e.g., I to 2°C below
normal during the late 17th century) were very likely to have been
associated with more frequent flows of continental air from the
north-east (Wanner et at., 1995; Pfister, 1999). Such conditions are
consistent (Luterbacher et at, 1999) with the negative or enhanced
easterly wind phase of the NAO (Sections 2.2.2.3 and 2.6.5),
which implies both warm and cold anomalies over different
regions in the North Atlantic sector. Such strong influences on
European temperature demonstrate the difficulty in extrapolating
the sparse early information about European climate change to the
hemispheric, let alone global, scale. While past changes in the
NAO have likely had an influence in eastern North America,
changes in the El Nino phenomenon (see also Section 2.6), are
likely to have had a particularly significant influence on regional
temperature patterns over North America.

The hemispherically averaged coldness of the 17th century
largely reflected cold conditions in Eurasia, while cold
hemispheric conditions in the 19th century were more associated
with cold conditions in North America (]ones et at, 1998; Mann
et at, 2000b). So, while the coldest decades of the 19th century
appear to have been approximately 0.6 to 0.7°C colder than the
latter decades of the 20th century in the hemispheric mean (Mann
et at, 1998), the coldest decades for the North American
continent were closer to 1.5°C colder (Mann et at, 2IX10b). In
addition, the timing of peak coldness was often specific to particular seasons. In Switzerland, for example, the first particularly
cold winters appear to have been in the 1560s, with cold springs
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beginning around 1568, and with 1573 the first unusually cold
summer (Pfister, 1995).
The evidence for temperature changes in past centuries in
the Southern Hemisphere is quite sparse. What evidence is
available at the hemispheric scale for summer (Jones et al., 1998)
and annual mean conditions (Mann et at, 2000b) suggests
markedly different behaviour from the Northern Hemisphere.
The only obvious similarity is the unprecedented warmth of the
late 20th century. Speleothem evidence (isotopic evidence from
calcite deposition in stalagmites and stalactites) from South
Africa indicates anomalously cold conditions only prior to the
19th century, while speleothem (records derived from analysing
stalagmites and stalagtites) and glacier evidence from the
Southern Alps of New Zealand suggests cold conditions during
the mid-17th and mid-19th centuries (Salinger, 1995).
Dendroclimatic evidence from nearby Tasmania (Cook et at,
2000) shows no evidence of unusual coldness at these times.
Differences in the seasons most represented by this proxy
information prevent a more direct comparison.
As with the "Little Ice Age", the posited "Medieval Warm
Period" appears to have been less distinct, more moderate in
amplitude, and somewhat different in timing at the hemispheric
scale than is typically inferred for the conventionally-defined
European epoch. The Northern Hemisphere mean temperature
estimates of Jones et al. (1998), Mann er al. (1999), and Crowley
and Lowery ( 2000) show temperatures from the Ilth to 14th
centuries to be about 0.2°C warmer than those from the 15th to
19th centuries, but rather below mid-20th century temperatures.
The long-tenn hemispheric trend is best described as a modest
and irregular cooling from AD 1000 to around 1850 to 1900,
followed by an abrupt 20th century warming. Regional evidence
is, however, quite variable. Crowley and Lowery (2000) show
that western Greenland exhibited anomalous warmth locally only
around AD 1000 (and to a lesser extent, around AD 1400), with
quite cold conditions during the latter part of the llth century,
while Scandinavian summer temperatures appeared relatively
warm only during the 11 th and early 12th centuries. Crowley and
Lowery ( 2000) find no evidence for warmth in the tropics.
Regional evidence for medieval warmth elsewhere in the
Northern Hemisphere is so variable that eastem, yet not western,
China appears to have been warm by 20th century standards from
the 9th to 13th centuries. The 12th and 14th centuries appear to
have been mainly cold in China (Wang et al., 1998a,b; Wang and
Gong, 2000). The restricted evidence from the Southern
Hemisphere, e.g., the Tasmanian tree-ring temperature
reconstruction of Cook et at (1999), shows no evidence for a
distinct Medieval Warm Period.

Medieval warmth appears, in large part, to have been
restricted to areas in and neighbouring the North Atlantic. This
may implicate the role of ocean circulation-related climate
variability- The Bermuda rise sediment record of Keigwin (1996)
suggests warm medieval conditions and cold 17th to 19th century
conditions in the Sargasso Sea of the tropical North Atlantic. A
sediment record just south of Newfoundland ( Keigwin and
Pickart, 1999), in contrast, indicates cold medieval and warm 16th
to 19th century upper ocean temperatures. Keigwin and Pickart
(1999) suggest that these temperature contrasts were associated
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with changes in ocean currents in the North Atlantic. They argue
that the "LitOe Ice Age" and "Medieval Warm Period" in the
Atlantic region may in large measure reflect century-scale
changes in the North Atlantic Oscillation (see Section 2.6). Such
regional changes in oceanic and atmospheric processes, which are
also relevant to the natural variability of the climate on millennial
and longer time-scales (see Section 2.4.2), are greatly diminished
or absent in their influence on hemispheric or global mean
temperatures.
2.3.4 Volcanic and Solar Effects in the Recent Record
Recent studies comparing reconstructions of surface temperature and natural (solar and volcanic) radiative forcing (e.g., Lean
et at, 1995; Crowley and Kim, 1996, 1999; Overpeck et at.,
1997; Mann et at, 1998; Damon and Peristykh, 1999; Free and
Robock, 1999; Waple et at, 2001) suggest that a combination of
solar and volcanic influences have affected large-scale temperature in past centuries. The primary features of the Northern
Hemisphere mean annual temperature histories of Mann et al.
(1999a) and Crowley and Lowery (2000) from AD 1000 to 1900
have been largely reproduced based on experiments using an
Energy Balance Model forced by estimates of these natural
radiative forcings (Crowley, 2000; Mann, 2000) making the
argument that the "Little Ice Age' and "Medieval Warm Period",
at the hemispheric mean scale, are consistent with estimates of
naturally-forced climate variability. Several studies indicate that
the combined effect of these influences has contributed a small
component to the warming of the 20th century. Most of these
studies isolate greenhouse radiative forcing as being dominant
during late 20th century warming (see Crowley, 2000). This
argues against a close empirical relationship between certain
sun-climate parameters and large-scale temperature that has
been claimed for the 20th century (Hoyt and Schatten, 1997).
The reader is referred to Chapter 6 for a detailed discussion of
these radiative forcings, and to Chapter 12 for comparisons of
observed and model simulations of recent climate change.
2.3.5 Summary
Since the SAR there have been considerable advances in our
knowledge of temperature change over the last millennium. It is
likely that temperatures were relatively warm in the Northern
Hemisphere as a whole during the earlier centuries of the millennium, but it is much less likely that a globally-synchronous, well
defined interval of "Medieval warmth" existed, comparable to the
new global warmth of the late 20th century. Marked warmth
seems to have been confined to Europe and regions neighbouring
the North Atlantic. Relatively colder hemispheric or global-scale
conditions did appear to set in after about AD 1400 and persist
through the 19th century, but peak coldness is observed during
substantially different epochs in different regions. By contrast, the
warming of the 20th century has had a much more convincing
global signature (see Figure 2.9). This is consistent with the
palaeoclimate evidence that the rate and magnitude of global or
hemispheric surface 20th century warming is likely to have been
the largest of the millennium, with the 1990s and 1998 likely to

have been the warmest decade and year, respectively, in the
Northern Hemisphere. Independent estimates of hemispheric and
global ground temperature trends over the past five centuries from
sub-surface information contained in borehole data confirm the
conclusion that late 20th century warmth is anomalous in a longterm context. Decreasing temporal resolution back in time of these
estimates and potential complications in inferring surface air
temperature trends from sub-surface ground temperature measurements precludes, however, a meaningful direct comparison of the
borehole estimates with high-resolution temperature estimates
based on other proxy climate data. Because less data are available,
less is known about annual averages prior to 1,000 years before the
present and for conditions prevailing in most of the Southern
Hemisphere prior to 1861.
2.4 How Rapidly did Climate Change in the Distant Past?
2.4.1 Background
Only during the 1980s was the possibility of rapid climatic
changes occurring at the time-scale of human life more or less
fully recognised, largely due to the Greenland ice core drilled at
Dyc 3 in Southern Greenland (Dausgaard et al., 1982, 1989). A
possible link between such events and the mode of operation of the
ocean was then subsequently suggested (Oeschger at a!., 1984;
Broecker et al., 1985; see Broecker, 1997, for a recent review).
The SAR reviewed the evidence of such changes since the peak of
the last inter-glacial period about 1201cy BP (thousands of years
Before Present). It concluded that: (1) large and rapid climatic
changes occurred during the last Ice Age and during the transition
towards the present Holocene; (2) temperatures were far less
variable during this latter period; and (3) suggestions that rapid
changes may have also occurred during the last inter-glacial
required confirmation.
These changes are now best documented from ice core,
deep-sea sediment and continental records. Complementary and
generally discontinuous information comes from coral and lake
level data. The time-scale for the Pleistocene deep-sea core
record is based on the orbitally tuned oxygen isotope record
from marine sediments (Martinson at al., 1987), constrained by
two radiometrically dated horizons, the peak of the last interglacial (about 124 ky BP) and the BrunheslMatuyama reversal
of the Earth's magnetic field at about 780 ky BP. 14C-dating is
also used in the upper 50 ky BP; the result is a deep-sea core
chronology believed to be accurate to within a few per cent for
the last million years. 14C-dating is also used for dating
continental records as well as the counting of annual layers in
tree rings and varved lake records, whereas ice-core chronologies are obtained by combining layer counting, glaciological
models and comparison with other dated records. The use of
globally representative records, such as changes in continental
ice volume recorded in the isotopic composition of deep-sea
sediments, or changes in atmospheric composition recorded in
air bubbles trapped in ice cores, now allow such local records to
be put into a global perspective. Studies still largely focus on the
more recent glacial-interglacial cycle (the last 120 to 130 ky).
Table 2.4 is a guide to terminology.
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Table 2.4: Guide to terminology used in palaeoclimate studies of the last 150,000 years.

"Event", Stage

Estimated age (calendar years)

Holocene
Holocene maximum warming (also
referred to as "climatic optimum")

-10 Icy BP to present
Variable?
-4.5 to 6 ky BP (Europe) 10 to 6 ky BP (SH)

Last deglaciation

-18 to 10 ky BP

Termination 1
Younger Dryas
Antarctic cold reversal

-14 Icy BP
-12.7 to 11.5 ky BP
14 to 13 ky BP

BBlling-Alleriid warm period

14.5 to 13 ky BP (Europe)

Last glacial
LGM (last glacial maximum)
Last interglacial peak
Termination 2
Eemian/MIS stage 5e
Heinrich events
Dansgaard-Oeschger events
Bond cycles

-74 to 141ry BP
-25 to 18 ky BP
-124 ky BP
-130 ky BP
-128 to 118 ky BP
Peaks of ice-rafted detritus in marine sediments, -7 to 10 ky time-scale.
Warm-cold oscillations determined from ice cores with duration -2 to 3 ky.
A quasi-cycle during the last Ice Age whose period is equal to the time between
successive Heinrich events.
Periods of rapid deglaciation.

Terminations

core in central East Antarctica- The strong relationship between
CO, and CH4 and Antarctic climate documented over the last
climatic cycle has been remarkably confirmed over four climatic
cycles, spanning about 420 ky (Figure 2.22). Present day levels of
these two important greenhouse gases appear unprecedented
during this entire interval (Petit er aL., 1999; and Figure 2.22). From
a detailed study of the last three glacial terminations in the Vostok
ice core, Fischer et al. (1999) conclude that CO2 increases started
600 ± 400 years after theAntarctic wanoing. However, considering
the large uncertainty in the ages of the CO2 and ice (1,000 years or
more if we consider the ice accumulation rate uncertainty), Petit et
aL (1999) felt it premature to ascertain the sign of the phase
relationship between CO, and Antarctic temperature at the initiamo

NO
100
aoo
Tnusa,ES ol years bebre presem (Ky BP)

Figure 2.22: Variations of temperature, methane, and atmospheric
carbon dioxide concentration derived from air trapped within ice
cores from Antarctica ( adapted from Sewers and Bender, 1995;
Blunier et aL, 1997; Fischer et al., 1999; Petit et aL., 1999).

Before reviewing important recent information about rapid
changes, we briefly mention progress made on two aspects of the
palaeoclimate record of relevance for future climate. The first deals
with the relationship between modem and past terrestrial data and
SSTs around the time of the Last Glacial Maximum (about 20 ky
BP); this is important because of the use of glacial data to validate
climate models. New results obtained since the SAR both from
marine and terrestrial sources (reviewed in Chapter 8), agree on a
tropical cooling of about 3°C. The second concerns the greenhouse
gas record (CO2 and CHa) which has now been considerably
extended due to the recent completion of drilling of the Vostok ice

tion of the terminations. In any event, CO, changes parallel
Antarctic temperature changes during deglaciations (Sowers and
Bender, 1995; Blunier et at, 1997; Petit et al., 1999). This is
consistent with a significant contribution of these greenhouse gases
to the glacial-interglacial changes by amplifying the initial orbital
forcing (Petit et al., 1999).

We also now have a better knowledge of climate variability
over the last few climatic cycles as illustrated by selected palaeotemperature records back to about 400 ky (Figure 2.23). The
amplitude of the glacial-interglacial temperature change was lower
in tropical and equatorial regions (e.g., curve c) than in mid- and
high latitudes (other curves). During glacial periods, the climate of
the North Atlantic and adjacent regions (curves a and b) was more
variable than in the Southern Hemisphere (curve d). Also (not
shown), full glacial periods were characterised by very high fluxes
of dust (seen in ice-core records and in continental and marine
records). A combination of increased dust source area, stronger
atmospheric transport and a weaker hydrological cycle (Yung et
al., 1996; Mahowald et al., 1999; Petit et al., 1999) probably
generated these changes.
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indicate a temperature decrease of about 1.5°C some 2 to 3 ky
ago (Williams et al., 1999). These indications are consistent with
cooler periods at these times shown by South African
speleothems (Partridge, 1997). By contrast, temperature peaks
appeared in China at about 7 ky BP and at 5.5 to 6 ky BP (Wang
and Gong, 2000).
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Figure 2.23: Time-series illustrating temperature variability over the
last about 400 ky (updated from Rostek et al., 1993; Schneider et at.,
1996; MacManus et al., 1999; Reille et at., 2000). The uppermost
time-series describes the percentage of tree pollen that excludes pollen
from pine tree species. The higher this percentage, the wanner was the
climate.

2.4.2 How Stable was the Holocene Climate?
Ice core, marine and terrestrial records show that the Holocene
was marked by a millennial-scale mode of variability (Meese et
al., 1994; O'Brien et al., 1995; Bond et a!., 1997; Yiou et al.,
1997a,b). These variations affect both atmospheric (Mayewski et
at, 1997) and oceanic (Bianchi and McCave, 1999) indicators.
The occurrence of very large floods in the south-westem United
- States also reflects substantial low-frequency variability (Ely et
at, 1993). SSTs reconstructed from analyses of a sub-tropical,
high sedimentation rate site off West Africa might indicate a
remarkably high amplitude Holocene variability of 5 to 8°C on a
time-scale about 1,500 years (deMenocal, 1998). During the later
Holocene, New Zealand speleothems indicate a lowering of
temperature after about 7 ky BP, with small advances of the
mountain glaciers in the Southern Alps near about 4 and 2.5 ky
BP (Salinger and McGlone, 1989). Speleothem records also

Central Greenland ice cores and European lake isotopic
records show correlated temperature variations within the
Holocene, with a roughly 50% higher amplitude at Summit
Greenland, compared to Europe (Figure 2.24). The most
prominent event in both records occurred about 8,200 years BP
(Alley et al., 1997; von Grafenstein et a!., 1998; Barber et at,
1999) when annual mean temperatures dropped by as much as
2°C in mid-Europe and the European alpine timberline fell by
about 200 m (Wick and Trnner, 1999). The event may be related
to a significant decrease of SST in the Norwegian Sea (KlitgaardKristensen et at., 1998). Lake records from the southern border
of the Sahara indicate extremely dry conditions during this time,
and probably also during other cool but less dramatic events of
this kind (Street-Perrot and Perrot, 1990 ; Gasse and Van Campo,
1994). The about 8,200 year cooling may also have been
worldwide (Stager and Mayewski, 1997), although abrupt early
Holocene climate changes recorded in a North American lake are
thought to reflect a different event (Hu et al., 1999). Thus cooling
is indicated in the New Zealand Southern Alps, with small
advances of the mountain glaciers at about 8,000 years BP
(Salinger and McGlone, 1989).
Further abrupt climatic changes and reversals on millennial
time .ccale,s during the Holocene are documented from pollen and
lake level records e.g., in Europe (Magny, 1995; Pazdur et al.,
1995; Combourieu-Nebout et al., 1998), North Africa (Gasse et
at., 1990; Lamb et al., 1995), North America (Jacobson et al.,
1987; Overpeck et at, 1991) and Australia (Kershaw et at.,
1991). Holocene lake level changes in Europe have been shown
to correlate (Magny, 1995; Yu and Hamsson, 1996) with millennial-scale changes in North Atlantic SST and salinity records
(Duplessy et al., 1992; Gasse and van Campo, 1994), suggesting
a possible link between millennial thetm
mohaline circulation
variability and atmospheric circulation over Europe.
The early Holocene was generally warmer than the 20th
century but the period of maximum warmth depends on the region
considered. It is seen at the beginning of the Holocene (about I I to
10 ky BP) in most ice cores from high latitude regions e.g., northwest Canada (Ritchie et at, 1989), central Antarctica (Ciais er al.,
1992; Masson et a!., 2000) and in some tropical ice cores such as
Huascaran in Peru (Thompson et al., 1995). It is also seen during
the early Holocene in the Guliya ice core in China (Thompson et
at., 1998) but not in two other Chinese cores (Dunde, Thompson et
a/., 1989; and Dasuopu, to be published). North Africa experienced
a gready expanded monsoon in the early and mid-Holocene,
starting at 1l ky BP (Petit-Maire and Gun, 1996), and declining
thereafter. In New Zealand the warmest conditions occurred
between about 10 to 8 ky BP, when them was a more complete
forest cover than at any other time. Glacial activity was at a
minimal level in the Southern Alps and speleothem analyses
indicate temperatures were about 2°C warmer than present
(Salinger and McGlone, 1989; Williams et al., 1999).
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Figure 2.74: Records of climate variability during the Holocene and the last climatic transition, including the 8.2 ky BP event (adapted from
Johnsen et al., 1992; Hughen et at, 1996: Thompson et al., 1998; von Grafenstein et al., 1999; Jouzel et a!., 2001). The shaded areas show the
8.2 ky BP event, the Younger Dryas event and the Antarctic Cold Reversal. The grey scale used in the Tropical North Atlantic record is a
measure of sea surface temperature. deduced from the colour of plankton rich layers within an ocean sediment core.

By contrast, central Greenland (Dahl-lensen et al., 1998),
and regions downstream of the Laurentide ice sheet, did not
warm up until after 8 try BP (including Europe: COHMAP
Members, 1988; eastern North America: Webb et al., 1993). The
East Asian monsoon did not commence its expanded phase until
after 8 try BP (Sun and Chen, 1991; Harrison et al., 1996; Yu and
Qin, 1997; Ren and Zhang, 1998). A more detailed description of
the climate at 6 ky BP as well as of the mechanisms involved is
given in Chapter 8. Long-term climate changes during the
Holocene are consistent with the effects of orbital forcing,
modified by the persistence of the Laurentide ice sheet (which
finally disappeared around 61.y BP).
Seasonal to interannual climate variability may also have
varied its character during the Holocene. This is a period for

which a variety of palaeo-proxies and archaeological investigations (e.g., Sandweiss et al., 1998; Rodbell et a!., 1999) provide
evidence for past variations in the strength and frequency of
ENSO extremes. A 16-year long time-series of temperature and
hydrological balance from a coral dated at 5,370 years BP from
the Great Barrier Reef (Gagan et al., 1998) implies that ENSO,
or its teleconnections to Australia, were substantially different in
the mid-Holocene than today. Mid-Holocene changes in the
spectrum of ENSO variability have also been implicated by
sedimentary palaeoclimatic records in Australasia (McGlone et
a!., 1992; Shulmeister and Lees, 1995) and South America
(Sandweiss et al., 1996; Rodbell et al., 1999).
To sum up, the Holocene shows both long-term trends
(including changes in the nature of ENSO) and millennial time-
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scale variability although the amplitude of the variability is small
compared with that characteristic of Ice Ages. As more detailed
information becomes available, the timing of the Holocene
maximum warmth is seen to differ across the globe. There
appears to be a south to north pattern, with southern latitudes
displaying maximum warming a few millennia before the
Northern Hemisphere regions. Interestingly, the Holocene
appears by far the longest warm °stable" period (as far as seen
from the Antarctic climate record) over the last 400 ky, with
profound implications for the development of civilisation (Petit et
al., 1999).
2.4.3 Now Fast did Climate Change during the Glacial Period?
The most extreme manifestation of climate change in the geological record is the transition from full glacial to full inter-glacial
conditions. During the most recent glacial cycle, peak glacial
conditions prevailed from about 25 to 18 ky BP Temperatures
close to those of today were restored by approximately 10 ky BP.
However, warming was not continuous. The deglaciation was
accomplished in two main stages, with a return to colder
conditions (Younger Dryas/Antarctic Cold Reversal) or, at the
least, a pause in the deglaciation.
The central Greenland ice core record (GRIP and GISP2) has
a near annual resolution across the entire glacial to Holocene
transition, and reveals episodes of very rapid change. The retum
to the cold conditions of the Younger Dryas from the incipient
inter-glacial warming 13,000 years ago took place within a few
decades or less (Alley et al., 1993). The warming phase, that took
place about 11,500 years ago, at the end of the Younger Drys was
also very abrupt and central Greenland temperatures increased by
7°C or more in a few decades (Johnsen et al., 1992; Grootes et al.,
1993; Severinghaus et al., 1998). Most of the changes in windblown materials and some other climate indicators were
accomplished in a few years (Alley et a!., 1993; Taylor et a!.,
1993; Hammer er a/., 1997). Broad regions of the Earth experienced almost synchronous changes over periods of 0 to 30 years
(Severinghaus et al., 1998), and changes were very abrupt in at
least some regions (Bard et al., 1987), e.g. requiring as little as 10
years off Venezuela (Hughen er al., 1996). Fluctuations in ice
conductivity indicate that atmospheric circulation was reorganised extremely rapidly (Taylor et al., 1993). A similar, correlated
sequence of abrupt deglacial events also occurred in the tropical
and temperate North Atlantic (Bard et al., 1987; Hughen et al.,
1996) and in Western Europe (9on Grafenstein et a!., 1999).
A Younger-Dryas type event is also recorded in a Bolivian
ice core (Thompson et al., 1998; Sajama, South America in
Figure 2.24) and in a major advance of a mountain glacier in the
Southern Alps of New Zealand (Denton and Heady, 1994).
However there is recent evidence against a significant Younger
Dryas cooling here (Singer et at, 1998) and at other sites of the
Southern Hemisphere (reviewed by Alley and Clarke, 1999).
Instead, the Antarctic (and Southern Ocean) climate was characterised by a less pronounced cooling (the Antarctic Cold
Reversal: Jouzel et al., 1987) which preceded the Younger Dryas
by more than I ky (Jouzel et a!., 1995; Sowers and Bender, 1995;
Blunier et al., 1997). Curiously, one coastal site in Antarctica,
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Taylor Dome ( Steig et at, 1998) exhibited cooling in phase with
the North Atlantic. Recent series obtained at Law Dome, another
coastal site of East Antarctica, show instead a cold reversal
preceding the Younger Dryas as in other Antarctic records. This
suggests that the Taylor Dome record is of limited geographical
significance but it also suggests that there is more to be discovered about this cooling event in the Southern Hemisphere.
The inception of deglacial warming about 14.5 ky BP was
also very rapid, leading to the BBlling-Allerod warm period in
less than twenty years (Severinghaus and Brook, 1999). Almost
synchronously, major vegetation changes occurred in Europe and
North America with a rise in African lake levels (Gasse and van
Campo, 1994). There was also a pronounced warming of the
North Atlantic and North Pacific (Kee and Janssen, 1994;
Samthein et al., 1994; Kotilainen and Shackleton, 1995;
Thunnell and Mortyn, 1995; Wansaard, 1996; Watts et al., 1996;
Webb et a!., 1998).
The rate of temperature change during the recovery phase
from the last glacial maximum provides a benchmark against
which to assess warming rates in the late 20th century. Available
data indicate an average warming rate of about 2°C/millennium
between about 20 and 10 Icy BP in Greenland, with lower rates
for other regions. Speleot:.em data from New Zealand, and
positions of mountain glacier moraine termini suggest warming
rates of 2'C/millennium from 15 to 13 ky BP (Salinger and
McGlone, 1989). Speleothem data for South Africa suggest a
warming rate of 1.5°C/millennium (Partridge, 1997) over the
same time period. On the other hand, very rapid warning at the
start of the Bolling-Allerod period, or at the end of the Younger
Dryas may have occurred at rates as large as 10°C/50 years for a
significant part of the Northern Hemisphere.
Oxygen isotope measurements in Greenland ice cores
demonstrate that a series of rapid warm and cold oscillations
called Dansgaard-Oeschger events punctuated the last glaciation
(Figure 2.23, see North Atlantic SST panel, and Dansgaard et at,
1993). Associated temperature changes may be as high as 16°C
(Lang et a!., 1999). These oscillations are correlated with SST
variations in several North Atlantic deep-sea cores (Bond et al.,
1993). There was clearly a close relation between these ice core
temperature cycles and another prominent feature of North
Atlantic deep-sea core records, the Heinrich events. Heinrich
events occurred every 7,000 to 10,000 years during times of sea
surface cooling in the form of brief, exceptionally large,
discharges of icebergs from the Laurentide and European ice
sheets which left conspicuous layers of detrital rocks in deep-sea
sediments. Accompanying the Heinrich events were large
decreases in the oxygen isotope ratio of planktonic foraminifera,
providing evidence of lowered surface salinity probably caused
by melting of drifting ice (Bond et al., 1993). Heinrich events
appear at the end of a series of saw-toothed shaped, near millennial temperature cycles. Each set of millennial cycles is known as
a Bond cycle. Each cycle was characterised by a succession of
progressively cooler relatively warm periods (interstadials)
during the Ice Age period. Each cooling trend ended with a very
rapid, high amplitude, warming and a massive discharge of
icebergs. The impact of these Heinrich events on the climate
system extended far beyond the northern North Atlantic. At the
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time of major iceberg discharges, strong vegetation changes have
been detected in Florida (Grimm et at, 1993; Watts et al., 1996),
oceanic changes occurred in the Santa Barbara Basin off
California (Behl and Kennet, 1996) and changes in Ioess grainsize, associated with atmospheric circulation changes, have been
detected in China (Potter and An, 1995; Ding et al., 1998).
Deep-sea cores also show the presence of ice rafting cycles
in the intervals between Heinrich events (Bond and Lotti, 1995).
Their duration varies between 2,000 and 3,000 years and they
closely coincide with the Dansgaard-Oeschger events of the last
glaciation. A study of the ice-rafted material suggests that, coincident with the Dansgaard-Oeschger cooling, ice within the
Icelandic ice cap and within or near the Gulf of Saint Lawrence
underwent nearly synchronous increases in rates of calving. The
Heinrich events reflect a slower rhythm of iceberg discharges,
probably from the Hudson Strait.
Air temperature, SST and salinity variations in the North
Atlantic are associated with major changes in the thermohaline

latitude Atlantic atmosphere and on areas that respond to it such
as the monsoon regions of north Africa (Street-Perrott and
Permit, 1990). However, cross-equatorial Atlantic ocean surface
transport that supplies the water for the formation of the Labrador
Sea deep-water continues to remove heat from the South Atlantic
under these conditions. The additional "Heinrich shut-down" of
the North Atlantic and Labrador Sea deep-water formation allows
this heat to remain in the South Atlantic (Crowley, 1992), and
may increase deep-water formation either south of the area
affected by melt-water injection (Vidal et al., 1997, 1998) or in
the Southern Ocean (Broecker, 1998). This reorganisation could
cause warming of regions of the South Atlantic and downwind of
it (Charles et al., 1996; Blunier et at, 1998) through a seesaw
relationship with the North Atlantic. However, the behaviour of
Taylor Dome in the Antarctic and several other southern sites (see
above) which exhibit cooling in phase with the North Atlantic
argue for an additional atmospheric link to some southern
regions.

circulation. A core from the margin of the Faeroe-Shetland
channel covering the last glacial period reveals numerous oscillations in benthic and planktonic foraminifera, oxygen isotopes and
ice-rafted detritus (Rasmussen et at., 1996a). These oscillations
correlate with the Dansgaard-Oeschger cycles, showing a close
relationship between the deep ocean circulation and the abrupt
climatic changes of the last glaciation. Warm episodes were
associated with higher SST and the presence of oceanic convection in the Norwegian Greenland Sea. Cold episodes were associated with low SST and salinity and no convection in the
Norwegian Greenland Sea (Rasmussen el al., 1996b). Cores from
the mid-latitudes of the North Atlantic show that the iceberg
discharges in Heinrich events resulted in both low salinity and a
reduced thermohaline circulation (Cortijo et al., 1997; Vidal et

2.4.4 How Stable was the Previous Inter-glacial?
Assessment of present day climate variability benefits from
comparison with conditions during inter-glacial periods that are
broadly comparable with the Holocene. The most recent such
inter-glacial began about 130 ky BP, lasting until about 71 ky BP
when final deterioration into the last glacial began. However,
only the Eemian interval, from about 130 to 120 ky BP
corresponds to a climate as warm as, or warmer than, today e.g.,
Figure 2.22.
The study of atmospheric composition changes has revealed
that rapid changes of properties observed for the lowest part of
the Greenland cores (GRIP Project Members, 1993; Grootes et

al., 1997).
These rapid climatic events of the last glacial period, best

al., 1993) do not correspond to climatic instabilities during the

documented in Greenland and the North Atlantic, have smoothed
counterparts in Antarctica (Bender et al., 1994; Jouzel et al.,

climate was more or less stable during this last inter-glacial than

1994). A peak in the concentration of the isotope beryllium-l0 in
ice cores (Yiou et al., 1997a), changes in the concentration of
atmospheric methane (Blunier et al., 1998) and in the isotopic
content of oxygen in ice cores (Bender et at., 1999) indicate links
between the Northern and Southern Hemisphere climates over
this period. Large Greenland warming events around 36 and 45

last inter-glacial (Chappellaz et al., 1997). The extent to which
during the Holocene is unclear. Early evidence from marine cores
(CLIMAP, 1984; McManus et al., 1994) and other ice cores
(Jouzel et al., 1993) indicated that the Eemian climate was rather
stable. A high resolution North Atlantic record shows a lack of
substantial fluctuations during the last inter-glacial but also
indicates that the Eemian began and ended with abrupt changes

ky BP lag their Antarctic counterparts by more than 1,000 years.

in deep-water flow, with transitions occurring in less than 400
years (Adkins et al., 1997). In New Zealand, there were at least

This argues against coupling between northern and southern

three periods of milder climate than typical of the Holocene

polar regions via the atmosphere but favours a connection via the

during the last inter-glacial (Salinger and McGlone, 1989). Study
of an Indonesian fossil coral indicates that ENSO was robust
during the last glacial period (Hughen et al., 1999).

ocean (Blunier et al., 1998).

New evidence suggests that the North Atlantic has three
modes of operation. These are: deep-water sinking in the GIN
(Greenland-Iceland-Norwegian) Seas and the Labrador Sea,
deep-water sinking in the North Atlantic or in the Labrador Sea
but not the GIN Seas (Duplessy et al., 1991; Labeyrie et al.,
1992) in the cold phase of Dansgaard-Oeschger events and at
glacial maximum, and little deep-water sinking in the GIN or
Labrador Seas (Heinrich events) (Samthem et al., 1994; Vidal et
al., 1997, 1998; Alley and Clark, 1999; Stocker, 2000). The first
type corresponds to modem, warm conditions. Shut-down of
convection in the GIN Seas has a strong effect on the high

A rapid and significant cooling event within the Eemian
period has been detected from European continental pollen
records (Cheddadi et al., 1998). High winter temperatures
prevailed for 3.5 to 4 ky after the deglaciation, but then dropped
by as much as 6 to 10°C in mid-Eemian times, accompanied by
a decrease in precipitation. In Antarctica, the last inter-glacial is
also marked by a short (about 5 ky) period of warm temperatures
followed by a slightly cooler interval (Petit et al., 1999). Further
evidence for Eemian climate variability is found in marine
records. An invasion of cold, low salinity water in the Norwegian
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Sea (Cortijo et a!., 1994) was probably associated with a
reduction in warm water transport by the North Atlantic Drift and
the thermohaline circulation. Overall, the last inter-glacial
appears, at least during its first part, warmer than present day
climates by at least 2°C in many sites, i.e., comparable to anthropogenic warming expected by the year 2100. However, the
geographical coverage of reliable and well-dated temperature
time-series is too sparse to provide a global estimate.

2.4.5 Summary
Current evidence indicates that very rapid and large temperature
changes, generally associated with changes in oceanic and
atmospheric circulation, occurred during the last glacial period
and during the last deglaciation, particularly in higher latitudes of
the Northern Hemisphere. During the warming phases, and the
Younger Dryas pause, there is evidence of almost worldwide,
nearly synchronous events. However, as with the Holocene
maximum warming and the Last Glacial Maximum, these
changes appear to have occurred asynchronously between the
Northern Hemisphere and at least part of the Southern
Hemisphere. During the Holocene smaller but locally quite large
climate changes occurred sporadically; similar changes may have
occurred in the last inter-glacial. Evidence is increasing,
therefore, that a rapid reorganisation of atmospheric and ocean
circulation (time-scales of several decades or more) can occur
during inter-glacial periods without human interference.
2.5 How have Precipitation and Atmospheric Moisture
Changed?

2.5.1 Background
Increasing global surface temperatures are very likely to lead to
changes in precipitation and atmospheric moisture, because of
changes in atmospheric circulation, a more active hydrological
cycle, and increases in the water holding capacity throughout the
atmosphere. Atmospheric water vapour is also a climatically
critical greenhouse gas, and an important chemical constituent in
the troposphere and stratosphere.
Precipitation measurement and analysis are made more
difficult by accompanying natural phenomena such as wind and
the use of different instruments and techniques (Arkin and
Ardanuy, 1989). Because of the substantial under-catch of
precipitation gauges during solid precipitation, frequent light
rainfall events, or windy conditions, the true precipitation in the
Arctic is more than 50% higher than the measured values
(Fgrland and Hanssen-Bauer, 2000). Gauge under-catch is
substantially less in warmer, less windy climates with heavier
rainfall. New, satellite-derived precipitation estimates offer the
prospect of near-global climatologies covering at least one or two
decades, but multi-decadal global changes cannot be estimated
with high confidence.
For all these reasons it is useful to compare changes in many
of the moisture-related variables, such as streamflow and soil
moisture, with precipitation to help validate long-term precipitation trends.
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2.5.2 Changes in Precipitation and Related Variables
2.5.2.1 Land
Overall, global land precipitation has increased by about 2%
since the beginning of the 20th century (Jones and Hulme, 1996;
Hulme et al., 1998). The increase is statistically significant but
has been neither spatially nor temporally uniform (Karl and
Knight, 1998; Doherty et al., 1999). Dai et al. (1997b) found a
global secular increase in precipitation separate from ENSO and
other modes of variability. Data from over 20,000 stations
contributed to the changes since 1900 shown in Figure 2.25. The
effects of changes in windshields on winter precipitation
measurements were taken into account for most mid- and high
latitude observations. Dai et al. (1997b) indicated that instrumental discontinuities are unlikely to significantly impact other
observations.
Mid- and high latitudes
Over the 20th century, annual zonally averaged precipitation
increased by between 7 to 12% for the zones 30°N to 85°N and by
about 2% between 0°S to 55°S (Figure 2.25(ii)). The increase in
the Northem Hemisphere is likely to be slightly biased because
adjustments have not been made for the increasing fraction of
precipitation falling in liquid as opposed to frozen form. The exact
rate of precipitation increase depends on the method of calculating
the changes, but the bias is expected to be small because the
amount of annual precipitation affected by this tend is generally
only about a few per cent. Nevertheless, this unsteady, but highly
statistically significant trend toward more precipitation in many of
these regions is continuing. For example, in 1998 the Northern
Hemisphere high latitudes (55°N and higher) had their wettest year
on record and the mid-latitudes have had precipitation totals
exceeding the 1961 to 1990 mean every year since 1995.
Figure 2.25(i) shows mostly increasing precipitation in the
Northern Hemisphere mid- and high latitudes, especially during
the autumn and winter, but these increases vary both spatially and
temporally. For example, precipitation over the United States has
increased by between 5 to 10% since 1900 (Figure 2.2500) but this
increase has been interrupted by multi-year anomalies such as the
drought years of the 1930s and early 1950s (Karl and Knight,
1998; Groisman et al., 1999). The increase is most pronounced
during the warm seasons. Using data selected to be relatively free
of anthropogenic influences such as ground water pumpage or land
use changes, several recent analyses (Lettenmaier et a1.,1999; Lins
and Slack, 1999; Groisman et al., 2001) have detected increases in
streamflow across much of the contiguous United States,
confirming the general tendency to increasing precipitation.
However, Lins and Michaels (1994) found in some regions that
increased streamflow did not relate well to an increase in rainfall.
This has been further evaluated by Groisman et al. (2001) who
show that changes in snow-cover extent also influence the timing
and volume of streamfiow.

Regionally, Mekis and Hogg (1999) showed that precipitation in Canada has increased by an average of more than 10%
over the 20th century. Zhang et al. (2000) report an increase in
Canadian heavy snowfall amounts north of 55°N and Akinremi et
al. (1999) found rainfall significantly increasing in the Canadian
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prairies from 1956 to 1995. Multi-decadal streamflow data in
Canada are not extensive, but there are no apparent inconsistencies between observed changes in streamflow or precipitation
(Zhang et al., 2000).
Over the last 50 years there has been a slight decrease in
annual precipitation over China (ZJtai et al., 1999a), which is
supported by a significant (5% confidence level) decrease in the
number of rainy days (3.9%/decade; Figure 2.25 ( ii)). In contrast,
the area affected by the upper 10%u of heaviest precipitation has
significantly increased. Zhai et at (1999b) show a significant
increase in precipitation over the middle and lower reaches of the
Yangtze River and west China during the latter part of the 20th
century, while also detecting a declining trend in precipitation over
northern China.
There have been marked increases in precipitation in the
latter part of the 20th century over northern Europe, with a
general decrease southward to the Mediterranean (Schdroviese
and Rapp, 1997; Figure 2.25(i)). Dry wintertime conditions over
southern Europe and the Mediterranean (Piervitali et at., 1998;
Romero et al., 1998) and wetter than normal conditions over
many parts of northern Europe and Scandinavia (Hanssen-Bauer
and Fprland, 2000) are linked to strong positive values of the
North Atlantic Oscillation, with more anticyclonic conditions
over southern Europe and stronger westerlies over northern
Europe (Section 2.6.5).
Based on recent research (Bogdanova and Mescherskaya,
1998; Groisman and Rankova, 2001), the precipitation trend for the
last century over the former USSR as reported by the SAR was
slightly overestimated. The new results indicate that precipitation
has increased since 1891 by about 5% west of 90°E for both warm
and cold seasons. Georgievsky et al. (1996) also noted increases in
precipitation over the last several decades over western Russia,
accompanied by increases in streamflow, and a rise in the level of
the Caspian Sea. In eastern Russia a negative precipitation trend
since 1945 is embedded in the century-long positive precipitation
trend (Figure 2.25(u); Gruza et al., 1999). Soil moisture data for
large regions of Eurasia (Robock et al., 2000) show large upward
trends. The rate of increase is more than 1 cmldecade in the
available soil moisture in the top I in of soil. These large positive
trends occur simultaneously with positive trends in temperature
that would normally reduce soil moisture. Increases in precipita6on (and cloud cover, Section 25.5) are believed to have more than
compensated for the increased losses due to evapotranspiration.

An analysis of rainfall data since 1910 by Haylock and
Nicholls (2000) reveals a large decrease in total precipitation and
related rain days in south-western Australia. Annual total rainfall
has increased over much of Australia with significant increases of
15 to 20% in large areas. The increase in total rainfall has been
accompanied by a significant 10% rise in the average number of
rain days over Australia (Hennessy et aL, 1999). Elsewhere in the
Southern Hemisphere, a long-term increase in precipitation in
Argentina has been observed for the period 1900 to 1998 (Figure
2.25(i); Dai et al., 1997b).
Tropics and sub tropics
The increase in precipitation in the mid- and high latitudes
contrasts with decreases in the northern sub-tropics (with
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marginal statistical significance) which were largely responsible
for the decade-long reduction in global land precipitation
from the mid-1980s through the mid-19910s. Since the SAR,
record low precipitation has been observed in equatorial
regions, while the sub-tropics have recovered from their
anomalously low values of the 1980s.
Regionally positive but non-significant trends have
occurred in the rainy season rainfall in north-east Brazil and
northern Amazonia (Marengo et al., 1998). River data from
northern Amazonia indicate wetter periods in the mid-1970s,
and in 1990, as well as drier periods between 1980 to 1990,
consistent with rainfall anomalies. Northern Amazonian
rainfall appears to be modulated by multi-decadal climate
variations.
There is little evidence for a long-term trend in Indian
monsoonal rainfall but there are multi-decadal variations
(Kumar et al., 1999a,b). From 1906 to about 1960, monsoonal
rainfall increased then decreased through 1974 and has
increased since (see Section 2.6). In central America for much
of the period from the early 1940s to present, western Mexico
has experienced an increasingly erratic monsoonal rainfall
(Douglas and Englehart, 1999).
Since 1976, increases in precipitation in the South Pacific
have occurred to the north-east of the South Pacific
Convergence Zone (SPCZ) while decreases have occurred to
its south-west (Salinger et al., 1996). Manton et al. (2001)
found significant decreases in rain days since 1961 throughout
Southeast Asia and western and central South Pacific, but
increases in the north of French Polynesia and Fiji.
Streamflow data for major rivers in south-eastern South
America for the period 1901 to 1995 show that streamflow has
increased since the mid-1960s, and was accompanied by a
significant decrease in the amplitude of the seasonal cycle of
most of those rivers (Garcia and Vargas, 1998; Genta et a!.,
1998). Figure 2.25(i) shows increases in precipitation since
1900 along the South American eastern coastal areas, with
less extensive increases since 1976.
There has been a pattern of continued aridity since the late
1960s throughout North Africa south of the Sahara. This pattern
is most persistent in the western region. The driest period was
in the 1980s with some recovery occurring during the 1990s,
particularly in the eastemmost sectors where rainfall in some
years was near or just above the long-term mean (Nicholson et
al., 2000). Southern Africa was relatively moist in the 1950s
and 1970s (Nicholson et al., 2000); but Hulme (1996) found
significant decreases in precipitation being observed since the
late 1970s. Early 2000, however, has seen flood-producing rains
in the eastern part of southern Africa.
2.5.2.2 Palaeo-drought
Palaeoclimate proxy evidence ( tree rings, lake sediments and
pollen evidence) has been used to estimate variability in
drought and precipitation patterns in past centuries. Much of
the recent research has emphasised the North American region
(e.g., Cook et al., 1999a), where a key conclusion is that the
range of regional drought variability observed during the 20th
century may not be representative of the larger range of
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Schonwiese et it (1994) and SchSnwiese and Rapp (1997)
found small increases in surface vapour pressure over most of
Europe from 1961 to 1990. The annual trends are weak.
Statistically significant changes are confined to increases of
about 0.5 to 1.5 hPa (relative to mean values of 12 to 15 hPa) in
the southern and eastern Mediterranean region (with the largest
increase in summer) and decreases of about 0.5 hPa over parts of
Turkey (mainly in springtime).
Specific humidity trends over the United States were
overwhelmingly positive for the period 1961 to 1995, with
magnitudes of several per cent per decade, and with the largest
and most statistically significant trends in spring and summer
(Gaffen and Ross, 1999). Night-time specific humidity trends
were generally stronger than daytime trends. Relative humidity
showed smaller increases, especially in winter and spring. The
specific humidity and derived dew point trends are broadly
consistent, both spatially and in their day-night differences, with
temperature trends. Schwartzman et al. (1998) found that the
diurnal dewpoint cycle is changing over North America, with a
relative decline in late afternoon and a small rise at midday.
Increases in water vapour over the former Soviet Union,
Eastern China, the United States and tropical Western Pacific
islands have been found in some seasons by Sun er a!. (2000) in
the second half of the 20th century, but with decreases in Canada
in autumn. The selective character of the findings prevents any
assessment of statistical significance. Wang and Gaffen (2001)
found that specific humidity trends over China were overwhelmingly positive over 1951 to 1994, with the largest and most statistically significant trends in north-west China north of 35°N and

2.5.3 Water 1upour
Although measurement problems hinder the analysis of longterm water vapour changes (Elliott, 1995; Rind, 1998), several
recent studies tend to confirm and extend the findings of lower
tropospheric water vapour increases reported in the SAR.
Furthermore, new analyses indicate upward trends in nearsurface humidity. Knowledge about changes in water vapour at
upper tropospheric and lower stratospheric levels is of great
importance because strong alterations in radiative forcing can
result from small absolute changes in water vapour at these levels
(Chapters 6 and 7). New data presented here from the SPARC
WAVAS ( Stratospheric Processes and their Role in Climate /
Water Vapour Assessment) project (Kley et al., 2000) are starting
to cast light on changes at these levels. Note that water vapour
pressure, and specific humidity (for a constant relative humidity)
increase non-linearly with increasing temperature.
2.5.31 Surface water vapour
Water vapour pressure, dew-point or relative humidity at the
surface is conventionally measured using wet and dry bulb
thermometers exposed in thermometer screens at climate
stations. The quality of these data has been little studied. Wet bulb
thermometers are not usually aspirated, so that the cooling of the
wet bulb, and therefore the deduced specific or relative humidity,
depends on the flow rate of air within the screen. This may often
differ from the assumed airflow. Occasionally wet bulbs may dry
out. Thus it is not possible to judge fully the accuracy of surface
vapour pressure trends presented here.
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Figure 2.26: Trends in annual mean surface water vapour pressure, 1975 to 1995, expressed as a percentage of the t975 to 1995 mean. Areas without
dots have no data. Blue shaded areas have nominally significant increasing trends and brown shaded areas have significant decreasing trends. both at
the 5% significance level. Biases in these data have been little studied so the level of significance may be overstated. From New et al. (2000).
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west of 105°E. Trends were larger in summer and night-time
trends were generally larger than daytime ones.
Recently New et a1. (2000) have estimated linear trends for
annual and seasonal values of surface vapour pressure over land
using calculated monthly vapour pressure data from climate
stations. Figure 2.26 shows trends for the 21 years from 1975 to
1995, corresponding to much of the recent period of global
warming described in Section 2.2.2.3. Although the uncertain
quality of the data prevents any definitive conclusions about statistical significance, nominal significance of trends at the 5% level
was estimated after smoothing the annual data to reduce the
influence of outliers at the beginning and end of this short series.
Few Southern Hemisphere data have been analysed, but Figure
2.26 shows that there have been widespread nominally significant
increases in annual mean water vapour in the Northern
Hemisphere. These increases are reflected in the individual
seasons, although nominally significant annual mean increases are
more extensive. Regional decreases over eastern Canada are
explained by colder conditions in the winter half year associated
with the increasingly positive phase of the North Atlantic
Oscillation (Section 2.6.5).
2.5.3.2 Lower-tropospheric water vapour
Radiosonde and satellite observations of water vapour above the
surface have been analysed for evidence of long-term change.

only China and the Pacific islands show coherent regional
increases. The remainder of Eurasia shows a mixture of positive
and negative trends, with a tendency for negative trends over
Eastern Europe and western Russia. Mid-tropospheric water
vapour trends tend to be of the same sign as temperature trends
over North America, China, and the Pacific, but elsewhere the
temperature trends are more consistently positive than the water
vapour trends. Figure 2.27 summarises the results. Lower-tropospheric dew-point data for the period 1961 to 1995 also show
increases, though smaller than those for the 1973 to 1995 period,
and few are statistically significant (Ross and Elliott, 2001).
Zhai and Eskridge (1997) found increases of about I to
3%/decade in surface-to-200 hPa precipitable water over China
for 1970 to 1990. Increases were most significant in spring.
Percentage trends were larger over the 700 to 400 hPa layer than
the surface-700 hPa layer. Gutzler (1996) found that specific
humidity data at 1,000, 700, and 300 hPa at four western tropical
Pacific radiosonde stations from 1973 to 1993 gave increases of
3 to 9%/decade, with larger percentage increases at increasing
height above the surface. In contrast, Peixoto and Oort (1996)
found decreases in zonal mean relative humidity between 1974
and 1988. The decreases are more marked at 300 hPa, where
they are more likely to be associated with instrument changes
than at lower levels, and are more pronounced at higher latitudes
than in the tropics.

Both data sources have had serious data quality and temporal
homogeneity problems (Elliott, 1995), although recent work to
determine trends in water vapour from the surface to 500 hPa
since 1973 has been based on radiosonde dam judged to be largely
unaffected by these problems (Ross and Elliott, 2001). Published
satellite data are insufficiently homogeneous or too short in length
to deduce reliable trends or low-frequency variations.

Radiosonde observations
Ross and Elliott (1996, 1998) analysed surface-to-500 hPa precipitable water over the Northern Hemisphere for 1973 to 1995 using
quality-controlled data. Increases in precipitable water were found
over North America except for north-east Canada. Over Eurasia,

2.5.3.3 Upper-tropospheric and lower-stratospheric water
vapour
Recently assessed increases in lower stratospheric water vapour
mixing ratio over the last few decades are likely to have caused a
decrease in stratospheric temperatures by an amount comparable
to that produced by ozone decreases (Forster and Shine, 1999;
Smith et al., 2001) (see lower-stratospheric temperature trends in
Section 2.2.3). These changes also impact on ozone chemistry
(Chapter 4) and on radiative forcing of the atmosphere (Chapters
6 and 7). Data from over twenty-five instruments that measure
water vapour concentration and relative humidity in the upper
troposphere and stratosphere were recently compared and

Surface to 500 hPa water trends (0/./decade) 1973 to 1995
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Figure 2.27: Annually averaged trends in surface to 500 hPa precipitable water at WOOUTC for the period 1973 to 1995. Positive trends are
indicated by triangles and negative trends by circles. Filled symbols indicate the trends were statistically significant at the 5% level according to
the Spearman test. The two sizes of symbols give an indication of the magnitude of the trend From Ross and Elliott (2001).
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assessed in the international SPARC study (Kley et al., 2000).
The purpose of the study, which included measurements made by
both in situ and remote sensing techniques utilising balloons,
aircraft and satellites, was to determine the data quality and to
estimate the magnitude of any trends. The study showed that
some stratospheric instruments have sampled over a long enough
period that several overlapping time-series of intermediate length
(8 to 15 years) can be used to help evaluate stratospheric changes.
A reasonable degree of consistency was found among stratospheric measurements made from near the tropopause up to as
high as 50 km (about I hPa). Most observations were within
±10% of the grand mean of all measurements to which they were
compared.
Accurate balloon observations of lower-stratospheric water
vapour are available from 1964 to 1976 over Washington, D.C.
and from 1980 to present over Boulder, Colorado, USA (e.g.,
Mastenbrook, 1968; Harries, 1976; Mastenbrook and Oltmans,
1983; Oltmans and Hofmann, 1995). The SPARC study shows
that these point measurements are nevertheless representative of
global stratospheric conditions above about 18 to 20 km, but not
of the lowest stratosphere where there can be significant regional
and seasonal changes. A positive lower stratosphere trend of
about I to 1.5%/year in specific humidity (about 0-04 ppm/year)
since the mid-1960s is indicated by the balloon data (Oltmans et
a!., 2000). The increase was not monotonic but showed several
rapid rises with plateaux in between. Even though the recent
satellite record is relatively short, these measurements have
revealed changes of the same character. The satellite results show
a spatial pattern of trends in the lower stratosphere, and suggest a
slowing in the positive trend after 1996 (Smith et al., 2000).
Although not definitive, these observations are consistent in
suggesting that lower-stratospheric water vapour has increased
globally on average at about 1%/year over at least the past forty
years, but at a variable rate.
Although radiosondes have made observations of water
vapour in the upper troposphere (i.e., above 500 hPa) since the
1950s, these observations have suffered from instrumental errors
(Elliott and Gaffen, 1991). Peixoto and Dort (1996) have reexamined these observations for the period 1974 to 1988 and
found large trends in upper-tropospheric humidity at the 300 hPa
level. They concluded that these trends were unrealistically large
and were likely to be due to instrument changes. Satellite
observation's of upper-tropospheric humidity (UTH) measurements made by TOVS (Television infrared observation satellite
Operational Vertical Sounder) since 1979, and representative of
a deep layer between 500 to 200 hPa, show very large interannual variability (Bates et al., 1996). The SPARC assessment of
these observations (Kley et al., 2000) indicated that they were of
sufficient quality for trend analyses. The SPARC study and an
analysis by Bates and Jackson (2001) show large regional trends
that are attributed to circulation changes associated with ENSO,
decadal variability over equatorial Africa, and decadal
variability of the Arctic Oscillation (see Section 2.6).
Statistically significant positive trends of 0.1'R,/year are found
for 10°N to 10'S, and a non-significant trend of 0.04%/year for
60°N to 60'S, but this includes a component negative trend of
-0.1%/year for 30°S to 60°S. The trends in large zonal bands

tend to be residuals from cancellations in sign and magnitude of
much larger regional trends. These UTH trends should be treated
with caution especially in the deep tropics because of significant
interannual variability and persistence, both of which hamper
trend detection.
In summary, in situ and radiosonde measurements tend to
show increasing water vapour in the lower troposphere and near
the surface, though this is not seen everywhere, and data quality
is still an issue. The longer, more reliable data sets suggest multidecadal increases in atmospheric water vapour of several per cent
per decade over regions of the Northern Hemisphere. New
analyses of balloon and satellite records indicate that stratospheric water vapour above 18 km shows an increase of about
I%/year for the period 1981 to 2000 but with a slowing of the
positive trend after 1996- Satellite observations of upper-tropospheric humidity from 1980 to 1997 show statistically significant
positive trends of 0.1%/year for the zone 10°N to 10'S.
2.5.4 Evaporation
Only evaporation from the land surface is discussed, as nothing
new since the SAR has emerged on oceanic evaporation changes.
2.5.4.1 Land
The SAR reported widespread decreases of pan evaporation over
the USA and Russia during the 20th century. Pan evaporation
measurements are an index of evaporation from a surface with an
unlimited supply of water (potential evaporation). Interpretation
of this result involving potential evaporation as a decrease in
actual land surface evaporation is contradictory to the temperature and precipitation increase reported in these areas, and the
general intensification of the hydrological cycle over northern
extra-tropical land areas (Btutsaert and Parlange, 1998). Further
analysis by Lawrimore and Peterson (2000) supports Brutsaert
and Parlange's (1998) interpretation, as does Golubev et al.
(2001). Using parallel observations of actual evaporation and pan
evaporation at five Russian experimental sites, Golubev et al.
(2001) developed a method to estimate actual land surface
evaporation from the pan evaporation measurements. They
showed that using this method, actual evaporation is shown to
have increased during the second half of the 20th century over
most dry regions of the United States and Russia. Similarly, over
humid maritime regions of the eastern United States (and northeastern Washington state) actual evaporation during the warm
season was also found to increase. Only over the heavily forested
regions of Russia and the northern United States did actual
evaporation decrease. The increase in actual evaporation is
related to the greater availability of moisture at the surface, due
to increases in precipitation and the higher temperatures.
2.5.5 Clouds
Clouds are important in the Earth's climate system because of
their effects on solar radiation, terrestrial radiation and precipitation. Different cloud types contribute to total cloud amount and
are associated with a wide variety of thermal and dynamic
processes in the climate system (see Chapter 7, Section 7.2.2).
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Therefore knowing the variations in total cloud amount and
different cloud types would significantly contribute to improving
our understanding of the role of clouds in contemporary climate
change. Several analyses of cloud amounts for regions of the
world have been performed since the SAR. Problems with data
homogeneity, particularly concerning biases with changing times
of observation (Sun and Groisman, 2000; Sun et al., 2001) have
been addressed in several studies, but other issues continue to be
a source of uncertainty.

exhibited significant decreasing trends of I to 2% sky

this analysis showed a gradual rise in cumulonimbus cloud
amount from the mid-1950s to the mid- 1970s, with a gradual
decline thereafter (Bajuk and Leavy, 1998a). Bajuk and Leovy
(1998b) cast doubt on the homogeneity of the cloud amounts
derived from ship data. They find that inter-decadal variations of
the frequency of occurrence of cloud amount for a given cloud
type are generally unrelated to similar time-scale variations in
SST and large-scale divergence of the surface winds.
Nonetheless, some regional changes and variations based on ship
reports of low and middle clouds are likely to be rather robust.
Variations in these categories of cloud are consistent with
variations of other climate system variables. Examples include:
(1) a long-term upward trend in altostratus and rumbostratus
across the mid-latitude North Pacific and North Atlantic Oceans
(Pamngo et al., 1994; Norris and Leovy, 1995); (2) ENSO related
variations in the frequency of low cloud types across the Pacific
and Indian Oceans (Bajuk and Leavy, 1998b); and (3) interannual
variations in summer season stratiform clouds across the North
Pacific (Norris et al., 1998). Norris (1999) found an increase in
total sky cover of approximately 2%, and an increase of approximately 4% in low cloud cover in his analyses of ship reports
between 1952 and 1995. He finds no evidence for changes in
observation practices tbat may have affected these trends- The
trends are dominated by a globally consistent mode and are as
large or larger in the tropics and Southern Hemisphere as in the
Northern Hemisphere. This argues against attribution to
increased anthropogenic aerosol amounts.

cover/decade for both day and night observations between
1951 and 1994 (Kaiser, 1998, 2000), which the DTR failed to

2.5.5.3 Global

2.5.5.1 Land
Dai et a!. (1997a, 1999) and Kaiser (1998) examined cloud
cover changes over the former USSR and China during the last
four to five decades, to add to earlier analyses for Europe, the
United States, Canada, and Australia by Henderson-Sellers
(1992) and Karl and Steurer (1990). These studies show 20th
century increases in cloud cover over much of the United
States (mostly confined to the first 80 years) and the former
USSR, which are significantly negatively correlated with
changes in the diurnal range of surface air temperature (DTR)
(as shown earlier in Figure 2.3). Sun and Groisman (2000)
showed that in the former USSR low-level cloud cover significantly decreased during the period 1936 to 1990. However,
this was more than offset by a significant increase in cumulus
and cirrus clouds during the past several decades. Over much
of China, however, daytime and night-time total cloud cover

follow (Figure 2.3). This discrepancy may result from the
increasing effect of industrial aerosols on the DTR since the

Although satellite estimates of changes and variations in cloud
amount and type contain systematic biases, Rossow and Schiffer

late 1970s (Dai et al., 1999). Tuomenvirta et al. (2000) show
increasing trends in cloud cover during the period 1910 to 1995

(1999) showed improved calibration and cloud detection sensitivities for the International Satellite Cloud Climatology Program

for northern Europe, which are consistent with decreases in the

(ISCCP) data set. Using data from 1983 to 1994, a globally

DTR. A new analysis (Neff, 1999) reveals a dramatic increase

increasing trend in monthly mean cloudiness reversed during the

(15 to 20%) of spring and summer cloud amount at the South

late 1980s and early 1990s. There now appears to be an overall

Pole during the past four decades in this region. This appears

trend toward reduced total cloud amounts over both land and

to be related to the observed delay in the breakdown of the
spring polar vortex and is believed to be related to decreases in
stratospheric temperatures.

ocean during this period. An estimate for aircraft-induced cirrus
cover for the late 1990s ranges from 0 to 0.2% of the surface of
the Earth (IPCC, 1999).

There are few analyses of the amounts of various cloud types
or changes over the tropics and sub-tropics. Correlations with
observed precipitation and clouds observed by satellites suggest
that much of the increase in the total cloud amount is likely to
have resulted from increases in thick, precipitating clouds (Dai et
al., 1997a). Hahn et al. (1996) show decreasing decadal scale
trends in cloud cover over much of China, as well as over most
of South America and Africa for the period 1971 to 1991. The
latter two areas have little surface-based information.
2.5.5.2 Ocean
The SAR presented analyses of inter-decadal changes in marine
cloud coverage. The data have now been re-examined and doubt
has been cast on some of the previous findings (Bajuk and Leovy,
1998a; Norris, 1999). Additional data have also reversed some of
the previous trends. In the SAR a 3% increase in cumulonimbus
clouds was reported for the period 1952 to 1981. An update of

2.5.6 Summary
Since the SAR, land surface precipitation has continued to
increase in the Northern Hemisphere mid- and high latitudes;
over the sub-tropics, the drying trend has been ameliorated
somewhat. Where data are available, changes in annual streamflow relate well to changes in total precipitation. Over the
Southern Hemisphere land areas no pronounced changes in total
precipitation are evident since the SAR. The changes in precipitation in mid- and high latitudes over land have a strong correlation with long-term changes in total cloud amount. Little can be
said about changes in ocean precipitation as satellite data sets
have not yet been adequately tested for time-dependent biases.
Changes in water vapour have been analysed most for selected
Northern Hemisphere regions, and show an emerging pattern of
surface and tropospheric water vapour increases over the past few
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decades, although there are still untested or uncorrected biases in
these data Limited data from the stratosphere also suggest
increases in water vapour but this result must be viewed with
great caution. Over land, an increase in cloud cover of a few per
cent since the turn of the century is observed, which is shown to
closely relate to changes in the diurnal temperature range.
Changes in ocean cloud amount and type show systematic
increases of a few per cent since the 1950s, but these relate poorly
to SST or surface wind divergence changes, casting some doubt
on the integrity of the trends. No changes in observing practices
can be identified, however, that might have led to time-dependent
biases in the ocean cloud amount and frequency statistics.
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2.6 Are the AtmospberidOceanic Circulations Changing?
2.6.1 Background
Changes or fluctuations in atmospheric and oceanic circulation
are important elements of climate. Such circulation changes are
the main cause of variations in climate elements on a regional
scale, sometimes mediated by parallel changes in the land surface
(IPCC, 1990, 1996). ENSO and NAO are such examples. On
decadal time-scales, the Pacific Decadal Oscillation (PDO) and
the related Inter-decadal Pacific Oscillation (IPO) may account
for approximately half the global mean variation in surface
temperatures. They are also prominently linked to regional
variations in temperature and precipitation (Higgins et a!., 2000).
This section documents regional changes and slow Fluctuations in
atmospheric circulation over past decades, and demonstrates that
these are consistent with large-scale changes in other variables,
especially temperature and precipitation. Note that there is much
evidence that many of the atmospheric circulation changes we
observe, particularly in the extra-tropics, are the net result of
irregular fluctuations between preferred states of the atmosphere
(Palmer, 1993, 1999) that last for much shorter times. Thus
changes in circulation on decadal time-scales involve changes in
the frequency of such states. Chapter 7 discusses this in more
detail. The focus of this section is on long-term variation and
change, rather than on shorter-term variability.
2.6.2 El Nina-Southern Oscillation and Tropicaf/EiYra-tropical
Interaction
ENSO is the primary global mode of climate variability in the
2 to 7 year time band. El Nino is defined by SST anomalies in
the eastern tropical Pacific while the Southern Oscillation Index
(SOI) is a measure of the atmospheric circulation response in
the Pacific-Indian Ocean region. This sub-section assesses the
variability of ENSO over the past few centuries.
Multiproxy-based reconstructions of the behaviour of
ENSO have recently been attempted for the past few centuries,
including a boreal winter season SOI reconstruction based on
highly ENSO-sensitive tree-ring indicators (Stable et at, 1998).
A multiproxy-based reconstruction of the boreal cold-season
(Oct-Mar) NINO 3 (SST anomalies in the tropical Pacific from
5°N to 5°S, 150°W to 90°W) index (Mann et at, 2000b) has
also been made. Figure 2.28 compares the behaviour of these

Figure 2.28: Reconstructions since 1700 of proxy-based ENSO
indices. Shown are the Northern Hemisphere cold-season (Oct-Mar)
mean NINO 3 index of Mann et at (2000a) and the Northern
Hemisphere winter SOI index of Stable et at (1998). The SOI series is
scaled to have the same standard deviation as the NINO 3 index, and is
reversed in sign to be positively correlated with the NINO 3 series. An
instrumental NINO 3 index from 1871 to 2000 is shown for comparison (Rayner et al., 2000; see also Figure 2.29), with two standard
emx limits (grey shaded) of the proxy NINO 3 reconstruction.

two scrics with recent ENSO behaviour. The SOI reconstruction
has been rescaled to have the sign and variance of the NINO 3
reconstruction; the two reconstructions, based on independent
methods and partially independent data, have a linear correlation (r=0.64) during the pre-calibration interval. While the
estimated uncertainties in these reconstructed series are
substantial, they suggest that the very large 1982/83 and
1997/98 warm events might be outside the range of variability
of the past few centuries. However, the reconstructions tend to
underestimate the amplitude of ENSO events, as is clearly
evident for the large 1877/78 event. Only a richer network of
ENSO-sensitive proxy indicators can improve this situation,
such as the new long tropical coral series becoming available
(see Dunbar and Cole, 1999).
Instrumental records have been examined to search for
possible changes in ENSO over the past 120 years. Three new
reconstructions of SST in the eastern Equatorial Pacific (Figure
2.29) that use optimum interpolation methods exhibit strong
similarities. The dominant 2 to 6 year time-scale in ENSO is
apparent. Both the activity and periodicity of ENSO have varied
considerably since 1871 with considerable irregularity in time.
There was an apparent "shift" in the temperature of the tropical
Pacific around 1976 to warmer conditions, discussed in the SAR,
which appeared to continue until at least 1998. During this period
ENSO events were more frequent, intense or persistent. It is
unclear whether this warm state continues, with the persistance of
the long La Nina from late 1998 until early 2001. ENSO has been
related to variations of precipitation and temperature over much
of the tropics and sub-tropics, and some mid-latitude areas.
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Pacific, and has a similar counterpart in night marine air temperatures (Tanimoto et at, 1993; Folland et at, 1999a; Allan, 2000).
The corresponding sea level pressure (SLP) signature is also
strongest over the North Pacific, and its December-Febmary
counterpart in the mid-troposphere more closely resembles the
Pacific-North America (PNA) pattern (Zhang et al., 1997b;
Livezey and Smith, 1999). There is ambiguity about whether
inter-decadal Pacific-wide features are independent of global
warming. In the longer Foltand et al (1999) analyses since 1911
they appear to be largely independent, but in the Livezey and
Smith analysis of more recent SST data they are an integral part
of a global warming signal. Using a different method of analysis
of data since 1901, Moron et al. (1998) find a global warming
CmNaiim ENV,ean uKMOaM IDEO timesenes= 0 9]
eon y4m bNMEBn lMMnand NLEPIirne5qi93 = 092
signal whose pattern in the Pacific is intermediate between these
a
2M two analyses.
1880
1900
1920
1940
1960
19a0
Year
The PDO of Mantua et al. (1997), with lower-frequency
Figure 2.29: El Nino-La Nina variations from 1876 to 2000 measured
variations in the leading North Pacific SST pattern, may be
by sea surface temperature in the region S°N to 5'S. 150 to 90'W.
related to the same Pacific-wide features, and parallels the
Reconstructions using pattern analysis methods from (a) red: UK Met
dominant pattern of North Pacific SLP variability. The relation^- UKMO ( adapted fran Rayner ef at, 2qp)
-• LDEO ( uptlaleE trum Kaplan et a1,199a)
- NGEP(SmiNetaL1199a)

Office (UKMO) Hadley Centre sea ice and sea surface temperature
data set version 1(Rayner eral., 2000); (b) black: from the LamontDoherty Earth Observatory (LDEO) (Kaplan et at., 1998); (c) blue: the
National Centers for Environmental Prediction (NCEP) analysis
(Smith et at, 1998). 1876 is close to the earliest date for which reasonably reliable reconstructions can be made.

A number of recent studies have found changes in the
interennual variability of ENSO over the last century, related in
part to an observed reduction in ENSO variability between about
1920 and 1960. Various studies (Wang and Wang, 1996; Torrence
and Compo, 1998; Torrence and Webster, 1998; Kestin er at,
1999) show more robust signals in the quasi-biennial and
`classical' 3 to 4 year ENSO bands (3.4 and 7 years) during the
first and last 40 to 50 years of the instrumental record. A period
of very weak signal strength (with a near 5-year periodicity)
occurs in much of the intervening epoch.
The 1990s have received considerable attention, as the recent
behaviour of ENSO seems unusual relative to that of previous
decades. A protracted period of low SOI from 1990 to 1995,
during which several weak to moderate El Nino events occurred
with no intervening La Nina events (Goddard and Graham, 1997)
was found by some studies (e.g., Trenberth and Hoar, 1996) to be
statistically very rare. Whether global warming is influencing El
Nino, especially given the remarkable El Nino of 1997/98, is a
key question (Trenberth, 1998b), especially as El Nino affects
global temperature itself (Section 2.2 and Chapter 7).
2.6.3 Decadal to Inter-decadal Pacific Oscillation, and the
North Paciflc Oscillation

ship is such that cooler than average SSTs occur during periods
of lower than average SLP over the central North Pacific and
vice versa. Recently, the IPO, a Pacific basin-wide feature, has
been described, which includes low-frequency variations in
climate over the North Pacific (Power et at, 1998, 1999;
Folland et al., 1999a). The time-series of this feature is broadly

similar to the inter-decadal part of the North Pacific PDO index
of Mantua et at (1997). The IPO may be a Pacific-wide
manifestation of the PDO and seems to be part of a continuous
spectrum of low-frequency modulation of ENSO, and so may
be partly stochastic. When the IPO is in a positive phase, SST
over a large area of the south-west Pacific is cold, as is SST over
the extra-tropical north-west Pacific, SST over the central
tropical Pacific is warm but less obviously warm over the
equatorial far eastern Pacific unlike ENSO. Warmth also
extends into the tropical west Pacific, unlike the situation on the
ENSO time-scale.
The IPO shows three majorphases this century: positive from
1922 to 1946 and from 1978 to at least 1998, with a negative
phase between 1947 and 1976. Arguably, the structure of this
pattern, nearly symmetrical about the equator and only subtly
different from ENSO, is a strong indication of the importance of
the tropical Pacific for many remote climates on all time-scales
(Garreaud and Battisti, 1999). Power et al. (1999) showed that the
two phases of the IPO appear to modulate year-to-year ENSO
precipitation variability over Australia. Salinger and Mullan
(1999) showed that prominent sub-bidecadal climate variations in
New Zealand, identified in the temperature signal by Folland and
Salinger (1995), are related to a SST pattern like the IPO. The IPO
is a significant source of decadal climate variation throughout the
South Pacific, and modulates ENSO climate variability in this
region (Salinger at at, 2001). Similarly, the PDO (and likely the
IPO) may play a key role in modulating ENSO teleconnections

Recently, 'ENSO-like' spatial patterns in the climate system,
which operate on decadal to multi-decadal time-scales, have been
identified. This lower-frequency SST variability is less equatorially confined in the central and eastern Pacific, and relatively
more prominent over the extra-tropics, especially the north-west

across North America on inter-decadal time-scales (Gershunov
and Barnett, 1998; Live7ey and Smith, 1999).

A simple and robust index of climate variability over the
North Pacific is the area-weighted mean SLP, averaged over most
of the extra-tropical North Pacific Ocean, of Trenberth and Harrell
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(1994). A general reduction in SLP after about 1976 has been
particularly evident during the winter half (November to March)
of many of these years. This is characterised by a deeper-thanBoma! Aleutian low pressure system, accompanied by strongerthan-normal westerly winds across the central North Pacific and
enhanced southerly to south-westerly flow along the west coast of
North America, as reviewed in the SAR (Figure 3.17).
Consequently, there have been increases in surface air temperature
and SST over much of western North America and the eastern
North Pacific, respectively, over the past two decades, especially
in winter, but decreases in SST, or only modest warming, over
parts of the central extra-tropical North Pacific (Figure 2.10).
Numerous stulties have suggested that the mid-1970s changes in
the atmospheric and oceanic circulation may reflect one or more
low-frequency variations over the North Pacific, one being the
PDO (Kawamura, 1994; Latif and Barnett, 1994; Mann and Park,
1994, 1996; Deser and Blackmon 1995; Zhang et at., 1997b;
White and Cayan, 1998; Enfield and Mestas-Nunez, 1999).
2.6.4 Monsoons
Variations in the behaviour of the North African summer
monsoon were highlighted in IPCC (1990). Moron (1997)
demonstrated that long-term variations of Sahel annual rainfall,
particularly the wet 1950s and the dry 1970 to 1980s, are seen
over the Guinea coast area, although trends are strongest in the
Sahel. The significant decrease in Guinea coast rainfall (Ward,
1998) is present in both the first and second rainy seasons, but is
strongest in the second. Janicot et at. (1996) and Moron (1997)
demonstrated that the moderate influence of ENSO (towards
drier conditions) has increased since 1960, with warm events
associated more strongly with large-scale anomalous dry
conditions over the Guinea and Sahel belts. Ward et at (1999)
show that the Sahel has become moderately wetter since 1987,
despite the increased drying influence of ENSO events, a trend
that continued to 1999 (Parker and Horton, 2000). This recent
behaviour may be related to a quasi-hemispheric variation of
SST (e.g., Enfield and Mestas-Nunez, 1999) shown to be related
to Sahel rainfall by Folland et al. (1986), and which may be
related to the recent strong increase in North Atlantic SST
mentioned in Section 2.2.2.2. Many other parts of tropical Africa
are influenced by ENSO towards either drier or wetter
conditions than normal, sometimes modulated by regional SST
anomalies near Africa (e.g., Nicholson and Kim, 1997;
Nicholson, 1997; Indeje et at, 2000), but few trends can be
discerned.
Multi-decadal and decadal variations of the Indian monsoon
have been widely noted (e.g., Pant and Kumar, 1997) but links
with El Nino do not now seem straightforward (Slingo et at,
1999). However, despite the recent strong EI Nino episodes, the
inverse relationship between the ENSO and the Indian summer
monsoon (weak monsoon arising from an ENSO event) has
broken down in the recent two decades (Kumar et at, 1999a).
This link operated on multi-decadal time-scales with NINO 3
SST until at least 1970. Kumar et at suggest that persistently
increased surface temperatures over Eurasia in winter and spring
(Figure 2.10) have favoured an enhanced land-ocean thermal
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gradient conducive to stronger monsoons; they also observe a
shift away from India in the sinking node of the Walker circulation in El Niflo. Changes have also occurred in relationships with
Indian monsoon precursors (Kumar el at, 1999b). One
possibility is that warming over the Indian Ocean (Figures 2.9,
2.10) may have increased moisture and rainfall for a given state
of the atmospheric circulation (Kitoh et at, 1997). There may be
a link to multi-decadal variations in Pacific SST, but this remains
to be investigated, together with other monsoon indices (e.g.,
Goswami et at, 1997).
It has been known for some time that the position of the
western North Pacific sub-tropical high affects the East Asian
monsoon. Gong and Wang (t999a) showed that summer (June to
August) precipitation over central and eastern China near 30°N
is positively correlated with the intensity of the high, with
negative correlations to the north and south. A location of the
sub-tropical high further south than normal is conducive to
heavy summer rainfall in this region. Time-series of the subtropical high show an increase in area] extent in the 1920s, then
another increase from the mid-1970s to 1998, giving frequent
wet summers in this region in recent years. The north-east winter
monsoon has also shown low-frequency variations. Thus the
strength of the Siberian high increased to a peak around 1968,
and then weakened to a minimum around 1990 (Gong and
Wang, 1999b), in phase with the increased frequency of the
positive phase of the NAO (Wallace, 2000 and next section).
This is likely to have contributed to strong recent winter
warming in China shown in Figure 2.10.
2.6.5 The Northern Hemisphere excluding the North Pacific
Ocean
The atmospheric circulation over the Northern Hemisphere has
exhibited anomalous behaviour over the past several decades. In
particular, the dominant patterns of atmospheric variability in
the winter half-year have tended to be strongly biased to one
phase. Thus SLP has been lower than average over the mid- and
high latitudes of the North Atlantic Ocean, as well as over much
of the Arctic, while it has been higher than average over the subtropical oceans, especially the Atlantic. Moreover, in the past
thirty years, changes in these leading patterns of natural
atmospheric variability appear to be unusual in the context of the
observational record.
The dominant pattern of atmospheric circulation variability
over the North Atlantic is known as the NAO, and its wintertime
index is shown in Figure 2.30 (updated from Harrell, 1995). As
discussed in the SAR, positive values of the NAO give stronger
than average westerlies over the mid-latitudes of the Atlantic
with low SLP anomalies in the Icelandic region and over much
of the Arctic and high SLP anomalies across the sub-tropical
Atlantic and into southern Europe. The positive, enhanced
westerly, phase of the NAO is associated with cold winters over
the north-west Atlantic and warm winters over Europe, Siberia
and eastern Asia (Thompson and Wallace, 2001) as well as wet
conditions from Iceland to Scandinavia and dry winters over
southern Europe. A sharp reversal is evident in the NAO index
starting around 1970 from a negative towards a positive phase.
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Figure 230: December to March North Atlantic Oscillation (NAO)
indices, 1864 to 2000, and Arctic Oscillation (AO) indices, 1900 to
2000, updated from Hunell (1995) and updated from Thompson and
Wallace (2000) and Thompson et at. (2000b), respectively. The indices
were nomlalised using the means and standard deviations from their
common period, 1900 to 2000, smoothed twice using a 21 point
binomial filter where indicated and then plotted according to the years
of their Januarys.

Since about 1985, the NAO has tended to remain in a strong
positive phase, though with substantial interannual variability.
Hurrell (1996) and Thompson er al. (2000a) showed that the
recent upward trend in the NAO accounts for much of the
regional surface winter half-year warming over northern Europe
and Asia north of about 40°N over the past thirty years, as well
as the cooling over the north-west Atlantic (see Section 2.2.2.3).
Moreover, when circulation changes over the North Pacific are
also considered, much of the pattern of the Northern Hemisphere
winter half-year surface temperature changes since the mid1970s can be explained. This can be associated with changes in
the NAO, and in the PNA atmospheric pattern related to ENSO
or the PDO (Graf et al., 1995; Wallace et a!., 1995: Shabbar et
a!., 1997; Thompson and Wallace, 1998, 2000).
The changes in atmospheric circulation over the Atlantic
are also connected with much of the observed pressure fall
over the Arctic in recent years (Walsh et at., 1996). Other
features related to the circulation changes include the strengthening of sub-polar westerlies from the surface of the North
Atlantic up, in winter as high as the lower stratosphere
(Thompson et a!., 2000a) and pronounced regional changes in
precipitation patterns (Hurrell, 1995; Dai er al., 1997b; Harrell
and van Loon 1997; Section 2.5.2.1). Associated precipitation
increases have resulted in the notable advance of some
Scandinavian glaciers (Hagen et al., 1995), while decreases to
the south of about 50°N have contributed to the further retreat
of Alpine glaciers (Frank, 1997; see also Section 2.2.5.3)
The NAO is regarded (largely) by some as the regional
expression of a zonally symmetrical hemispheric mode of
variability characterised by a seesaw of atmospheric mass
between the polar cap and the mid-latitudes in both the Atlantic

and Pacific Ocean basins (Thompson and Wallace, 1998,
2001). This mode has been named the AO (Figure 2.30). The
time-series of the NAG and AO are quite similar: the correlation of monthly anomalies of station data SLP series of NAO
and AO is about 0.7 (depending on their exact definitions and
epochs) while seasonal variations shown in Figure 2.30 have
even higher correlations. The NAO and AO can be viewed as
manifestations of the same basic phenomenon ( Wallace, 2000).
Changes and decadal fluctuations in sea-ice cover in the
Labrador and Greenland Seas, as well as over the Arctic,
appear well correlated with the NAO (Chapman and Walsh,
1993; Maslanik et al., 1996; McPhee et al., 1998; Mysak and
Venegas, 1998; Parkinson et at, 1999; Deser et al., 2000). The
relationship between the SLP and ice anomaly fields is consistent with the idea that atmospheric circulation anomalies force
the sea-ice variations (Prisenberg et at., 1997). Feedbacks or
other influences of winter ice anomalies on the atmosphere
have been more difficult to detect, although Deser et al. (2000)
suggest that a local response of the atmospheric circulation to
the reduced sea-ice cover east of Greenland in recent years is
also apparent (see also Section 2.2.5.2).
A number of studies have placed the recent positive values
of the NAO into a longer-term perspective (Jones et a!., 1997a;
Appenzeller er at., 1998; Cook et a!., 1998; Luterbacher et al.,
1999; Osborn et a!., 1999) back to the 1700s. The recent
strength of the positive phase of the NAO seems unusual from
these reconstructions but, as in Figure 2.28, these proxy data
reconstructions may underestimate variability. An extended
positive phase occurred in the early 20th century (Figure 2.30),
particularly pronounced in January (Parker and Pollard, 1988),
comparable in length to the recent positive phase. Higherfrequency variability of the NAO also appears to have varied.
Hurrell and van Loon ( 1997) showed that quasi-decadal (6 to
10 year) variability has become more pronounced over the
latter half of the 20th century, while quasi-biennial variability
dominated in the early instrumental record.
2.6.6 The Southern Hemisphere
Since the SAR there has been more emphasis on analysis of
decadal variability over the Southern Hemisphere. The Southern
Hemisphere gridded SLP data for the period 1950 to 1994 show
two dominant modes in annual average values, similar to those
identified by Karoly et al. (1996) using station data. The first
mode unambiguously represents the Southern Oscillation and
reflects the tendency towards more frequent and intense negative
phases over the past several decades. The second mode
represents anomalies throughout the mid-latitude regions across
the Indian Ocean and western Pacific, which contrast with
anomalies elsewhere.
The Trans Polar Index (TPI) is the only large-scale station
pressure-based extra-tmpical Southern Hemisphere circulation
index in regular use. It is based on the normalised pressure
difference between New Zealand and South America and has
been recalculated and extended by Jones et al. (1999b). On
decadal and longer time-scales the TPI reflects movement in the
phase of wave number one around the Southern Hemisphere.
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Troughing (low pressure) was more frequent in the New Zealand
region in the 1920s, and at a maximum in the 1940s.
Anticyclonicity was favoured from the late 1950s to 1976, with
troughing in the South American sector. Troughing was again
apparent in the New Zealand sector in the 1990s (Salinger et al.,
1996).
A leading mode of variability in the extra-tropical Southern
Hemisphere circulation on interannual to multi-decadal timescales is a zonally elongated north-south dipole structure over
the Pacific, stretching from the sub-tropics to the Antarctic coast
(Mo and Higgins, 1998; Kidson, 1999; Kiladis and Mo, 1999).
It is strongly related to ENSO variability. The lower-frequency
dipole structure contributes to variability in blocking frequency
across the far south Pacific (Renwick, 1998; Renwick and
Revell, 1999).
ENSO variability is also implicated in the modulation of a
"High Latitude Mode" (HLM) (Kidson, 1988; Karoly, 1990),
especially over the austral summer. The HLM is now also called
the "Antarctic Oscillation" (AAO); they appear to be the same
phenomenon with the same structure (Thompson and Wallace,
2000). The AAO is a zonal pressure fluctuation between midand high latitudes of the Southern Hemisphere, centred on 55 to
60°S. It has recently been further studied (Gong and Wang,
1999c; Kidson, 1999; Thompson and Wallace, 2001; Figure
2.31) and shown to extend into the lower stratosphere between
the Antarctic and the sub-tropical latitudes of the Southern
Hemisphere. The AAO appears to persist all year but may be
most active from mid-October to mid-December when it
extends into the stratosphere (Thompson and Wallace, 2001). In
its high index phase, it consists of low pressure or heights above
the Antarctic and the near Southern Ocean with high heights
north of about 500S. Although the data are sparse, there is
evidence that, like the NAO, the AAO has tended to move more
towards a positive index phase, despite lower pressures being
observed over the New Zealand region during the 1990s. This
change is also associated with with increasing westerly winds
in mid-latitudes. Thompson and Wallace (2001) show that most
of Antarctica is rather cold in this phase, except for the
Antarctic Peninsula which is warm due to additional advection
of relatively warm air from seas to the west. This may explain
some of the behaviour of Antarctic temperatures in the last two
decades (Figure 2.10; Comiso, 2000).
Other work has identified the likely existence of an
Antarctic Circumpolar Wave (ACW) (Jacobs and Mitchell,
1996; White and Peterson, 1996), a multi-annual climate signal
in the Southern Ocean, with co-varying and perhaps coupled
SST and SLP anomalies that move around the Southern Ocean.
Its long-term variability is not yet known.

2.6.7 Summary
The interannual variability of ENSO has fluctuated substantially over the last century, with notably reduced variability
during the period 1920 to 1960, compared with adjacent
periods. It remains unclear whether global warming has
influenced the shift towards less frequent La Nina episodes
from 1976 to 1998, including the abnormally protracted ENSO
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Figure 2J1: The High Latinide Mode (Kidson, 1988) or Antarctic
Oscillation (AAO), defined as the first orthogonal pattern (covariance
eigenvector of the Southern Hemisphere monthly surface pressure,
January 1958 to December 1997) (Gong and Wang, 1999c; Kiladis and
Mo, 1999). Data from NCAR/NCEP Reanalysis ( Kalnay et at. 1996).
Note that Thompson and Wallace (2000) use 850 hPa height to define
Weir AAO.

1990 to 1995 event and the exceptionally strong 1982/83 and
1997/98 events. Analysis of SST patterns indicates that a
global warming pattern may have increased the background
temperature in the region most affected by ENSO, but there is
some ambiguity in the details of this pattern.
Since the SAR, 'ENSO-like' features operating on decadal
to multi-decadal time-scales have been identified, such as the
PDO and IPO. They appear to be part of a continuous spectrum
of ENSO variability that has subtly changing SST patterns as
time-scales increase and which may have distinctive effects on
regional climate around the Pacific basin. For the period since
1900, El Nino (La Nina) events are more prevalent during
positive (negative) phases of the IPO.
In the Northern Hemisphere, pronounced changes in winter
atmospheric and oceanic circulations over the North Pacific in
the 1970s (the North Pacific Oscillation) have been paralleled
by wintertime circulation changes over the North Atlantic,
recorded by the NAO. In the North Pacific, spatially coherent
changes have occurred in surface temperature across the North
Pacific and western North America, while the enhanced
westerly phase of the NAO has caused considerable winter halfyear temperature and precipitation changes over a vast area of
extra-tropical Eurasia. In the Southern Hemisphere, a feature
quite like the NAO, the HLM or the AAO, also appears to have
moved into an enhanced westerly phase in middle latitudes.
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2.7 Has Climate Variability, or have Climate Extremes,
Changed?
2.7.1 Background
Changes in climate variability and extremes of weather and
climate events have received increased attention in the last few
years. Understanding changes in climate variability and
climate extremes is made difficult by interactions between the
changes in the mean and variability (Meehl et al., 2000). Such
interactions vary from variable to variable depending on their
statistical distribution. For example, the distribution of
temperatures often resembles a normal distribution where
non-stationarity of the distribution implies changes in the
mean or variance. In such a distribution, an increase in the

Increase in mean

(a)

8

mean leads to new record high temperatures (Figure 2.32a),
but a change in the mean does not imply any change in
variability. For example, in Figure 2.32a, the range between
the hottest and coldest temperatures does not change. An
increase in variability without a change in the mean implies an
increase in the probability of both hot and cold extremes as
well as the absolute value of the extremes (Figure 2.32b).
Increases in both the mean and the variability are also possible
(Figure 2.32c), which affects (in this example) the probability
of hot and cold extremes, with more frequent hot events with
more extreme high temperatures and fewer cold events. Other
combinations of changes in both mean and variability would
lead to different results.
Consequently, even when changes in extremes can be
documented, unless a specific analysis has been completed, it
is often uncertain whether the changes are caused by a change
in the mean, variance, or both. In addition, uncertainties in the
rate of change of the mean confound interpretation of changes
in variance since all variance statistics are dependent on a
reference level, i.e., the mean.
For variables that are not well approximated by normal
distributions, like precipitation, the situation is even more

Previous

Gimate
° ^
'^

a^M
e

complex, especially for dry climates. For precipitation, for
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This section considers the changes in variability and
extremes simultaneously for two variables, temperature and
precipitation. We include new analyses and additional data
compiled since the SAR which provide new insights. We also
assess new information related to changes in extreme weather
and climate phenomena, e.g., tropical cyclones, tornadoes,
etc. In these analyses, the primary focus is on assessing the
stationarity (e.g., the null hypothesis of no change) of these
events, given numerous inhomogeneities in monitoring.
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Figure 2.32: Schematic showing the effect on extreme temperatures
when ( a) the mean temperature increases, (b) the variance increases,
and (c) when both the mean and variance increase for a normal distribution of temperature.

The issues involved in measuring and assessing changes in
extremes have recently been comprehensively reviewed by
Trenberth and Owen (1999), Nicholls and Murray (1999), and
Folland et al. (1999b). Despite some progress described
below, there remains a lack of accessible daily climate data
sets which can be intercompared over large regions (Folland et
a!., 2000). Extremes are a key aspect of climate change.
Changes in the frequency of many extremes (increases or
decreases) can be surprisingly large for seemingly modest
mean changes in climate (Katz, 1999) and are often the most
sensitive aspects of climate change for ecosystem and societal
responses. Moreover, changes in extremes are often most
sensitive to inhomogeneous climate monitoring practices,
making assessment of change more difficult than assessing the
change in the mean.
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2.7.2.1 Temperature
Given the number of ways in which extreme climate events and
variability about the mean can be defined, (e.g., extreme daily
temperatures, large areas experiencing unusual temperatures,
severity of heat waves, number of frosts or freezes, changes in
interannual variability of large area temperatures, etc.) extreme
care must be exercised in generalising results. Here we assess the
evidence for changes in temperature extremes or variability, first
based on global analyses and then on more detailed regional
analyses.
Parker er at (1994) compared the interannual variability of
seasonal temperature anomalies from the 1954 to 1973 period to
the 1974 to 1993 period for most of the globe. They found a small
increase in variability overall with an especially large increase in
central North America. By restricting the analyses to the latter half
of the 20th century, Parker et a/. (1994) minimised the potential
biases due to an increasing number of observations in this period.
Several other studies found a reduction in other aspects of
variability over longer time periods. Jones (1999) also analysed
global data and found no change in variability, but since 1951 the
rise in global mean temperatures can be attributed to an increase
(decrease) in areas with much above (below) normal temperatures. They also analysed the change in the aggregated total of
much below and much above normal temperatures (upper and
lower ten percentiles). They found little overall change, except for
a reduced number of much above or below normal temperatures
during the 1960s and 1970s. Michaels et al. (1998) examined 5°
latitude x 5° longitude monthly temperature anomalies for many
grid cells around the world and found an overall decrease in intraannual variance over the past 50 to 100 years. They also examined
the daily maximum and minimum temperatures from the United
States, China, and the former Soviet Union and found a general
decline in the intra-monthly temperature variability. As reported in
the SAR, a related analysis by Karl et aL (1995b) found reduced
day-to-day variability during the 20th century in the Northern
Hemisphere, particularly in the United States and China. Recently,
Collins et al. (2000) has identified similar trends in Australia. By
analysing a long homogenised daily temperature index for four
stations in Northern Europe, Moberg et al. (2000) also found a
progressive reduction in all-seasons inter-daily variability of about
7% between 1880 and 1998. Balling (1998) found an overall
decrease in the spatial variance of both satellite-based lowertropospheric measurements from 1979 to 1996 and in near-surface
air temperatures from 1897 to 1996.
Consequently, there is now little evidence to suggest that the
interannual variability of global temperatures has increased over
the past few decades, but there is some evidence to suggest that the
variability of intra-annual temperatures has actually quite widely
decreased. Several analyses find a decrease in spatial and temporal
variability of temperatures on these shorter time-scales.
There have been a number of new regional studies related to
changes in extreme temperature events during the 20th century.
Gmza et al. (1999) found statistically significant increases in the
number of days with extreme high temperatures across Russia
using data back to 1961 and on a monthly basis back to 1900.
Frich et al. (2001) analysed data spanning the last half of the 20th
century across most of the Northern Hemisphere mid- and high
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latitudes and found a statistically significant increase (5 to >15%)
in the growing season length in many regions. Heino et a!. (1999)
also found that them has been a reduction in the number of days
with frost (the number of days with minimum temperature <_0°C)
in northem and central Europe. Thus, some stations now have as
many as 50 fewer days of frost per year compared with earlier in
the 20th century. Easterling et al. (2000) found there has been a
significant decrease in the number of days below freezing over the
central United States (about seven per year). For Canada, Bonsai
et al. (2001) also found fewer days with extreme low temperatures
during winter, spring and summer, and more days with extreme
high temperatures during winter and spring. This has led to a
significant increase in the frost-free period. Decreasing numbers
of days with freezing temperatures have been found in Australia
and New Zealand over recent decades (Plummer et al., 1999;
Collins et al., 2000).In addition, while increases in the frequency
of warm days have been observed, decreases in the number of cool
nights have been stronger. Frich et al. (2001) show a reduced
number of days with frost across much of the globe (Figure 2.33)
while Michaels et al. (2000) find that much of the warming during
the 20th century has been during the cold season in the mid- to
high latitudes, consistent with the reduction of extremely low
temperatures. Frich er al. (2001) have also found a statistically
significant reduction in the difference between the annual
extremes of daily maximum and minimum temperatures during
the latter half of the 20th century. In China, strong increases in the
absolute minimum temperature have been observed, with
decreases in the I-day seasonal extreme maximum temperature
(Zhai et al., 1999a) since the 1950s. Wang and Gaffen (2001),
however, for a similar period, found an increase in "hot" days in
China Hot days were defined as those days above the 85th
percentile during July and August based on an "apparent temperature" index related to human discomfort in China (Steadman,
1984). The number of extremely cold days has also been shown to
be decreasing in China (Zhai et at, 1999a). Manton et al. (2001)
found significant increases in hot days and warm nights, and
decreases in cool days and cold nights since 1961 across the
Southeast Asia and South Pacific Region. Jones et al. (1999c)
have analysed the 230-year-long daily central England data set
that has been adjusted for observing inhomogeneities. They found
that the increase in temperature observed in central England
corresponds mainly to a reduction in the frequency of much below
normal daily temperatures. An increase of the frequency of much
above normal temperatures was less apparent.
Analyses of 20th century trends in the United States of shortduration episodes (a few days) of extreme hot or cold weather did
not show any significant changes in frequency or intensity
(Kunkel et aL, 1996, 1999; Karl and Knight, 1997). For Australia,
Collins et al. (2000) found higher frequencies of multi-day warm
nights and days, and decreases in the frequency of cool days and
nights. In an extensive assessment of the change in frequency of
heat waves during the latter half of the 20th century, Frich et al.
(2001) fmd some evidence for an increase in heat-wave frequency,
but several regions have opposite trends (Figure 2.33c). The
extreme heat in the United States during several years in the 1930s
dominates the time-series of heat waves in that region. On the
other hand, trends in the frequency of extreme apparent tempera-
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Figure 233: Changes in the number of frost days (a, b) and in heat-wave duration (c, d) from Frich er al. (2001). Panel (a) shows the percent
changes in the total number of days with a minimum temperature of less than 0°C between the first and last half of the period, approximately
1946 to 1999. The red circles indicate negative changes and the blue circles indicate positive changes. Panel (c) shows percentage changes in the
maximum number of consecutive days (for periods with >5 such days) with maximum temperatures >5°C above the 1961 to 1990 daily normal'Me changes are for the first and second half of the period, approximately 1946 to 1999. The red circles indicate positive changes and the blue
circles indicate negative changes. In both panels, the size of each circle reflects the size of the change and solid circles represent statistically
significant changes. Panels (b) and (d) show the average annual values of these quantities expressed as percentage differences from their 1961 to
1990 average values. Ile trend shown in panel (b) is statistically significant at the 5% level.

lures are significantly larger for 1949 to 1995 during summer
over most of the USA (Gaffen and Ross, 1998). Warm humid
nights more than doubled in number over 1949 to 1995 at some
locations. Trends in nocturnal apparent temperature in the USA,
however, are likely to be associated, in part, with increased
urbanisation. Nevertheless, using methods and data sets to
minimise urban heat island effects and instrument changes,
Easterling et al. (2000) arrived at conclusions similar to those of
Gaffen and Ross (1998).
During the 1997/98 El Nino event, global temperature
records were broken for sixteen consecutive months from May
1997 through to August 1998. Karl et al. (2000) describe this as
an unusual event and such a monthly sequence is unprecedented
in the observational record. More recently, Wigley (2000) argues
that if it were not for the eruption of Mt. Pinatubo, an approximately equal number of record-breaking temperatures would have
been set during the El Nino of I990/91. As temperatures continue
to warm, more events like these are likely, especially when
enhanced by other factors, such as Ell Nino.

2.7.2.2 Precipitation
A better understanding of the relationship between changes in
total precipitation and intense precipitation events has been
achieved since the SAR. Although many areas of the globe have
not been analysed, and considerable data remain inaccessible,
enough data have been analysed to confirm some basic properties
of the changes in extreme precipitation. Groisman at a!. (1999)
developed a simple statistical model of the frequency of daily
precipitation based on the gamma distribution. They applied this
model to a variety of regions around the world (40% of the global
land area) during the season of greatest precipitation. Although
Wilks (1999) shows that the gamma distribution under some
circumstances can underestimate the probability of the highest
rainfall amounts, Groisman et al. (1999) applied the distribution
to the upper 5 and 10 percentiles of the distribution which are less
subject to underestimation. Their analysis period varied from
region to region, but within each region it generally spanned at
least the last several decades, and for some regions much of the
20th century (Australia, United States, Norway, and South
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Figure 2.34: An example (from Gmisman et al., 1999) of the
sensitivity of the frequency of heavy daily rainfall to a shift in the
mean total rainfall, based on station data from Guangzhou, China. This
example uses a threshold of 50 mm of precipitation per day. It shows
the effects of a 10% increase and a 10% decrease in mean total
summer rainfall, based on a gamma distribution of the rainfall with a
constant shape parameter.

Africa). In the model used by Groisman et at (1999), the mean
total precipitation is also proportional to the shape and scale
parameters of the gamma distribution as well as to the probability
of precipitation on any given day. The shape parameter of the
gamma distribution tends to be relatively stable across a wide
range of precipitation regimes, in contrast to the scale parameter.
Given the conservative nature of the shape parameter, it is possible
to illustrate the relationships between changes in the mean total
precipitation, the probability of precipitation (which is proportional to the number of days with precipitation), and changes in
heavy precipitation (Figure 2.34). Given no change in the
frequency (number of days) of precipitation, a 10% change in the
mean total precipitation is amplified to a larger percentage change
in heavy precipitation rates compared to the change in the mean.
Using the statistical theory of extremes, Katz (1999) obtained
results consistent with those of Groisman et al. (1999). For many
regions of the world it appears that the changes in the frequency
or probability of precipitation events are either small enough, or
well enough expressed in the high rainfall rates (Karl and Knight,
1998; Gruza et all, 1999; Haylock and Nicholls, 2000) that an
increase in the mean total precipitation is disproportionately
reflected in increased heavy precipitation rates (Figure 2.35).
Given the patterns of mean total precipitation changes
(Section 2.5.2) during the 20th century, it could be anticipated
that, in general, for those areas with increased mean total precipitation, the percentage increase in heavy precipitation rates
should be significantly larger, and vice versa for total precipitation decreases. Regional analyses of annual precipitation in the
United States (Karl and Knight, 1998; Trenberth, 1998a; Kunkel
et al., 1999); Canada (Stone et a!., 1999); Switzerland (Frei and
Schar, 2001); Japan ( Iwashima and Yamamoto, 1993; Yamamoto
and Sakurai, 1999); wintertime precipitation in the UK (Osbom
et at., 2000); and rainy season precipitation in Norway. South

Figtrre 2.35: Linear trends (9n/decade) of heavy precipitation (above
the 90th percentile) and total precipitation during the rainy season over
various regions of the globe. Seasons for each region usually span at
least 50 years. Note that the magnitudes of the changes in heavy
precipitation frequencies are always higher than changes in mean
precipitation totals (Easterling et at, 2000).

Africa, the Nord Este of Brazil, and the former USSR (Groisman
et al., 1999; Gram et a1., 1999; Easterling et al., 2000) confirm
this characteristic of an amplified response for the heavy and
extreme events.
Increases in heavy precipitatiun have also been documented
even when mean total precipitation decreases (for example, we
Northern Japan in Figure 2.35, or Manton et al., 2001). This can
occur when the probability of precipitation (the number of
events) decreases, or if the shape of the precipitation distribution
changes, but this latter situation is less likely (Buffoni et at,
1999; Groisman et al., 1999; Brunetti et a!., 2000a,b). For
example, in Siberia for the summer season during the years 1936
to 1994 there was a statistically significant decrease in total
precipitation of 1.3%/decade, but the number of days with
precipitation also decreased. This resulted in an increase
(1.9%/decade) in the frequency of heavy rainfall above 25 mm.
The opposite can also occur when the number of rainfall events
increasest thus Fgrland et al. (1998) found no trends in I-day
annual maximum precipitation in the Nordic countries, even
when mean total precipitation increased.
There has also been a 10 to 45% increase in heavy rainfall,
as defined by the 99th percentile of daily totals, over many
regions of Australia from 1910 to 1995, but few individual trends
were statistically significant (Hennessy et al., 1999). In southwest Australia, however, a 15% decrease has been observed in
winter rainfall on very wet days (Hennessy et al., 1999; Haylock
and Nicholls, 2000).
In Niger, a recent analysis of hourly rainfall data (Shinoda et
al., 1999) reveals that the droughts in the 1970s and 1980s were
charactetised primarily by a reduced frequency of heavy rainfall
events (those exceeding 30 mm/day) rather than by a reduction in
rainfall amount within heavy events. Such a result is still consistent with the model of Groisman et al. (1999), as a decrease in the
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Figure 2.36: Changes in the maximum annual 5-day precipitation total (a, b) and in the proportion of annual precipitation occurring on days on
which the 95th percentile of daily precipitation, defined over the period 1961 to 1990, was exceeded (c, Ill. The analysis shown is from Frich et at.
(2001). Panels (a) and (c) show percentage changes in these quantities between the first and last half of the period, approximately 1946 to 1999. In
both panels, the red circles indicate negative changes and the blue circles indicate positive changes. The size of each circle reflects the site of the
change and solid circles represent statistically significant changes. Panels (b) and ( d) show the average annual values of the quantities expressed as
percentage differences from their 1961 to 1990 average values. The trend shown in panel ( b) is statistically significant at the 5% level.

frequency of rainfall events has been responsible for the decrease
in total rainfall. In the Sahel region of Nigeria, however, there has
been a decrease in the heaviest daily precipitation amounts,
coincident with an overall decrease in annual rainfall. This
pattern is apparent throughout the Sudano-Sahel Zone, including
the Ethiopian plateau (Nicholson, 1993; Tarhule and Woo, 1998;
Easterling et at, 2000). Again, it is apparent that there has been
an amplified response of the heaviest precipitation rates relative
to the percentage change in total precipitation.
Since large portions of the mid- and high latitude land areas
have had increasing precipitation during the last half the 20th
century, the question arises as to how much of this area is affected
by increases in heavy and extreme precipitation rates. The Frich et
al. (2001) analysis suggests an overall increase in the area affected
by more intense daily rainfall. Figure 2.36 shows that widely
distributed parts of the mid- and high latitudes have locally stafistically significant increases in both the proportion of mean annual
total precipitation falling into the upper five percentiles and in the
annual maximum consecutive 5-day precipitation total. However,
for the regions of the globe sampled taken as a whole, only the
latter statistic shows a significant increase. Regional analyses in

Russia (Gruza et al., 1999), the United States ( Karl and Knight,
1998) and elsewhere (Groisman et al., 1999; Easterling et al.,
2000) confirm this trend. Although the trends are by no means
uniform, as would be anticipated with the relatively high spatial
and interannual variability of precipitation, about 10% of the
stations analysed show statistically significant increases at the 5%
level. This equates to about a 4% increase in the annual maximum
5-day precipitation total (Figure 2.36b). The number of stations
reflecting a locally significant increase in the proportion of total
annual precipitation occurring in the upper five percentiles of
daily precipitation totals outweighs the number of stations with
significantly decreasing trends by more than 3 to 1(Figure 2.36x).
Although not statistically significant when averaging over all
stations, there is about a 1%n increase in the proportion of daily
precipitation events occurring in the upper five percentiles (Figure
2.36d). Overall, it is likely that there has been a 2 to 4% increase
in the number of heavy precipitation events when averaged across
the mid- and high latitudes.

It has been noted that an increase (or decrease) in heavy
precipitation events may not necessarily translate into annual
peak (or low) river levels. For example, in the United States, Lins
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and Slack (1999) could not detect an increase in the upper
quantiles of streamFlow, despite the documented increase in
heavy and extreme precipitation events. It is possible that this null
result is partly due to the method of analysis, but it is also attributable to the timing of the annual peak streamFlow discharge,
which in the United States is usually in late winter or early spring.
A reduced snow cover extent in the mountainous West changes
the peak river flow, as does timing of increases in heavy and
extreme precipitation reported in the United States, which is best
reflected during the wann season. Groisman et at (2001) and
Zhang et al. (2000) also show reduced peak streamFlow, in areas
with reduced spring snow cover extent. Nonetheless, in much of
the United States where spring snow melt does not dominate
peak or normal flow, Groisman et al. (2001) show increasing
high streamflow related to increasing heavy precipitation.
It is noteworthy that the influence of warmer temperatures
and increased water vapour in the atmosphere (Section 2.5.3) are
not independent events, and are likely to be jointly related to
increases in heavy and extreme precipitation events.
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2.7.3 Is There Evidence for Changes in Extreme Weather or
Climate Events?
In this section we assess changes in the intensity and frequency of
various weather phenomena. One aspect of change that is
important, but which is beyond the analysis of present records,
relates to changes in the tracks of storms. Severe storms are often
ran:, so the analysis of large areas and long lengths of homogeneous storm records are required to assess changes. So far this
combination of data is not available.
2-73.1 Tropical cyrlones
This section updates the information provided in the SAR
regarding changes in tropical cyclones across various ocean
basins and those affecting the nearby continents. As reported in
the SAR, a part of the multi-decadal trend of tropical cyclones
occurring in the Australian region (105° to 160°E) is likely to be
artificial, as the forecasters in the region no longer classify some
weak (>990 hPa central pressure) systems as "cyclones"
(Nicholls et at, 1998). By considering only the moderate and
intense tropical cyclones (central pressure 5990 hPa), this artificial
trend is eliminated. The remaining moderate and strong tropical
cyclones reveal a numerical decline since the late 1980s, but the
trend is not statistically significant. Similarly, the trend in intense
tropical cyclones (minimum central pressure below 970 hPa) is
not significantly different from zero. Nicholls et al. (1998) attributed the decrease in moderate cyclones to more frequent
occurrences of El Niflo during the 1980s and 1990s. However, a
weak trend in the intense tropical cyclones implies that while
ENSO modulates the total frequency of cyclones in the region,
other factors must be more important in regulating their intensity.
For example, new work by Higgins and Shi (2000) and Maloney
and Hartmann (2001) show that 30 to 80 day Madden-Julian
oscillations modulate tropical cyclone activity.
As reported in the SAR, the north-east sub-tmpical Pacific
has experienced a significant upward trend in tropical cyclone
frequency in the short period examined, but additional data since
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Figure 237: Top figure, dccadal variations in hurricanes making
landfall in the USA (updated from Karl et a!., 1995). Bottom figure,
interannual variability in the number of major hurricanes (SaffvSimpson categories 3, 4, and 5) and the long-term average across the
North Atlantic (from Landsea et al., 1999).

that time show no appreciable trend. There is no appreciable longterm variation of the total number of tropical stonn strength
cyclones observed in the north Indian, south-west Indian and
south-west Pacific Oceans east of 160°E. (Neumann, 1993;
Lander and Guard, 1998). For the north-west sub-tropical Pacific
basin, Chan and Shi (1996) found that the frequency of typhoons
and the total number of tropical storms and typhoons have been
more variable since about 1980. There was an increase from 1981
to 1994, which was preceded by a nearly identical magnitude of
decrease from about 1960 to 1980. No analysis has been done on
the frequency of intense typhoons (having winds of at least 50
m/s) due to an overestimation of the intensity of such storms in the
1950s and 1960s (Black, 1993).
There has been an extensive analysis of the North Atlantic
basin for the entire basin back to 1944, and also for the United
States landfall tropical storms and hurricanes back to 1899. The
all-basin data, however, have been affected by a bias in the
measurement of strong hurricanes. This bias has been removed in
an approximate way to provide estimates of the true occurrence of
intense (or major) hurricanes since 1944 in the North Atlantic
(Landsea, 1993). Earlier events lack reliable data on the strong
inner core of the hurricanes. The United States record of landfall
frequency and intensity of hurricanes is very reliable because of
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the availability of central pressure measurements at landfall
(Jarrell et al., 1992). Both of these data sets continue to show
considerable inter-decadal variability, but no significant long-term
trends (Figure 2.37, from Landsea et a!., 1999). Active years
occurred from the late 1940s to the mid-1960s, quiet years
occurred from the 1970s to the early 1990s, and then there was a
shift again to active conditions from 1995 to 1999. Concurrent
with these frequency changes, there have been periods with a
strong mean intensity of the North Atlantic tropical cyclones (mid1940s to the 1960s and 1995 to 1999) and a weak intensity (1970s
to early 1990s). There has been no significant change in the peak
intensity reached by the strongest hurricane each year (Landsea et
at, 1996). As might be anticipated, there is a close correspondence between the intensity of hurricanes in the North Atlantic
and those making landfall in the United States (Figure 2.37).
Using historical records, Fernandez-Partagas and Diaz
(1996) estimated that overall Atlantic tropical storm and hurricane
activity for the years 1851 to 1890 was 12% lower than the
corresponding forty year period of 1951 to 1990, although little
can be said regarding the intense hurricanes. They based this
assessment upon a constant ratio of USA landfalling tropical
cyclones to all-basin activity, which is likely to be valid for multidecadal time-scales. However, this also assumes that FernandezPartagas and Diaz were able to uncover all USA landfalling
tropical cyclones back to 1851, which may be more questionable.

extreme wind events around and to the north of the North Sea.
The WASA group ( 1998) similarly investigated the storm related
sea level variations at gauge stations in the south-eastern part of
the North Sea. They found no long-term trend during the last 100
years, but a clear rise since a minimum of storminess in the
1960s, which is consistent with the rise in extreme geostrophic
wind found by Jones et al. (1999c). This increase is also consistent with changes in the NAO (Figure 2.30). Some analyses have
focused on hemispheric changes in cyclone activity. Lambert
(1996) analysed gridded SLP over both the North Atlantic and
North Pacific Oceans for the period 1891 to 1991. He found a
significant increase in intense extra-tropical storms, especially
over the last two decades of his analysis, but the data were not
completely homogenised. Simmonds and Keay (2000) used data
from 1958 to 1997 in the Southern Hemisphere and found an
increase in cyclone activity through 1972 before decreasing
through 1997 with strong decreases during the 1990s.
Hourly values of water levels provide a unique record of
tropical and extra-tropical storms where stations exist. Zhang er
al. (1997a) have analysed century-long records along the East
Coast of the United States. They calculated several different
measures of storm severity, but did not find any long-term trends.
On the other hand, they did find that the effect of sea level rise
over the last century has exacerbated the beach erosion and
flooding from modem storms that would have been less damaging
a century ago.

2.7.3.2 Extra-tropicalcyclones

Another proxy for cyclone intensity is wave height (see
Chapter 11, Section 11.3.3). Several studies report increased

Extra-tropical cyclones are barochnic low pressure systems that
occur throughout the mid-latitudes of both hemispheres. Their
potential for causing property damage, particularly as winter
storms, is well documented, where the main interest is in wind

wave height over the past three decades in the North Atlantic

and wind-generated waves. In place of direct wind measure-

(approximately 2.5 cm/yr) and in coastal areas, though no longerterm trends were evident (Carter and Draper, 1988; Bacon and
Carter, 1991; Bouws et al., 1996; Kushnir et al., 1997; WASA

ments, which suffer from lack of consistency of instrumentation,

Group, 1998).

methodology and exposure, values based on SLP gradients have

It appears that recent work points towards increases over time

been derived which are more reliable for discerning long-term

in extra-tropical cyclone activity during the latter half of the 20th
century in the Northern Hemisphere, and decreased activity in the

changes. Over the oceans, the additional measurements of wave
heights and tide gauge measurements provide additional ways of
indirectly evaluating changes in extra-tropical storm strength and
frequency (see Chapter 11, Section 11.3.3). Global analyses of
changes in extra-tropical storm frequency and intensity have not
been attempted, but there have been seveml large-scale studies.
Jones et al. (1999c) developed a gale index of geostrophic flow

Southern Hemisphere. However, the mechanisms involved are not
clear, and it is not certain whether the trends are multi-decadal
fluctuations, or rather part of a longer-term trend. Furthermore
decreased cyclone activity in higher latitudes of the Southern
Hemisphere is not obviously consistent with an increase in the

and vorticity over the UK for the period 1881 to 1997. This

positive phase of the Antarctic Oscillation in the last fifteen years
or so (Section 2.6.6). A more fundamental question is whether we

revealed an increase in the number of severe gale days over the
UK since the 1960s, but no long-term increase when considering
the century period. Serreze et al. (1997) found increases in cold

would expect more or fewer extra-tropical cyclones with
increased warming- As pointed out by Simmonds and Keay
(2000), the specific humidity increases as temperatures increase,

season cyclones in the Arctic region for the period 1966 to 1993.
Angel and Isard (1998) found significant increases in strong

and this increased moisture should enhance extra-tropical
cyclones, but Zhang and Wang ( 1997) suggest that cyclones

cyclones (<993 mb) in the Great Lakes region from 1900 to 1990

transport energy more efficiently in a more moist atmosphere,

during the cold season. Graham and Diaz (2001) find evidence

therefore requiring fewer extm-tropical cyclones ( see Chapters 7

for increases in strong cyclones over the Pacific Ocean between

and 10 for more discussion).

25 and 40'N since 1948 and link the increase to increasing sm
surface temperatures in the western Tropical Pacific.
Alexandersson et al. (1998, 2000) similarly studied extreme
geostrophic wind events in the north-western European area
based on homogenised observations during the period 1881 to
1998. These studies revealed an increase in the number of

2.7.3.3 Droughts and wet spells
In the SAR, an intensification of the hydrological cycle was
projected to occur as the globe warms. One measure of such
intensification is to examine whether the frequency of droughts
and wet spells are increasing. Karl et al. (1995c) examined the
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proportion of land areas having a severe drought and a severe
moisture surplus over the United States. Dai at a!. (1998)
extended this analysis to global land areas using the water
balance approach of the Palmer Drought Severity Index. Longterm global trends for 1900 to 1995 are relatively small for both
severe drought and wet area statistics. However, during the last
two to three decades, there have been some increases in the
globally combined severe dry and wet areas, resulting from
increases in either the dry area, e.g., over the Sahel, eastern Asia
and southern Africa or the wet areas, e.g., over the United States
and Europe. Most of the increases occurred after 1970. Except
for the Sahel, however, the magnitude of dry and wet areas of the
recent decades is not unprecedented during this century, but it
should be noted that rainfall in the Sahel since the height of the
drought has substantially increased. In related work, Frich er al.
(2001) found that in much of the mid- and high latitudes, there
has been a statistically significant increase in both the number of
days with precipitation exceeding 10 mm per day and in the
number of consecutive days with precipitation during the second
half of the 20th century.
Recent changes in the areas experiencing severe drought or
wet spells are closely related to the shift in ENSO towards more
warm events since the late 1970s, and coincide with record high
global mean temperatures. Dai et a!. (1998) found that for a given
value of ENSO intensity, the response in areas affected by
drought or excessive wetness since the 1970s is more extreme
than prior to the 1970s, also suggesting an intensification of the
hydrological cycle.
2.7.3.4 Tornadoes, hail and other severe local weather
Small-scale severe weather phenomena (SCSWP) are primarily
characterised by quasi-random temporal and spatial events.
These events, in turn, have local and regional impacts, often with
significant damage and sometimes loss of life. Tornadoes and
thunderstorms and related phenomena such as lightning, hail,
wind, dust, water spouts, downpours and cloudbursts belong to
this group. In the light of the very strong spatial variability of
SCSWP, the density of surface meteorological observing stations
is too coarse to measure all such events. Moreover, areally consistent values of SCSWP are inherently elusive. Statistics of
relatively rare events are not stable at single stations, observational practices can be subjective and change over time, and the
metadata outlining these practices are often not readily available
to researchers. For these reasons, monitoring the occurrence of
local maxima and minima in smoothed SCSWP series, as well as
checking for trends of the same sign for different but related
SCSWP (e.g., thunderstorms, hail, cloud bursts), are important
for checking inconsistencies. Because of the inherent difficulty in
working with these data, there have been relatively few largescale analyses of changes and variations in these events.
Nonetheless, a few new regional analyses have been completed
since the SAR.
A regional analysis by Dessens (1995) and more recent
global analysis by Reeve and Toumi (1999) show that there is a
significant interannual correlation between hail and lightning and
mean minimum temperature and wet bulb temperatures. Using a
three-year data set, Reeve and Toumi (1999) found a statistically
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Figure 2.38: Annual total number of very strong through violent
(F3-F5) tornadoes reported in the USA, which are defined as having
estimated wind speeds from approximately 70 to 164 ms-1. The Fujita
tomado classification scale was implemented in 1971. Prior to 1971,
these data are based on storm damage reports (National Climatic Data
Center, NOAA).

significant relationship between lightning frequency and wet bulb
temperature. They show that with a 1°C increase in global wetbulb temperature there is a 40% increase in lightning activity,
with larger increases over the Northern Hemisphere land areas
(56%). Unfortunately, there are few long-term data sets that have
been analysed for lightning and related phenomena such as hail
or thunderstorms, to calculate multi-decadal hemispheric or
global trends.
A regional analysis assessed the temporal fluctuations and
trends in hail-day and thunder-day occurrences during a 100year period, from 1896 to 1995, derived from carefully
screened records of 67 stations distributed across the United
States. Upward hail day trends were found in the High PlainsRockies and the south-east, contrasting with areas with no trend
in the northern Midwest and along the East Coast, and with
downward trends elsewhere (Changnon and Changnon, 2000).
The major regions of decrease and increase in hail activity
match regions of increased and decreased thunder activity for
1901 to 1980 well (Changnon, 1985; Gabriel and Changnon,
1990) and also crop-hail insurance losses (Changnon et at.,
1996; Changnon and Changnon, 1997). In general, hail
frequency shows a general decrease for most of the United
States over the last century, with increases over the High Plains,
the region where most of the crop-hail damage occurs in the
United States. So, despite an increase in minimum temperature
of more than 1°C since 1900 and an increase in tropospheric
water vapour over the United States since 1973 (when records
are deemed reliable), no systematic increase in hail or thunder
days was found.
In south Moravia, Czech Republic, a decreasing linear trend
in the frequency of thunderstorms, hailstorms and heavy rain
from 1946 to 1995 was related to a significant decrease in the
occurrence of these phenomena during cyclonic situations, when
90% of these phenomena occur in that region (BrSzdil and Vais,
1997). Temperatures have increased in this area since 1946.
Since 1920, the number of tornadoes reported annually in
the United States has increased by an order of magnitude, but this
increase reflects greater effectiveness in collecting tornado
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reports (Doswell and Burgess, 1988; Grazulis, 1993; Grazulis et
al., 1998). On the other hand, severe tornadoes are not easily
overlooked. Restricting the analysis to very strong and violent
tornadoes results in a much different assessment (Figure 2.38)
showing little long-term change, though some years like 1974
show a very large number of tornadoes. Furthermore, consideration of the number of days with tornadoes, rather than number of
tornadoes, reduces the artificial changes that result from modem,
more detailed damage surveys (e.g., Doswell and Burgess, 1988).
The data set of "significant" tornado days developed by Grazulis
(1993) shows a slow increase in number of days with significant
tornadoes from the early 1920s through the 1960s, followed by a
decrease since that time.

2.7.4 Summary
Based on new analyses since the SAR, it is likely that there has

various indicators of climate change have increased our
confidence in our analyses of the historical climate record: Figure
2.39a and b summarises the changes in various temperature and
hydrological indicators, respectively, and provides a measure of
confidence about each change. Of particular relevance are the
changes identified below:
• Temperature over the global land and oceans, with two
estimates for the latter, are measured and adjusted independently, yet all three show quite consistent increasing trends (0.52
to 0.61 °C/century) over the 20th century.
The nearly worldwide decrease in mountain glacier extent and
mass is consistent with 20th century global temperature
increases. A few recent exceptions in maritime areas have been
affected by atmospheric circulation variations and related
precipitation increases.

been a widespread increase in heavy and extreme precipitation
events in regions where total precipitation has increased, e.g.,
the mid- and high latitudes of the Northern Hemisphere.
Increases in the mean have often been found to be amplified in
the highest precipitation rates total. In some regions, increases
in heavy rainfall have been identified where the total precipitation has decreased or remained constant, such as eastern Asia.
This is attributed to a decrease in the frequency of precipitation.
Fewer areas have been identified where decreases in total
annual precipitation have been associated with decreases in the.
highest precipitation rates, but some have been found.
Temperature variability has decreased on intra-seasonal and
daily time-scales in limited regional studies. New record high
night-time minimum temperatures are lengthening the freeze
and frost season in many mid- and high latitude regions. The
increase in global temperatures has resulted mainly from a

• Though less certain, substantial proxy evidence points to the
exceptional warmth of the late 20th century relative to the last
1,000 years. The 1990s are likely to have been the warmest
decade of the past 1,000 years over the Northern Hemisphere
as a whole.
Satellite and balloon measurements; agree that lower-tropospheric temperatures have increased only slightly since 1979,
though there has been a faster rate of global surface temperature increase. Balloon measurements indicate a larger lowertropospheric temperature increase since 1958, similar to that
shown by global surface temperature measurements over the
same period. Balloon and satellite measurements agree that
lower-stratospheric temperatures have declined significantly
since 1979.

significant reduction in the frequency of much below normal
seasonal mean temperatures across much of the globe, with a

• Since 1979, trends in worldwide land-surface air temperature

corresponding smaller increase in the frequency of much above

derived from weather stations in the Northern Hemisphere, in

normal temperatures. There is little sign of long-term changes

regions where urbanisation is likely to have been strong, agree

in tropical storm intensity and frequency, but inter-decadal
variations are pronounced. Owing to incomplete data and

closely with satellite derived temperature trends in the lower
troposphere above the same regions. This suggests that urban

relatively few analyses, we are uncertain as to whether there has

heat island biases have not significantly affected surface

been any large-scale, long-tenn increase in the Northern
Hemisphere extra-tropical cyclone intensity and frequency
though some, sometimes strong, multi-decadal variations and

temperature over the period.

recent increases were identified in several regions. Limited
evidence exists for a decrease in cyclone frequency in the

The decrease in the continental diumal temperature range since
around 1950 coincides with increases in cloud amount and, at
least since the mid-1970s in the Northern Hemisphere,

Southern Hemisphere since the early 1970s, but there has been
a paucity of analyses and data. Recent analyses of changes in

increases in water vapour.

severe local weather (tornadoes, thunder days, lightning and

Decreases in spring snow cover extent since the 1960s, and in
the duration of lake and river ice over at least the last century,
relate well to increases in Northern Hemispheric surface air
temperatures.

hail) in a few selected regions provide no compelling evidence
for widespread systematic long-term changes.

2.8 Are the Observed Trends Internally Consistent?
It is very important to compare trends in the various indicators to
see if a physically consistent picture emerges, as this will
critically affect the final assessment of our confidence in any such
changes. A number of qualitative consistencies among the

The systematic decrease in spring and summer Arctic sea-ice
extent in recent decades is broadly consistent with increases of
temperature over most of the adjacent land and ocean. The
large reduction in the thickness of summer and early autumn
Arctic sea ice over the last thirty to forty years is consistent
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with this decrease in spatial extent, but we are unsure to what
extent poor temporal sampling and multi-decadal variability
are affecting the conclusions.

Temperature Indicators
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• The increases in lower-tropospheric water vapour and temperature since the mid-1970s are qualitatively consistent with an
enhanced hydrological cycle. This is in turn consistent with a
greater fraction of precipitation being delivered from extreme
and heavy precipitation events, primarily in areas with
increasing precipitation, e.g., mid- and high latitudes of the
Northern Hemisphere.
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• Where data are available, changes in precipitation generally
correspond with consistent changes in stream0ow and soil
moisture.
We conclude that the variations and trends of the examined
indicators consistently and very strongly support an increasing
global surface temperature over at least the last century, although
substantial shorter-term global and regional deviations from this
warming trend are very likely to have occurred.
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Figure 239a: Schematic of observed variations of various temperature
indicators.
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Figure 239b: Schematic of observed variations of various hydrolog
ical and storm-related indicators.
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Executive Summary
CO, concentration trends and budgets
Before the Industrial Era, circa 1750, atmospheric carbon dioxide
(CO2) concentration was 280 ± 10 ppm for several thousand years.
It has risen continuously since then, reaching 367 ppm in 1999.
The present atmospheric CO2 concentration has not been
exceeded during the past 420,000 years, and likely not during the
past 20 million years. The rate of increase over the past century
is unprecedented, at least during the past 20,000 years.
The present atmospheric CO2 increase is caused by anthropogenic emissions of CO2. About three-quarters of these
emissions are due to fossil fuel burning. Fossil fuel burning (plus
a small contribution from cement production) released on
average 5.4 ± 0.3 PgGyr during 1980 to 1989, and 6.3 ± 0.4
PgC/yr during 1990 to 1999. Land use change is responsible for
the rest of the emissions.
The rate of increase of atmospheric CO2 content was 3.3 ±
0.1 PgGyr during 1980 to 1989 and 3.2±0.1 PgGyr during 1990
to 1999. These rates are less than the emissions, because some of
the emitted CO2 dissolves in the oceans, and some is taken up by
terrestrial ecosystems. Individual years show different rates of
increase. For example, 1992 was low (1.9 PgGyr), and 1998 was
the highest (6.0 PgC/yr) since direct measurements began in
1957. This variability is mainly caused by variations in land and
ocean uptake.
Statistically, high rates of increase in atmospheric CO2 have
occurred in most El Nino years, although low rates occurred
during the extended El Nino of 1991 to 1994. Surface water CO2
measurements from the equatorial Pacific show that the natural
source of CO, from this region is reduced by between 0.2 and 1.0
PgC/yr during El Nino events, counter to the atmospheric
increase. It is likely that the high rates of CO: increase during
most El Niflo events are explained by reductions in Ind uptake,
caused in part by the effects of high temperatures, drought and
fire on terrestrial ecosystems in the tropics.
Land and ocean uptake of CO, can now be separated using
atmospheric measurements (CO„ oxygen (O,) and 13CO,). For
1980 to 1989, the ocean-atmosphere flux is estimated as -1.9 ±
0.6 PgC/yr and the land-atmosphere flux as -0.2 ± 0.7 PgC/yr
based on CO2 and 02 measurements (negative signs denote net
uptake). For 1990 to 1999, the ocean-atmosphere flux is
estimated as -1.7 ± 0.5 PgC/yr and the land-atmosphere flux as
-1.4 ± 0.7 PgGyc These figures are consistent with alternative
budgets based on CO2 and 1'COZ measurements, and with
independent estimates based on measurements Of C02 and '3C02
in sea water. The new 1980s estimates are also consistent with the
ocean-model based carbon budget of the IPCC WGI Second
Assessment Report (IPCC, 1996a) (hereafter SAR). The new
1990s estimates update the budget derived using SAR methodologies for the IPCC Special Report on Land Use, Land Use
Change and Forestry (IPCC, 2000a).
The net CO2 release due to land-use change during the 1980s
has been estimated as 0.6 to 2.5 PgC/yr (central estimate 1.7
PgC/yr). This net CO2 release is mainly due to deforestation in
the tropics. Uncertainties about land-use changes limit the

accuracy of these estimates. Comparable data for the 1990s are
not yet available.
The land-atmosphere flux estimated from atmospheric
observations comprises the balance of net CO2 release due to
land-use changes and CO2 uptake by terrestrial systems (the
"residual terrestrial sink"). The residual terrestrial sink is
estimated as -1.9 PgCJyr (range -3.8 to +0.3 PgC/yr) during the
1980s. It has several likely causes, including changes in land
management practices and fertilisation effects of increased
atmospheric CO2 and nitrogen (N) deposition, leading to
increased vegetation and soil carbon.
Modelling based on atmospheric observations (inverse
modelling) enables the land-atmosphere and ocean-atmosphere
fluxes to be partitioned between broad latitudinal bands. The sites
of anthropogenic CO2 uptake in the ocean are not resolved by
inverse modelling because of the large, natural background airsea fluxes (outgassing in the tropics and uptake in high latitudes).
Estimates of the land-atmosphere flux north of 30°N during 1980
to 1989 range from -2.3 to -0.6 PgC/yr; for the tropics, -1.0 to
+1.5 PgC/yr. These results imply substantial terrestrial sinks for
anthropogenic CO, in the northern extra-tropics, and in the
tropics (to balance deforestation). The pattern for the 1980s
persisted into the 1990s.
Terrestrial carbon inventory data indicate carbon sinks in
northern and tropical forests, consistent with the results of inverse
modelling.
East-west gradients of atmospheric CO2 concentration are an
order of magnitude smaller than north-south gradients. Estimates
of continental-scale CO2 balance are possible in principle but are
poorly constrained because there are too few well-calibrated CO2
monitoring sites, especially in the interior of continents, and
insufficient data on air-sea fluxes and vertical transport in the
atmosphere.
The global carbon cycle and anthropogenic COZ
The global carbon cycle operates through a variety of response
and feedback mechanisms. The most relevant for decade to
century time-scales are listed here.
Responses of the carbon cycle to changing CO2 concentrations
• Uptake of anthropogenic CO2 by the ocean is primarily
governed by ocean circulation and carbonate chemistry. So
long as atmospheric CO2 concentration is increasing there is net
uptake of carbon by the ocean, driven by the atmosphere-ocean
difference in partial pressure of CO2. The fraction of anthropogenic CO, that is taken up by the ocean declines with
increasing CO, concentration, due to reduced buffer capacity of
the carbonate system. The fraction taken up by the ocean also
declines with the rate of increase of atmospheric CO2, because
the rate of mixing between deep water and surface water limits
CO, uptake.
• Increasing atmospheric CO2 has no significant fertilisation
effect on marine biological productivity, but it decreases pH.
Over a century, changes in marine biology brought about by
changes in calcification at low pH could increase the ocean
uptake of CO, by a few percentage points.
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• Terrestrial uptake of CO2 is governed by net biome production (NBP), which is the balance of net primary production
(NPP) and carbon losses due to heterotrophic respiration
(decomposition and herbivory) and fire, including the fate of
harvested biomass. NPP increases when atmospheric CO,
concentration is increased above present levels (the "fertilisation" effect occurs directly through enhanced photosynthesis, and indirectly through effects such as increased
water use efficiency). At high CO2 concentration (800 to
1,000 ppm) any further direct CO2 fertilisation effect is likely
to be small. The effectiveness of terrestrial uptake as a carbon
sink depends on the transfer of carbon to forms with long
residence times (wood or modified soil organic matter).
Management practices can enhance the carbon sink because
of the inertia of these "slow" carbon pools.
Feedbacks in the carbon cycle due to climate change
• Warming reduces the solubility of CO, and therefore reduces
uptake of CO2 by the ocean.
• Increased vertical stratification in the ocean is likely to
accompany increasing global temperature. The likely
consequences include reduced outgassing of upwelled CO2.
reduced transport of excess carbon to the deep ocean, and
changes in biological productivity.
• On short time-scales, warming increases the rate of
heterotrophic respiration on land, but the extent to which this
effect can alter land-atmosphere fluxes over longer timescales is not yet clear. Warming, and regional changes in
precipitation patterns and cloudiness, are also likely to bring
about changes in terrestrial ecosystem structure, geographic
distribution and primary production. The net effect of climate
on NBP depends on regional patterns of climate change.
Other impacts on the carbon cycle
• Changes in management practices are very likely to have
significant effects on the terrestrial carbon cycle. In addition
to deforestation and afforestation/reforestation, more subtle
management effects can be important. For example, fire
suppression (e.g., in savannas) reduces CO2 emissions from
burning, and encourages woody plant biomass to increase.
On agricultural lands, some of the soil carbon lost when land
was cleared and tilled can be regained through adoption of
low-tillage agriculture.
• Anthropogenic N deposition is increasing terrestrial NPP in
some regions; excess tropospheric ozone (03) is likely to be
reducing NPP.
• Anthropogenic inputs of nutrients to the oceans by rivers and
atmospheric dust may influence marine biological productivity, although such effects are poorly quantified.
Modelling and projection of C02 concentration
Process-based models of oceanic and terrestrial carbon cycling
have been developed, compared and tested against in situ
measurements and atmospheric measurements. The following
are consistent results based on several models.
• Modelled ocean-atmosphere flux during 1980 to 1989 was in
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the range -1.5 to -2.2 PgC/yr for the 1980s, consistent with
earlier model estimates and consistent with the atmospheric
budget.
• Modelled land-atmosphere flux during 1980 to 1989 was in
the range -0.3 to -1.5 PgC/yr, consistent with or slightly
more negative than the land-atmosphere flux as indicated by
the atmospheric budget. CO2 fertilisation and anthropogenic
N deposition effects contributed significantly: their
combined effect was estimated as -1.5 to -3.1 PgC/yr.
Effects of climate change during the 1980s were small, and
of uncertain sign.
• In future projections with ocean models, driven by CO2
concentrations derived from the IS92a scenario (for illustration and comparison with earlier work), ocean uptake
becomes progressively larger towards the end of the century,
but represents a smaller fraction of emissions than today.
When climate change feedbacks are included, ocean uptake
becomes less in all models, when compared with the
situation without climate feedbacks.
• In analogous projections with terrestrial models, the rate of
uptake by the land due to CO2 fertilisation increases until
mid-century, but the models project smaller increases, or no
increase, after that time. When climate charge feedbacks are
included, land uptake becomes less in all models, when
compared with the situation without climate feedbacks.
Some models have shown a rapid decline in carbon uptake
after the mid-century.
Two simplified, fast models (ISAM and Bern-CC) were used to
project future CO, concentrations under IS92a and six SIZES
scenarios, and to project future emissions under five CO,
stabilisation scenarios. Both models represent ocean and
terrestrial climate feedbacks, in a way consistent with processbased models, and allow for uncertainties in climate sensitivity
and in ocean and terrestrial responses to CO2 and climate.
• The reference case projections (which include climate
feedbacks) of both models under IS92a are, by coincidence,
close to those made in the SAR (which neglected feedbacks).
• The SRES scenarios lead to divergent CO2 concentration
trajectories. Among the six emissions scenarios considered,
the projected range of CO2 concentrations at the end of the
century is 550 to 970 ppm (ISAM model) or 540 to 960 ppm
(Bern-CC model).
• Variations in climate sensitivity and ocean and terrestrial
model responses add at least -10 to +30% uncertainty to
these values, and to the emissions implied by the stabilisation
scenarios.
• The net effect of land and ocean climate feedbacks is always
to increase projected atmospheric CO2 concentrations. This
is equivalent to reducing the allowable emissions for stabilisation at any one CO, concentration.
• New studies with general circulation models including
interactive land and ocean carbon cycle components also
indicate that climate feedbacks have the potential to increase
atmospheric CO, but with large uncertainty about the
magnitude of the terrestrial biosphere feedback.
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Implications
CO2 emissions from fossil fuel burning are virtually certain
to be the dominant factor determining CO2 concentrations
during the 21 st century. There is scope for land-use changes
to increase or decrease CO2 concentrations on this time-scale.
If all of the carbon so far released by land-use changes could
be restored to the terrestrial biosphere, CO2 at the end of the
century would be 40 to 70 ppm less than it would be if no
such intervention had occurred. By comparison, global
deforestation would add two to four times more CO2 to the
atmosphere than reforestation of all cleared areas would
subtract.

3.1 Introduction
The concentration of CO2 in the atmosphere has risen from close
to 280 parts per million (ppm) in 1800, at first slowly and then
progressively faster to a value of 367 ppm in 1999, echoing the
increasing pace of global agricultural and industrial development. This is known from numerous, well-replicated measurements of the composition of air bubbles trapped in Antarctic ice.
Atmospheric CO2 concentrations have been measured directly
with high precision since 1957; these measurements agree with
ice-core measurements, and show a continuation of the
increasing trend up to the present.
Several additional lines of evidence confirm that the recent
and continuing increase of atmospheric CO2 content is caused
by anthropogenic CO2 emissions - most importantly fossil fuel
burning. First, atmospheric 02 is declining at a rate comparable
with fossil.fuel emissions of CO2 (combustion consumes O,).
Second, the characteristic isotopic signatures of fossil fuel (its
lack of 14C, and depleted content of 13C) leave their mark in the
atmosphere. Third, the increase in observed CO2 concentration
has been faster in the northern hemisphere, where most fossil
fuel burning occurs.
Atmospheric CO2 is, however, increasing only at about half
the rate of fossil fuel emissions; the rest of the CO2 emitted
either dissolves in sea water and mixes into the deep mean, or is
taken up by terrestrial ecosystems. Uptake by terrestrial ecosystems is due to an excess of primary production (photosynthesis)
over respiration and other oxidative processes (decomposition or
combustion of organic material). Terrestrial systems are also an
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There is sufficient uptake capacity in the ocean to incorporate
70 to 80% of foreseeable anthropogenic CO, emissions to the
atmosphere, this process takes centuries due to the rate of ocean
mixing. As a result, even several centuries after emissions
occurred, about a quarter of the increase in concentration caused
by these emissions is still present in the atmosphere.
CO2 stabilisation at 450, 650 or 1,000 ppm would require
global anthropogenic CO2 emissions to drop below 1990 levels,
within a few decades, about a century, or about two centuries
respectively, and continue to steadily decrease thereafter.
Stabilisation requires that net anthropogenic CO, emissions
ultimately decline to the level of persistent natural Ind and ocean
sinks, which are expected to be small (<0.2 PgC/yr).

anthropogenic source of CO2 when land-use changes (particularly deforestation) lead to loss of carbon from plants and soils.
Nonetheless, the global balance in terrestrial systems is currently
a net uptake of CO2.
The part of fossil fuel CO2 that is taken up by the ocean and
the part that is taken up by the land can be calculated from the
changes in atmospheric CO2 and 02 content because terrestrial
processes of CO2 exchange involve exchange of oxygen whereas
dissolution in the ocean does not. Global carbon budgets based
on CO, and O, measurements for the 1980s and 1990s are
shown in Table 3.1. The human influence on the fluxes of carbon
among the three "reservoirs" (atmosphere, ocean, and terrestrial
biosphere) represent a small but significant perturbation of a
huge global cycle (Figure 3.1).
This chapter summarises current knowledge of the global
carbon cycle, with special reference to the fate of fossil fuel CO,
and the factors that influence the uptake or release of CO2 by the
oceans and land. These factors include atmospheric CO, concentration itself, the naturally variable climate, likely climate changes
caused by increasing CO2 and other greenhouse gases, changes in
ocean circulation and biology, fertilising effects of atmospheric
CO2 and nitrogen deposition, and direct human actions such as
land conversion (from native vegetation to agriculture and vice
versa), fire suppression and land management for carbon storage
as provided for by the Kyoto Protocol (IPCC, 2000a). Any
changes in the function of either the terrestrial biosphere or the
ocean - whether intended or not - could potentially have significant effects, manifested within years to decades, on the fraction of
fossil fuel CO2 that stays in the atmosphere. This perspective has
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driven a great deal of research during the years since the IPCC
WGI Second Assessment report (IPCC, 1996) (hereafter SAR)
(Schimel et al., 1996; Melillo et al., 1996; Denman et al., 1996).
Some major areas where advances have been made since the SAR
are as follows:
• Observational research (atmospheric, marine and terrestrial)
aimed at a better quantification of carbon fluxes on local,
regional and global scales. For example, improved precision and
repeatability in atmospheric CO, and stable isotope measurements; the development of highly precise methods to measure
changes in atmospheric 02 concentrations; local terrestrial CO2
flux measurements from towers, which are now being
performed continuously in many terrestrial ecosystems; satellite
observations of global land cover and change; and enhanced
monitoring of geographical, seasonal and interannual variations
of biogeochemical parameters in the sea, including measurements of the partial pressure of CO, (pCO2) in surface waters.
• Experimental manipulations, for example: laboratory and
greenhouse experiments with raised and lowered CO2 concentrations; field experiments on ecosystems using free-air carbon
dioxide enrichment (FACE) and open-top chamber studies of
raised CO2 effects, studies of soil warming and nutrient enrichment effects; and in situ fertilisation experiments on marine
ecosystems and associated pCOi measurements.
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• Theory and modelling, especially applications of atmospheric
transport models to fink atmospheric observations to surface
fluxes (inverse modelling); the development of process-based
models of terrestrial and marine carbon cycling and
programmes to compare and test these models against observations; and the use of such models to project climate feedbacks
on the uptake of CO2 by the oceans and land.
As a result of this research, there is now a more firmly based
knowledge of several central features of the carbon cycle. For
example:
• Time series of atmospheric COZ, OZ and 13COz measurements
have made it possible to observationally constrain the
partitioning of CO2 between terrestrial and oceanic uptake and
to confirm earlier budget.c, which were partly based on model
results.
• In situ experiments have explored the nature and extent of CO2
responses in a variety of terrestrial ecosystems (including
forests), and have confirmed the existence of iron limitations on
marine productivity.
• Process-based models of terrestrial and marine biogeochemical
processes have been used to represent a complex array of
feedbacks in the carbon cycle, allowing the net effects of these
processes to be estimated for the recent past and for future
scenarios.

Figure 3.1:'Ibe global carbon cycle: storages (PgC) and fluxes (PgClyr) estimated for the 1980s. (a) Main components of the natural cycle. The
thick arrows denote the most important fluxes from the point of view of the contemporary CO: balance of the atmosphere: gross primary produc
tion and respiration by the land biosphere, and physical air-sea exchange. These fluxes are approximately balanced each year, but imbalances can
affect atmospheric CO2 concentration significantly over years to centuries. The thin arrows denote additional natural fluxes (dashed lines for
fluxes of carbon as CaCO3), which are important on longer time-scales. The flux of 0.4 PgC/yr from atmospheric CO2 via plants to inert soil
carbon is approximately balanced on a time-scale of seveml mOlenia by export of dissolved organic carbon (DOC) in rivers (Schlesinger, 1990).A
further 0.4 PgGyr flux of dissolved inorganic carbon (DIC) is derived from the weathering of CaCO3, which takes up CO, from the atmosphere in
a l:1 ratio. These fluxes of DOC and D!C together comprise the river transport of 0.8 PgC/yr. In the ocean, the DOC from rivers is respired and
released to the atmosphere, while CaCO3 production by marine organisms results in half of the DIC from rivers being returned to the atmosphere
and half being buried in deep-sea sediments - which are the precursor of carbonate rocks. Also shown are processes with even longer time-scales:
burial of organic matter as fossil organic carbon (including fossil fuels), and outgassing of CO2 through tectonic processes (vulcanism). Emissions
due to vutcanism are estimated as 0.02 to 0.05 PgGyr (Williams et at, 1992; Bickle. 1994). (b) The human perturbation (data from Table 3.l).
Fossil fuel burning and land use change are the main anthropogenic processes that release CO, to the atmosphere. Only a pan of this CO2 stays in
the atmosphere; the rest is taken up by the land (plants and soil) or by the ocean. These uptake components represent imbalances in the large
natural two way fluxes between atmosphere and ocean and between atmosphere and land. (c) Carbon cycling in the ocean. CO, that dissolves in
the ocean is found in three main forms (CO, CO, 2-, HCO3, the sum of which is DIC). DIC is transported in the ocean by physical and biological
processes. Gross primary production (GPP) is the total amount of organic carbon produced by photosynthesis (estimate from Bender et at, 1994);
net primary production (NPP) is what is what remains after amotruphic respiration, i.e., respiration by photosynthetic organisms (estimate from
Falkowski et at, 1998). Sinking of DOC and particulate organic matter (POC) of biological origin results in a downward flux known as export
production (estimate from Schlitzer, 2000). This organic matter is tmnported and respired by non-photosynthetic organisms (heteronophic respiration) and ultimately upwelled and maimed to the atrtrosphere. Only a tiny fraction is buried in deep-sea sediments. Expert of CaCO3 to the deep
ocean is a smaller flux than total export production (0.4 PgC/yr) but about half of this carbon is buried as CaCO3 in sediments; the other half is
dissolved at depth, and joins the pool of DIC (Milburn, 1993). Also shown are approximate Boxes for the shorter-term burial of organic carbon
and CaCO3 in coastal sediments and the re-dissolution of a part of the buried CaCO3 from these sediments. (d) Carbon "cling on land. By
contrast with the ocean, most carbon cycling through the land takes place locally within ecosystems. About half of GPP is respired by plants. The
remainer (NPP) is approximately balanced by hctemtrophic respiration with a smaller component of direct oxidation in fires (combustion).
Through senescence of plant tissues, most of NPP joins the detritus pool; some detritus decomposes (i.e., is respired and returned to the
atmosphere as CO,) quickly while sonre is converted to modified soil carbon, which decomposes more slowly. The small fraction of modified soil
carbon that is further converted to compounds resistant to decomposition, and the small amount of black carbon produced in fires, constitute the
"inert" carbon pool. It is likely that biological processes also consume much of the "inert" carbon as well but little is currently known about these
processes. Estimates for soil carbon amounts are from Batjes (1996) and partitioning from Schimcl et at (1994) and Falloon et at (1998). The
estimate for the combustion flux is from Scholes and Andreae (2000). 'T 'denotes the turnover time for different components of soil organic matter.
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Box 3.1: Measuring terrestrial carbon stocks and fluxes.
Estimating the carbon stocks in terrestrial ecosystems and accounting for changes in these stocks requires adequate information
on land cover, carbon density in vegetation and soils, and the fate of carbon (burning, removals, decomposition). Accounting for
changes in all carbon stocks in all areas would yield the net carbon exchange between terrestrial ecosystems and the atmosphere
(NBP).
Global land cover maps show poor agreement due to different definitions of cover types and inconsistent sources of data (de
Fries and Townshend, 1994). Land cover changes are difficult to document, uncertainties are large, and historical data are sparse.
Satellite imagery is a valuable tool for estimating land cover, despite problems with cloud cover, changes at fine spatial scales,
and interpretation (for example, difficulties in distinguishing primary and secondary forest). Aerial photography and ground
measurements can be used to validate satellite-based observations.
The carbon density of vegetation and soils has been measured in numerous ecological field studies that have been aggregated
to a global scale to assess carbon stocks and NPP (e.g., Atjay et at, 1979; Olson et al., 1983; Saugier and Roy, 2001; Table 3.2),
although high spatial and temporal heterogeneity and methodological differences introduce large uncertainties. Land inventory
studies tend to measure the carbon stocks in vegetation and soils over larger areas and/or longer time periods. For example, the
United Nations Food and Agricultural Organisation (FAO) has been compiling forest inventories since 1946 providing detailed
data on carbon stocks, often based on commercial wood production data. Inventory studies include managed forests with mixed
age stands, thus average carbon stock values are often lower than those based on ecological site studies, which have generally
been carried out in relatively undisturbed, mature ecosystems. Fluxes of carbon can be estimated from changes in inventoried
carbon stocks (e.g., UN-ECE/FAO, 2000), or from combining data on land-use change with methods to calculate changes in
carbon stock (e.g., Houghton, 1999). The greatest uncertainty in both methods is in estimating the fate of the carbon: the fraction
which is burned, rates of decomposition, the effect of burning and harvesting on soil carbon, and subsequent land management.
Ecosystem-atmosphere CO, exchange on short time-scales can be measured using micrometeorological techniques such as
eddy covariance, which relies on rapidly responding sensors mounted on towers to resolve the net flux of CO, between a patch
of land and the atmosphere (Baldocchi et at, 1988). The annual integral of the measured CO2 exchange is approximately equivalent to NEP (Wofsy et at, 1993; Goulden et. al, 1996; Aubinet et of, 2000). This innovation has led to the establishment of a
rapidly expanding network of long-term monitoring sites (FLUXNET) with many sites now operating for several years,
improving the understanding of the physiological and ecological processes that control NEP (e.g., Valentini et at, 2000). The
distribution of sites is currently biased toward regrowing forests in the Northern Hemisphere, and there are still technical
problems and uncertainties, although these are being tackled. Current flux measurement techniques typically integrate processes
at a scale less than I km2.

Table 3.1: Global CO2 budgets (in PgC/yr) based on intm-decadal trends in atma.spheric CO2 and 02. Positive values arefluses to the atmospberr;
negative values represent uptake from the atmosphere. The fossil fuel emissions term for the 1980s (Marland er al., 2000) has been slightly revised
downward since the SAR. Error bars denote uncertainty (± la), not interannual variability, which is .substantially greater.

Atmospheric increase

1980s
3.3 ± 0.1

3.2 ± 0.1

Emissions (fossil fuel, cement)

1990s

5.4 ± 0.3

6.3+0.4

Oceanatmosphereflux

-1.9 ± 0.6

-1.7 ± 0.5

Land-atmosphere flux'
'partitioned as follows
Land-use change
Residual terrestrial sink

-0.2+0.7

-1-4+0.7

1.7 (0.6 to 2.5)
-1.9 (-3.8 to 0.3)

NA
NA

• The land-atmosphere flux represents the balance of a positive term due to land-use change and a residual terrestrial sink The two terms cannot
be separated on the basis of current atmospheric measurements. Using independent analyses to estimate the land-use change component for the
1980s based on Houghton (1999). Houghton and Hackler ( 1999), Houghton et aL (2000), and the CCMLP (McGuire er at, 2001) the residual
terrestrial sink can be inferred for the 1980s. Compamble global data on land-use changes through the 1990s are not yet available.
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3.2 Terrestrial and Ocean Biogeochemistry: Update on
Processes
3.2.1 Overview of the Carbon Cycle
The first panel of Figure 3.1 shows the major components of the
carbon cycle, estimates of the current storage in the active
compartments, and estimates of the gross fluxes between
compartments. The second panel shows best estimates of the
additional flux (release to the atmosphere - positive; uptake negative) associated with the human perturbation of the carbon
cycle during the 1980s. Note that the gross amounts of carbon
annually exchanged between the ocean and atmosphere, and
between the land and atmosphere, represent a sizeable fraction of
the atmospheric CO2 content - and are many times larger than the
total anthropogenic CO2 input. In consequence, an imbalance in
these exchanges could easily lead to an anomaly of comparable
magnitude to the direct anthropogenic perturbation. This implies
that it is important to consider how these fluxes may be changing
in response to human activities.
To understand how the changing global environment may
alter the carbon cycle, it is necessary to further analyse the fluxes
and examine the physicochemical and biological processes that
determine them. The remaining two panels of Figure 3.1 indicate
the main constituent fluxes in the terrestrial and marine systems,
with current estimates of their magnitude. The following sections
explain the controls on these fluxes, with special reference to
processes by which anthropogenic changes may influence the
overall carbon balance of the land and oceans on time-scales
from years to centuries.
3.2.2 Terrestrial Carbon Processes

191

ecosystem types by sequential harvesting or by measuring plant
biomass (Hall et at, 1993). Global terrestrial NPP has been
estimated at about 60 PgClyr through integration of field
measurements (Table 3.2) (Atjay et at, 1979; Stingier and Roy,
2001). Estimates from remote sensing and atmospheric CO2 data
(Ruimy et at, 1994; Knorr and Heimann, 1995) concur with this
value, although there are large uncertainties in all methods.
Eventually, virtually all of the carbon fixed in NPP is returned to
the atmospheric CO2 pool through two processes: heterotrophic
respiration (Rh) by decomposers (bacteria and fungi feeding on
dead tissue and exudates) and herbivores; and combustion in
natural or human-set fires (Figure 3.1d).
Most dead biomass enters the detritus and soil organic matter
pools where it is respired at a rate that depends on the chemical
composition of the dead tissues and on environmental conditions
(for example, low temperatures, dry conditions and flooding slow
down decomposition). Conceptually, several soil carbon pools
are distinguished. Detritus and microbial biomass have a short
turnover time (<10 yr). Modified soil organic carbon has decadal
to centennial turnover time. Inert (stable or recalcitrant) soil
organic carbon is composed of molecules more or less resistant
to further decomposition. A very small fraction of soil organic
matter, and a small fraction of burnt biomass, are converted into
inert forms (Schlesinger, 1990; Kuhlbusch et al., 1996). Natural
processes and management regimes may reduce or increase the
amount of carbon stored in pools with turnover times on the order
of tens to hundreds of years (living wood, wood products and
modified soil organic matter) and thus influence the time
evolution of atmospheric CO2 over the century.
The difference between NPP and Rh determines how much
carbon is lost or gained by the ecosystem in the absence of
disturbances that remove carbon from the ecosystem ( such as
harvest or fire). This carbon balance, or net ecosystem produc-

3.2.2.1 Background

tion (NEP), can be estimated from changes in carbon stocks, or

Higher plants acquire CO2 by diffusion through tiny pores
(stomata) into leaves and thus to the sites of photosynthesis. The

by measuring the fluxes of CO2 between patches of land and the

total amount of CO, that dissolves in leaf water amounts to

atmosphere (see Box 3.1). Annual NEP flux measurements are
in the range 0.7 to 5.9 MgC/ha/yr for tropical forests and 0.8 to

about 270 PgC/yr, i.e., more than one-third of all the CO, in the
atmosphere (Farquhar et at, 1993; Ciais et at, 1997). This
quantity is measurable because this CO2 has time to exchange

7.0 MgC/ha/yr for temperate forests; boreal forests can reach up
to 2.5 MgC/ha/yr although they have been shown to be carbonneutral or to release carbon in warm and/or cloudy years

oxygen atoms with the leaf water and is imprinted with the

(Valentini et al., 2000). Integration of these and other results
leads to an estimated global NEP of about 10 PgC/yr, although

corresponding 180 "signature" (Francey and Tans, 1987;
Farquhar et at, 1993). Most of this CO2 diffuses out again
without participating in photosynthesis. The amount that is
"fixed" from the atmosphere, i.e., converted from CO2 to
carbohydrate during photosynthesis, is known as gross primary
production (GPP). Terrestrial GPP has been estimated as about
120 PgC/yr based on 390 measurements of atmospheric CO2
(Ciais et at, 1997). This is also the approximate value necessary
to support observed plant growth, assuming that about half of
GPP is incorporated into new plant tissues such as leaves, roots
and wood, and the other half is converted back to atmospheric
CO2 by autotrophic respiration (respiration by plant tissues)
(Lloyd and Farquhar, 1996; Waring et at., 1998).

Annual plant growth is the difference between photosynthesis and autotrophic respiration, and is referred to as net
primary production (NPP). NPP has been measured in all major

this is likely to be an overestimate because of the current biased
distribution of flux measuring sites (Bolin et al., 2000).

When other losses of carbon are accounted for, including
fires, harvesting/removals (eventually combusted or
decomposed), erosion and export of dissolved or suspended
organic carbon (DOC) by rivers to the oceans (Schlesinger and
Melack, 1981; Sarrniento and Sundquist; 1992), what remains is
the net biome production (NBP), i.e., the carbon accumulated by
the terrestrial biosphere (Schulze and Heimann, 1998). This is
what the atmosphere ultimately "sees" as the net land uptake on
a global scale over periods of a year or more. NBP is estimated
in this chapter to have averaged -0.2 ± 0.7 PgC/yr during the
1980s and -1.4 ± 0.7 PgC/yr during the 1990s, based on
atmospheric measurements of CO2 and 02 ( Section 3.5.1 and
Table 3.1).
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Box 3.2: Maximum impacts of reforestation and deforestation on atmospheric CO,
Rough upper bounds for the impact of reforestation on atmospheric CO, concentration over a century time-scale can he calculated
as follows. Cumulative carbon losses to the atmosphere due to land-use change during the past I to 2 centuries are estimated as
180 to 200 PgC (de Fries et al., 1999) and cumulative fossil fuel emissions to year 2000 as 280 PgC (Marland et al., 2000), giving
cumulative anthropogenic emissions of 480 to 500 PgC. Atmospheric CO2 content has increased by 90 ppm (190 PgC).
Approximately 40% of anthropogenic CO2 emissions has thus remained in the atmosphere; the rest has been taken up by the land
and oceans in roughly equal proportions (see main text). Conversely, if land-use change were completely reversed over the 21st
century, a CO2 reduction of 0.40 x 200 = 80 PgC (about 40 ppm) might be expected. This calculation assumes that future ecosystems will not store more carbon than pre-industrial ecosystems, and that ocean uptake will be less because of lower CO2 concentration in the atmosphere (see Section 3.2.3.1) .
A higher bound can be obtained by assuming that the carbon taken up by the land during the past 1 to 2 centuries, i.e. about
half of the carbon taken up by the land and ocean combined, will be retained there. This calculation yields a CO2 reduction of
0.70 x 200 = 140 PgC (about 70 ppm). These calculations are not greatly influenced by the choice of reference period. Both
calculations require the extreme assumption that a large proportion of today's agricultural land is returned to forest.
The maximum impact of total deforestation can be calculated in a similar way. Depending on different assumptions about
vegetation and soil carbon density in different ecosystem types (Table 3.2) and the proportion of soil carbon lost during deforestation (20 to 50%; IPCC, 1997), complete conversion of forests to climatically equivalent grasslands would add 400 to 800 PgC to
the atmosphere. Thus, global deforestation could theoretically add two to four times more CO, to the atmosphere than could be
subtracted by reforestation of cleared areas-

Table 3.2: Estimates of terrestrial carbon stocks and NPP (global aggregated values by biome).
Blame

Area ( 10' ha)
WBGU'

Global Carbon Stocks (PgC)r

MRSe

WBGU'

Carbon density (MgC/ba)

MRSb IGBP`

WBGU'

NPP (PgClyr)

MRS' IGBP` Atjay'

Plants

Soil

Total

Plants

Soil

Total

Plants

Soil

Plants

MRSs

Soil

Tropical forests

1.76

1.75

212

216

428

340

213

553

120

123

194

122

13.7

21.9

Temperate forests

1.04

1.04

59

100

159

139`

153

292

57

96

134

147

6.5

8.1

Boreal forests

1.37

1.37

88a

471

559

57

338

395

64

344

42

247

3.2

2.6

Tropical savannas & grasslands

2 25

2.76

66

264

330

79

247

326

29

117

29

90

17.7

14.9
7.0

Temperate grasslands & shrublands

1.25

1.78

9

295

304

23

176

199

7

236

13

99

53

Deserts and semi desens

4.55^

2.77

8

191

199

10

159

169

2

42

4

57

1.4

3.5

Tundra

0.95

0.56

6

121

127

2

115

117

6

127

4

206

1.0

0.5

Croplands

1.60

1.35

3

128

131

4

165

169

2

80

3

122

6.8

4.1

Wedandsr

0.35

-

15

225

240

-

-

-

43

643

-

-

4.3

-

Toral

15.12

14.93°

466

2011

2477

654

1567

2221

59.9

62.6

' WBGU (1988): forest data from Dixon et al. (1994); other data from Atjay el at (1979).
'MRS: Mooney, Roy and Saugier (MRS) (2001). Temperate grassland and Mediterranean shmbland categories combined.
` IGBP-DIS (International Geosphere-Biosphere Programme - Data Information Service) soil carbon layer (Carter and Scholes, 2000) overlaid
with De Fries et al. (1999) current vegetation map to give average ecosystem soil carbon.
WBGU boreal forest vegetation estimate is likely to be to high, due to high Russian forest density estimates including standing dead biomass.
`MRS temperate forest estimate is likely to be too high, being based on mature stand density.
'Soil carbon values are for the top 1 m, although stores are also high below this depth in pea0ands and tropical forests.
r Variations in classification of ecosystems can lead to inconsistencies. In particular, wetlands are not recognised in the MRS classification.
'Total land area of 14.93 x 109 ha in MRS includes 1.55 x 109 ha ice cover not listed in this table. InWBGU. ice is included in deserts and semideserts category.
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By definition, for an ecosystem in steady state, Rh and other
carbon losses would just balance NPP, and NBP would be zero.
In reality, human activities, natural disturbances and climate
variability alter NPP and Rh, causing transient changes in the
terrestrial carbon pool and thus non-zero NBP. If the rate of
carbon input (NPP) changes, the rate of carbon output (Rh) also
changes, in proportion to the altered carbon content; but there is
a time lag between changes in NPP and changes in the slower
responding carbon pools. For a step increase in NPP, NBP is
expected to increase at first but to relax towards zero over a
period of years to decades as the respiring pool "catches up".
The globally averaged lag required for Rh to catch up with a
change in NPP has been estimated to be of the order of 10 to 30
years (Raich and Schlesinger, 1992). A continuous increase in
NPP is expected to produce a sustained positive NBP, so long as
NPP is still increasing, so that the increased terrestrial carbon
has not been processed through the respiring carbon pools
(Taylor and Lloyd, 1992; Friedlingstein et at, 1995a; Thompson
et at., 1996; Kicklighter et al., 1999), and provided that the
increase is not outweighed by compensating increases in
mortality or disturbance.
The terrestrial system is currently acting as a global sink for
carbon (Table 3.1) despite large releases of carbon due to
deforestation in some regions. Likely mechanisms for the sink
are known, but their relative contribution is uncertain. Natural
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increase of 144 PgC (Etheridge et at, 1996; Keeling and Whorf,
2000), a release of 212 PgC due to fossil fuel burning (Marland et
all, 2000), and a modelled ocezn-atmosphere flux of about -107
PgC (Gruber, 1998, Sabine et at, 1999, Feely et at, 1999a). The
difference between the net terrestrial flux and estimated land-use
change emissions implies a residual land-atmosphere flux of -82
PgC (i.e., a terrestrial sink) over the same period- Box 3.2
indicates the theoretical upper bounds for additional carbon
storage due to land-use change, similar bounds for carbon loss by
continuing deforestation, and the implications of these calculations for atmospheric CO2.
Land use responds to social and economic pressures to
provide food, fuel and wood products, for subsistence use or for
export. Land clearing can lead to soil degradation, erosion and
leaching of nutrients, and may therefore reduce the subsequent
ability of the ecosystem to act as a carbon sink (Taylor and Lloyd,
1992). Ecosystem conservation and management practices can
restore, maintain and enlarge carbon stocks (IPCC, 2000a). Fire
is important in the carbon budget of some ecosystems (e.g.,
boreal forests, grasslands, tropical savannas and woodlands) and
is affected directly by management and indirectly by land-use
change (Apps et at, 1993). Fire is a major short-term source of
carbon, but adds to a small longer-term sink (<0.1 PgC/yr)
through production of slowly decomposing and inert black
carbon.

climate variability and disturbance regimes (including fire and

carbon, environmental controls on decomposition and rates of

Forests
Deforestation has been responsible for almost 90% of the
estimated emissions due to land-use change since 1850, with a
20% decrease of the global forest area (Houghton, 1999).

biomass removal. Human impacts occur through changes in land
use and land management, and through indirect mechanisms

Deforestation appears to be slowing slightly in tropical countries
(FAO, 1997; Houghton, 2000), and some deforested areas in

including climate change, and fertilisation due to elevated CO,

Europe and North America have been reforested in recent

and deposition of nutrients (most importantly, reactive nitrogen).

decades (FAO, 1997). Managed or regenerated forests generally
store less carbon than natural forests, even at maturity. New trees

herbivory) affect NBP through their impacts on NPP, allocation
to long- versus short-lived tissues, chemical and physical proper
ties of litter, stocks of living biomass, stocks of detrims and soil

These mechanisms are discussed individually in the following
sections.

take up carbon rapidly, but this slows down towards maturity
when forests can be slight sources or sinks (Buchmann and

3.2.2.2 Effects of changes in land use and land management
Changes in land use and management affect the amount of
carbon in plant biomass and soils. Historical cumulative carbon
losses due to changes in land use have been estimated to be 180
to 200 PgC by comparing maps of "natural" vegetation in the
absence of human disturbance (derived from ground-based
information (Matthews, 1983) or from modelled potential vegetation based on climate (Leemans, 1990)) to a map of current
vegetation derived from 1987 satellite data (de Fries et at, 1999).
Houghton (1999, 2000) estimated emissions of 121 PgC (approximately 60% in tropical areas and 40% in temperate areas) for the
period 1850 to 1990 from statistics on land-use change, and a
simple model tracking rates of decomposition from different
pools and rates of regrowth on abandoned or reforested land.
There was substantial deforestation in temperate areas prior to
1850, and this may be partially reflected in the difference
between these two analyses. The estimated land-use emissions
during 1850 to 1990 of 121 PgC (Houghton, 1999, 2000) can be
compared to estimated net terrestrial flux of 39 PgC to the
atmosphere over the same period inferred from an atmospheric

Schulze, 1999). To use land continuously in order to take up
carbon, the wood must be harvested and turned into long-lived
products and trees must be re-planted. The trees may also be used
for biomass energy to avoid future fossil fuel emissions (Hall et
at, 2000). Analysis of scenarios for future development show
that expanded use of biomass energy could reduce the rate of
atmospheric CO2 increase (B'CC 1996b; Leemans et al., 1996;
Edmonds et al., 1996; Ishitani et at, 1996; IPCC, 2000a). IPCC
(1996b) estimated that slowing deforestation and promoting
natural forest regeneration and afforestation could increase
carbon stocks by about 60 to 87 PgC over the period 1995 to
2050, mostly in the tropics (Brown et al., 1996).

Savannas and grasslands -fire and grazing
Grasslands and mixed tree-grass systems are vulnerable to subtle
environmental and management changes that can lead to shifts in
vegetation state (Scholes and Archer, 1997; House and Hall,
2001). Livestock grazing on these lands is the land use with the
largest global areal extent (FAO, 1993a). Extensive clearing of
trees (for agricultural expansion) has occurred in some areas. In
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other areas, fire suppression, eradication of indigenous browsers
and the introduction of intensive grazing and exotic trees and
shrubs have caused an increase in woody plant density known as
woody encroachment or tree thickening (Archer et at, 2001).
This process has been estimated to result in a CO, sink of up to
0.17 PgGyr in the USA during the 1980s (Houghton et at, 1999)
and at least 0.03 PgC/yr in Australia (Burrows, 1998). Grassland
ecosystems have high mot production and store most of their
carbon in soils where turnover is relatively slow, allowing the
possibility of enhancement through management (e.g., Fisher et
at, 1994).
Peatlatuls/wetlands
Peatlands/wetlands are large reserves of carbon, because
anaerobic soil conditions and (in northern peatlands) low temperatures reduce decomposition and promote accumulation of
organic matter. Total carbon stored in northern peatlands has been
estimated as about 455 PgC (Gorham, 1991) with a current
uptake rate in extant northern peatlands of 0.07 PgC/yr (Clymo et
at, 1998). Anaerobic decomposition releases methane (CHa)
which has a global warming potential (GWP) about 23 times that
of CO2 (Chapter 6). The balance between CH4 release and CO2
uptake and release is highly variable and poorly understood.
Draining peatlands for agriculture increases total carbon released
by decomposition, although less is in the form of CHa. Forests
grown on drained peatlands may be sources or sinks of CO2
depending on the balance of decomposition and tree growth
(Minkkinen and Laine, 1998).
Agricultural land

Conversion of natural vegetation to agriculture is a major source
of C02, not only due to losses of plant biomass but also, increased
decomposition of soil organic matter caused by disturbance and
energy costs of various agricultural practices (e.g., fertilisation
and irrigation; Schlesinger, 2000). Conversely, the use of highyielding plant varieties, fertilisers, irrigation, residue management
and reduced tillage can reduce losses and enhance uptake within
managed areas (Cole et al., 1996; Blume et at, 1998). These
processes have led to an estimated increase of soil carbon in
agricultural soils in the USA of 0.14 PgGyr during the 1980s
(Houghton et al., 1999). IPCC (1996b) estimated that appropriate
management practices could increase carbon sinks by 0.4 to 0.9
PgC/yr, or a cumulative carbon storage of 24 to 43 PgC over 50
years; energy efficiency improvements and production of energy
from dedicated crops and residues would result in a further
mitigation potential of 0.3 to 1.4 PgC/yr, or a cumulative carbon
storage of 16 to 68 PgC over 50 years (Cole et at, 1996).
Scenarios
The IPCC Special Report on Land Use, Land-Use Change and
Forestry (IPCC, 2000a) (hereafter SRLULUCF) derived
scenarios of land-use emissions for the period 2008 to 2012. It
was estimated that a deforestation flux of 1.79 PgGyr is likely to
be offset by reforestation and afforestation flux of -0.20 to -0.58
PgC/yr, yielding a net release of 1.59 to 1.20 PgC/yr
(Schlamadinger et at, 2000). The potential for net carbon storage
from several "additional activities" such as improved land
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management and other land-use changes was estimated to
amount to a global land-atmosphere flux in the region of -1.3
PgClyr in 2010 and -2.5 PgC/yr in 2040, not including wood
products and bioenergy (Sampson et at, 2000).
3.2.2.3 Effects of climate
Solar radiation, temperature and available water affect photosynthesis, plant respiration and decomposition, thus climate
change can lead to changes in NEP. A substantial part of the
interannual variability in the rate of increase of CO, is likely to
reflect terrestrial biosphere responses to climate variability
(Section 3.5.3). Warming may increase NPP in temperate and
arctic ecosystems where it can increase the length of the seasonal
and daily growing cycles, but it may decrease NPP in waterstressed ecosystems as it increases water loss. Respiratory
processes are sensitive to temperature; soil and root respiration
have generally been shown to increase with warming in the short
term (Lloyd and Taylor, 1994; Boone et al., 1998) although
evidence on longer-term impacts is conflicting (Trumbore, 2000;
Giardina and Ryan, 2000; Jarvis and Linder, 2000). Changes in
rainfall pattern affect plant water availability and the length of the
growing season, particularly in and and semi-arid regions. Cloud
cover cnn be beneficial to NPP in dry areas with high solar
radiation, but detrimental in areas with low solar radiationCh ' anging climate can also affect the distribution of plants and the
incidence of disturbances such as fire (which could increase or
decrease depending on warming and precipitation patterns,
possibly resulting under some circumstances in rapid losses of
carbon), wind, and insect and pathogen attacks, leading to
changes in NBP. The global balance of these positive and
negative effects of climate on NBP depends strongly on regional
aspects of climate change.
The climatic sensitivity of high northern latitude ecosystems
(tundra and taiga) has received particular attention as a
consequence of their expanse, high carbon density, and observations of disproportionate warming in these regions (Chapman and
Walsh, 1993; Overpeck et at, 1997). High-latitude ecosystems
contain about 25% of the total world soil carbon pool in the
permafrost and the seasonally-thawed soil layer. This carbon
storage may be affected by changes in temperature and water
table depth. High latitude ecosystems have low NPP, in part due
to short growing seasons, and slow nutrient cycling because of
low rates of decomposition in waterlogged and cold soils.
Remotely sensed data (Myneni et at, 1997) and phenological
observations (Menzel and Fabian, 1999) independently indicate a
recent trend to longer growing seasons in the boreal zone and
temperate Europe. Such a trend might be expected to have
increased annual NPP. A shift towards earlier and stronger spring
depletion of atmospheric CO, has also been observed at northern
stations, consistent with earlier onset of growth at mid- to high
northern latitudes (Manning, 1992; Keeling et al., 1996a;
Randerson, 1999). However, recent flux measurements at
individual high-latitude sites have generally failed to find
appreciable NEP (Oechel et at, 1993; Goulden et at, 1998;
Schulze et at, 1999; Oechel et at, 2000). These studies suggest
that, at least in the short term, any direct effect of warming on
NPP may be more than offset by an increased respiration of soil
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carbon caused by the effects of increased depth of soil thaw.
Increased decomposition, may, however also increase nutrient
mineralisation and thereby indirectly stimulate NPP (Melillo et
at, 1993; Jarvis and Linder, 2000; Oechel et at., 2000).
Large areas of the tropics are and and semi-arid, and plant
production is limited by water availability. There is evidence that
even evergreen tropical moist forests show reduced GPP during
the dry season (Malhi et at, 1998) and may become a carbon
source under the hot, dry conditions of typical El Nino years.
With a warmer ocean surface, and consequently generally
increased precipitation, the global trend in the tropics might be
expected to be towards increased NPP, but changing precipitation
patterns could lead to drought, reducing NPP and increasing fire
frequency in the affected regions.
3.2.2.4 Effects of increasing atmospheric C02
CO, and 02 compete for the reaction sites on the photosynthetic
carbon-fixing enzyme, Rubisco. Increasing the concentration of
CO, in the atmosphere has two effects on the Rubisco reactions:
increasing the rate of reaction with CO, (carboxylation) and
decreasing the rate of oxygenation. Both effects increase the
rate of photosynthesis, since oxygenation is followed by
photorespimtion which releases CO, (Farquhar et at, 1980).
With increased photsynthesis, plants can develop faster,
attaining the same final size in less time, or can increase their
final mass. In the first case, the overall rate of litter production
increases and so the soil carbon stock increases; in the second
case, both the below-ground and above-ground carbon stocks
increase. Both types of growth response to elevated CO2 have
been observed (Masle, 2000).

The strength of the response of photosynthesis to an
increase in CO, concentration depends on the photosynthetic
pathway used by the plant. Plants with a photosynthetic
pathway known as C3 (all trees, nearly all plants of cold
climates, and most agricultural crops including wheat and rice)
generally show an increased rate of photosynthesis in response
to increases in CO2 concentration above the present level (Koch
and Mooney, 1996; Curtis, 1996; Mooney et at, 1999). Plants
with the C4 photosynthetic pathway (tropical and many
temperate grasses, some desert shrubs, and some crops
including maize and sugar cane) already have a mechanism to
concentrate CO, and therefore show either no direct photosynthetic response, or less response than C3 plants (Wand et a!.,
1999). Increased CO, has also been reported to reduce plant
respiration under some conditions (Drake et a!., 1999),
although this effect has been questioned.
Increased CO2 concentration allows the partial closure of
stomata, restricting water loss during transpiration and
producing an increase in the ratio of carbon gain to water loss
("water use efficiency", WUE) (Field et at, 1995a; Drake et a!.,
1997; Farquhar, 1997; Kbrner, 2000). This effect can lengthen
the duration of the growing season in seasonally dry ecosystems
and can increase NPP in both C3 and C4 plants.
Nitrogen-use efficiency also generally improves as carbon
input increases, because plants can vary the ratio between
carbon and nitrogen in tissues and require lower concentrations
of photosynthetic enzymes in order to carry out photosynthesis
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at a given rate; for this reason, low nitrogen availability does not
consistently limit plant responses to increased atmospheric CO2
(McGuire et at, 1995; Lloyd and Farquhar, 1996; Curtis and
Wang, 1998; Norby et at, 1999; KSmer, 2000). Increased CO2
concentration may also stimulate nitrogen fixation (Hungate et
al., 1999; Vitousek and Field, 1999). Changes in tissue nutrient
concentration may affect herbivory and decomposition,
although long-tenn decomposition studies have shown that the
effect of elevated CO2 in this respect is likely to be small
(Norby and Cortufo, 1998) because changes in the C:N ratio of
leaves are not consistently reflected in the C:N ratio of leaf litter
due to nitrogen retranslocation (Norby et al., 1999).
The Process of CO2 "fertilisation" thus involves direct effects
on carbon assimilation and indirect effects such as those via
water saving and interactions between the carbon and nitrogen
cycles. Increasing CO2 can therefore lead to structural and
physiological changes in plants (Pritchard et at, 1999) and can
further affect plant competition and distribution patterns due to
responses of different species. Field studies show that the relative
stimulation of NPP tends to be greater in low-productivity years,
suggesting that improvements in water- and nutrient-use
efficiency can be more important than direct NPP stimulation
(Luo et al., 1999).
Although NPP stimulation is not automatically reflected in
increased plant biomass, additional carbon is expected to enter
the soil, via accelerated ontogeny, which reduces lifespan and
results in more rapid shoot death, or by enhanced root turnover
or exudation (Koch and Mooney, 1996; Allen et at, 2000).
Because the soil microbial community is generally limited by
the availability of organic substrates, enhanced addition of
labile carbon to the soil tends to increase heterotrophic respiration unless inhibited by other factors such as low temperature
(Hungate et a!., 1997; Schlesinger and Andrews, 2000). Field
studies have indicated increases in soil organic matter, and
increases in soil respiration of about 30%, under elevated CO2
(Schlesinger and Andrews, 2000). The potential role of the soil
as a carbon sink under elevated CO2 is crucial to understanding
NEP and long-term carbon dynamics, but remains insufficiently
well understood (Trumbore, 2000).
C3 crops show an average increase in NPP of around 33% for
a doubling of atmospheric CO, (Koch and Mooney, 1996).
Grassland and crop studies combined show an average biomass
increase of 14%, with a wide range of responses among
individual studies (Mooney et at, 1999). In cold climates, low
temperatures restrict the photosynthetic response to elevated
CO2. In tropical grasslands and savannas, C4 grasses are
dominant, so it has been assumed that trees and C, grasses
would gain a competitive advantage at high CO2 (Gifford, 1992;
Collatz et a!., 1998). This is supported by carbon isotope
evidence from the last glacial maximum, which suggests that
low CO2 favours C4 plants (Street-Perrott et a!., 1998). However,
field experiments suggest a more complex picture with Ca plants
sometimes doing better than C3 under elevated CO? due to
improved WUE at the ecosystem level (Owensby et at, 1993;
Polley et at, 1996). Highly productive forest ecosystems have
the greatest potential for absolute increases in productivity due
to CO, effects. Long-term field studies on young trees have
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typically shown a stimulation of photosynthesis of about 60%
for a doubling of CO2 (Saxe et at, 1998; Norby et at, 1999). A
FACE experiment in a fast growing young pine forest showed
an increase of 25% in NPP for an increase in atmospheric CO,
to 560 ppm (DeLucia et a!., 1999). Some of this additional NPP
is allocated to root metabolism and associated microbes; soil
CO2 efflux increases, returning a part (but not all) of the extra
NPP to the atmosphere (Allen et al., 2000). The response of
mature forests to increases in atmospheric CO2 concentration
has not been shown experimentally; it may be different from
that of young forests for various reasons, including changes in
leaf C:N ratios and stomatal responses to water vapour deficits
as trees mature (Curtis and Wang, 1998; Norby et at., 1999).
At high CO, concentrations there can be no further increase
in photosynthesis with increasing CO2 (Farquhar et a!., 1980),
except through further stomata] closure, which may produce
continued increases in WUE in water-limited environments. The
shape of the response curve of global NPP at higher CO2 concentrations than present is uncertain because the response at the level
of gas exchange is modified by incompletely understood plantand ecosystem-level processes (Luo et at, 1999). Based on
photosynthetic physiology, it is likely that the additional carbon
that could be taken up globally by enhanced photosynthsis as a
direct consequence of rising atmospheric CO2 concentration is
small at atmospheric concentrations above 800 to 1,000 ppm.
Experimental studies indicate that some ecosystems show greatly
reduced CO2 fertilisation at lower concentrations than this
(Komer, 2000).
3.2.2.5 Effects of anthropogenic nitrogen deposition
Nitrogen availability is an important constraint on NPP
(Vitousek et at, 1997), although phosphorus and calcium may
be more important limiting nutrients in many tropical and subtropical regions ( Matson, 1999). Reactive nitrogen is released
into the atmosphere in the form of nitrogen oxides (NO,) during
fossil fuel and biomass combustion and ammonia emitted by
industrial regions, animal husbandry and fertiliser use (Chapter
4). This nitrogen is then deposited fairly near to the source, and
can act as a fertiliser for terrestrial plants. There has been a
rapid increase in reactive nitrogen deposition over the last 150
years (Vitousek et al., 1997; Holland et al., 1999). Much field
evidence on nitrogen fertilisation effects on plants (e.g.,
Chapin, 1980; Vitousek and Howarth, 1991; Bergh et aL, 1999)
supports the hypothesis that additional nitrogen deposition will
result in increased NPP, including the growth of trees in Europe
(Spiecker et al., 1996). There is also evidence (Fog, 1988;
Bryant et at, 1998) that N fertilisation enhances the formation
of modified soil organic matter and thus increases the residence
time of carbon in soils.
Tracer experiments with addition of the stable isotope 15N
provide insight into the short-term fate of deposited reactive
nitrogen (Oundersen et at, 1998). It is clear from these
experiments that most of the added N added to the soil
surface is retained in the ecosystem rather than being leached
out via water transport or returned to the atmosphere in
gaseous form (as N,, NO, NzO or NH3). Studies have also
shown that the tracer is found initially in the soil
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(Nadelhoffer et at, 1999), but that it enters the vegetation
after a few years (Clark 1977; Schimel and Chapin, 1996;
Delgado et al., 1996; Schulze, 2000).
There is an upper limit to the amount of added N that can
fertilise plant growth. This limit is thought to have been reached
in highly polluted regions of Europe. With nitrogen satumtion,
ecosystems are no longer able to process the incoming nitrogen
deposition, and may also suffer from deleterious effects of associated pollutants such as ozone (03), nutrient imbalance, and
aluminium toxicity (Schulze el at. 1989; Aber et at, 1998).
3.2.2.6 Additional impacts of changing atmospheric chemistry
Current tropospheric 03 concentrations in Europe and North
America cause visible leaf injury on a range of crop and tree
species and have been shown to reduce the growth and yield of
crops and young trees in experimental studies- The longer-term
effects of 03 on forest productivity are less certain, although
significant negative associations between ozone exposure and
forest growth have been reported in North America (Mclaughlin
and Percy, 2000) and in central Europe (Braun et at, 2000). 03
is taken up through stomata, so decreased stomatal conductance
at elevated CO2 may reduce the effects of 03 (Semenov et at,
1998, 1999). There is also evidence of significant interactions
between 03 and soil water availability in effects on stem growth
or NPP from field studies (e.g., Mclaughlin and Downing,
1995) and from modelling studies (e.g., Ollinger et at, 1997).
The regional impacts of 03 on NPP elsewhere in the world are
uncertain, although significant impacts on forests have been
reported close to major cities. Fowler et at (2000) estimate that
the proportion of global forests exposed to potentially
damaging ozone concentrations will increase from about 25%
in 1990 to about 50% in 2100.
Other possible negative effects of industrially generated
pollution on plant growth include effects of soil acidification
due to deposition of NO3 and SO,'-. Severe forest decline has
been observed in regions with high sulphate deposition, for
instance in parts of eastern Europe and southern China. The
wider effects are less certain and depend on soil sensitivity.
Fowler et at (2000) estimate that 8% of global forest cover
received an annual sulphate deposition above an estimated
threshold for effects on acid sensitive soils, and that this will
increase to 17% in 2050. The most significant long-term effect
of continued acid deposition for forest productivity may be
through depletion of base cations, with evidence of both
increased leaching rates and decreased foliar concentrations
(Mclaughlin and Percy, 2000), although the link between these
changes in nutrient cycles and NPP needs to be quantified.
3.2.2.7 Additional constraints on terrestrial CO2 uptake
It is very likely that there are upper limits to carbon storage in
ecosystems due to mechanical and resource constraints on the
amount of above ground biomass and physical limits to the
amount of organic carbon that can be held in soils (Scholes et at,
1999). It is also generally expected that increased above-ground
NPP (production of leaves and stem) will to some extent be
counterbalanced by an increased rate of turnover of the biomass
as upper limits are approached.

The Carbon Cycle and Atmospheric Carbon Dioxide

3.2.3 Ocean Carbon Processes
3.2.3.1 Background
The total amount of carbon in the ocean is about 50 times
greater than the amount in the atmosphere, and is exchanged
with the atmosphere on a time-scale of several hundred years.
Dissolution in the oceans provides a large sink for anthropogenic CO,, due in part to its high solubility, but above all
because of its dissociation into ions and interactions with sea
water constituents (see Box 3.3).
The annual two-way gross exchange of CO2 between the
atmosphere and surface ocean is about 90 PgC/yr, mediated by
molecular diffusion across the air-sea interface. Net CO2
transfer can occur whenever there is a partial pressure difference of CO, across this interface. The flux can be estimated as
the product of a gas transfer coefficient, the solubility of CO2.
and the partial pressure difference of CO2 between air and
water. The gas transfer coefficient incorporates effects of many
physical factors but is usually expressed as a non-linear
function of wind speed alone. There is considerable uncertainty
about this function (Liss and Merlivat, 1986; Wanninkhof,
1992; Watson et at., 1995). Improvements in the ability to
measure CO2 transfer directly (e.g., Wanninkhof and McGillis,
1999) may lead to a better knowledge of gas transfer coefficients.

Despite extensive global measurements conducted during
the 1990s, measurements of surface waterpCO2 remain sparse,
and extensive spatial and temporal interpolation is required in
order to produce global fields. Takahashi et at (1999) interpo
lated data collected over three decades in order to derive
monthly values of surface water pCO, over the globe for a
single "virtual" calendar year (1995). A wind speed dependent
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gas transfer coefficient was used to calculate monthly net CO2
fluxes. The resulting estimates, although subject to large
uncertainty, revealed clear regional and seasonal patterns in net
fluxes.
Regional net CO2 transfers estimated from contemporary
surface waterpCO, data should not be confused with the uptake
of anthropogenic CO2. The uptake of anthropogenic CO2 is the
increase in net transfer over the pre-industrial net transfer, and
is therefore superimposed on a globally varying pattern of
relatively large natural transfers. The natural transfers result
from heating and cooling, and biological production and
respiration. Carbon is transferred within the ocean from natural
sink regions to natural source regions via ocean circulation and
the sinking of carbon rich particles. This spatial separation of
natural sources and sinks dominates the regional distribution of
net annual air-sea fluxes.
CO2 solubility is temperature dependent, hence air-sea heat
transfer contributes to seasonal and regional patterns of air-sea
CO2 transfer (Watson et at, 1995). Net cooling of surface
waters tends to drive CO2 uptake; net warming drives
outgassing. Regions of cooling and heating are linked via
circulation, producing vertical gradients and north-south
transports of carbon within the ocean (e.g., of the order 0.5 to I
PgC/yr southward transport in the Atlantic Basin; Broecker and
Peng, 1992; Keeling and Peng, 1995; Watson et al., 1995;
Holfort et at, 1998).
Biological processes also drive seasonal and regional distributions of CO2 fluxes (Figure lc). The gross primary production
by ocean phytoplankton has been estimated by Bender et al.
(1994) to be 103 PgC/yr. Part of this is returned to DIC through
autotrophic respiration, with the remainder being net primary
production, estimated on the basis of global remote sensing data

Box 33: The varying CO2 uptake capacity of the ocean.
Because of its solubility and chemical reactivity, CO, is taken up by the ocean much more effectively than other anthropogenic
gases (e.g., chlorofluorocarbons (CFCs) and CH,). CO2 that dissolves in seawater is found in three main forms. The sum of these
forms constitutes dissolved inorganic carbon (DIC). The three forms are: (1) dissolved CO, (non-ionic, about 1%of the total) which
can be exchanged with the atmosphere until the partial pressure in surface water and air are equal, (2) bicarbonate ion (HCO3, about
91%); and (3) carbonate ion (CO3 , about 8%). As atmospheric CO2 increases, the dissolved CO, content of surface seawater
increases at a similar rate, but most of the added CO2 ends up as HCO3. Meanwhile, the CO^ content decreases, since the net
effect of adding CO2 is a reaction with C03 to form HCO3- (Figure 3.l). There is therefore less available CO3 to react with further
CO, additions, causing an increasing proportion of the added CO, to remain in its dissolved form. This restricts further uptake, so
that the overall ability of surface sea water to take up CO2 decreases at higher atmospheric CO2 levels. The effect is large. For a
100 ppm increase in atmospheric CO2 above today's level (i.e., from 370 to 470 ppm) the DIC concentration increase of surface
sea water is already about 40% smaller than would have been caused by a similar 100 ppm increase relative to pre-indust:ial levels
(i.e., from 280 to 380 ppm). The contemporary DIC increase is about 60% greater than would result if atmospheric CO2 were to
increase from 750 to 850 ppm.
The uptake capacity for CO2 also varies significantly due to additional factors, most importantly seawater temperature, salinity
and alkalinity (the latter being a measurable quantity approximately equal to [HCO; J+ 2 x[CO3 )). Alkalinity is influenced
primarily by the cycle of CaCO3 formation (in shells and corals) and dissolution (see Figure 3.1c).
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to be about 45 PgC/yr (Longhurst et al., 1995; Antoine et at,
1996; Falkowski etal., 1998; Field eta1, 1998; Balkanski et al.,
1999). About 14 to 30% of the total NPP occurs in coastal areas
(Gattuso et at, 1998). The resulting organic carbon is
consumed by zooplankton (a quantitatively more important
process than herbivory on land) or becomes detritus. Some
organic carbon is released in dissolved form (DOC) and
oxidised by bacteria (Ducklow, 1999) with a fraction entering
the ocean reservoir as net DOC production (Hansell and
Carlson, 1998). Sinking of particulate organic carbon (POC)
composed of dead organisms and detritus together with vertical
transfer of DOC create a downward flux of organic carbon from
the upper ocean known as "export production". Recent
estimates for global export production range from roughly 10 to
20 PgC/yr (Falkowski et at, 1998; Laws et at, 2000). An
alternative estimate for global export production of 1 I PgC/yr
has been derived using an inverse model of physical and
chemical data from the world's oceans (Schlitzer, 2000). Only
a small fraction (about 0.1 PgC) of the export production sinks
in sediments, mostly in the coastal ocean (Gattuso et at, 1998).
Heterotrophic respiration at depth converts the remaining
organic carbon back to DIC. Eventually, and usually at another
location, this DIC is upwelled into the ocean's surface layer
again and may re-equilibrate with the atmospheric CO, These
mechanisms, often referred to as the biological pump, maintain
higher DIC concentrations at depth and cause atmospheric CO,
concentrations to be about 200 ppm lower than would be the
case in the absence of such mechanisms (Sarmiento and
Toggweiler, 1984; Maier-Reimer et at, 1996).
Marine organisms also form shells of solid calcium
carbonate (CaCO3) that sink vertically or accumulate in
sediments, coral reefs and sands. This process depletes surface
CO32-, reduces alkalinity, and tends to increase pCO2 and drive
more outgassing of CO2 (see Box 3.3 and Figure 3.1). The
effect of CaCO3 formation on surface water pCOz and air-sea
fluxes is therefore counter to the effect of organic carbon
production. For the surface ocean globally, the ratio between
the export of organic carbon and the export of calcium
carbonate (the "rain ratio") is a critical factor controlling the
overall effect of biological activity on surface ocean pCOz
(Figure 3.1; Archer and Maier-Reimer, 1994). Milliman (1993)
estimated a global production of CaCO3 of 0.7 PgC/yr, with
roughly equivalent amounts produced in shallow water and
surface waters of the deep ocean. Of this total, approximately
60% accumulates in sediments. The rest re-dissolves either in
the water column or within the sediment. An estimate of CaCO3
flux analogous to the export production of organic carbon,
however, should include sinking out of the upper layers of the
open ocean, net accumulation in shallow sediments and reefs,
and export of material from shallow systems into deep sea
environments. Based on Milliman's (1993) budget, this quantity
is about 0.6 PgC/yr (± 25 to 50 % at least). The global average
rain ratio has been variously estimated from models of varying
complexity to be 4 (Broecker and Peng, 1982), 3.5 to 7.5
(Shaffer, 1993), and 11 (Yamanaka and Tajika, 1996). (It should
be noted that rain ratios are highly depth dependent due to rapid
oxidation of organic carbon at shallow depth compared to the
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depths at which sinking CaCO3 starts to dissolve.) If one
accepts an organic carbon export production value of I 1 PgC/yr
(Schlitzer, 2000), then only Yamanaka and Tajika's (1996) value
for the rain ratio approaches consistency with the observationbased estimates of the export of CaCO3 and organic carbon
from the ocean surface layer.
The overall productivity of the ocean is determined largely
by nutrient supply from deep water. There are multiple
potentially limiting nutrients: in practice nitrate and/or
phosphate are commonly limiting (Falkowski et at, 1998;
Tyrell, 1999). Silicate plays a role in limiting specific types of
phytoplankton and hence in determining the qualitative nature
of primary production, and potentially the depth to which
organic carbon sinks. A role for iron in limiting primary productivity in regions with detectable phosphate and nitrate but low
productivity (HNLC or "high nutrient, low chlorophyll
regions") has been experimentally demonstrated in the equatorial Pacific (Coale et at, 1996) and the Southern Ocean (Boyd
et al., 2000). In both regions artificial addition of iron
stimulated phytoplankton growth, resulting in decreased
surface-water pCOz. In HLNC regions, the supply of iron from
deep water, while an important source, is generally insufficient
to meet the requirements of phytoplankton. An important
additional supply of iron to surface waters far removed from
sediment and riverine sources is aeolian transport and deposition (Duce and Tindale, 1991; Fung et at, 2000; Martin, 1990).
This aeolian supply of iron may limit primary production in
HNLC regions, although the effect is ultimately constrained by
the availability of nitrate and phosphate. Iron has been hypothesised to play an indirect role over longer time-scales (e.g.,
glacial-interglacial) through limitation of oceanic nitrogen
fixation and, consequently, the oceanic content of nitrate
(Falkowski et at, 1998; Broecker and Henderson, 1998; Box
3.4). The regional variability of oceanic nitrogen fixation
(Gruber and Sanniento, 1997) and its temporal variability and
potential climate-sensitivity have recently become apparent
based on results from long time-series and global surveys (Karl
et at, 1997; Hansel] and Feely, 2000).
Carbon (organic and inorganic) derived from land also enters
the ocean via rivers as well as to some extent via groundwater.
This transport comprises a natural carbon transport together with
a significant anthropogenic perturbation. The global natural
transport from rivers to the ocean is about 0.8 PgCJyr, half of
which is organic and half inorganic (Meybeck 1982, 1993;
Sarmiento and Sundquist 1992; Figure 3.1). Additional fluxes
due to human activity have been estimated (Meybeck, 1993) to
be about 0.1 PgC/yr (mainly organic carbon). Much of the
organic carbon is deposited and/or respired and outgassed close
to land, mostly within estuaries (Smith and Hollibaugh,
1993).The outgassing of anthropogenic carbon from estuaries
can be a significant term in comparison with regional CO,
emissions estimates (e.g., 5 to 10% for Western Europe;
Frankignoulle at at, 1998). The natural DIC transport via rivers,
however, is part of a large-scale cycling of carbon between the
open ocean and land associated with dissolution and precipitation of carbonate minerals. This natural cycle drives net
outgassing from the ocean of the order 0.6 PgC/yr globally,
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which should be included in any assessment of net air-sea and
atmosphere-terrestrial biosphere transfers (Sarmiento and
Sundquist, 1992) and ocean transports (e.g., Holfort et at,
1998).
3.2.3.2 Uptake of anthropogenic CO2
Despite the importance of biological processes for the ocean's
natural carbon cycle, current thinking maintains that the oceanic
uptake of anthropogenic CO2 is primarily a physically and
chemically controlled process superimposed on a biologically
driven carbon cycle that is close to steady state. This differs from
the situation on land because of the different factors which control
marine and terrestrial primary productivity. On land, experiments
have repeatedly shown that current CO2 concentrations are
limiting to plant growth (Section 3.2.2.4). In the ocean, experimental evidence is against control of productivity by CO, concentrations, except for certain species at lower than contemporary
COZ concentrations (Riebesell et at, 1993; Falkowski, 1994).
Further, deep ocean concentrations of major nutrients and DIC are
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steady state with higher atmospheric CO, levels after about a year
at the sea surface. This is fast relative to the rate of ocean mixing,
implying that anthropogenic CO2 uptake is limited by the rate at
which "older" waters are mixed towards the air-sea interface. The
rate of exposure of older, deeper waters is therefore a critical
factor limiting the uptake of anthropogenic CO2. In principle,
there is sufficient uptake capacity (see Box 3.3) in the ocean to
incorporate 70 to 80% of anthropogenic CO2 emissions to the
atmosphere, even when total emissions of up to 4,500 PgC are
considered (Archer et at, 1997). The finite rate of ocean mixing,
however, means that it takes several hundred years to access this
capacity (Maier-Reimer and Hasselmann, 1987; Enting et at,
1994; Archer et at, 1997). Chemical neutralisation of added CO2
through reaction with CaCO3 contained in deep ocean sediments
could potentially absorb a further 9 to 15% of the total emitted
amount, reducing the airborne fraction of cumulative emissions by
about a factor of 2; however the response time of deep ocean
sediments is in the order of 5,000 years (Archer et d, 1997).
Using time-series and global survey data, the increasing

tightly correlated, with the existing ratios closely (but not exactly,
see Section 3.2.3.3) matching the nutritional requirements of

oceanic carbon content has been directly observed, although the

marine organisms (the "Redfield ratios': Redfield et at, 1963).
This implies that as long as nutrients that are mixed into the ocean

extremely accurate measurements (Sabine et at, 1997). A long-

surface layer are largely removed by organic carbon production

atmospheric CO2 increase has been observed in the ocean's

and export, then there is little potential to drive a net air-sea carbon
transfer simply through alteration of the global rate of production.

subtropical gyres (Bates et at, 1996; Winn et at, 1998) and the
equatorial Pacific (Feely et al., 1999b). However, very few such

Terrestrial ecosystems show greater variability in this respect

time-series exist and the response of other important oceanic

because land plants have multiple ways to acquire nutrients, and

regions to the atmospheric pCO2 increase cannot yet be assessed.
Inter-decadal increases in DIC concentrations at depth have been

have greater plasticity in their chemical composition (Melillo and
Gosz, 1983). There are, however, extensive regions of the ocean
surface where major nutrients are not fully depleted, and changes
in these regions may play a significant role in altering atmosphereocean carbon partitioning (see Section 3.2.3.3).
The increase of atmospheric pC02 over pre,industrial levels

signal is small compared to natural variability and requires
term increase of surface water CO, levels tracking the mean

resolved from direct measurements (Wallace, 1995; Peng et at,
1998; Ono et at, 1998; Sabine et at, 1999). The total amounts of
anthropogenic CO2 accumulated in the ocean since the preindustrial era can also be estimated from measurements using
recent refinements (Gruber et at, 1996) of long-standing methods

has tended to increase uptake into natural CO2 sink regions and

for separating the natural and anthropogenic components of

decreased release from natural outgassing regions. Contemporary
net air-sea fluxes comprise spatially-varying mixtures of natural

oceanic DIC. A comparison of such analyses with ocean model
results is presented in Section 3.6.3.

and anthropogenic CO, flux components and cannot be equated
with anthropogenic CO2 uptake, except on a global scale. Uptake
of anthropogenic CO2 is strongest in regions where "old" waters,
which have spent many years in the ocean interior since their last
contact with the atmosphere, are re-exposed at the sea surface to a
contemporary atmosphere which now contains anthropogenic
CO2 (e.g., Sarmiento et at, 1992; Doney, 1999). In an upwelling
region, for example, the natural component of the air-sea flux may
be to outgas CO2 to the atmosphere. The higher atmospheric pCO2
of the contemporary atmosphere acts to reduce this outgassing
relative to the natural state, implying that more carbon remains in
the ocean. This represents uptake of anthropogenic CO2 by a
region which is a source of CO, to the atmosphere. The additional
carbon in the ocean resulting from such uptake is then transported
by the surface ocean circulation, and eventually stored as surface
waters sink, or are mixed, into the deep ocean interior. Whereas
upwelling into the surface layer is quantitatively balanced on a
global scale by sinking, the locations where deep waters rise and
sink can be separated by large horizontal distances.

Air-sea gas transfer allows older waters to approach a new

3.2.3.3 Future changes in ocean CO2 uptake
This section lists processes that may be important for the future
uptake of anthropogenic CO2. These changes can represent
changes in anthropogenic CO, uptake itself (mainly physical and
chemical processes), or changes in the natural biologically-linked
cycling of carbon between the atmosphere and ocean.
Physical and chemical processes
Buffering changes. The capacity of surface waters to take up
anthropogenic CO2 is decreasing as CO, levels increase (see Box
3.3). The magnitude of this effect is substantial. This decrease in
uptake capacity of the ocean makes atmospheric CO, more
sensitive to anthropogenic emissions and other changes in the
natural cycling of carbon.
Emissions rate. Even assuming no other changes to the carbon
cycle, the proportion of emitted CO2 that can be taken up by the
ocean decreases as the rate of emission increases. This is due to
the finite rate of exposure of `older', deeper waters to the anthropogenic CO2 contained in the atmosphere.
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Warming. CO2 is less soluble in warmer water, and the equilibrium pCO2 in seawater increases by about 10 to 20 ppm per °C
temperature increase. Warming of surface water would therefore
tend to increase surface water pCO2, driving CO2 from the
surface ocean to the atmosphere. The expected effect of such
wanning on atmospheric CO2 may be smaller, depending on the
rate of exchange between ocean surface waters and the deep
ocean at high latitudes (e.g., Bacastow, 1993).
Vertical mixing and stratification. Several coupled
atmosphere-ocean models have shown global warming to be
accompanied by an increase in vertical stratification (see Chapter
7). Such a change would reduce the rate of mixing between
surface and deep waters, and therefore reduce the effective
volume of the ocean that is exposed to high atmospheric CO2. On
its own, this effect would tend to reduce the ocean CO, uptake.
However, changes in stratification may also drive changes in the
natural carbon cycle. The magnitude and even the sign of changes
in the natural cycle are much more difficult to predict because of
the complexity of ocean biological processes (Samuento et at,
1998; Matear and Hirst, 1999).
Biologically-linked processes
Qualitative and quantitative changes in carbon uptake arising from
changes in marine ecosystems are more speculative (Denman et
at, 1996; Falkowski et al., 1998; Watson and Liss, 1998), but are
likely to have occurred over glacial-interglacial time-scales
(Section 3.3). Falkowski et at (1998) listed three major classes of
biologically linked factors that can in principal alter the air-sea
partitioning of CO,: (1) changes in surface nutrient utilisation
(e.g., in HNLC areas); (2) changes in total ocean content of major
nutrients; (3) changes in the elemental composition of biogenic
material (including the rain ratio). Our incomplete understanding
of present day nutrient controls on productivity limits our ability
to predict future changes in ocean biology and their effect on CO2
levels. For example, the possible identification of changes in deep
ocean C:N:P ratios (Pahlow and Riebesell, 2000) leaves open the
question of the extent to which ocean biological carbon cycling is
in steady state, or is likely to remain so in the future.
Changes in surface nutrient utilisation. Changes in the utilisation of surface nutrients in HNLC regions have the potential to
alter export production and carbon storage in the ocean interior.
Most attention focuses on the role of inadvertent or deliberate
changes in the external supply of iron to such regions. The sign of
possible future responses of ocean biota due to iron supply
changes is difficult to assess. Future iron supply may increase due
to erosion (enhanced by agriculture and urbanisation) which tends
to increase dust export and aeolian iron deposition (Tegen and
Fung, 1995). Conversely, a globally enhanced hydrological cycle
and increased water-use efficiency of terrestrial plants may tend to
reduce future dust export (Harrison at at, 2001). The delivery of
dust to the HNLC regions will be sensitive to regional changes in
erosion and the hydrological cycle, affecting the important regions
of dust export, rather than to global scale changes (Dai et at.,
1998).
Surface nutrient supply could be reduced if ocean stratification
reduces the supply of major nutrients carried to the surface waters
from the deep ocean (Sarmiento at at, 1998). The impact of strati-

The Carbon Cycle and Atmospheric Carbon Dioxide

fication on marine productivity depends on the limiting factor. In
regions limited by deep ocean nutrients, stratification would
reduce marine productivity and the strength of the export of
carbon by biological processes. Conversely, stratification also
increases the light exposure of marine organisms, which would
increase productivity in regions where light is limiting.
Changes in total ocean content of major nutrients. Changes in
the delivery of the major biologically limiting nutrients (N, P, Fe,
Si) from riverine, atmospheric or sedimentary sources, or changes
in removal rates (e.g., denitrification), could alter oceanic nutrient
inventories and hence export production and ocean carbon
storage. On the global scale, the upward fluxes of major nutrients
are slightly depleted in N relative to P with respect to the nutrient
requirements of phytoplankton (Fanning, 1992). This relative
supply of N versus P may be sensitive to climate and circulation
related changes in the rate of fixed-nitrogen removal by denitriflcation (Ganeshmm at at, 1995) or via changes in the rate of
nitrogen fixation. Changes in river flow and composition are also
affecting the supply of nutrients (Frankignoulle at at, 1998). The
hypothesised link between nitrogen fixation in certain ocean
regions and the external iron supply (Falkowski, 1997; Wu et at,
2000) could play a role in future nutrient and carbon budgets.
Nitrogen fixation rates may also be affected by changes in stratification and mixing. For example, Karl et at (1997) have identified interannual variability in nitrogen fixation rates in the subtropical Pacific which are apparently linked to ENSO variability
in upper ocean dynamics.
Changes in the elemental composition of biogenic material.
The structure and biogeochemistry of marine ecosystems can be
affected by numerous climate-related factors including temperature, cloudiness, nutrient availability, mixed-layer physics and
sea-ice extent. In turn the structure of marine ecosystems, and
particularly the species composition of phytoplankton, exert a
control on the partitioning of carbon between the ocean and the
atmosphere. For example, a change in distribution of calcareous
versus siliceous planktonic organisms could affect CO, uptake in
the future, as it may have done in the past (Archer and MaierReimer, 1994). Precipitation of CaCO3 by marine organisms
(calcification) removes dissolved CO3z-, thus decreasing surface
water alkalinity and reducing the capacity of sea water to dissolve
atmospheric CO2 (see Box 3.3). Recent experimental evidence
suggests that as a direct result of increasing atmospheric and
surface water pCOz levels, oceanic calcification will decrease
significantly over the next 100 years. Model-based calculations
suggest that decreases in coral reef calcification rates of the order
17 to 35% relative to pre-industrial rates are possible (Kleypas at
at, 1999). Experimental studies with corals have confirmed such
effects (Langdon at at, 2000). Field and laboratory studies have
shown that planktonic calcification is also highly sensitive to
pCOz levels. The calcification rate of coccolithophorids decreases
by 16 to 83% at pCO, levels of 750 ppm (Riebesell et at, 2000).
Such an effect would tend to favour CO2 storage in the upper
ocean and act as a negative feedback on atmospheric growth rates
of CO2. However, long-term predictions of such biological
responses are hampered by a lack of understanding concerning
physiological acclimation and genetic adaptations of species to
increasing pCO,.
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Figure 31: Variations in atmospheric CO2 concentration on different time-scales. (a) Direct measurements of atmospheric CO2 concentration
(Keeling and Whorf, 2000), and 02 from 1990 onwards Battle et at, 2000). 02 concentration is expressed as the change from an arbitrary
standard. (b) CO2 concentration in Antarctic ice cores for the past nlillenium (Siegenthaler et at, 1988; Neftel et at, 1994; Bamola er at. 1995;
Etheridge et at. 1996). Recent atmospheric measurements at Mauna Loa (Keeling and Wharf, 2000) are shown for comparison. (c) CO, concentration in the Taylor Dome Antarctic ice core (Indermulde et at, 1999). (d) CO2 concentration in the Vostok Antarctic ice core (Petit et at, 1999;
Fischer et at, 1999). (e) Geochemically inferred CO2 concentrations, from Pagani et at. (1999a) and Pearson and Palmer (2000). (Q
Geochemically inferred CO2 concentrations: coloured bars represent different published studies cited by Berner (1997). The data from Pearson
and Palmer (2000) are shown by a black line. (BP = before present.)

3.3 Palaeo CO2 and Natural Changes in the Carbon Cycle
3.3.1 Geological History of Atmospheric C02
Atmospheric CO2 concentration has varied on all time-scales
during the Earth's history (Figure 3.2). There is evidence for
very high COZ concentrations (>3,000 ppm) between 600 and
400 Myr BP and between 200 and 150 Myr BP ( Figure 3.21). On
long time-scales, atmospheric CO2 content is determined by the

balance among geochemical processes including organic carbon
burial in sediments, silicate rock weathering, and vulcanism
(Berrter, 1993, 1997). In particular, terrestrial vegetation has
enhanced the rate of silicate weathering, which consumes CO,
while releasing base cations that end up in the ocean.
Subsequent deep-sea burial of Ca and Mg (as carbonates, for
example CaCO3) in the shells of marine organisms removes
CO,. The net effect of slight imbalances in the carbon cycle over
tens to hundreds of millions of years has been to reduce
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Box 3A: Causes of glacial/inter-glacial changes in atmospheric CO2.
One family of hypotheses to explain glacialfinter-glacial variations of atmospheric CO, relies on physical mechanisms that could
change the dissolution and outgassing of CO2 in the ocean. The solubility of CO2 is increased at low temperature, but reduced at
high salinity. These effects nearly cancel out over the glacial/inter-glacial cycle, so simple solubility changes are not the answer.
Stephens and Keeling (2000) have proposed that extended winter sea ice prevented outgassing of upwelled, C02-rich water around
the Antarctic continent during glacial times. A melt-water "cap" may have further restricted outgassing of CO, during summer
(Franqois et al., 1997). These mechanisms could explain the parallel increases of Antarctic temperature and CO2 during deglaciafion. However, they require less vertical mixing to occur at low latitudes than is normally assumed. The relative importance of high
and low latitudes for the transport of CO2 by physical processes is not well known, and may be poorly represented in most ocean
carbon models (Toggweiler, 1999; Broecker et at, 1999).
Several authors have hypothesised increased utilisation of surface nutrients by marine ecosystems in high latitudes, leading to
stronger vertical gradients of DIC and thus reduced atmospheric CO2 during glacial times (Sarmiento and Toggweiler, 1984;
Siegenthaler and Wenk, 1984; Knox and McElroy, 1984). Other hypotheses call for an increased external supply of nutrients to the
ocean (McElroy, 1983; Martin et at, 1990; Broecker and Henderson, 1998). The supply of iron-rich dust to the Southern Ocean is
increased during glacial periods, due to expanded deserts in the Patagonian source region (Andersen et at, 1998; Mahowald et at,
1999; Petit et at, 1999); dust-bome iron concentration in Antarctic ice is also increased (Edwards et at, 1998). Fertilisation of
marine productivity by iron from this source could have influenced atmospheric CO, Most of these mechanisms, however, can only
account for about 30 ppm, or less, of the change (Lefevre and Watson, 1999; Archer and Johnson, 2000). Palaeo-nutrient proxies
have also been used to argue against large changes in total high latitude productivity (Boyle, 1988; Rickaby and Elderfield, 1999;
Elderfield and Rickaby, 2000), even if the region of high productivity in the Southern Ocean may have been shifted to the north
(Kumar et at, 1995; Fmnpois et at, 1997). Increased productivity over larger regions might have been caused by decreased denitrification (Altabet et at, 1995; Ganeshram et at, 1995) or iron stimulated N, fixation (Broecker and Henderson, 1998) leading to an
increase in the total ocean content of reactive nitrogen.
Another family of hypotheses invokes ocean alkalinity changes by a variety of mechanisms (Opdyke and Walker, 1992; Archer
and Maier-Reimer, 1994; Kleypas, 1997), including increased silica supply through dust, promoting export production by siliceous
rather than calcareous phytoplankton (Harrison, 2000). Although there is geochemical evidence for higher ocean pH during glacial
times (Sanyal et at, 1995), a large increase in alkalinity would result in a much deeper lysocline, implying an increase in CaCO3
preservation that is not observed in deep-sea sediments (Catubig et at, 1998; Sigman et at, 1998; Archer et at, 2000).
Given the complex timing of changes between climate changes and atmospheric CO2 on glacial-interglacial time-scales, it is
plausible that more than one mechanism has been in operation; and indeed most or all of the hypotheses encounter difficulties if
called upon individually to explain the full magnitude of the change.

atmospheric CO2. The rates of these processes are extremely slow,
hence they are of limited relevance to the atmospheric CO2
response to emissions over the next hundred years.
It is pertinent, however, that photosynthesis evolved at a time
when O2 concentrations were far less than at present. O, has
accumulated in the atmosphere over geological time because
photosynthesis results in the burial of reduced chemical species:
pyrite (FeS2) derived from sulphur-reducing bacteria, and organic
carbon. This accumulation has consequences for terrestrial and
marine ecosystems today. Primary production is carbon limited in
terrestrial ecosystems in part because of (geologically speaking)
low CO2 concentrations, and in part because Rubisco (the enzyme
that fixes CO, in all plants) also has an affinity for 02 that reduces
its efficiency in photosynthesis (see Section 3.2.2.4). Primary
production is iron limited in some marine ecosystems mainly
because of the extreme insolubility of Fe(!B), the predominant
form of iron in the present, OZ-rich environment. These difficulties
faced by contemporary organisms represent a legacy of earlier
evolution under very different biogeochemical conditions.
In more recent times, atmospheric CO, concentration
continued to fall after about 60 Myr BP and there is geochemical
evidence that concentrations were <300 ppm by about 20 Myr BP

(Pagani et at, 1999a; Pearson and Palmer, 1999, 2000; Figure
3.2e). how CO2 concentrations may have been the stimulus that
favoured the evolution of C4 plants, which increased greatly in
abundance between 7 and 5 Myr BP (Cerling et at, 1993, 1997;
Pagani et at, 1999b). Although contemporary CO2 concentrations were exceeded during earlier geological epochs, they are
likely higher now than at any time during the past 20 million
years.

3.3.2 Variations in Atmospheric CO2 during GlacfaUinterglacfalCycles
The purity of Antarctic ice allows the CO2 concentration in
trapped air bubbles to be accurately measured (Tschumi and
Stauffer, 2000). The CO2 record from the Vostok ice core is the
best available for the glacial/inter-glacial time-scale and covers the
past four glaciaUnler-glacial cycles (420 kyr) with a resolution of
I to 2 kyr (Petit et at, 1999; Fischer et al., 1999). The general
pattern is clear (Figure 3.2d): atmospheric CO2 has been low (but
? 180 ppm) during glacial periods, and higher (but <_300 ppm)
during interglacials. Natural processes during the glacialinterglacial cycles have maintained CO2 concentrations within
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these bounds, despite considerable variability on multi-millenial
time-scales. The present CO2 concentration is higher than at any
time during the 420 kyr period covered by the Vostok record.
The terrestrial biosphere stores 300 to 700 Pg more carbon
during interglacial periods than during glacial periods, based on a
widely accepted interpretation of the 513C record in deep-sea
sediments (Shackleton, 1977; Bird et at, 1994; Crowley, 1995).
Terrestrial modelling studies (e.g., FriedGngstein et at, 1995b;
Peng et at, 1998) have reached the same conclusion. Thus, the
terrestrial biosphere does not cause the difference in atmospheric
CO, between glacial and interglacial periods. The cause must he
in the ocean, and indeed the amount of atmospheric change to be
accounted for must be augmented to account for a fraction of the
carbon transferred between the land and ocean. The mechanism
remains controversial (see Box 3.4). In part this is because a
variety of processes that could be effective in altering CO, levels
on a century time-scale can be largely cancelled on multi-millenial
time-scales by changes in CaCO3 sedimentation or dissolution, as
discussed in Section 3.2.3.1.
Orbital variations (Berger, 1978) are the pacemaker of climate
change on multi-millenial time-scales (Hays et at, 1976).
Atmospheric CO2 is one of many Earth system variables that
show the characteristic "Milankovitch" periodicities, and has been
implicated as a key factor in locking natural climate changes to the
100 kyr eccentricity cycle (Shackleton, 2000). Whatever the
mechanisms involved, lags of up to 2,000 to 4,000 years in the
drawdown of CO, at the start of glacial periods suggests that the
low CO2 concentrations during glacial periods aniplify the climate
change but do not initiate glaciations (Lorius and Oeschger, 1994;
Fischer et at, 1999). Once established, the low CO, concentration
is likely to have enhanced global cooling (Hewitt and Mitchell,
1997). During the last deglaciation, rising CO2 paralleled
Southern Hemisphere warming and was ahead of Northern
Hemisphere warming (Chapter 2).

During glacial periods, the atmospheric CO2 concentration
does not track the "fast" changes in climate (e.g., decade to
century scale warming events) associated with DansgaardOeschger events, although there are CO, fluctuations of up to 20
ppm associated with the longer-lived events (Stauffer el at, 1998;
Indermiihle er at. 2000) (see Chapter 2 for explanations of these
temts). During the last deglaciation, atmospheric CO2 concentration continued to increase, by about 12 ppm, through the Younger
Dryas cold reversal (12.7 to 11.6 kyr BP) seen in Northern
Hemisphere palaeoclimate records (Fischer et at, 1999; Smith et
at, 1999). Palaeo-oceanogmphic evidence shows that the Younger
Dryas event was marked by a prolonged shut-down of the thermohaline circulation, which is likely to have been triggered by the
release of melt water into the North Atlantic. Similar behaviour,
with a slight rise in CO, accompanying a major Northern
Hemisphere cooling and shutdown of North Atlantic Deep Water
production, has been produced in a coupled atmosphere-ocean
model (Marchal et at, 1998). The observed CO, rise during the
Younger Dryas period was modest, suggesting that atmospheric
CO, has, under natural conditions, been well buffered against
abrupt changes in climate, including thermohaline collapse. This
buffering is a direct consequence of the large reservoir of DIC in
the ocean.
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3.3.3 Variations in Atmospheric CO2 during the Past 11,000
Years
Natural variations in CO2 during the past 11,000 years (Figure
3.2c) have been small (about 20 ppm) according to the best
available measurements, which are from the Taylor Dome ice core
(Smith et al., 1999; Indermuhle et at, 1999). These measurements
show a short-lived maximum around 1I kyr BP, followed by a
slight fall, which may have been caused by increasing carbon
storage in the terrestrial biosphere. Atmospheric CO2 concentration was about 260 ppm at its Holocene minimum around 8 kyr
BP and increased towards about 280 ppm in the pre-industrial
period. The same pattern and the same CO, concentration levels
over the past 8 kyr have also been shown in another ice core, BH7
near Vostok (PeybemZs et at, 2000). The causes of these changes
are not known. Preliminary VC measurements (see Box 3.6)
suggest that this increase may have been due to a gradual
reduction in terrestrial carbon storage (Indennuhle et at, 1999;
Smith et at, 1999) but others have considered an oceanic explanation more likely.
Atmospheric CO, concentrations have also been reconstructed
indirectly, from stomatal index measurements on sub-fossil leaves
(Van de Water et at, 1994; Beetling et at, 1995; Rundgren and
Beetling, 1999; Wagner et at., 1999). Stomatal density and
stomata] index of many species respond to atmospheric CO,
(Woodward, 1987; Woodward and Bazzaz, 1988) but are
influenced by other environmental variables as well (Poole et at,
1996). Onc recent stomatal index record, interpreted as implying
high (up to 350 ppm) and rapidly fluctuating CO, concentrations
in the early Holocene (Wagner et at, 1999), is clearly incompatible with the ice core record of Indennuhle et at (1999), whereas
a continuous stomatal index record from 9 kyr BP onwards
(Rundgren and Beetling, 1999) has shown concentration trends
consistent with the ice-core records.
Figure 3.2b shows the excellent agreement among different
high-resolution Antarctic ice cores covering the past 1,000 years.
Atmospheric CO, concentration fell by about 8 to 10 ppm during
the Little Ice Age (from 1280 to 1860, see Chapter 2) (Figure.
3.2b, c; Bamola et at, 1995; Etheridge et al., 1996; Indermiihle et
at, 1999; Rundgren and Beerling, 1999). A slight contemporaneous increase in &3C of atmospheric CO, has led to the suggestion that this effect was caused by enhanced carbon storage on
land (Francey et at, 1999b; Trudinger et at, 1999).
3.3.4 Implications
The Vostok record of atmospheric CO2 and Antarctic climate is
consistent with a view of the climate system in which CO,
concentration changes amplify orbitally-induced climate
changes on glacial/inter-glacial time-scales (Shackleton, 2000).
Changes during the present inter-glacial (until the start of the
anthropogenic CO, rise) have been small by comparison.
Although complete explanations for these changes in the past
are lacking, high-resolution ice core records establish that the
human-induced increase of atmospheric CO, over the past_
century is at least an order of magnitude faster than has
occurred during the preceeding 20,000 years.
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3.4 Anthropogenic Sources of CO,
3.4.1 Emissions from Fossil Fuel Burning and Cement
Production
Current anthropogenic emissions of CO2 are primarily the
result of the consumption of energy from fossil fuels.
Estimates of annual global emissions from fossil fuel burning
and cement production have been made for the period from
1751 through 1999. Figure 3.3 summarises emissions over the
period from 1959 to 1999 (Keeling and Whorf, 2000).
Estimates of annual global emissions from fossil fuel
burning and cement production by Marland et at (2000) span
the period from 1751 through to 1997, reaching a maximum in
1997 of 6.6 PgC/yr (0.2 PgC/yr of this was from cement
production). The primary data for these estimates are annual
energy statistics compiled by the United Nations (2000).
Emissions for 1998 and 1999 have been estimated based on
energy statistics compiled by British Petroleum (2000).
Emission factors (IPCC, 1997) were applied to consumption
statistics (British Petroleum, 2000) to calculate emissions over
the period 1990 to 1999. Emissions were then scaled to match
the estimates for emissions from fossil fuel burning and cement
production from Marland et at (2000) over the overlap period
from 1990 to 1997. The scaled emission estimates, therefore,
implicitly include emissions from cement production.
The average value of emissions for the 1980s given by
Marland et at (2000) is 5.44 ± 0.3 PgC/yr, revised from the
earlier estimate (Marland et at 1994; Andres et at 2000) of
5.46 ± 0.3 PgC/yr used in the SAR and in the Special Report
on Radiative Forcing (1PCC, 1994) (hereafter SRRF).
Estimated emissions rose from 6.1 PgC/yr in 1990 to 6.5
PgC/yr in 1999. The average value of emissions in the 1990s
was 6.3 ± 0.4 PgC/yr.
3.4.2 Consequences of Land-use Change
About 10 to 30% of the current total anthropogenic emissions
of CO2 are estimated to be caused by land-use conversion. Such
estimates rely on land cover data sets which are highly variable,
and estimates of average carbon density of vegetation types,
which are also highly variable with stand age and local
conditions (see Box 3.1). Hence they cannot be specified as
accurately as is possible for fossil fuel emissions. Historical
emissions are treated in Section 3.2.2.2; this section focuses on
the contemporary situation.
Net land-use flux, comprising the balance of positive terms
due to deforestation and negative terms due to regrowth on
abandoned agricultural land, has been estimated based on landuse statistics and simple models of rates of decomposition and
regrowth, excluding possible climate, CO, and N fertilisation
effects (Houghton, 1999). Not all land-use emissions are
included, for example mining of peatlands. The analysis of
Houghton (1999) indicated that the net flux due to land-use
change was 2.0 ± 0.8 PgC/yr during the 1980s, almost entirely
due to deforestation of tropical regions. Temperate forests were
found to show an approximate balance between carbon uptake
in regrowing forests and carbon lost in oxidation of wood
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Figure 33: Fossil fuel emissions and the rate of increase of CO2
concentration in the atmosphere. The annual atmospheric increase is
the measured increase during a calendar year. The monthly
atmospheric increases have been filtered to remove the seasonal cycle.
Vertical arrows denote El Nino events. A horizontal line defines the
extended El Nino of 1991 to 1994. Atmospheric data are from Keeling
and Wharf (2000), fossil fuel emissions data are from Marland et at
(2000) and British Petroleum (2000), see explanations in text.

products, except in Europe, which showed a small net accumulation. The estimate of 2.0 PgC/yr is somewhat higher than
Houghton and Hackler's (1995) earlier estimate of 1.6 PgC/yr
for the same period, which was used in the SAR, because of a
reanalysis of data from tropical Asia (Houghton and Hackler,
1999). However, other recent analyses by the same authors
reduce the estimated emissions from the Brazilian Amazon by
half (Houghton et at, 2000), and point to other previously
unaccounted for sinks of carbon in the USA such as fire
suppression and woody encroachment, and changes in the
management of agricultural soils (Houghton et at, 1999).
Consideration of these additional studies brings the overall total
back down to 1.7 ± 0.8 PgC/yr (Houghton, 2000), as given in
the SRLULUCF.
An independent analysis (see Section 3.6.2.2) by the Carbon
Cycle Model Linkage Project (CCMLP) also calculated the
marginal effects of land-use changes on the global terrestrial
carbon budget (McGuire et at, 2001). Land-use change data
(conversions between native vegetation and crops) were derived
from Ramankutty and Foley (2000). The estimates obtained for
net land-use flux during the 1980s were between 0.6 and 1.0
PgC/yr, i.e., substantially smaller than the fluxes calculated by
Houghton (1999). The reasons for this discrepancy are unclear.
The CCMLP estimates may be too low because they neglected
conversions to pasture. However, data presented in Houghton
(1999) indicate that the main changes during recent decades
were due to land conversion for crops. A more important difference may lie in the timing of deforestation in different regions
in the tropics, where Ramankutty and Foley (2000) show higher
overall rates in the 1970s and lower rates in the 1980s than
Houghton does (1999)-
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Box 3.5: The use of O, measurements to assess the fate of fossil fuel C02The amount of CO2 that remains in the atmosphere each year has been consistently less than the amount emitted by fossil fuel
burning. This is because some CO, dissolves and mixes in the ocean, and some is taken up by the land. These two modes of uptake
have different effects on the concentration of 02 in the atmosphere. Fossil fuel burning consumes O, and causes a decline in
atmospheric 02 concentration (Figure 3.4). Dissolution of CO2 in the ocean has no effect on atmospheric 02. Terrestrial uptake of
COv by contrast, implies that photosynthesis (which releases 02) is exceeding respiration and other oxidation processes, including
fire (which consume O,). Thus, net terrestrial uptake of CO, implies a net release of 02, in a known stochiometric ratio. This difference can be used to partition the total CO, uptake into land and ocean components, as shown graphically in Figure 3.4. Strictly
speaking, the atmospheric O, - CO, budget method can only distinguish between net non-biological ocean uptake and net
biospheric uptake, which in principle includes both the terrestrial and the marine biosphere. However, since biological oxygen
uptake is not expected to have changed significantly during recent decades because of nutrient limitations in most parts of the ocean
(see Section 3.2.3.2), this inferred biospheric uptake is attributed to the land.
Measurement of changes in 02 presents a technical challenge because changes of a few ppm caused by fossil fuel burning have
to be determined against a background concentration of 209,000 ppm (about 2195). For technical reasons, O, is measured relative
to N2, the main constituent of the atmosphere, as a reference gas. For simplicity this chapter refers to 02 concentrations, although
strictly it is 02: N2 ratios that are measured. The impact of nitrification-denitrification changes on atmospheric N2 content are
assumed not to be problematic because they are small and the inventory of N, is very large. Increases in ocean temperatures (Levitus
et at, 2000), because of their effect on the temperature dependent solubility, induce small outgassing fluxes of 02 and N2 (Keeling
et at., 1993) that have to be taken into account (see Figure 3.4) although their magnitude is only approximately known. Impacts on
atmospheric 02 caused by changes in the ventilation of deeper, oxygen depleted waters have been observed on interannual timescales (Keeling et at, 1993, Bender et al., 1996). They could also occur on longer time-scales, e.g., through increased ocean stratification induced by ocean warming.

Another analysis calculated a substantially higher net source
due to land-use change in the tropics of 2.4 ± 1.0 PgC/yr during
the 1980s (Fearnside, 2000). This analysis did not deal with
temperate regions, and is not used in the global budget estimates.
No complete global assessment of deforestation effects
covering the 1990s is available. Rates of deforestation appear to
be declining. The FAO (1997) tropical forest assessment reported
annual losses of I5.5xI06 ha in the 1980s, and 13.7x106 ha in
1990 to 1995. Independent studies show a significant decline in
deforestation rates in the Amazon region (Skole and Tucker,
1993; Feamside, 2000). The annual flux of carbon from land-use
change for the period from 1990 to 1995 has been estimated to be
1.6 PgC/yr from 1990 to 1995, consisting of a source of 1.7
PgC/yr in the tropics and a small sink in temperate and boreal
areas (Houghton, 2000).

3.5 Observations, Trends and Budgets

mentary information has been available from 02 concentrations
(measured as ratios of 0,:N,, see Box 3.5), which have been
regularly measured since the early 1990s (Keeling and Shertz,
1992; Keeling et at, 1993; Bender et at. 1996; Keeling et at,
1996b; Battle et at, 2000; Manning, 2001; Figure 3.2a). 02
concentration data for the 1980s have been gleaned by two
methods: sampling of archived air flasks that were collected
during the 1980s (Langenfelds et al., 1999), and measuring the
air trapped in Antarctic fim (Battle et at, 1996).
In addition to fossil fuel CO2 emissions, Figure 3.3 shows
the observed seasonally corrected growth rate of the
atmospheric CO, concentrations, based on the two longest
running atmospheric CO, recording stations (Keeling and
Wharf, 2000). It is evident from this comparison that a part of
the anthropogenic CO, has not remained in the atmosphere; in
other words, CO2 has been taken up by the land or the ocean or
both. This comparison also shows that there is considerable
interannual variability in the total rate of uptake.

3.5.1 Atmospheric Measurements and Global CO2 Budgets

02 and CO, measurements are used here to provide observationally-based budgets of atmospheric CO2 (Table 3.1). CO2

Continuous time-series of highly precise measurements of the
atmospheric composition are of central importance to current
understanding of the contemporary carbon cycle. CO2 has been
measured at the Mauna Loa and South Pole stations since 1957
(Keeling et al., 1995; Figure 3.2a), and through a global surface
sampling network developed in the 1970s that is becoming
progressively more extensive and better inter-calibrated (Conway
et at, 1994; Keeling et at, 1995). Associated measurements of
613C in atmospheric CO2 began in 1977 ( Francey et at, 1995,
Keeling et at, 1995, Trolier et at, 1996). More recently, comple-

budgets are presented here (Table 3.1) for the 1980s (for
comparison with previous work; Table 3.3), and for the 1990s.
The reported error ranges are based on uncertainties of global
fossil fuel emissions, determination of the decadal average
changes in the atmospheric CO, concentration, and OZ:N, ratio;
and uncertainties in the assumed O,:CO2 stoichiometric ratios
in the combustion of fossil fuels and in photosynthesis and
respiration. The error ranges reflect uncertainties of the decadal
mean averaged values; they do not reflect interannual
variability in annual values, which far exceeds uncertainty in
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Figure 3.4: Partitioning of fossil fuel CO2 uptake using 02 measurements (Keeling and Shertz, 1992; Keeling et at, 1993; Battle et al., 1996,
2(q0; Bender et at, 1996; Keeling et a!., 1996b; Manning, 2001). The graph shows the relationship between changes in CO2 (horizontal axis) and
02 (vertical axis). Observations of annual mean concentrations of O,, centred on January 1, are shown from the average of the Alen and La Jolla
monitoring stations (Keeling et at, 1996b; Manning, 2001; solid circles) and from the average of the Cape Grim and Point Barrow monitoring
stations (Battle et al., 2000; solid triangles). The records from the two laboratories, which use different reference standards, have been shifted to
optimally match during the mutually overlapping period. The CO2 observations represent global averages compiled from the stations of the
NOAA network (Conway et at, 1994) with the methods of Tans et al. (1989). The arrow labelled 'fossil fuel buming" denotes the effect of the
combustion of fossil fuels (Marland et at, 2000; British Petmleum, 2000) based on the relatively well known 02:C02 stoichiomebic relation of
the different fuel types (Keeling, 1988). Uptake by land and ocean is constrained by the known 02:COZ stoichiometric ratio of these processes,
defining the slopes of the respective anuws. A small correction is made for differential outgassing of 0, and Nj with the increased temperature of
the ocean as estimated by Levitus et al. (2000).
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Box 3.6: Stable carbon isotopes in atmospheric CO2.
VC, a measure of the relative abundance of the two stable carbon isotopes, t!C and 12C, in atmospheric CO2 gives in principle
similar possibilities to O2 for the partitioning of atmospheric CO2 uptake (Keeling et at, 1979, 1980; Mook et at, 1983; Keeling
et at, 1989; Francey et at, 1995; Keeling et at, 1995). The principle of using 511C to separate land and ocean components of the
carbon budget relies on the fractionation during photosynthesis by C3 plants, which discriminates against '3C. This fractionation
leads to biospheric carbon being depleted in 13C by about 18%o relative to the atmosphere. In contrast, exchanges with the ocean
involve relatively small fractionation effects. Changes in the 13CP1C ratio of atmospheric CO2 thus indicate the extent to which
concurrent CO, variations can be ascribed to variations in biospheric uptake. The calculation also requires specification of the
turnover times of carbon in the ocean and on land, because fossil fuel burning implies a continuous release of isotopically light
carbon to the atmosphere. This leads to a lowering of the atmospheric 13CP2C isotope ratio, which takes years to centuries to work
its way through the carbon cycle (Keeling et at, 1980; Tans et at. 1993; Ciais et at. 1995a,b).
There are some complications. C3 plants discriminate against 13C more strongly than Cq plants (Lloyd and Farquhar, 1994), thus
the distributions of C3 and C4 photosynthesis need to be known. The oceanic disequilibrium can in principle be estimated observationally (Tans et at, 1993; Heimannn and Maier-Reimer, 1996; Bacastow et at, 1996; Gmber at at, 1999), while the terrestrial
disequilibrium has to be estimated by means of models (e.g., Ciais et at. 1999). Langenfelds et at (1999) and Battle et at (2000)
have shown that recently estimated values for the disequilibrium terms lead to consistency between the partitioning of CO2 uptake
into land and ocean uptake based on Oi and on S°C measurements.

the decadal mean rate of increase, as is further discussed in
Section 3.5.2. The salient facts are as follows:
• During the 1980s, fossil fuel emissions were on average 5.4 ± 0.3
PgC/yr and atmospheric CO2 content increased on average by
3.3 ± 0.1 PgC/yr. Partitioning of C02 uptake was estimated based
on archived flask O, measurements (Langenfelds et at, 1999) for
the 1979 to 1997 period, taking the Oz trend during 1991 to 1997
(Battle et at, 2000) into account. The resulting estimate of the
ocean-atmosphere flux was -1.9 ± 0.6 PgC/yr and of the landatmosphere flux -0.2 ± 0.7 PgC/yc This partitioning is adopted
here in Table 3.1. It is corroborated by independent 02 measurements in Antarctic fim (Battle et at, 1996). Restricting the
analysis to the Battle et at ( 1996) data for the 1980 to 1989
period, an ocean-atmosphere flux of -1.8 ± 1.0 PgC/yr and a
land-atmosphere flux of -0.4 ± 1.0 PgC/yr were obtained, i.e.,
results indistinguishable from the values in Table 3.1.
• Despite a greater emission rate of 6.3 ± 0.4 PgC/yr (see Section
3.4.1), the average atmospheric increase during the 1990s was
3.2 ± 0.1 PgC/yr, i.e., about the same as during the 1980s. An
exceptionally low rate of increase during the early 1990s was
balanced by a high rate during the late 1990s. Based on the
longest existing Oz records from La Jolla (California, USA)
and Alert (northern Canada) (Keeling et at, 1996b; Manning,
2001; see Figure 3.4), the ocean-atmosphere flux during the
1990s was -1.7 ± 0.5 PgC/yr and the land-atmosphere flux was
-1.4 ± 0.7 PgClyr.
Ocean uptake in the 1980s as estimated from Oz and CO, measurements thus agrees with the estimates in the SRRF (Schimel et at.
1995) and the SAR (Schimel et at, 1996) (although these were
model-based estimates; this section presents only observationallybased estimates (Table 3.3)). Considering the uncertainties, the
ocean sink in the 1990s was not significantly different from that in

the 1980s. The land-atmosphere flux was close to zero in the
1980s, as also implied by the SAR budget. The land appears to
have taken up more carbon during the 1990s than during the 1980s.
The causes cannot yet be reliably quantified, but possible
mechanisms include a slow down in deforestation (Section 3.4.2),
and climate variability that resulted in temporarily increased land
and/or ocean uptake in the early 1990s (Section 3.5.2). These
budgets are consistent with information from atmospheric 611C
measurements (see Box 3.6 and Table 3.4) and with budgets
presented in the SRLULUCF (Bolin et at 2000) except that
estimated ocean uptake is smaller, and land uptake accordingly
larger, than given in the SRLULUCF (see Table 3.3, footnote i).
Several alternative approaches to estimating the oceanatmosphere and land-atmosphere fluxes of CO2 are summarised
in Table 3.4. Alternative methods for estimating the global oceanatmosphere flux, based on surface-water pCO2 measurements
and ocean VC changes (Quay et at, 1992; Tans et at., 1993,
Heimann and Maier-Reimer, 1996; Sonnemp et at, 1999),
respectively, have yielded a range of -1.5 to -2.8 PgC/yr (for
various recent periods). The total anthropogenic CO2 added to the
ocean since pre-industrial times can also be estimated indirectly
using oceanic observations (Gruber et at, 1996). A global value
of 107 + 27 pgC by 1990 can be estimated from the basin-scale
values of 40 ± 9 PgC for the Atlantic in the 1980s (Gruber, 1998),
20 ± 3 PgC for the Indian Ocean in 1995 (Sabine et at, 1999),
and the preliminary value of 45 PgC for the Pacific Ocean in
1990 to 1996 (Feely et at, 1999a) with a large uncertainty of the
order of + 15 PgC. Assuming that accumulation of CO, in the
ocean follows a curve similar to the (better known) accumulation
in the atmosphere, the value for the ocean-atmosphere flux for
1980 to 1989 would be between -1.6 and -2.7 PgC/yr. Although
each individual method has large uncertainty, all of these oceanbased measurements give results comparable with the fluxes
presented in Table 3.1. Consideration of model-based estimates
of ocean uptake in Table 3.4 is deferred to Section 3.6.2.2.
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Table 3.3: Comparison of the global CO2 budgets from Table 3.1 with pm•iouslPCC estimatea°b" (units are PgC/yr).

1980s
Atmospheric increase
Emissions (fossil fuel, cement)
Ocean-atmosphere flux
Land-atmosphere flux•
•panitioned as follows
Land-usechange

Residualterrestrialsink

This chapter

SRLULUCFd

3.3+0.1
5.4 ±0.3
-1.9t0.6
-0.2±0.7s

1990s

1989 to 1998

SAR`

SRRFt

3.3 ± 0.1

3.3 ± 0.1

3.2 ± 0.1

5.5 ±03
-2.0t0.5'
-0.2±0.6

5.5 ±0.3
-2.0t0.5
-0.230.6

5.5 ± 0.3
-2.0t0.5
-0.3±0.6

3.2 t 0.1
6.4 ± 0.4

3.3 ±0.1
6.3 ± 0.4

-1.7±0.5
-1.4t0.7

-2.3±0.5
-0.7t0.6

1.6 ± 1.0

insufficient

1.7(0.6to2.5)g

1.730.8

-1.9 (-3.8 to 0.3)

-1.9t1.3

1.6±1.0

-1.8±1.6°

-1.9±1.6

This chapter

data

SRLULUCFd

1.6±O.St

-2.3±1.3

' Positive values are fluxes to the atmosphere; negative values represent uptake from the atmosphere.
^ Previous IPCC carbon budgets calculated ocean uptake and land-use change from models. The residual terrestrial sink was inferred. Here the
implied land-atmosphere flux (with its error) is derived from these previous budgets as required for comparison with Table 3.1.
Error ranges are expressed in this book as 67% confidence intervals (± lo). Previous IPCC estimates have used 90% confidence intervals
(± l.fio). These error ranges have been scaled down as required for comparison with Table 3.1. Uncertainty ranges for land-use change
emissions have not been altered in this way.

" IPCC Special Report on Land Use. Land-use Change and Forestry (SRLULUCF) (IPCC. 2000a; Bolin et at, 2000).
° IPCC Second Assessment Report (SAR) OPCC, 1996a; Schimel et at., 1996).
IPCC Special Report on Radiative Forcing (SRRF) (Schimel et at, 1995).

s Ranges based on Houghton (1999, 2000), Houghton and Hackler (1999), and CCMLP model results (McGuire et at, 200t).
The sink of 0.5 ± 0.5 PgC/yr in "northern forest regrowth" cited in the SAR budget is assigned here to be part of the residual terrestrial sink,
following Bolin et at. (2000).
' Based on an ocean carbon cycle model (Jain et at, 1995) used in the IPCC SAR (IPCC, 1996; Harvey et at, 1997), tuned to yield an oceanatmosphere flux of 2.0 PgCJyr in the 1980s for consistency with the SAR. After re-calibration to match the mean behaviour of OCMIP models
and taking account of the effect of observed changes in temperature no COZ and solubility. the same model yields an ocean-atmosphere flux of
-1.7 PgClyr for the 1980s and -1.9 PgC/yr for 1989 to 1998.
Based on annual average estimated emissions for 1989 to 1995 (Houghton, 2000).

The land-atmosphere flux based on atmospheric measurements represents the balance of a net land-use flux (currently a
positive flux, or carbon source, dominated by tropical deforestation) and a residual component which is, by inference, a negative
flux or carbon sink. Using the land-atmosphere flux estimates
from Table 3.1, assuming that land-use change contributed +1.7
PgC/yr to the atmosphere during the 1980s ( Section 3.4.2), then
a residual terrestrial flux of -1.9 PgC/yr (i.e., a residual sink of
similar magnitude to the total ocean uptake) is required for mass
balance. This is the term popularly (and misleadingly) known as
the "missing sink". The central estimate of its magnitude agrees
with previous analyses, e.g., in the SAR (if "northern forest
regrowth" is combined with "residual terrestrial sink" terms in
the SAR budget; Schimel et at, 1996) and the SRLULUCF
(Bolin et at, 2000) (Table 3.3). The uncertainty around this
number is rather large, however, because it compounds the
uncertainty in the atmospheric budget with a major uncertainty
about changes in land use. Using an error range corresponding
to 90% confidence intervals around the atmospheric estimate of
-0.2 PgC/yr (i.e., 1.6(;, giving confidence intervals of ±1.1
PgC/yr), and taking the range of estimates for CO, released due
to land-use change during the 1980s from Section 3.4.2, the
residual terrestrial sink is estimated to range from -3.8 to +0.3
PgC/yr for the 1980s- Model-based analysis of the components of
the residual terrestrial sink (Table 3.4) is discussed in Section
3.6.2.2.

3.5.2 Interannual Variability in the Rate ofAtmospheric CO2
Increase
The rate of increase in the globally averaged atmospheric concentration of CO, varies greatly from year to year. "Fast" and "slow"
years have differed by 3 to 4 PgC/yr within a decade (Figure 3.3).
This variability cannot be accounted for by fossil fuel emissions,
which do not show short-term variability of this magnitude. The
explanation must lie in variability of the land-atmosphere flux or
the ocean-atmosphere flux or both. Variability in both systems
could be induced by climate variability.
An association between CO, variability and El Nino in particular has been reported for over twenty years and has been
confirmed by recent statistical analyses (Bacastow, 1976; Keeling
and Revelle, 1985; Thompson et al., 1986; Siegenthaler, 1990;
Elliott et at, 1991; Braswell et at, 1997; Feely et at, 1997;
Dettinger and Ghil, 1998; Rayner et at, 1999b). During most of
the observational record, El Nino events have been marked by
high rates of increase in atmospheric CO, concentration
compared with surrounding years, in the order of > I PgC/yr
higher during most El Nino events (Figure 3.3). Direct measurements of oceanic CO2 in the equatorial Pacific over the last 20
years have shown that the natural efflux of CO2 from this region
is reduced by between 0.2 to 1.0 PgC/yr during El Nifio (Keeling
and Revelle, 1985; Smethie et at, 1985; Takahashi et at, 1986;
lnoue and Sugimura, 1992; Wong et at, 1993; Feely et at, 1997;
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Table 3.4: Altemative estimates of ocean-atmosphere and land-atmospherefluxes.

Ocean-atmosphere flux

Land-atmospbere flux

Oceanic observations

1970 to 1990
Ocean 13C inventory

1985 to 1995
Ocean 13C inventory

-2.1 t 0.8'

-2.1 ± 0.9"
-1.5 ± 0.9c

1995
Surface-waterpCOz

-2.8 ± 1.5d

1990
Inventory of anthropogenic CO,

-1.6 to -2.7`

Atmospheric observations
1980 to 1989
02 in Antarctic firn

-1.8r

-0.4r

- 1.89
-2.4^

-1.4e
-0.8°

1990 to 1999
Atmospheric COz and PC
Models

1980 to 1989
OCMIP

-1.5 to -2.2'

CCMLP
xpartitioned as follows:
Land-use change
CO2 and N fertilisation
Climate variability

-0.3 to -1.5' `
*partitioned as follows:
0.6 to 1.0
-1.5 to -3.1
-0.2 to +0.9

Sources of data:
'Quay et at (1992).
e Heimann and Maier-Reimer ( 1996).
`Gruber and Keeling (2001).
d Takahashi et al. ( 1999) with -0.6 PgC/yr correction for land-ocean river flux.
Gruber ( 1998). Sabine et al. ( 1999); Feely et at ( 1999a), assuming that the ocean and atmospheric CO, increase follow a similar curve.
This chapter, from data of Battle et al. (1996).
g Updated calculation of Ciais et at (1995b); Tans et at. (1989); Troller et aL (1996) (no error bars given).
h Keeling and Piper (2000) (no error bars given).
'On- et al. (2000). Orr and Dutay ( 1999).
i McGuire et al. (2001).

1999b), mainly due to the reduced upwelling of C02-rich waters
(Archer et al., 1996). The ocean response to El Nino in the most
active region thus tends to increase global CO, uptake, counter to
the increasing atmospheric concentration. Although it cannot be
ruled out that other ocean basins may play a significant role for
global interannual variability in ocean-atmosphere flux, the
existing oceanic measurements suggest (by default) that the
response of the terrestrial biosphere is the cause of the typically
high rates of CO2 increase during El Nino.
Associated variations in the north-south gradient of CO2
indicate that the El Nino CO2 anomalies originate in the tropics
(Conway et al.. 1994; Keeling and Piper, 2000). Typical El
Nino events are characterised by changed atmospheric circula-

tion and precipitation patterns (Zeng, 1999) that give rise to
high tropical land temperatures (which would be expected to
increase Rh and reduce NPP); concurrent droughts which
reduce NPP, especially in the most productive regions such as
the Amazon rain forest; and increased incidence of fires in
tropical regionS. Increased cloudiness associated with enhanced
south-east Asian monsoons during the late phase of El Nino has
also been suggested as a factor reducing global NPP (Yang and
Wang, 2000). Typically, although not invariably, the rate of
atmospheric CO, increase declines around the start of an El
Nino, then rapidly rises during the late stages (Elliott et a[.,
1991; Conway et at, 1994). It has been suggested that this
pattern represents early onset of enhanced ocean COZ uptake,
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followed by reduced terrestrial CO, uptake or terrestrial C02
release (Feely et al., 1987, 1999b; Rayner et at, 1999b; Yang
and Wang, 2000).
Atmospheric 50C and, more recently, O, measurements have
been used to partition the interannual variability of the
atmospheric CO2 increase into oceanic and terrestrial
components. Analyses based on 813C by Keeling etal (1995) and
Fmncey et at (1995) reached contradictory conclusions, but the
discrepancies are now thought to be due at least in part to 513C
measurement calibration problems during the 1980s, which have
largely been resolved during the 1990s (Francey et at., 1999a).
For the 1990s, a range of analyses using different atmospheric
observations and/or data analysis techniques estimate that the
amplitude of annual peak to peak variation associated with the
ocean is about 2 to 3 PgGyr and the amplitude associated with
the terrestrial biosphere is about 4 to 5 PgC/yr (Rayner et at,
1999a; ]oos et at, 1999a; Battle et at, 2000 (02-based analysis);
Keeling and Piper, 2000; Manning, 2001). A similar partitioning
was estimated by Bousquet et at (2000) based on the spatial
pattern of CO, measurements using the approach described in the
next section (3.5.3). However, the various reconstructed time
sequences of terrestrial and ocean uptake differ in many details
and do not provide conclusive evidence of the mechanisms
involved.
The early 1990s were unusual in that the growth rate in
atmospheric CO2 was low (1.9 PgC/yr in 1992), especially in the
Northern Hemisphere (Conway et at, 1994), while an extended
El Niflo event occurred in the equatorial Pacific. Various
mechanisms have been suggested, but none fully explain this
unusual behavior of the carbon cycle. The slow down in the CO,
increase has been linked to the predominantly mid- to high
latitude cooling caused by the Pinambo emption (Conway et at,
1994; Ciais et aL, 1995a,b; Schimel et al., 1996), but there is no
proof of any connection between these events. Other partial
explanations could come from a temporary slow down of tropical
deforestation (Houghton et at, 2000), or natural decadal
variability in the ocean-atmosphere or land-atmosphere fluxes
(Keeling et at, 1995). In any case, the slowdown proved to be
temporary, and the El Nino of 1998 was marked by the highest
rate of CO, increase on record, 6.0 PgC/yr.
3.5.3 Inverse Modelling of Carbon Sources and Sinks
Inverse modelling attempts to resolve regional patterns of CO,
uptake and release from observed spatial and temporal patterns
in atmospheric CO2 concentrations, sometimes also taking into
consideration Oz and/or 813C measurements. The most robust
results are for the latitudinal partitioning of sources and sinks
between northern and southern mid- to high latitudes and the
tropics. The observed annual mean latitudinal gradient of
atmospheric CO, concentration during the last 20 years is
relatively large (about 3 to 4 ppm) compared with current
measurement accuracy. It is however not as large as would be
predicted from the geographical distribution of fossil fuel
burning - a fact that suggests the existence of a northern sink
for CO2. as already recognised a decade ago (Keeling et at,
1989; Tans et at, 1990; Enting and Mansbridge, 1991).
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Figure 3.5: Inverse model estimates of fossil fuel CO2 uptake by
latitude bands according to eight models using different techniques and
sets of atmospheric observations (results summarised by Heimann,
2001). Positive numbers denote fluxes to the atmosphere; negative
numbers denote uptake from the atmosphere. The ocean-atmosphere
fluxes represent mainly the natural carbon cycle; the land-atmosphere
fluxes may be considered as estimates of the uptake of anthropogenic
CO2 by the land (with some caveats as discussed in the text). The sum
of land-atmosphere and ocean-atmosphere fluxes is shown because it
is somewhat better constrained by observations than the separate
fluxes, especially for the 1980s when the measurement network was
less extensive than it is today. The 1990s are represented by the period
1990 to 1996 only, because when this exercise was carried out the
modelling groups did not have access to all of the necessary data for
more recent years.

The nature of this sink, however, cannot be determined from
atmospheric CO2 concentration measurements alone. It might
reflect, at least in part, a natural source-sink pattern of oceanic
CO2 fluxes (Keeling et at, 1989; Broecker and Peng, 1992).
This view is supported by the early atmospheric CO2 data from
the 1960s (Bolin and Keeling, 1963) which do not show a clear
latitudinal gradient, despite the fact that at that time the fossil

The Carbon Cycle and Atmospheric Carbon Dioxide
3

2
T

I

t)

Cd

-3
-4
30°5 to 30°N

>30°N

^ land-atmosphere flux, from observations (Figure 3.5)
^ estimated flux due to land-use change

® inferred (residual) terrestrial sink
Figure 3.6; Partitioning the 1980s land-atmosphere flux for the tropics
and the northern extratropics.'Ihe residual terrestrial sink in different
latitude bands can be inferred by subtracting the land-use change flux
for the 1980s (estimated by modelling studies: Houghton, 1999;
Houghton and Hackler, 1999; Houghton et at, 2000; McGuire et aL,
2001) from the net land-atmosphere flux as obtained from atmospheric
observations by inverse modelling for the same period (Heimann, 2001;
results from Figure 3.5). Positive numbers denote fluxes to the
atmosphere; negative numbers denote uptake fmm the atmosphere. This
calculation is analogous to the global budget calculation in Table 3.1,
but now the model results are broken down geographically and the
land-atmosphere fluxes are obtained by inverse modelling. The upper
and lower bounds on the residual sink are obtained by pairing opposite
extremes of the ranges of values accepted for the two terms in this
calculation (for example, by subtracting the bottom of the range of
values for land-use change with the top of the range for the landatmosphere flux). The mid-ranges are obtained by combining similar
extremes ( for example, subtracting the bottom of the range for land-use
change emissions from the bottom of the range land-atrnosphere flux).

emissions were already at least half as large as in the 1990s.
Quantitative analysis shows that the Northern Hemisphere sink
has not changed much in magnitude since the 1960s (Keeling et
al., 1989; Fan et at, 1999). On the other hand, the existing airsea flux measurements do not support the idea of a large
oceanic uptake of CO, in the Northern Hemisphere (Tans et at,
1990; Takahashi, 1999). An alternative view, therefore, locates
a significant fraction of this Northern Hemisphere sink on land.
This view is corroborated, at least for the 1990s, by analyses of
the concurrent latitudinal gradients of VC (Ciais et at,
1995a,b) and 02 (Keeling et at, 1996b).
Results of analyses for the 1980s and 1990 to 1996, carried
out by eight modelling groups using different atmospheric
transport models, observational data, constraints and mathematical procedures, are summarised in Figure 3.5. Only the most
robust findings, i.e., estimates of the mean carbon balance for
three latitude bands averaged over the two time periods, are
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shown. The latitude bands are: "southern extratropics" (>30°S),
"tropics" (300S to 30°N) and "northern extratropics" (>30°N).
The carbon balance estimates are broken down into land and
ocean compartments within each latitude band (Heimann,
2001).
Although the ranges of the estimates in Figure 3.5 limit the
precision of any inference from these analyses, some clear
features emerge. The inferred ocean uptake pattern shows the
sum of two components: the natural carbon cycle in which CO2
is outgassed in the tropics and taken up in the extratropics, and
the perturbation uptake of anthropogenic CO2. Separation of
these two components cannot be achieved from atmospheric
measurements alone.
The estimates for the land, on the other hand, in principle
indicate the locations of terrestrial anthropogenic CO2 uptake
(albeit with caveats listed below). For 1980 to 1989, the inversemodel estimates of the land-atmosphere flux are -2.3 to -0.6
PgC/yr in the northern extratropics and -1.0 to +1.5 PgC/yr in the
tropics. These estimates imply that anthropogenic CO2 was taken
up both in the northern extratropics and in the tropics (balancing
deforestation), as illustrated in Figure 3.6. The estimated landatmosphere flux in the southern extratropics is estimated as close
to zero, which is expected given the small land area involved.
Estimates of CO, fluxes for the period 1990 to 1996 show a
general resemblance to those for the 1980s. For 1990 to 1996, the
inverse-model estimates of the land-atmosphere flux are -1.8 to
-0.7 PgC/yr in the northern extratropics and -1.3 to +1.1 PgClyr
in the tropics. These results suggest a tendency towards a reduced
land-atmosphere flux in the tropics, compared to the 1980s. Such
a trend could be produced by reduced deforestation, increased
CO, uptake or a combination of these.
Inverse modelling studies usually attempt greater spatial
resolution of sources and sinks than is presented in this section.
However, there are large unresolved differences in longitudinal
patterns obtained by inverse modelling, especially in the northern
hemisphere and in the tropics (Enting et at, 1995, Law et at,
1996; Fan et at, 1998; Rayner et at, 1999a; Bousquet et at,
1999; Kaminski et at, 1999). These differences may be traced to
different approaches and several difficulties in inverse modelling
of atmospheric CO, (Heimann and Kaminski, 1999):
• The longitudinal variations in CO, concentration reflecting net
surface sources and sinks are on annual average typically d
ppm. Resolution of such a small signal (against a background
of seasonal variations up to 15 ppm in the Northern
Hemisphere) requires high quality atmospheric measurements,
measurement protocols and calibration procedures within and
between monitoring networks (Keeling er at, 1989; Conway et
at, 1994).
• Inverse modelling results depend on the properties of the
atmospheric transport models used. The north-south transport
of the models can be checked by comparing simulations of the
relatively well-known inert anthropogenic tracer SF6 with
measured atmospheric concentrations of this tracer, as recently
investigated in the TRANSCOM intercomparison project
(Denning et at, 1999). Unfortunately there is no currently
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measured tracer that can be used to evaluate the models'
representation of longitudinal transport- Furthermore, the
strong seasonality of the terrestrial CO, flux in the Northern
Hemisphere together with covarying seasonal variations in
atmospheric transport may induce significant mean annual
gradients in concentration which do not reflect net annual
sources and sinks, but which nevertheless have to be modelled
correctly if inverse model calculations are to be reliable (Bolin
and Keeling, 1963; Heimann et at, 1986; Keeling et al., 1989;
Denning et at, 1995; Law et at, 1996). Even the sign of this
so-called "rectifier effect" is uncertain. Some scientists believe
that it may be responsible for a part of the apparent Northern
Hemisphere uptake of CO2 implied by inverse modelling
results (Taylor, 1989; Taylor and On, 2000).
• The spatial partitioning of CO2 uptake could also be distorted by
a few tenths of 1 PgC/yr because the atmospheric concentration
gradients also reflect the natural fluxes induced by weathering,
transport of carbon by rivers and subsequent outgassing from
the ocean (see Figure 3.1) (Sarmiento and Sundquist, 1992;
Amount et al., 2001b). Furthermore, the effects of atmospheric
transport of carbon released as CO and CHa (especially from
incomplete fossil fuel burning, tropical biomass burning, and
CHa from tropical wetlands) with subsequent oxidation to CO2
is generally neglected. Their inclusion in the inversion leads to
corrections of the latitudinal partitioning of up to 0.1 PgC/yr
(Enting and Mansbridge, 1991).
• The distribution of atmospheric CO, measurement stations
(Figure 3.7) is uneven, and severely underrepresents the
continents. This underrepresentation is due in part to the
problem of finding continental locations where measurements
will not be overwhelmed by local sources and sinks.
Because of the finite number of monitoring stations, the
mathematical inversion problem is highly underdetermined. In
principle a multitude of different surface source/sink configurations are compatible with the atmospheric data, within their
measurement accuracy. Therefore, in order to extract a
meaningful solution, additional information on the sources and
sinks has to be introduced into the calculation. Examples of this
additional information include maps of air-sea fluxes from
observations or ocean models, patterns of terrestrial CO,
exchanges inferred by terrestrial models, and remote sensing
data. Thus, many methodological choices about the use of
auxiliary data can influence the outcome of the analysis.
Interannual variability of climate is likely to strongly influence
the spatial distribution of CO, sources and sinks, so that analyses
based on a few years of data are insufficient to establish a longterm trend.
In conclusion, the present atmospheric measurement
network, current information on air-sea fluxes and current
understanding of vertical atmospheric transport are not sufficient
to allow full use of the potential of inverse modelling techniques
to infer geographically detailed source-sink distributions of
anthropogenic CO,
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Figure 3.7: The atmospheric CO, measuring station network as
represented by GLOBAL VIEW-COp (Comparative Atmosphere Data
Integration Project - Carbon Dioxide, NOAA/CMD4
http://www.cmdl.noaa.gov/ccg/co2).

3.5.4 Terrestrial Biomass Inventories
Inventory studies measure changes in carbon stocks over large
areas, and can thus provide spatially aggregated estimates of
large-scale fluxes of CO2 over multi-annual time-scales (Box
3.1). Mid- and high latitude forests are covered by extensive
national inventories based on repeated measurements of many
thousands of plots- Inventories in the tropics are by comparison
generally inadequate, particularly in view of the high rates of
land-use change and extremely heterogeneous carbon density in
many tropical ecosystems. There are still therefore large
uncertainties in attempting to balance the terrestrial carbon
budget on a global scale using inventory data.
The FAO Temperate and Boreal Forest Resource Assessment
(TBFRA-2000) is a recent synthesis of inventories of forests and
other wooded lands in Annex I (developed) countries for the early
1990s (UN-ECE/FAO, 2(00). Many countries reported substantial increases in forest areas in recent years, as well as increasing
carbon density in existing forests. According to TBFRA-2000,
the land-atmosphere flux was -0.9 PgC/yr for all Annex I
countries combined (the net annual increment of trees accounted
for -1.5 PgCJyr, while losses due to fellings were 0.6 PgC/yr). Of
this flux, -0.8 PgGyr was due to uptake in "northern" forests
(Europe, CIS, Japan and North America). An earlier review of
individual regional and national studies by Dixon et al. (1994),
highlighted in the IPCC WGII Second Assessment Report (IPCC,
1996b; Brown et al., 1996), gave a range of -0.6 to -0.9 PgC/yr
for the land atmosphere flux in northern forests. While TBFRA2000 estimated biomass of woody vegetation only, the analyses
reviewed in Dixon et al. (1994) included other vegetation, soils,
Utter and wood products. Under the United Nations Framework
Convention for Climate Change (UNFCCC) signatory countries
are required to report greenhouse gas emissions, including those
from land-use change and forestry. Compilation of these data
implies a land-atmosphere flux of -0.6 PgC/yr for all Annex I
countries, and -0.6 PgC/yr for Annex I countries in the northern
latitudes only (UNFCCC, 2000). While the TBFRA synthesised
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country statistics and adjusted data to fit FAO definitions and
methodologies for calculating carbon stocks, the UNFCCC
report summarises emissions data reported by each country
according to IPCC guidelines; interpretation of guidelines is
variable, and not all countries had reported data on land use. The
implications of definitions and methodologies in calculating
carbon fluxes, particularly in relation to implementation of the
Kyoto Protocol, is discussed in detail in the SRLULUCF (IPCC,
2000a).
A recent compilation of data from 478 permanent plots in
mature tropical moist forests throughout the tropics over at least
two decades found these were taking up carbon due to increasing
rates of tree growth. Extrapolation from these plots led to an
estimated land-atmosphere flux of (0.6 ± 0.3 PgC/yr in Latin
America; growth trends in African and Asian forests were not
significantly different from zero (Phillips et al., 1998). This net
uptake is offset by emissions due to deforestation. Dixon et at.
(1994) estimated tropical forests overall to be a net source of
carbon with a land-atmosphere flux 1.7 ± 0.4, based mostly on
FAO (1993b) inventory data and simple models of the effect of
land-use change (Houghton, 1995). It will not be possible to
assess trends and fluxes for the 1990s in the tropics from
inventory data until a full data set is available from the FAO
Global Forest Resources Assessment 2000. Among those
countries that have reported land-use emissions data to the
UNFCCC, there are significant discrepancies between the
primary data used in emissions inventories and the data available
in international surveys; for example, rates of deforestation differ
from rates reported by FAO (I 993b) by as much as a factor of six
(Houghton and Ramakrishna, 1999).
The results of globally aggregated forest inventories show a
greater uptake of carbon in forest growth than model-based
calculations of the marginal effects of land-use change (e.g.,
Houghton, 2000). Thus, inventory studies provide independent
evidence for the existence of a residual terrestrial sink; and they
show that a substantial part of this sink, at least, is located in
northern extratropical and tropical forests. Additional evidence
from individual inventory studies in mature forests that have not
undergone land-use changes shows that carbon stocks in such
forests are increasing (e.g., Lugo and Brown, 1993; Phillips et
al., 1998; Schulze et at, 1999). The difference between the
northern extra-tropical land-atmosphere flux of around -0.8
PgC/yr calculated by inventories (TBFRA-2000) and that of 0.1 PgC/yr from land-use statistics (Houghton, 2000), both for
the early 1990s, implies a residual terrestrial sink on the order
of -0.7 PgC/yr in northern mid- and high latitudes. Combining
this with the estimated sink of -0.6 PgC/yr in mature tropical
moist forests (Phillips et at, 1998) makes it plausible that at
least a significant fraction of the current global terrestrial sink
(Table 3.1) could be explained by an increase of carbon stocks
in extant forests. The inventory-based estimate of landatmosphere flux in northern forests (-0.8 PgC/yr) is at the
positive end of the range calculated by inverse modelling studies
for the >30°N latitude band from 199U to 1996 (-1.8 to -0.7
PgC/yr, Section 3.5.3), either because of biases in inverse
modelling that might tend to increase apparent uptake in the
north (Section 3.5.3), or because possible sinks in other ecosys-
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terns (e.g., temperate grassland soils) have not been considered
in the inventories. In the tropics, the difference between the
uptake of carbon estimated by inventory studies in mature
forests of Latin America (-0.6 PgC/yr) (Phillips et al., 1998)
and the estimated emissions due to deforestation in the tropics
of 1.7 PgC1yr (Houghton, 2000) yields an estimated landatmosphere flux of 1.1 PgC/yr, which is at the positive end of
the range calculated by inverse modelling studies for 30°S to
30°N (-1.3 to +1.1 PgC/yr, Section 3.5.3). Again, it should be
noted that possible additional sinks (e.g., in savannas) are
neglected by the land-use and inventory-based calculations.
3.6 Carbon Cycle Model Evaluation
3.6.1 Terrestrial and Ocean Biogeochemistry Models
The interactions of complex processes as discussed in Section 3.2
can be analysed with models that incorporate current knowledge
at the process level, including syntheses of experimental results.
Process-based models make it possible to explore the potential
consequences of climate variability for the global carbon cycle,
and to project possible future changes in carbon cycling associated with changes in atmospheric and ocean circulation. Models
can be run with prescribed inputs such as observations of surface
climate and CO, or the output of climate models. They can also
be coupled to atmospheric general circulation models (Cox et at,
2000; Friedlingstein et at, 2000), to allow simulation of a wider
range of interactions between climate and the carbon cycle.
Process-based terrestrial models used in carbon cycle studies
are (a) terrestrial biogeochemical models (TBMs), which
simulate fluxes of carbon, water and nitrogen coupled within
terrestrial ecosystems, and (b) dynamic global vegetation models
(DGVMs), which further couple these processes interactively
with changes in ecosystem structure and composition (competidon among different plant functional types; Prentice et at, 2000).
The treatment of carbon-nutrient interaction varies widely; for
example, some models treat nitrogen supply explicitly as a
constraint on NPP, while others do not. There are currently about
30 TBMs and <10 DGVMs. Cramer and Field (1999) and
Cramer et at (2001) reported results from intercomparisons of
TBMs and DGVMs respectively. A current international project,
Ecosystem Model/Data Intercomparison (EMDI), aims to test
models of both types against a large set of terrestrial measurements, in order to better constrain the modelled responses of
terrestrial carbon cycling to changes in CO2 and climate.
Process-based ocean models used in carbon cycle studies
include surface exchange of CO2 with the atmosphere, carbon
chemistry, transport by physical processes in the ocean, and
transport by marine biology. The parametrization of marine
biology can be classified as (a) nutrient-based models where the
export of carbon below the surface ocean (approximately the top
50 m) is a function of surface nutrient concentration, (b) nutrientrestoring models in which biological carbon fluxes are set to the
rates required for maintaining observed nutrient concentration
gradients against dissipation by ocean mixing, and (c) models
that explicitly represent the food chain involving nutrients,
phytoplankton, zooplankton and detritus (NPZD models). In
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current models, the uptake of anthropogenic CO2 is controlled
mainly by physical transport and surface carbon chemistry,
whereas the natural carbon cycle is controlled by physical,
chemical and biological processes. The Ocean Carbon Cycle
Model Imercomparison Project (OCMIP) compared the performance of four ocean models with respect to natural and anthropogenic tracers (Sarmiento et at, 2000; Orr et at, 2001), and is
currently undergoing a similar comparison with 13 models and
an extended data set (Orr and Dutay, 1999).

3.6.2 Evaluation of Terrestrial Models
Evaluation of terrestrial carbon cycle models requires different
types of data to test processes operating on a range of ume-scales
from hours to centuries (see Section 3.2.2), including short-term
environmental responses of CO2 and water fluxes between
vegetation canopies and the atmosphere (e.g., Cienciala et at,
1998), responses of ecosystem carbon balance to interannual
climate variability (e.g. Kindermann et at, 1996; Heimann et at,
1997; Gerard et at, 1999; Knorr, 2000; Prentice et al., 2000), and
longer-term consequences of historical land-use change
(McGuire et at, 2001). Differences and uncertainties in model
behaviour have been evaluated through model intercomparison
(Cramer et al., 1999, 2001) and sensitivity analyses (Knorr, 2000;
Knorr and Heimann, 2001a).
3.6.2.1 Natural carbon cycling on land
Terrestrial model evaluation has traditionally been carried out as
comparisons with in situ field observations of ecosystem
variables (e.g., Raich et at, 1991; Foley, 1994; Haxeltine and
Prentice, 1996). The largest data sets of relevant field measurements are for NPP and soil carbon content. Other "target"
variables include soil moisture, nitrogen mineralisation rate,
and the amounts of carbon and nitrogen in different compartments of the ecosystem. Such comparisons have generally
shown reasonable agreement between observed and modelled
geographic patterns of these variables, but they do not test the
time-dependent response of models to environmental
variability.
Time-dependent data sets for in situ comparisons are now
becoming available, thanks to eddy-covariance measurements
of CO2 fluxes (Section 3.2.2.1; Box 3.1). Daily and seasonal
cycles of CO, and water fluxes provide a test of the coupling
between the carbon and hydrological cycles as simulated by
terrestrial models (Cienciala et at, 1998). Flux measurements
are now being carried out on a multi-annual basis at an
increasing number of stations, although global coverage
remains uneven, with the greatest concentration in Europe and
North America and few measurements from the tropics (see
Box 3.1). Field campaigns have started to retrieve flux data
from more remote regions (e.g., Schulze et a/.,1999). The
Large-scale Biosphere Atmosphere Experiment in Amazonia,
LBA, will yield more comprehensive data on the carbon, water
and energy exchanges of tropical terrestrial ecosystems and
will allow a more rigorous evaluation of the performance of
models in the tropics than has been possible up until now (e.g.,
Tian et al., 1998). As current models show conflicting
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responses of global NPP to climate (Cramer et al., 1999),
systematic comparisons with seasonal and interannual flux
measurements are a priority to reduce uncertainties in terrestrial carbon modelling.
Terrestrial models have also been evaluated at a global
scale by comparing simulated ecosystem water balance with
river runoff (e.g., Neilson and Marks, 1994; Foley et at, 1996;
Kucharik et at, 2000), and simulated seasonal leaf area with
satellite observations of "greenness", often based on the
normalised difference vegetation index (NDVI) (Field et at,
1995b; de Fries et at, 1995). NDV I data can be translated into
estimates of the plant-absorbed fraction of incoming photosynthetically active radiation (FPAR) (Asrar et al, 1992),
which is related to leaf area index (LAI). The first terrestrial
model intercomparison showed differences among model
simulations of LAI and its seasonality (Bondeau et at, 1999).
More recently, it has been shown that constraining a terrestrial
model with remotely sensed spatial patterns of FPAR can lead
to a reduction of uncertainty in NPP simulations by about one
third (Knorr and Heimann, 2001b). Agreement with patterns of
remotely sensed FPAR has thus become a standard benchmark
for terrestrial models (Haxeltine and Prentice, 1996; Kucharik
et at, 2000) and attention has been focused e.g improving the
simulation of LAI and its seasonal variations.
A more direct test of the simulated net exchange of CO2
between the terrestrial biosphere and the atmosphere is
provided by comparison with atmospheric CO2 measurements
at remote monitoring sites. The comparison requires the use of
an atmospheric transport model to simulate CO, as a passive
tracer ( Kaminski et at, 1996). The seasonal cycle of
atmospheric CO2 shows a strong latitudinal pattern in
amplitude and phase, and is dominated by the terrestrial
biosphere (Heimann et at, 1998). The ability to simulate this
seasonal cycle thus constitutes a benchmark for terrestrial
models' response to climate (Denning et a!., 1996; Hunt et at,
1996; Heimann et at, 1998; Nemry et al., 1999). Generally,
the observed seasonal cycles of CO2 in northern and tropical
latitudes can be well simulated, with terrestrial models using
NDVI data as input (Knorr and Heimann, 1995), or by fully
prognostic models, including DGVMs (Prentice et at, 2000).
Major features of interannual variability of the CO,
increase are also simulated by terrestrial models ( Kindermann
et at, 1996; Heimann es at, 1997; Gerard et at, 1999; Ito and
Oikawa, 2000; Knorr, 2000; Prentice et at, 2000). This finding
supports the hypothesis ( Section 3.5.2) that terrestrial effects
are important in determining the interannual variability of CO2
uptake. During typical El Nino events, terrestrial model results
consistently show strongly reduced CO2 uptake or CO2 release
by the land. This result has been obtained with a range of
models, even when the models differ substantially in the
relative sensitivitivities of NPP and heterotrophic respiration to
temperature ( Heimann et at, 1997; Knorr, 2000). The low CO2
growth rate during the early 1990s has been simulated by some
terrestrial models (Prentice et al., 2000; Knorr, 2000).
At the longest time-scales of interest, spanning the
industrial period, models of the natural terrestrial carbon cycle
show a pronounced response to rising atmospheric CO, levels
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Figure 3.8: Modelled fluxes of anthropogenic CO, over the past
century. (a) Ocean model results fmm OCMIP (Off and Dutay, 1999;
Orr et at. 2000); (b). (c) terrestrial model results from CCMLP
(McGuire et at, 2001). Positive numbers denote fluxes to the
atmosphere; negative numbers denote uptake from the atmosphere.
The ocean model results appear smooth because they contain no
interannual variability, being forced only by historical changes in
atmospheric CO2. The results are truncated at 1990 because
subsequent years were simulated using a CO2 concentration scenario
rather than actual measurements, leading to a likely overestimate of
uptake for the 1990s. The terrestrial model results include effects of
historical CO2 concentrations, climate variations, and land-use
changes based on Ramankutty and Foley (2000). The results were
smoothed using a 10-year running mean to remove short-term
variability. For comparison, grey boxes denote observational
estimates of CO, uptake by the ocean in panel (a) and by the land in
panel (b) (from Table 3.1). Land-use change flux estimates from
Houghton er at (1999) are shown by the black line in panel (c). The
grey boxes in panel (c) indicate the range of decadal average values
for the land-use change flux accepted by the SRLULUCF (Bolin et
at, 2000) for the 1980s and for 1990 to 1995.

as a result of CO2 fertilisation, generally larger than the NPP
response to the climate change over this period ( Kicklighter et
at, 1999). According to CCMLP results, the C02 increase
maintains a lead of NPP over Rh and an increase of the
amplitude of the seasonal CO2 cycle (McGuire et at, 2001),
consistent with long-term observations (Keeling et at, 1996a),
which indicate an increase in amplitude of about 20% since
accurate atmospheric measurements began. However, the
magnitude of this effect was greatly over- or under estimated by
some models, reflecting unresolved differences in the parametrization of the CO, fertilisation response.
3.6.2.2 Uptake and release of anthropogenic CO2 by the land
The most comprehensive model-based estimates of the terrestrial
components of the anthropogenic CO2 budget are those that have
been produced by the CCMLP McGuire et at (2001) used two
TBMs and two OGVMs driven by changes in atmospheric CO2,
then changes in CO2 with historical changes in climate (from
observations), and finally changes in CO2 and climate with landuse change from Ramankutty and Foley (2000) (Figure 3.8; Table
3.4). In these simulations, CO, fertilisation accounted for a landatmosphere flux of -0.9 to -3.1 PgC/yr, land-use change a
positive flux of 0.6 to 1.0 PgC/yr, and climate variability a small
additional effect of uncertain sign, -0.2 to 0.9 PgC/yr during the
1980s. The total land-atmosphere flux simulated for the 1980s
amounted to -0.3 to -1.5 PgC/yr, which is consistent with or
slightly more negative than the observationally based estimate of
-0.2 ± 0.7 PgC/yr (Table 3.1). Net uptake by all models reported
in McGuire er at (2001) is shown to be occutnng mainly in
tropical, temperate and boreal forests - consistent with forest
inventory data (Section 3.5.4) - while some regions (notably
semi-arid tropical and sub-tropical regions) show net carbon loss.
The model estimates of the CO2 source due to land-use change
are substantially smaller than the estimate of Houghton (1999)
(Section 3.4.2). This divergence primarily reflects disagreements
between the Houghton (1999) and Ramankutry and Foley (2000)
data sets as to the timing of tropical deforestation in different
regions (see Section 3.4.2).
There is no general agreement on how to model the linkage
between reactive nitrogen deposition and vegetation productivity, and recent model estimates of the additional effect of
anthropogenic nitrogen fertilisation on the global carbon cycle
vary widely. The anthropogenic nitrogen input itself (Holland et
at, 1999), the fate of anthropogenic nitrogen in the ecosystem
(Nadelhoffer et at, 1999; Jenkinson et al., 1999), and changes
in ecosystem nitrogen fixation (Vitousek and Field, 1999)
represent major sources of uncertainty. Estimates of the anthropogenic nitrogen effect range from --0.2 PgC/yr (Nadelhoffer et
at, 1999) to -1.1 or -1.4 PgC/yr (Holland et at, 1997). The
model with the smallest CO2 fertilisation effect (-0.9 PgC/yr)
in the McGuire et at (2001) study has been shown to respond
strongly to anthropogenic nitrogen input, yielding a combined
(CO2 and nitrogen) fertilisation effect of -1.5 PgC/yr. A
modelling study by Lloyd (1999) suggests that CO, and
nitrogen fertilisation effects may by synergistic. Evaluation of
model results on carbon-nitrogen coupling against experimental
results is a current research focus.
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3.6.3 Evaluation of Ocean Models
Natural and anthropogenic tracers have been extensively
measured, most recently as part of the Joint Global Ocean Flux
Study (JGOFS) and World Ocean Circulation Experiment
(WOCE). Because of these measurement campaigns, such tracers
provide important opportunities to evaluate representations of
ocean physics and biogeochemistry in models.
3.6.3.1 Natural carbon cycling in the ocean
Most global ocean models of the carbon cycle are successful in
reproducing the main vertical and horizontal features of ocean
carbon content (Maier-Reimer, 1993; Amount, 1998; Mumane et
at., 1999). The observed features reasonably reproduced by all
ocean models are the mean vertical gradient in DIC, with enriched
deep ocean concentrations (Goyet and Davies, 1997), and the
spatial patterns of surface pCO, with outgassing in the tropics and
uptake at higher latitudes (Takahashi et at., 1999). Furthermore,
models which incorporate marine biology (including DOC and
plankton dynamics) roughly reproduce the seasonal cycle of
surface ocean pCO,, atmospheric O, after it has been corrected for
seasonal land variability, and surface chlorophyll (Six and MaierReimer, 1996; Stephens et al. 1998; Aumont ct at., 2001 a). Ocean
carbon models can also roughly reproduce the phase and
amplitude of interannual variability of ocean pCOz in the
equatorial Pacific (Winguth et at, 1994; Le Qu6re et at, 2000)
in agreement with available observations (Feely ct at, 1997;
1999b; Boutin er aL, 1999).
Although many first-order features can be reproduced by
global models, there are still important aspects of the ocean
carbon cycle that are not well simulated, because either marine
biology or ocean physics are imperfectly reproduced. Ocean
carbon models have difficulties in reproducing the spatial
structure of the deep ucean16C (Orr et at, 2001), which suggests
problems in simulating the physical exchange of carbon between
surface and the deep ocean. Models display their largest
disagreements where fewest observations exist, in particular in
the important region of the Southern Ocean where the mixing of
tracers is subject to large uncertainties (Caldeira and Duffy,
2000; Samtiento et at. 2000; On et al., 2001). In spite of these
differences, all ocean carbon models estimate zero interhemispheric transport of carbon (Samriento et at, 2000) whereas a
transport as large as I PgClyr has been inferred from
atmospheric CO2 measurements (Keeling et at, 1989).
Consideration of the global transport of carbon by rivers reduces
the discrepancy but does not remove it (Sarmiento and
Sundquist, 1992; Aumont et at, 2001b). Atmospheric CO2 and
02 measurements suggest that interhemispheric transport may
be incorrectly simulated by ocean models (Stephens et at,
1998), and could hint at difficulties in modelling heat transport
(Murnane et at, 1999). Recent data from the Southern Ocean,
however, seem closer to model results (Stephens, 1999) and the
question about interhemispheric transport thus remains open.
These problems could partly be resolved by a better representation of the physical transport of carbon in the ocean, especially
isopycnal diffusion, sub-grid eddy mixing, and sea-ice formation
(Stephens et at, 1999).
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Three common problems related to marine biology in global
ocean models are discussed here. First, most models poorly
represent the formation and dissolution of CaCO3, which controls
alkalinity. This process is often parameterized as a function of
direct or indirect observations (salinity, temperature, nutrients).
Although correct for the present day ocean, this parametrisation
may not hold for past or future conditions with different ocean
circulation and surface water fluxes. The alkalinity cycle is difficult
to represent because the rate of CaCO3 formation derived from
observations is consistently larger than the one required by models
for reproducing observed deep ocean alkalinity (Maier-Reimer,
1993; Yamanaka and Tajika, 1996). Second, marine productivity
tends to be underestimated by models in sub-tropical regions and
overesti mated in the equatorial oceans and at high latitudes in the
North Pacific and Southern Oceans. The overestimation may be
caused by limitation in plankton growth by iron (Coale et at,
1996; Boyd et at, 2000; Archer and Johnson, 2000), while underestimation in the sub-tropics partly stems from neglecting
mesoscale variability (McGillicuddy and Robinson, 1997; Oschlies
and Gargon, 1998). The remaining discrepancies might be attributed in part to more complex processes involving nitrogen fixation
(Karl et at, 1997). Finally, the tight coupling between carbon and
either nitmgen or phosphate, which is generally implicit in ocean
carbon models, precludes the simulation of past or future marine
biological feedback mechanisms that involve a partial decoupling
between carbon and nutrients (see Section 3.2.3).
3.6.3.2 Uptake of anthropogenic CO2 by the ocean
Ocean uptake is constrained to some degree by observations of
anthropogenic tracers. Three transient tracers are commonly used.
First, anthropogenic CO, itself gives a direct benchmark for model
estimates of the quantity and distribution of anthropogenic CO2 that
has penetrated the ocean since the pre-industrial era. Anthropogenic
CO2 can be inventoried by an indirect method whereby carbon
concentration is compared to what would be expected firm water
exposed to pn>industrial air (Gruber et at., 1996). The 14CO,
released in the early 1960s by atmospheric nuclear testing
(commonly called bomb 14C) provides a second tracer, the content
of bomb 14C in the ocean is used to constrain global air-sea CO,
exchange (Wanninkhof et at, 1992), and ocean model results can
be compared with its penetration depth as a benchmark for vertical
transport (Broecker et at, 1995). Bomb '^C is computed by
subtracting the observed 14C concentration from an estimate of its
pre-industrial value (Bmecker et aL, 1995). Finally, CFCs also
constrain the downward transport of tracers in ocean models. No
natural background needs to be subtracted from CFCs. None of
these three tracers provide a perfect indicator of anthmpogenic CO2
uptake: CO2 equilibrates with the atmosphere ten times faster than
14C and ten times slower than CFCs; anthropogenic CO, and '4C
are indirectly estimated. As part of the Ocean Caibon-Cycle Model
Intetcomparison Project (OCMIP), a comparison of carbon models
with respect to all three anthropogenic tracers is in progress (Orr
and Dutay, 1999; Orret a1, 2001).
Although regional estimates show discrepancies, modelled
estimates of anthropogenic tracers agree reasonably well with
observations when integrated globally. The mean value of the
penetration depth of bomb 14C for all observational sites during
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Figure 3.9: Anthropogenic COl in the Atlantic Ocean (µmoVkg): comparison of data and models. The top left panel shows the sampling uansect;
the top right panel shows estimates of anthropogenic CO0. content along this transect using observations from several cruises between 1981 and
1989 (Gruber, 1998). Anthropogenic CO2 is not measured directly but is separated from the large background of oceanic carbon by an indirect
method based on observations (Gruber et al., 1996). The remaining panels show simulations of anthropogenic CO, content made with four occan
carbon models forced by the same atmospheric CO2 concentration history (Orr et at, 2000).

the late 1970s is 390 ± 39 m(Broecker et at, 1995). For the same
years and stations, modelled estimates range between 283 and
376 m(Olr el at, 2001). Modelled and observed CFC concentrations have been compared locally but not yet globally
(England 1995; Robitaille and Weaver, 1995; Orr and Dutay,
1999). Modelled anthropogenic CO, inventory since 1800 is

comparable to the estimate of 40 ± 9 PgC for the Atlantic Ocean
(Gruber, 1998) and 20 ± 3 PgC for the Indian Ocean (Sabine et
al., 1999; On et al., 2001). Latitude-depth profiles of anthropogenic CO, in the Atlantic, extracted from data and from
models, are shown in Figure 3.9. Modelled CO2 uptake for the
global ocean between 1800 and 1990 ranges between 100 and
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133 PgC (Figure 3.8), comparable to the preliminary data-based
estimate of 107 ± 27 PgC for the global ocean, which includes
the Pacific value of 45 ± 15 PgC (Feely et at, 1999a). Although
in reasonable agreement with basin and global estimates of
anthropogenic CO, modelled inventories exhibit large differences at the regional scale: models tend to underestimate the
inventory of anthropogenic CO2 between SO°S and 50°N in the
Atlantic and Indian Oceans, and to overestimate it at high
latitudes (Sabine et at, 1999; Orr et at, 2001). In the Southern
Ocean the uptake of anthropogenic CO2 varie.s by a factor of two
among models (Orr et at, 2001). The difficulty for models in
reproducing the spatial structure of anthropogenic tracers may
be indicative of problems in ocean physics mentioned earlier,
and may be responsible for the increasing range of model
estimates when future CO, uptake is projected by the same
models (Figure 3.1 Oc).

The most recent model estimates of the ocean-atmosphere flux
obtained with process-based models ate -1.5 to -2.2 for 1980 to
1989 (Table 3.4), in agreement with earlier model estimates for the
same period (Enting et at., 1994; On et at, 2001). These estimates
are fully consistent with the budget based on atmospheric observations alone (Table 3.1), with estimates based on pCO, and 513C
observations (Table 3.4), and with the SAR estimate of -2.0 ± 0.8
PgC%yc Figure 3.8 shows modelled ocean CO2 uptake for 1900 to
2000. (These results do not include natural variability and therefore
appear smoother than in reality.) The oceanic regions absorbing the
largest quantities of anthropogenic CO, according to models are
those where older waters come in contact with the atmosphere,
such as high latitudes and upwelling regions of the equator. In
contrast, modelled sub-tropical regions rapidly saturate at
atmospheric CO2 level and do not absorb large quantities of anthropogenic CO2 (Sarmiento et at, 1992; On et at, 2001).

b) Terrestrial models: CO2 and Climate

c) Ocean models: CO2 only

d) Ocean models: CO2 and Climate
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Figure 3.10: Projections of antluopogenic CO2 uptake by process-based models. Six dynamic global vegetation models were run with IS92a CO2
concentrations as given in the SAR: (a) CO, only, and (b) with these CO2 concentrations plus simulated climate changes obtained from the Hadley
Centre climate model with CO, and sulphate aerosol forcing from IS92a (Cramer et at, 2000). Panel (b) also shows the envelope of the results from
panel (a) (in grey). (c) Ten process-based ocean carbon models were run with the same CO2 concentrations, assuming a constant climate (Orr and
Dulzy, 1999; On et at, 2000). A further six models were used to estimate the climate change impact on ocean CO, uptake as a proportional change
from the COi-only case. The resulting changes were imposed on the mean trajectory of the simulations shown in panel (c), shown by the black line
in panel (d), yielding the remaining trajectories in panel (d). The range of model results in panel (d) thus represents only the climate change impact
on CO2 uptake; the range does not include the range of representations of ocean physical transport, which is depicted in panel (c).
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3.7 Projections of CO, Concentration and their Implications
3.7.J Terrestrial Carbon Model Responses to Scenarios of
Change in CO2 and Climate
Possible feedbacks from terrestrial carbon cycling to
atmospheric CO2 were assessed using multiple models by
Cramer et at (2001). Six DGVMs (Figure 3.10a) (Foley et at.
1996; Brovkjn et at, 1997; Friend et at, 1997; Woodward er
at, 1998; Huntingford et at, 2000; Sitch, 2000) were driven
first by CO, concentrations derived from the IS92a emissions
scenario as in the SAR, and then with CO, changes plus climate
changes derived from the HadCM2 coupled ocean-atmosphere
general circulation model simulation including sulphate aerosol
effects as described by Mitchell et al. (1995). Except for one
empirical model (VECODE; Brovkin et at, 1997), the models
included explicit representation of all the following processes:
the CO2 fertilisation effect on NPP (modelled explicitly in
terms of photosynthesis, respiration, and feedbacks associated
with carbon allocation); responses of NPP to climate specific to
each plant functional type (PFT); competition among PFTs for
light and water; dynamic shifts in vegetation structure due to
climate and CO2 effects; competitive limits to above-ground
biomass; natural disturbance regimes and their interaction with
PFF composition; soil temperature and moisture effects on
heterotrophic respiration. Two models include an interactive N
cycle. Land use and anthropogenic N deposition were not
considered.

3.7.2 Ocean Carbon Model Responses to Scenarios of Change
in CO2 and Climate
Analogous simulations have been performed with several ocean
carbon models (Figure 3.10c,d). To compute the impact of
increasing CO2 alone (no climate change), OCMIP models were
forced to follow the atmospheric CO, concentration derived from
the IS92a scenario as in the DGVM experiment (Figure 3.10a,b)
(Orr and Dutay, 1999). All models agreed in projecting that the
annual ocean-atmosphere flux of CO2 continues to become
larger, reaching -6.7 to -4.5 PgC/yr by 2100 (Figure 3.10c).
Since surface conditions (temperature, wind speed, alkalinity)
were prescribed, the range in model estimates stems only from
different representations of physical transport processes.
Several atmosphere-ocean models were used to project the
effect of climate change (Maier-Reimer et at, 1996; Sarmiento et
at, 1998; Matear and Hirst, 1999; Joos et at, 1999b; Bopp et at,
2001). These models include most processes previously
discussed, including all processes associated with carbonate
chemistry and gas exchange, physical and biological transport of
CO,, and changes in temperature, salinity, wind speed, and ice
cover. They account for simple changes in biological productivity, but not for changes in external nutrient supply, species
composition, pH, or Redfield ratios, all of which could be
involved in more complex biological feedbacks. Coupled models
estimate the impact of climate change as a departure, reported in
per cent, from a"conuof' experiment modelling the effect of
increasing atmospheric CO, alone.

Driven by increases in CO2 beyond the present day, the

In climate change simulations, warming of surface waters and

modelled sink due to CO, fertilisation continued to increase. By

increased stratification of the upper ocean produced an overall
positive feedback that reduced the accumulated ocean uptake of

the middle of the 21st century the simulated land-atmosphere
flux due to CO2 was in the range -8.7 to -3.6 PgC/yr. Beyond
mid-century the rate of increase became less, due to the

CO, by 6 to 25% between 1990 and the middle of the 21st
century, as compared with the CO,-only case. In the first part of

declining photosynthetic response to CO2. When the climate

the simulation, the climate-mediated feedback is mainly due to

change scenario was included as well as the CO2 increase,

the temperature effect on CO2 solubility (Sarmiento and Le

modelled uptake was reduced compared with the CO,-only

Quere, 1996; Matear and Hirst, 1999). Towards the mid-century,

analysis. At mid-century, climate change reduced the uptake by

the impact of circulation changes becomes significant in most

21 to 43%. A marked decline in terrestrial uptake after the midcentury was seen in two models, and one model had zero terrestrial uptake by 2100. By 2100 the range of model estimates of

models, with the net effect of further reducing ocean CO, uptake.
To investigate the effect of climate change on the IS92a scenario,

the land-atmosphere flux had widened to -6.7 to +0.4 PgC/yr.
Increasing heterotrophic respiration in response to warming

the average of the OCMIP CO,-only projections (mean of results
in Figure 3.10c) was used as a baseline and the reduction in
atmosphere-ocean CO2 flux caused by climate change (in per

(Cao and Woodward, 1998a,b; Cramer et at, 2001) was a
common factor (but not the only one) leading to reduced land

cent since the beginning of the simulation) was applied to this
curve (Figure 3.lod). The range in model results (Figure 3.lOd)

uptake. The differences among the modelled climate responses

must be attributed to uncertainties related to climate change
feedback, and not to uncertainties in the modelling of physical

were largely due to unresolved discrepancies in the response of
global NPP to temperature. The balance of positive versus
negative regional effects of climate change on NPP was
estimated differently by these models, to the extent that the sign
of the global response of NPP to climate change alone was not
consistent. In addition, one model simulated a partial replacement of the Amazon rainforest by C4 grassland. This response
was not shown, or occurred on a much smaller scale, in the
other models. The details of this modelling exercise are presumably dependent on sensitivity of the particular climate model,
and regional aspects of the simulated climate change (Cramer et
al., 2001).

transport as shown in Figure 3. 10c.

The range of model estimates of the climate change impact is
dependent on the choice of scenario for atmospheric CO, and on
assumptions concerning marine biology (Joos et at, 1999b). At
high CO2 concentrations, marine biology can have a greater
impact on atmospheric CO, than at low concentrations because
the buffering capacity of the ocean is reduced (see Box 3.3)
(Sanniento and Le Qu6r6, 1996). Although the impact of changes
in marine biology is highly uncertain and many key processes
discussed in Section 3.2.3.1 are not included in current models,
sensitivity studies can provide approximate upper and lower
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bounds for the potential impact of marine biology on future
ocean CO2 uptake. A sensitivity study of two extreme scenarios
for nutrient supply to marine biology gave a range of 8 to 25%
for the reduction of CO2 uptake by mid-century (Sarntiento et at,
1998). This range is comparable to other uncertainties, including
those stemming from physical transport (Figure 3.10c).
3.7.3 Coapled Model Responses and /mplfcarions for Future
CO, Concentrations
Carbon cycle models have indicated the potential for climate
change to influence the rate of CO2 uptake by both land (Section
3.7.1) and oceans (Section 3.7.2) and thereby influence the time
course of atmospheric CO2 concentration for any given emissions
scenario. Coupled models are required to quantify these effects.
Two general circulation model simulations have included
interactive land and ocean carbon cycle components (Cox et al.,
2000; Friedlingstein et a!., 2001). The Cox et al. (2000) model
was driven by CO2 emissions from the IS92a scenario (Legget et
al., 1992) and the Friedlingstein et at. (2001) model was driven by
CO2 emissions from the SRES A2 scenario (IPCC, 2000b). Both
simulations indicate a positive feedback, i.e., both CO2 concentrations and climate change at the end of the 21st century are
increased due to the coupling. The simulated magnitudes of the
effect differ (+70 ppm, Friedlingstein et a/., 2001; +270 ppm, Cox
et a!., 2000). In the Cox et al. (2000) simulation, which included
a DGVM, the increased atmospheric CO2 is caused mainly by loss
of soil carbon and in part by tropical forest die back- The
magnitude of the climate-carbon cycle feedback still has large
uncertainties associated with the response of the terrestrial
biosphere to climate change, especially the response of
heterotrophic respiration and tropical forest NPP to temperature
(Cox et al., 2000; see Sections 3.2.2.3 and 3.7.1). In the following
section, simplified models are used to assess these uncertainties.
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3.7.3.1 Methods for assessing the response of atmospheric CO2
to different emissions pathways and model sensitivities
This section follows the approach of previous IPCC reports in
using simplified, fast models (sometimes known as reduced-form
models) to assess the relationship between CO, emissions and
concentrations, under various assumptions about their future time
course. Results are shown from two models, whose salient
features are summarised in Box 3.7. The models lend themselves
to somewhat different approaches to estimating uncertainties. In
the ISAM model, "high-CO," and '9ow-COz' alternatives are
calculated for every emissions scenario, based on tuning the
model to match the range of responses included in the model

(a)

(b)
Bem-CC
- reference (CO2 + climate)
...... range (CO, + climate)
--- climate sensitivity 1.5°C to 4.5°C .
- SAR

GO, orgy

..

.• '

^

^ _ :..

Figure 3.11: Projected CO2 concentrations resulting from the IS92a
emissions scenario. For a strict comparison with previous work, IS92abased projections were made with two fast carbon cycle models, BemCC and ISAM (see Box 3.7), based on CO, changes only, and on CO2
changes plus land and ocean climate feedbacks. Panel (a) shows the
CO2 emisisons prescribed by IS92a; the panels (b) and (c) show
projected CO, concentrations for the Bem-CC and ISAM models,
respectively. Results obtained for the SAR, using earlier versions of the
same models, are also shown. The model ranges for ISAM were
obtained by tuning the model to approximate the range of responses to
CO, and climate shown by the models in Figure 3.10, combined with a
range of climate sensitivities from 1.5 to 4.5°C rise for a doubling of

ISAM
- reference (CO2 +elimate)
------ mnge (COz + climate)
- - - CO2 only
- SAR

CO2. This approach yields a lower bound on uncertainties in the carbon
cycle and climate. The model ranges for Bem-CC were obtained by
combining different bounding assumptions about the behaviour of the
COZ fertilisation effect, the response of heterotrophic respiration to
temperature and the turnover time of the ocean, thus approaching an
upper bound on uncertainties in the carbon cycle. The effect of varying
climate sensitivity from 1.5 to 4.5°C is shown separately for Rem-CC.
Both models adopted a'teference case' with mid-range behaviour of
the carbon cycle and climate sensitivity of 2.5°C.
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Box 3.7: Fast, simplified models used in this assessment.
The Bern-CC model comprises:
• A box-diffusion type ocean carbon model, (HILDA version K(z); Siegenthaler and Joos, 1992; Joos er at., 1996), already used in
the SAR. In addition to the SAR version, the effect of sea surface warming on carbonate chemistry is included (loos et at., 1999b).
• An impulse-response climate model (Hooss et at, 1999), which converts radiative forcing into spatial patterns of changes in
temperature, precipitation and cloud cover on a global grid. The patterns of the climate anomalies are derived from the first
principal component of the climate response shown by the full three-dimensional atmosphere-ocean GCM, ECHAM-3/LSG
(Voss and Mikolajewicz, 1999). Their magnitude is scaled according to the prescribed climate sensitivity.
• The terrestrial carbon model LPJ, as described in Sitch et at. (2000) and Cramer et al. (2001). LPJ is a process-based DGVM that
falls in the mid-range of CO2 and climate responses as shown in Cramer et at (2001). It is used here at 3.75° x 2.5° resolution,
as in Cramer et at (2001).
• A radiative forcing module. The radiative forcing of CO,, the concentration increase of non-CO, greenhouse gases and their
radiative forcing, direct forcing due to sulphate, black carbon and organic aerosols, and indirect forcing due to sulphate aerosols
are projected using a variant of SAR models (Harvey et at, 1997; Fuglestvedt and Bemtsen, 1999) updated with information
summarised in Chapters 4, 5 and 6. The concentrations of non-COz greenhouse gases, aerosol loadings, and radiative forcings we
consistent with those given in Appendix B.
Sensitivities of projected CO2 concentrations to model assumptions were assessed as follows. Rh was assumed either to be
independent of global warning (Giardina and Ryan, 2000; Jarvis and Linder 2000), or to increase with temperature according to
Lloyd and Taylor (1994). CO, fertilisation was either capped after year 2000 by keeping CO, at the year 2000 value in the
photosynthesis module, or increased asymptotically following Haxeltine and Prentice (1996). (Although apparently unrealistic,
capping the CO, fertilisation in the model is designed to mimic the possibility that other, transient factors such as land management
changes might be largely responsible for current terrestrial carbon uptake.) Transport parameters of the ocean model (including gas
exchange) were scaled by a factor of 1.5 and 0.5- Average ocean uptake for the 1980s is 2.0 PgC/yr in the reference case, 1.46
PgC/yr for the "slow ocean" and 2.54 PgC/yr for the "fast ocean", roughly in accord with the range of observational estimates (Table
3.1, Section 3.2.3.2). A"low-COz' parametrization was obtained by combining the fast ocean and no response of Rh to temperature. A"high-CO2' parametrization was obtained by combining the slow ocean and capping CO2 fertilisation. Climate sensitivity
was set at 2.5 °C for a doubling of CO,. Effects of varying climate sensitivity from 1.5°C to 4.5°C are also shown for one case.
The ISAM model was described by Jain et at (1994) and used in the SAR for CO,-only analyses, with a different set of model
parameters from those used here (Jain, 2000). The full configuration of ISAM comprises:
• A globally aggregated upwelling-diffusion ocean model including the effects of temperature on CO, solubility and carbonate
chemistry (Jain et al., 1995).
• An energy balance climate model of the type used in the IPCC 1990 assessment (Hoffert et at, 1980; Bretherton et al., 1990). In
this model, heat is transported as a tracer in the ocean and shares the same transport parameters as DIC.
• A six-box globally aggregated terrestrial carbon model including empirical parametrizations of CO2 fertilisation and temperature
effects on productivity and respiration (Harvey, 1989; Kheshgi et at, 1996).
• The radiative forcing of CO2 projected using a SAR model (Harvey et al., 1997) modified with information summarised in
Chapter 6. Radiative forcing from agents other than CO, are identical to that used in the Bem-CC model.
In addition to varying the climate sensitivity (1.5 to 4.5°C), parameters of the terrestrial and ocean components (strength of CO,
fertilisation, temperature response of NPP and heterotrophic respiration; ocean heat and DIC transport) were adjusted to mimic the
ranges of CO2 and climate responses as shown by existing process-based models (Figure 3.10). A reference case was defined with
climate sensitivity 2.5°C, ocean uptake corresponding to the mean of the ocean model results in Figure 3.10, and terrestrial uptake
corresponding to the mean of the responses of the mid range models LPJ, MIS and SDGVM (Figure 3.10). A "low CO," parametrisation was chosen with climate sensitivity 1.5°C, and maximal CO2 uptake by oceans and land; and a"high-COZ" parametrization
with climate sensitivity 4.5°C, and minimal CO, uptake by means and land.
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intercomparisons shown in Figure 3.10. Uncertainties cited from
the ISAM model can be regarded as providing a lower bound on
uncertainty since they do not admit possible behaviours outside
the range considered in recent modelling studies. In the Bern-CC
model, "high-COZ" and'9ow-COZ° alternatives are calculated by
making bounding assumptions about carbon cycle processes (for
example, in the high-COZ parametrization CO2 fertilisation is
capped at year 2000; in the low-COZ parametrization Rh does not
increase with warming). This approach yields generally larger
ranges of projected CO2 concentrations than the ISAM approach.
The ranges cited from the Bern-CC model can be regarded as
approaching an upper bound on uncertainty, since the true system
response is likely to be less extreme than the bounding assumptions, and because the combination of "best" and "worst" case
assumptions for every process is intrinsically unlikely.
3.7.3.2 Concentration projections based on lS92a, for
comparison with previous studies
Illustrative model runs (Figure 3.11) based on the 1S92a scenario
(Leggett et at, 1992) are shown first so as to allow comparison with
earlier model results presented in the SAIt and the SRRF (Schimel
et at, 1995). In the SRRF comparison of eighteen global carbon
cycle models (Enting et at, 1994; Schimel et at, 1995) the CO2
fertilisation response of the land was calibrated to match the central
estimate of the global carbon budget for the 1980s, assuming a
land-use source of 1.6 PgC/yr in the 1980s and attributing the
residual terrestrial sink to CO, fertilisation. This intercomparison
yielded CO2 concentrations in 2100 of 668 to 734 ppm; results
presented in Schimel et at. (1996) (from the Bern model) gave 688
ppm. After recalibrating to match a presumed land-use source of
1.1 PgCtyr, implying a weaker CO2 response, the 2100 CO2
concentration was given as 712 ppm in the SAR (Schimel et at,
1996). An IPCC Technical Paper (Wigley et at, 1997) evaluated the
sensitivity of IS92a results to this calibration procedure. Wigley et
at, (1997) found that a range of assumed values from 0.4 to 1.8
PgC/yr for the latid-use source during the 1980s gave rise to a range
of 2100 COz concentrations from 667 to 766 ppm.
In contrast with the SAR, the results presented here are based
on approximating the behaviour of spatially resolved processbased models in which CO, and climate responses are not
constrained by prior assumptions about the global carbon budget.
The COZ-only response of both models' reference cases (Figure
3.11) leads to a 2100 CO, concentration of 682 ppm (ISAM) or
651 ppm (Bem-CC). These values are slightly lower than projected
in the SAR - 715 ppm (ISAM; SAR version) and 712 ppm (Bern
Model; SAR version) - because current process-based terrestrial
models typically yield a stronger CO2 response than was assumed
in the SAR. With climate feedbacks included, the 2100 CO2
concentration in the reference case becomes, by coincidence,
effectively indistinguishable ftom that given in the SAR: 723 ppm
(ISAM) and 706 ppm (Bem-CC). The ranges of 164 ppm or _12%
/+1 1%n (about the reference case) (ISAM) and 273 ppm or -10%n
/+28% (Bern -CC) in the 2100 CO2 concentration indicate that
there is significant uncertainty about the future CO, concentrations due to any one pathway of changes in emissions. Separate
calculations with the Betrt-CC model (Figure 3.11) show that the
effect of changing climate sensitivity alone is less important than
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Figure 3.12: Projected CO2 concentrations resulting from six SRES
scenarios. The SRES scenarios represent the outcome of different
assumptions about the future course of economic development,
demography and technological change (see Appendix B). Panel (a)
shows CO2 emissions for the selected scenarios and panels (b) and
(c) show resulting CO, concentrations as projected by two fast
carbon cycle models, Bem-CC and ISAM (see Box 3.7 and Figure
3.11). The ranges represent effects of different model patamelrizations and assumptions as indicated in the text and in the caption to
Figure 3.11. For each model, and each scenario the reference case is
shown by a black line, the upper bound (high-CO2 parametrization)
is indicated by the top of the coloured area, and the lower bound
(IOW-COi parametrization) by the bottom of the coloured area or
(where hidden) by a dashed coloured line.
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the effect of varying assumptions in the carbon cycle model's
components. The effect of increasing climate sensitivity to 4.5 (a) 110D
StabUisation scenarios
'C (increasing the climate feedback) is much larger than the
1000 ^
effect of reducing climate sensitivity to 1.5 °C. The `low-C02'
900 -1
parametrization of Bem-CC yields CO, concentrations closer to
the reference case than the "high-CO," parametrization, in
o 800-{
which the terrestrial sink is forced to approach zero during the
700 ^
first few decades of the century due to the capping of the CO,
600 -i
fertilisation effect.
- __---___-_-7
The reference simulations with ISAM yielded an implied
500 -i
--------------------------------------average land-use source during the 1980s of 0.9 PgGyc The range
400
was 0.2 to 2.0 PgC/yr. Corresponding values for Bem-CC were
300
0.6 PgGyr and a range of 0-0 to 1.5 PgC/yr. These ranges broadly
I
I
overlap the range estimates of the 1980s land-use source given in (b) 20
Table 3.1. Present knowledge of the carbon budget is therefore not
precise enough to allow much narrowing of the uncertainty associ15
ated with future land and ocean uptake as expressed in these
projections. However, the lowest implied land-use source values
fall below the range given in Table 3.1.
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3.7.3.3 SRES scenarios and their implications for fanve CO2
concentration

The Special Report on Emissions Scenarios (S12ES) (IPCC,
2000b) produced a series of scenarios, of which six are used here,
representing outcomes of distinct narratives of economic development and demographic and technological change. In ISAM model
runs with these scenarios, past fossil emissions (see Section 3.4.1),
CO, concentrations (Enting et at, 1994; Keeling and Whorf,
2000) and mean global temperatures (Jones et at, 2000) were
specified up to and including 1999; scenario-based analyses
started in 2000. In the Bem-CC model runs, observed CO2
(Etheridge, et at, 1996, Keeling and Whorf, 2000) and past fossil
emissions (Marland et at, 1999) were prescribed, and historical
temperature changes were modelled, based on radiative forcing
from greenhouse gases and aerosols; again, scenario-based
analyses started in 2000. Past emissions from changing land use
were calculated in order to balance the carbon budget.
The six scenarios lead to substantial differences in projected
CO, concentration trajectories (Figure 3.12). Significant
uncertainties are introduced by the range of model parametrizations considered, so that the trajectories calculated for "adjacent"
scenarios overlap, especially during the first half-century. The
reference cases of the six scenarios account for a range of 2100
CO2 concentrations from 541 to 963 ppm in the Bem-CC model
and 549 to 970 ppm in the ISAM model. The uncertainties around
the 2100 values due to model parametrizations are -12 to +10'Y
(ISAM) and -14 to +31 % (Bem-CC).
These uncertainties reflect incomplete understanding of
climate sensitivity and the carbon cycle. They substantially limit
our current ability to make quantitative predictions about the
future consequences of a given emissions trajectory. Nevertheless,
the results show that higher emissions are always expected to lead
to higher projected atmospheric concentrations. They also show
that the range of emissions scenarios currently accepted as
plausible leads to a range of CO, concentrations that exceeds the
likely upper bound of uncertainties due to differences among
model parameterizations and assumptions.
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2200

2100
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Fig 3.13: Projected CO, emissions leading to stabilisation of
atmospheric CO2 concentrations at different final values. Panel (a)
shows the assumed trajectories of CO, concentration (WRE
scenarios; Wigley et at, 1996) and panels (b) and (c) show the
implied CO2 emissions, as projected with two fast carbon cycle
models, Bern-CC and ISAM (sce Box 3.7 and Figure 3.11). The
ranges represent effects of different model parametrizations and
assumptions as indicated in the text and in the caption to Figure 3.11.
For each model, the upper and lower bounds (corresponding to lowand high-CO, parametrizations, respectively) are indicated by the top
and bottom of the shaded area. Alternatively, the lower bound (where
hidden) is indicated by a dashed line.
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3.7.3.4 Stabilisation scenarios and their implications forframre
CO, emissions
Stabilisation scenarios illustrate implied rates of CO2 emission
that would arrive at various stable CO, concentration levels.
These have been projected using a similar methodology to that
applied in the analysis of emissions scenarios. The WRE trajectories follow CO, concentrations consistent with the IS92a
scenario beginning in 1990 and branch off to reach constant CO2
concentrations of 450, 550, 650, 750 and 1,000 ppm (Wigley et
at., 1996). The rationale for various alternative time trajectories
and stabilisation levels is discussed in Chapter 2 of the IPCC
WGIII Third Assessment Report (Morita et at, 2001).
Differences in emissions pathways for different time trajectories
leading to a certain stabilisation target (e.g., S versus WRE
profiles) are discussed in Schimel et at, (1997). Here, we have
calculated emissions for one set of emission profiles to illustrate
differences in implied emissions that arise from updating models
since the SAR.
As in Section 3.7.3.2, the models were initialised up to present.
Then anthropogenic emissions for the prescribed CO2 stabilization
profiles were calculated; deduced emissions equal the change in
modeled ocean and terrestrial carbon inventories plus the
prescribed change in atmospheric CO, content. To estimate the
strength of carbon cycle-climate feedbacks, global temperature
(ISAM) and changes in the fields of temperature, precipitation and
cloud cover (Bern-CC) were projected from CO, radiative forcing
only, neglecting effects of other greenhouse gases and aerosols
which are not specified in the WRB profiles. The results for the
reference cases are not substantially different from those presented
in the SAR (Figure 3.13). However, the range based on alternative
model parametrizations is larger than presented in the SAR, mainly
due to the range of simulated terrestrial CO2 uptake. CO2 stabilisation at 450, 650 or 1,000ppm would require global anthropogenic
CO2 emissions to drop below 1990 levels, within a few decades,
about a century, or about two centuries, respectively.
In all cases, once CO, concentration becomes constant, the
implied anthropogenic emission declines steadily. This result was
expected. It highlights the fact that to maintain a constant future
CO, concentration, anthropogenic CO2 emissions would
ultimately have to be reduced to the level of persistent natural
sinks. Persistent terrestrial sinks are not well quantified;
peatlands may be a candidate, but the gradual rise in atmospheric
CO, concentration during the present interglacial (Figure 3.2)
argues against any such sink. Estimates of current uptake by
peatlands are <0.1 PgC/yr (Clymo et at, 1998). Mixing of ocean
DIC between surface and deep waters should continue to produce
ocean uptake for several centuries after an input of anthropogenic
atmospheric CO2 (Siegenthaler and Oeschger, 1978; MaierReimer and Hasselmann, 1987; Satmiento et at, 1992). This
mixing is the main reason for continued uptake (and therefore
positive calculated emissions) after stabilisation. However, the
main, known natural sink expected to persist longer than a few
centuries is that due to dissolution of CaCO3 in ocean sediments,
which increases ocean alkalinity and thereby allows additional
CO2 to dissolve in the ocean. For CO2 concentrations about 1,000
ppm, this sink is estimated to be smaller than about -0.1 PgC/yr
(Archer et al., 1998). Thus, for any significant CO2 emissions to
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persist over centuries without continuing to increase atmospheric
CO2 would require some method of producing an artificial carbon
sink.
3.7.4 Conclusions
The differences among the CO, concentrations projected with the
various SIZES scenarios considered are larger than the differences
caused by inclusion or omission of climate-mediated feedbacks.
The range of uptake rates projected by process-based models for
any one scenario is, however, considerable, due to uncertainties
about (especially) terrestrial ecosystem responses to high CO2
concentrations, which have not yet been resolved experimentally,
and uncertainties about the response of global NPP to changes in
climate (Cramer et at, 1999). A smaller feedback would be
implied if, as some models indicate, global NPP increases with
warming throughout the relevant range of climates and no forest
die back occurs. Larger positive feedbacks would be implied if
regional drying caused partial die back of tropical forests, as some
of the DGVMs in Cramer et at (2001), and one coupled climatecarbon model study of Cox et at (2000), suggest; however,
another coupled climate-carbon model study (Friedlingstein et al.,
2001) suggests a smaller feedback. Uncertainty also arises due to
differences in the climate responses of ocean models, especially as
regards the extent and effects (biological as well as physical) of
increased stratification in a warmer climate (loos et at, I999b).
In conclusion, anthmpogenie CO, emissions are virtually
certain to be the dominantfactor determining CO2 concentrations
throughout the 21st century. The importance of anthropogenic
emissions is underlined by the expectation that the proportion of
emissions taken up by both ocean and land will decline at high
atmospheric CO2 concentrations (even if absolute uptake by the
ocean continues to rise). There is considerable uncertainty in
projections of future CO2 concentration, because of uncertainty
about the effects of climate change on the processes determining
ocean and land uptake of CO2. These uncertainties do not negate
the main finding that anthropogenic emissions will be the main
control.
Large-scale manipulations of terrestrial ecosystems have been
proposed as a means of slowing the increase of atmospheric CO2
during the 21st century in support of the aims of the Kyoto
Protocol (Tans and Wallace, 1999; IPCC, 2000a). Based on
current understanding of land use in the carbon cycle, the impacts
of future land use on terrestrial biosphere-atmosphere exchanges
have the potential to modify atmospheric CO2 concentrations on
this time-scale. Direct effects of land-use changes are thought to
represent about 10 to 30% of total anthropogenic CO2 emissions
(Table 3.1), so there is scope for either intended or unintended
changes in land use to reduce or increase total anthropogenic
emissions. But the possibilities for enhancing natural sinks have to
be placed in perspective: a rough upper bound for the reduction in
CO2 concentration that could be achieved by enhancing terrestrial
carbon uptake through land-use change over the coming century
is 40 to 70 ppm (Section 3.2.2.2), to be considered against a two
to four times larger potential for increasing C02 concentraion by
deforestation, and a >400 ppm range among the SRES scenarios
(Figure 3.12).
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Executive Summary
Two important new findings since the lPCC WG1 Second
Assessment Report (IPCC, 1996) (hereafter SAR) demonstrate the
importance of atmospheric chemistry in controlling greenhouse
gases:
Currently, tropospheric ozone (03) is the third most important
greenhouse gas after carbon dioxide (CO) and methane (CH4). It
is a product of photochemistry, and its future abundance is
controlled primarily by emissions of CHa, carbon monoxide (CO),
nitrogen oxides (NO,J, and volatile organic compounds (VOC).
There is now greater confidence in the model assessment of the
increase in tropospheric 03 since the pre-industrial period, which
amounts to 30% when globally averaged, as well as the response
to future emissions. For scenarios in which the CHa abundance
doubles and anthropogenic CO and NO, emissions triple, the
tropospheric 03 abundance is predicted to increase by an
additional 50% above today's abundance.
CO is identified as an important indirect greenhouse gas. An
addition of CO to the atmosphere perturbs the OH-CH4-03
chemistry. Model calculations indicate that the emission of 100
Mt of CO stimulates an atmospheric chemistry perturbation that is
equivalent to direct emission of about 5 Mt of CH4.
A major conclusion of this report is that atmospheric abundances
of almost all greenhouse gases reached the highest values in their
measurement records during the 1990s.The atmospheric abundance of CH,t continues to increase,
from about 1,520 ppb in 1978 to 1,745 ppb in 1998. However, the
observed annual increase in CHa has declined during the last two
decades. This increase is highly variable; it was near zero in 1992
and as large as +13 ppb during 1998. Then: is no clear, quantitative explanation for this variability. Since the SAR, quantification
of certain anthropogenic sources of CH, such as that from rice
production, has improved.
The atmospheric burden of nitrous oxide (N,O) continues to
increase by about 0.25%/yr. New, higher estimates of emissions
from agricultural sources improve our understanding of the global
N20 budget.
The atmospheric abundances of major greenhouse gases that
deplete stratospheric ozone are decreasing (CFC-I I, CFC- 113,
CH3CClr, CCL), or increasing more slowly (CFC-12), in response
to the phase-out in their production agreed to under the Montreal
Protocol and its Amendments.
HFC-152a and HFC-134a are increasing in the atmosphere.
This growth is consistent with the rise in their industrial use. HFC23, an unintended by-product of HCFC-22 production, is also
increasing.
Perfluorocarbon (PFC) e.g., CFa (per0uoromethane) appears
to have a natural background; however, current anthropogenic
emissions exceed natural ones by a factor of 1,000 or more and are
responsible for the observed increase.
There is good agreement between the increase in atmospheric
abundances of sulphur hexatluoride (SF6) and emissions estimates
based on revised sales and storage data.
There has been little increase in global tropospheric 0.1 since
the 1980s at the few remote locations where it is regularly

measured. Only two of the fourteen stations, one in Japan and one
in Europe, had statistically significant increases in tropospheric 03
between 1980 and 1995. By contrast, the four Canadian stations,
all at high latitudes, had significant decreases in tropospheric 03
for the same time period. However, limited observations from
the late 19th and early 20th centuries combined with models
suggest that tropospheric O, has increased from a global mean
value of 25 DU (where I DU = 2.7x1016 03 molecules/em) in
the pre-industrial era to 34 DU today. While the SAR estimated
similar values, the new analysis provides more confidence in
this increase of 9 DU.
Changes in atmospheric composition and chemistry over the
past century have affected, and those projected into the future
will affect, the lifetimes of many greenhouse gases and thus
alter the climate forcing of anthropogenic emissions:
The atmospheric lifetime relates emissions of a component
to its atmospheric burden. In some cases, for instance for
methane, a change in emissions perturbs the chemistry and thus
the corresponding lifetime. The CH4 feedback effect amplifies
the climate forcing of an addition of CHa to the current
atmosphere by lengthening the perturbation lifetime relative to
the global atmospheric lifetime of CH4 by a factor of 1.4. This
earlier finding is corroborated here by new model studies that
also predict only small changes in this CHa feedback for the
different scenarios projected to year 2100. Another feedback
has been identified for the addition of NzO to the atmosphere;
it is associated with stratospheric Oi chemistry and shortens the
perturbation lifetime relative to the global atmospheric lifetime
of N2O by about 5%.
Several chemically reactive gases - CO, NO, (=NO+NOz),
and VOC - control in part the abundance of 0.3 and the
oxidising capacity (OH) of the troposphere. These pollutants
act as indirect greenhouse gases through their influence on
atmospheric chemistry, e.g., formation of tropospheric 03 or
changing the lifetime of CHa. The emissions of NO, and CO are
dominated by human activities. The abundance of CO in the
Northern Hemisphere is about twice that in the Southern
Hemisphere and has increased in the second half of the 20th
century along with industrialisation and population. The urban
and regional abundance of NO, has generally increased with
industrialisation, but the global abundance of this short-lived,
highly variable pollutant cannot be derived from measurements.
Increased NO, abundances will in general increase tropospheric
03 and decrease CH4. Deposition of NO, reaction products
fertilises the biosphere, stimulates CO2 uptake, but also
provides an input of acidic precipitation.
The IPCC Special Report on Emission Scenarios (SRES)
generated six marker/illustrative scenarios (labelledAlB, A IT,
AIR, A2, III, B2) plus four preliminary marker scenarios
(labelled here Alp, A2p, Blp, and B2p). These projected
changes in anthropogenic emissions of trace gases from year
2000 to year 2100, making different assumptions on population
development, energy use, and technology. Results from both sets
of scenarios are discussed here since the preliminary marker
scenarios (December 1998) were used in this report:
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Model calculations of the abundances of the primary
greenhouse gases by year 2100 vary considerably across the
SIZES scenarios: in general AIB, AlT, and BI have the smallest
increases of emissions and burdens; and AIFI and A2 the largest.
CHa changes from 1998 to 2100 range from -10 to +l 15%n; and
N20 increases from 13 to 47%. The HFCs - 134a, 143a, and 125
- reach abundances of a few hundred to nearly a thousand ppt
from negligible levels today. The PFC CF, is projected to increase
to between 200 and 400 ppt; and SF6 to between 35 and 65 ppt.
SRFS projected anthropogenic emissions of the indirect
greenhouse gases (NO,,, CO and VOC) together with changes in
CH4 are expected to change the global mean abundance of tropospheric OH by -20 to +6% over the next century. Comparable, but
opposite sign, changes occur in the atmospheric lifetimes of the
greenhouse gases, CH4 and HFCs. This impact depends in large
part on the magnitude of, and the balance between, NO5 and CO
emissions.

For the SRES scenarios, changes in tropospheric 03 between
years 2000 and 2100 range from -4 to +21 DU. The largest
increase predicted for the 21st century (scenarios A1FI and A2)
would be more than twice as large as that experienced since the
pre-industrial era. These 03 increases are attributable to the
concurrent, large (almost factor of 3) increases in anthropogenic
NO, and CHa emissions.
The large growth in emissions of greenhouse gases and other
pollutants as projected in some SRES scenarios for the 21st
century will degrade the global environment in ways beyond
climate change:
Changes projected in the SIZES A2 and A I FI scenarios would
degrade air quality over much of the globe by increasing
background levels of O. In northern mid-latitudes during
summer, the zonal average increases near the surface are about 30
ppb or more, raising background levels to nearly 80 ppb, threat-

ening attainment of air quality standards over most metropolitan
and even rural regions, and compromising crop and forest productivity. This problem reaches across continental boundaries since
emissions of NO5 influence photochemistry on a hemispheric
scale.
A more complete and accurate assessment of the human impact on
greenhouse gases requires greater understanding of sources,
processes, and coupling between different pans of the climate
system:
The current assessment is notably incomplete in calculating
the total impact of individual industrial / agricultural sectors on
greenhouse gases and aerosols. The I.FCC Special Report on
Aviation demonstrates that the total impact of a sector is not
represented by (nor scalable to) the direct emissions of primary
greenhouse gases alone, but needs to consider a wide range of
atmospheric changes.
The ability to hindcast the detailed changes in atmospheric
composition over the past decade, particularly the variability of
tropospheric 03 and CO, is limited by the availability of measurements and their integration with models and emissions data.
Nevertheless, since the SAR there have been substantial advances
in measurement techniques, field campaigns, laboratory studies,
global networks, satellite observations, and coupled models that
have improved the level of scientific understanding of this assessment. Better simulation of the past two decades, and in due
course the upcoming one, would reduce uncertainty ranges and
improve the confidence level of our projections of greenhouse
gases.
Feedbacks between atmospheric chemistry, climate, and the
biosphere were not developed to the stage that they could be
included in the projected numbers here. Failure to include such
coupling is likely to lead to systematic errors and may substantially alter the projected increases in the major greenhouse gases.
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4.1 Introduction
This chapter investigates greenhouse gases whose atmospheric
burdens' and climate impacts generally depend on atmospheric
chemistry. These greenhouse gases include those listed in the
Kyoto Protocol - methane (CH4), nitrous oxide ( N20), hydrofluorocarbons (HFCs), perfluorocarbons ( PFCs), sulphur
hexafluoride ( SF6) - and those listed under the Montreal Protocol
and its Amendments - the chlorofluorocarbons (CFCs), the
hydrochlorofluorocarbons (HCFCs), and the halons. A major
focus of this assessment is the change in tropospheric ozone (03).
Stratospheric water vapour (H2O) is also treated here, but tropospheric H,O, which is part of the hydrological cycle and
calculated within climate models, is not discussed. This chapter
also treats the reactive gases carbon monoxide (CO), volatile
organic compounds (VOC), and nitrogen oxides (NO1 =
NO+NO2), termed indirect greenhouse gases. These pollutants
are not significant direct greenhouse gases, but through
atmospheric chemistry they control the abundancest of direct
greenhouse gases. This chapter reviews the factors controlling the
current atmospheric abundances of direct and indirect
greenhouse gases; it looks at the changes since the pre-industrial
em and their attribution to anthropogenic activities: and it

243

increases in their respective burdens over the last century. The
atmospheric burdens of CFIq and N20 over the next century will
likely be-driven by changes in both anthropogenic and natural
sources. A second class of greenhouse gases - the synthetic
HFCs, PFCs, SF6, CFCs, and halons - did not exist in the
atmosphere before the 20th century (Butler et at, 1999). CFa, a
PFC, is detected in ice cores and appears to have an extremely
small natural source (Harnisch and Eisenhauer, 1998). The
current burdens of these latter gases are derived from atmospheric
observations and represent accumulations of past anthrupogenic
releases; their future burdens depend almost solely on industrial
production and release to the atmosphere. Stratospheric H>O
could increase, driven by in situ sources, such as the oxidation of
CH4 and exhaust from aviation, or by a changing climate.
Tropospheric O., is both generated and destroyed by
photochemistry within the atmosphere. Its in situ sources are
expected to have grown with the increasing industrial emissions
of its precursors: CH, NO., CO and VOC. In addition, there is
substantial transport of ozone from the stratosphere to the
troposphere (see also Section 4.2.4). The effects of stratospheric
03 depletion over the past three decades and the projections of
its recovery, following cessation of emissions of the Montreal
Protocol gases, was recently assessed (WMO, 1999).

calculates atmospheric abundances to the year 2100 based on

The current global emissions, mean abundances, and trends

projected emissions of greenhouse gases and pollutants. Carbon
dioxide (CO,) is treated in Chapter 3; and aerosols in Chapter 5.

of the gases mentioned above are summarised in Table 4.1a.
Table 4.Ib lists additional synthetic greenhouse gases without

The atmospheric abundances of greenhouse gases and aerosols

established atmospheric abundances. For the Montreal Protocol

from all chapters are combined in Chapter 6 to calculate current
and future radiative forcing. This chapter is an update of the
1PCC WGI Second Assessment Report (IPCC, 1996) (hereafter

gases, political regutation has led to a phase-out of emissions
that has slowed their atmospheric increases, or turned them into
decreases, such as for CFC-11. For other greenhouse gases, the

SAR). For a review of the chemical processes controlling the

anthropogenic emissions are projected to increase or remain

abundance of greenhouse gases we the SAR (Prather et at, 1995)
or Ehhalt ( 1999). More recent assessments of changing

high in the absence of climate-policy regulations. Projections of
future emissions for this assessment, i.e., the IPCC Special

atmospheric chemistry and composition include the IPCC

Report on Emission Scenarios (SRES) (NakiEenoviE et at.,

Special Report on Aviation and the Global Atmosphere ( Penner
et at, 1999) and the World Meteorological Organization / United
Nations Environmental Programme ( WMO/UNEP) Scientific

2000) anticipate future development of industries and agriculture that represent major sources of greenhouse gases in the

Assessment of Ozone Depletion (WMO, 1999).

chapter and many of the climate studies in this report used the
greenhouse gas concentrations derived from the SRES prelimi-

4. 1.1 Sources of Greenhouse Gases

nary marker scenarios (i.e., the SRES database as of January
1999 and labelled 'p' here). The scenario IS92a has been carried
along in many tables to provide a reference of the changes since

Substantial, pre-industrial abundances for CI-Lt and N20 are
found in the tiny bubbles of ancient air trapped in ice cores. Both
gases have large, natural emission rates, which have varied over
past climatic changes but have sustained a stable atmospheric
abundance for the centuries prior to the Industrial Revolution (see
Figures 4.1 and 4.2). Emissions of CH, and N,O due to human
activities are also substantial and have caused large relative

1 Atmospheric abundances for trace gases are reported here as the mole
fraction (molar mixing ratio) of the gas relative to dry air (ppm = 10'°, ppb
= lff°, ppt = 10712); whereas the burden is reported as the total mass of
that gas in the atmosphere (e.g., Mt = Tg = 10 g). For most trace gases
in this chapter. the burden is based on the total weight of the molecule; for
the N-containing gases, it includes only the mass of the N; and for some
VOC budgets where noted, it includes only the mass of the C.

absence of climate-policy regulations. The first draft of this

the SAR. The projections of greenhouse gases and aerosols for
the six new SRES marker/illustrative scenarios are discussed
here and tabulated in Appendix II.

An important policy issue is the complete impact of
different industrial or agricultural sectors on climate. This
requires aggregation of the SIZES scenarios by sector (e.g.,
transportation) or sub-sector (e.g., aviation; Penner et at, 1999),
including not only emissions but also changes in land use or
natural ecosystems. Due to chemical coupling, correlated
emissions can have synergistic effects; for instance NO5 and CO
from transportation produce regional 03 increases. Thus a given
sector may act through several channels on the future trends of
greenhouse gases. In this chapter we will evaluate the data
available on this subject in the current literature and in the SIZES
scenarios.
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Table 4.1(a): Chemically reactive greenhouse gases and their precursors: abundances, trends, budgets, lifetimes, and GWPs.

Chemical species

Formula

Methane

CHa(ppb)

Abundance'
PPt
1750
1998

Trend
PPUyr'
1990s

1745

700

7.0
0.8

Annual
emission
late 90s
600Tg

100-yr
GWPb

8.4/12 c

Nitrous oxide

N20 (ppb)

314

Perfluoromethane

CF4

80

40

1.0

-15 Gg

>50000

5700

PerFluoroethane

3.0

0

0.08

-2 Gg

10000

11900

Sulphur hexafluoride

C2 F6
SF6

4.2

0

0.24

-6 Gg

3200

22200

HFC-23

CHF3

14

0

0.55

-7 Gg

260

12000

-25 Gg

13.8

1300

-4 Gg

1.40

120

HFC-134a

CF3CHZF

7.5

0

HFC-152a

CH3CHF2

0.5

0

0.1

120/114`

23

270

2.0

16.4 TgN

Lifetime
(yr)

296

Important greenhouse halocarbons under Montreal Protocol and its Amendments
CFC-1 I

CFCl3

268

0

-1.4

45

4600

CFC-12

CFzCIz

533

0

4.4

100

10600

CFC-13

CF,C1

4

0

0.1

640

14000

CFC-113

CF2CICFCI2

84

0

0.0

85

6000

CFC-114

CFzCICFzCI

15

0

<0.5

300

9800

CFC 115

CF3CFzCl

7

0

0.4

1700

7200

Carbon tetrachloride

CCIa

102

0

-1.0

35

1800

Methyl chloroform

CH3CC13

69

0

-14

4.8

140

HCFC-22

CHF}CI

132

0

5

11.9

1700

1-ICFC-141b

CH3CFCIZ

10

0

2

9.3

700

HCFC-142b

CH3CF2CI

11

0

1

19

2400

Halon-1211

CFzC1Br

3.8

0

0.2

11

1300

Halon-1301

CF3Br

2.5

0

0.1

65

6900

Halon-2402

CFzBrCFzBr

0.45

0

-0

<20

Other chemically active gases dirctly or indirectly affecting radiative forcing
34

Tropospheric ozone

03 (DU)

Tropospheric NO,

NO+NOZ

5-999

Carbon monoxide

CO (ppb) d

80

Stratospheric water

HzO (ppm)

3-6

25

3-5

see text

0.01-0.05

-52 TgN

<0.01-0.03

6

-2800 Tg

0.08 -0.25

?

see text

1-6

?

' All abundances are tropospheric molar mixing mtios in ppt (10-'r )and trends are in ppt/yr unless superseded by units on line (ppb =10^,
ppm = 10'). Where possible, the 1998 values are global, annual averages and the trends are calculated for 1996 to 1998.
b GWps are from Chapter 6 of this report and refer to the 100-year horizon values.
` Species with chemical feedbacks that change the duration of the atmospheric response; global mean atmospheric lifetime (L1) is given first
followed by perturbation lifetime (Pr). Values are taken from the SAR (Prather et at, 1995; Schimel et a1.,1996) updated with WM098
(Kurylo and Rodriguez, 1999; Pdnn and Zander, 1999) and new OH-scaling, see text. Uncertainties in lifetimes have not changed
substantially since the SAR.
d CO trend is very sensitive to the time period chosen. The value listed for 1996 to 1998, +6 ppb/yr, is driven by a large increase during 1998.
For the period 1991 to 1999, the CO trend was -0.6 ppb/yr. CO is an indirect greenhouse gas: for comparison with CH, see this chapter;
for GWP, sec Chapter 6.

d
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Table 4.1(b): Additional synthetic greenhouse gases.

Chemical species

Formula

Lifetime

GWPb

(3T)
Pertluoropropane
Perfluorobutane
Perfluorocyclobutane
Perfluoropentane
Perfluorohexane
Trifluoromethylsulphur pentafluoride
Nitrogen trifluoride
Trifluoroiodomethane
HFC-32
HFC-41
HFC-125
HFC-134
HFC-143
HFC-143a
HFC-152
RFC-161
HFC-227ea
HFC-236cb
HFC-236ea
HFC-236fa
HFC-245ca
HFC-245ea
HFC-245eb
HFC-245fa
HFC-263fb
HFC-338pcc
HFC-356mcf
HFC-356mff
HFC-365mfc
HFC-43-10mee
HFC-458mfcf
HFC-55-10mcff
HFE-125
HFE 134
HFE-143a
HFE-152a
HFE-245fa2
HFE-356mff2

CjFt
CroF o
Ca Fa
't-5 FjI
qF14

SFsCF3
NF3
CF3I
CHzFi
CH3F
CHF}CF3
CHF1CHFi
CH2FCHF,
CH3CF3
CHzFCHiF
CH3CHzF
CFtCHFCFy
CF3CFiCHiF
CF3CHFCHFi
CFiCH CF3
CH1FCFiCHFt
CHF}CHFCHF}
CF,CHFCHzF
CHF} CHiCF,
CF3CHiCH3
CHF4CF2CF2CFz11
CF3CF2CHt CHz F
CF3CH1CHiCF3
CF,C112CF2CH3
CF3CHFCHFCF} CF3
CF3CHzCF2CH2CF3
CF3CFrCH2CHiCFiCF3
CF,OCHFy
CFzHOCF}H
CF3OCH3
CHiOCHF}
CHF}OCHiCF,
CF3CH2OCHsCF3

4.12 Atmospheric Chemistry and Feedbacks
All greenhouse gases except CO2 and H20 are removed from the
atmosphere primarily by chemical processes within the
atmosphere. Greenhouse gases containing one or more H atoms
(e.g., CH4, HFCs and HCFCs), as well as other pollutants, are
removed primarily by the reaction with hydroxyl radicals (OH).
This removal takes place in the troposphere, the lowermost part
of the atmosphere, ranging from the surface up to 7 to 16 km
depending on latitude and season and containing 80% of the mass

2600
2600
3200
4100
3200

8600
8600
10000
8900
9000

1000
>500
<0.005
5.0
2.6
29
9.6
3.4
52
0.5
0.3
33
13.2
10.0
220
5.9
4.0
4.2
7.2
1.6
11.4
1.2
7.9
9.9
15
22
7.7
150
26
4.4
1.5
4.6
0.4

17500
10800
1
550
97
3400
1100
330
4300
43
12
3500
1300
1200
9400
640

950

890
1500

14900
2400
750
570

of the atmosphere. The greenhouse gases N2O, PFCs, SF6, CFCs
and halons do not react with OH in the troposphere.l7tese gases
are destroyed in the stratosphere or above, mainly by solar
ultraviolet radiation (UV) at short wavelengths (<240 nm), and
are long-lived. Because of the time required to transport these
gases to the region of chemical loss, they have a minimum
lifetime of about 20 years. CO, is practically inert in the
atmosphere and does not directly influence the chemistry, but it
has a small in situ source from the oxidation of CHa, CO and
VOC.
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Tropospheric OH abundances depend on abundances of
NO1CHa, CO, VOC, O3 and H20 plus the amount of solar W
(>300 nm) that reaches the troposphere. As a consequence, OH
varies widely with geographical location, time of day, and
season. Likewise the local loss rates of all those gases reacting
with OH also vary. Because of its dependence on CH, and
other pollutants, tropospheric OH is expected to have changed
since the pre-industrial era and to change again for future
emission scenarios. For some of these gases other removal
processes, such as photolysis or surface uptake, are also
important; and the total sink of the gas is obtained by
integrating over all such processes. The chemistry of tropospheric O, is closely tied to that of OH, and its abundance also
varies with changing precursor emissions. The chemistry of the
troposphere is also directly influenced by the stratospheric
burden of 03, climatic changes in temperature (T) and
humidity (H20), as well as by interactions between tropospheric aerosols and trace gases. Such couplings provide a
"feedback" between the climate change induced by increasing
greenhouse gases and the concentration of these gases. Another
feedback, internal to the chemistry, is the impact of CHa on OH
and hence its own loss. These feedbacks are expected to be
important for tropospheric 03 and OH. Such chemistrychemistry or climate-chemistry coupling has been listed under
"indirect effects" in the SAR (Prather et at., 1995; Schimel el
al., 1996).
This chapter uses 3-D chemistry-transport models (CTMs)
to integrate the varying chemical processes over global
conditions, to estimate their significance, and to translate the
emission scenarios into abundance changes in the greenhouse
gases CH, HFCs, and 03. An extensive modelling exercise
called OxComp (tropospheric oxidant model comparison) involving model comparisons, sensitivity studies, and investigation of the IPCC SRES scenarios - was organised to support
this report.
Stratospheric circulation and distribution of 03 control the
transport of the long-lived greenhouse gases to regions of
photochemical loss as well as the penetration of solar UV into
the atmosphere. At the same time, many of these gases (e.g.,
Nz0 and CFCs) supply ozone-depleting radicals (e.g., nitric
oxide (NO) and Cl) to the stratosphere, providing a feedback
between the gas and its loss rate. Another consequence of the
observed stratospheric ozone depletion is that tropospheric
photochemical activity is expected to have increased, altering
tropospheric OH and 03. Climate change in the 21st century,
including the radiative cooling of the stratosphere by increased
levels of CO2, is expected to alter stratospheric circulation and
03, and, hence, the global mean loss rates of the long-lived
gases. Some of these effects are discussed in WMO (1999) and
are briefly considered here.
The biosphere's response to global change will impact the
atmospheric composition of the 21st century. The anticipated
changes in climate (e.g., temperature, precipitation) and in
chemistry will alter ecosystems and thus the "natural",
background emissions of trace gases. There is accumulating
evidence that increased N deposition (the result of NO1 and
ammonia (NH3) emissions) and elevated surface 03
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abundances have opposite influences on plant CO2 uptake: 03
(>40 ppb) inhibits CO2 uptake; while N deposition enhances it
up to a threshold, above which the effects are detrimental. In
addition, the increased N availability from atmospheric deposition and direct fertilisation accelerates the emission of Ncontaining trace gases (NO, N20 and NH3) and CHa, as well as
altering species diversity and biospheric functioning. These
complex interactions represent a chemistry-biosphere feedback
that may alter greenhouse forcing.
4.1.3 Trace Gas Budgets and Trends
The "budget" of a trace gas consists of three quantities: its
global source, global sink and atmospheric burden. The burden
is defined as the total mass of the gas integrated over the
atmosphere and related reservoirs, which usually include just
the troposphere and stratosphere. The global burden (in Tg) and
its trend (i.e., the difference between sources and sinks, in
Tg/yr) can be determined from atmospheric measurements and,
for the long-lived gases, are usually the best-known quantities
in the budgets. For short-lived, highly variable gases such as
tropospheric 03 and NO., the atmospheric burden cannot be
measured with great accuracy. The global source strength is the
sum of all sources, including emissions and in situ chemical
production- Likewise, the sink strength (or global loss rate) can
have several independent components.
The source strength (Tg/yr) for most greenhouse gases is
comprised of surface emissions. For synthetic gases where
industrial production and emissions are well documented, the
source strengths may be accurately known. For CH, and N20,
however, there are large, not well-quantified, natural emissions.
Further, the anthropogenic emissions of these gases are
primarily associated with agricultural sources that are difficult
to quantify accurately. Considerable research has gone into
identifying and quantifying the emissions from individual
sources for CH4 and N2o, as discussed below. Such uncertainty
in source strength also holds for synthetic gases with undocumented emissions. The source strength for tropospheric 03
includes both a stratospheric influx and in situ production and
is thus derived primarily from global chemical models.
The sink strength (Tg/yr) of long-lived greenhouse gases
can be derived from a combination of atmospheric observations, laboratory experiments, and models. The atmospheric
chemistry models are based on physical principles and laboratory data, and include as constraints the observed chemistry of
the atmosphere over the past two decades. For example, stratospheric loss rates are derived from models either by combining
observed trace gas distributions with theoretically calculated
loss frequencies or from the measured correlation of the respective gas with a trace gas of known vertical flux. In such analyses
there are a wide range of self-consistency checks. Mean global
loss rates based on a priori modelling (e.g., the CH4-lifetime
studies from OxComp described later) can be compared with
empirically-based loss rates that are scaled from a gas with
similar loss processes that has well-known emissions and
atmospheric burden (e.g., the AGAGE ( Advanced Global
Atmospheric Gases Experiment) calibration of mean tropo-
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spheric OH using methyl chloroform (CH3CCl3); Prinn et al.,
1995). Our knowledge of the current budget of a greenhouse
gas provides a key constraint in modelling its future abundance.
For example, in both the IS92a and SIZES projected emissions
of CHa and N20, we apply a constant offset to each set of
emissions so that our calculated burden is consistent with the
observed budget and trend during the 1990s.
4.1.4Atmospheric Lifetimes and Time-Scales
The global atmospheric lifetime (yr) characterises the time
required to turn over the global atmospheric burden. It is
defined as the burden (Tg) divided by the mean global sink
(Tg/yr) for a gas in steady state (i.e., with unchanging burden).
This quantity was defined as both "lifetime" and "turnover
time" in the SAR (see also Bolin and Rodhe, 1973). Lifetimes
calculated in this manner are listed in Table 4.1. A corollary of
this definition is that, when in steady state (i.e., source strength
= sink strength), the atmospheric burden of a gas equals the
product of its lifetime and its emissions. A further corollary is
that the integrated atmospheric abundance following a single
emission is equal to the product of its steady-state lifetime for
that emission pattern and the amount emitted (Prather, 1996).
This latter, new result since the SAR supports the market-basket
approach of aggregating the direct emissions of different
greenhouse gases with a GWP (Global Warming Potential)
weighting.

within the troposphere. When lifetimes are reported for gases in
Table 4.1, it is assumed that the gases are uniformly mixed
throughout the troposphere. This assumption is unlikely for
gases with lifetimes <I year, and reported values must be
viewed only as approximations.
Some gases have chemical feedbacks that change their
lifetimes. For example, the increasing CH4 abundance leads to
a longer lifetime for CH4 (Prather et at, 1995; Schimel et a!.,
1996). A chemical feedback with opposite effect has been
identified for NzO where a greater N20 burden leads to
increases in stratospheric NO1 which in turn depletes midstratospheric ozone. This ozone loss enhances the UV, and as a
consequence N20 is photolysed more rapidly (Prather, 1998).
Such feedbacks cause the time-scale of a perturbation,
henceforth called perturbation lifetime (PT), to differ from the
global atmospheric lifetime (LT). In the limit of small permrbations, the relation between the perturbation lifetime of a gas and
its global atmospheric lifetime can be derived from a simple
budget relationship as PT = LT /(1 - s), where the sensitivity
coefficient s = aln(LT) / dln(B) and 8= burden. Without a
0, and PT is identical to LT. The
feedback on lifetime, s
product, PT times a sustained change in emission, gives the
resulting change in the burden. The ratio of PT/LT adopted here
for CH4, 1.4, is based on recent model studies (see Section 4.4)
and is consistent with the SAR results.
To evaluate the total greenhouse effect of a given gas
molecule, one needs to know, first, how long it remains in the

(i) constant emissions (Tglyr) to a steady-state burden (Tg), or

atmosphere and, second, how it interacts chemically with other
molecules. This effect is calculated by injecting a pulse of that

The atmospheric lifetime is basically a scale factor relating
(ii) an emission pulse (Tg) to the time-integrated burden of that

gas (e.g., I Tg) into the atmosphere and watching the added

pulse (Tgfyr). The lifetime is often additionally assumed to be
a constant, independent of the sources; and it is also taken to

represented by a sum of exponential functions, each with its

represent the decay time (e-fold) of a perturbation- These latter

own decay time. These exponential functions are the chemical

abundance decay as simulated in a CTM. This decay is

assumptions apply rigorously only for a gas whose local

modes of the linearised chemistry-transport equations of the

chemical lifetime is constant in space and time, such as for the

CTM (Prather, 1996). In the case of a CH4 addition, the longest-

noble gas radon, whose lifetime is fixed by the rate of its
radioactive decay. In such a case the mean atmospheric lifetime

lived mode has an e-fold time of 12 years, close to the pertur-

equals the local lifetime: the lifetime that relates source strength
to global burden is exactly the decay time of a perturbation.

burden. (This e-fold time was called the adjustment time in the
SAR.) In the case of a CO addition, this same mode is also

This general applicability of the atmospheric lifetime
breaks down for those greenhouse gases and pollutants whose

excited, but at a reduced amplitude (Prather, 1996; Daniel and

bation lifetime (P7) of CHa, and carries most of the added

chemical losses vary in space and time. NO., for instance, has

Solomon, 1998). The pulse of added CO, by causing the
concentration of OH to decrease and thus the lifetime of CH4 to

a local lifetime of <1 day in the lower troposphere, but >5 days

increase temporarily, causes a build-up of CH4 while the added

in the upper troposphere; and both times are less than the time

burden of CO persists. After the initial period of a few months

required for vertical mixing of the troposphere. In this case
emission of NO, into the upper troposphere will produce a

defined by the CO photochemical lifetime, this built-up CHa

larger atmospheric burden than the same emission into the

Similarly, an addition of NO1 (e.g., from aviation; see Isaksen

lower troposphere. Consequently, the definition of the
atmospheric lifetime of NOs is not unique and depends on the
location (and season) of its emissions. The same is true for any

and Jackman, 1999) will excite this mode, but with a negative

gas whose local lifetime is variable and on average shorter than

(Wild and Prather, 2000; Demerit et al., 2001). Changes in

about 0.5 year, i.e., the decay time of a north-south difference
between hemispheres representing one of the longer time-scales

tropospheric 03 accompany the CHa decay on a 12 year time-

for tropospheric mixing. The majority of greenhouse gases
considered here have atmospheric lifetimes greater than 2 years,

chemical coupling in the troposphere. Thus, any chemically

much longer than tropospheric mixing times; and hence their

some level of indirect greenhouse effect through its impact on

lifetimes are not significantly altered by the location of sources

atmospheric chemistry.

then decays in the same manner as would a direct pulse of CH4.

amplitude. Thus, changes in the emissions of short-lived gases
can generate long-lived perturbations as shown in 3-D CTMs

scale as an inherent component of this mode, a key example of
reactive gas, whether a greenhouse gas or not, will produce
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4.2 Trace Gases: Current Observations, Trends, and Budgets
4.2.1 Non-COz Kyoto Gases

4.2.1.1 Methane (CHq)
Methane's globally averaged atmospheric surface abundance in
1998 was 1345 ppb (see Figure 4.1), corresponding to a total
burden of about 4,850 Tg(CH4). The uncertainty in the burden
is small (±5%) because the spatial and temporal distributions of
tropospheric and stratospheric CHQ have been determined by
extensive high-precision measurements and the tropospheric
variability is relatively small. For example, the Northern
Hemisphere CHa abundances average about 5% higher than
those in the Southern Hemisphere. Seasonal variations, with a
minimum in late summer, are observed with peak-to-peak
amplitudes of about 2% at mid-latitudes. The average vertical
gradient in the troposphere is negligible, but CH4 abundances in
the stratosphere decrease rapidly with altitude, e.g., to 1,400
ppb at 30 km altitude in the tropics and to 500 ppb at 30 km in
high latitude northern winter.
The most important known sources of atmospheric
methane are listed in Table 4.2. Although the major source
terms of atmospheric CHa have probably been identified, many
of the source strengths are still uncertain due to the difficulty in
assessing the global emission rates of the biospheric sources,
whose strengths are highly variable in space and time: e.g.,
local emissions from most types of natural wetland can vary by
a few orders of magnitude over a few metres. Nevertheless, new
approaches have led to improved estimates of the global
emissions rates from some source types. For instance, intensive
studies on emissions from rice agriculture have substantially
improved these emissions estimates (Ding and Wang, 1996;
Wang and Shangguan, 1996). Further, integration of emissions
over a whole growth period (rather than looking at the
emissions on individual days with different ambient temperatures) has lowered the estimates of CH4 emissions from rice
agriculture from about 80 Tg/yr to about 40 Tg/yr (Neue and
Sass, 1998; Sass et at, 1999). There have also been attempts to
deduce emission rates from observed spatial and temporal
distributions of atmospheric CHa through inverse modelling
(e.g., Hein et at., 1997; Houweling et at, 1999). The emissions
so derived depend on the precise knowledge of the mean global
loss rate and represent a relative attribution into aggregated
sources of similar properties. The results of some of these
studies have been included in Table 4.2. The global CH4 budget
can also be constrained by measurements of stable isotopes
(813C and SD) and radiocarbon (t^CHa) in atmospheric CH4 and
in CH4 from the major sources (e.g., Stevens and Engelkemeir,
1988; Wahlen et al., 1989; Quay et al., 1991, 1999; Lassey et
a!., 1993; Lowe et at, 1994). So far the measurements of
isotopic composition of CHa have served mainly to constrain
the contribution from fossil fuel related sources. The emissions
from the various sources sum up to a global total of about 600
Tg/yr, of which about 60% are related to human activities such
as agriculture, fossil fuel use and waste disposal-This is consistent with the SRES estimate of 347 Tglyr for anthropogenic
CHa emissions in the year 2000.
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The current emissions from CH4 hydrate deposits appear
small, about 10 Tg/yr. However, these deposits are enormous,
about 107 TgC (Suess et at, 1999), and there is an indication of
a catastrophic release of a gaseous carbon compound about 55
million years ago, which has been attributed to a large-scale
perturbation of CH4 hydrate deposits (Dickens, 1999; Norris and
Rohl, 1999). Recent research points to regional releases of CH,
from clathrates in ocean sediments during the last 60,000 years
(Kennett et at, 2000), but much of this CHa is likely to be
oxidised by bacteria before reaching the atmosphere (Dickens,
2001). This evidence adds to the concern that the expected global
warming may lead to an increase in these emissions and thus to
another positive feedback in the climate system. So far, the size
of that feedback has not been quantified. On the other hand, the
historic record of atmospheric CH4 derived from ice cores (Petit
et at, 1999), which spans several large temperature swings plus
glaciations, constrains the possible past releases from methane
hydrates to the atmosphere. Indeed, Brook et at (2000) find little
evidence for rapid, massive CH4 excursions that might be associated with large-scale decomposition of methane hydrates in
sediments during the past 50,000 years.
The mean global loss rate of atmospheric CH4 is dominated
by its reaction with OH in the troposphere.
OH+CHa -> CHi+HzO
This loss term can be quantified with relatively good accuracy
based on the mean global OH concentration derived from the
methyl chloroform (CH3CCL3) budget described in Section 4.2.6
on OH. In that way we obtain a mean global loss rate of 507
Tg(CHa)/yr for the current tropospheric removal of CH, by OR.
In addition there are other minor removal processes for
atmospheric CHa. Reaction with Cl atoms in the marine
boundary layer probably constitutes less than 2% of the total sink
(Singh et at. 1996). A recent process model study (Ridgwell et
at, 1999) suggested a soil sink of 38 Tg/yr, and this can be
compared to SAR estimates of 30 Tg/yr. Minor amounts of CH4
are also destroyed in the stratosphere by reactions with OH, Cl,
and O(tD), resulting in a combined loss rate of 40 Tg/yr.
Summing these, our best estimate of the current global loss rate
of atmospheric CH, totals 576 Tg/yr (see Table 4.2), which
agrees reasonably with the total sources derived from process
models. The atmospheric lifetime of CHa derived from this loss
rate and the global burden is 8.4 years. Attributing individual
lifetimes to the different components of CHa loss results in 9.6
years for loss due to tropospheric OH, 120 years for stratospheric
loss, and 160 years for the soil sink (i.e., 1/8.4 yr = 1/9.6 yr +
I/120 yr+ 1/] 60 yr).
The atmospheric abundance of CH, has increased by about
a factor of 2.5 since the pre-industrial era (see Figure 4.1a) as
evidenced by measurements of CHa in air extracted from ice
cores and fim (Etheridge et at, 1998). This increase still
continues, albeit at a declining rate (see Figure 4.1b). The global
tropospheric CH, growth rate averaged over the period 1992
through 1998 is about 4.9 ppb/yr, corresponding to an average
annual increase in atmospheric burden of 14 Tg. Superimposed
on this long-term decline in growth rate are interannual variations
in the trend (Figure 4. 1c). There are no clearquantitative explanations for this variability, but understanding these variations in
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Figure 4.1: (a) Change in CH1 abundance (mole fraction, in ppb = 1" determined from ice cores, 6m, and whole air samples plotted for the last
1,000 years. Data sets are as follows: Grip, Blunier et at. (1995) and Chappellaz et a(. (1997); Eumcore, Blunier et at. (1993); D47, Chappellaz et
at. (1997); Siple, Stauffer et a(. (1985); Global (inferred from Antarctic and Greenland ice cores, fim air, and modem measurements), Etheridge et
at (1998) and Dlugokencky et at. (1998). Radiative forcing, approximated by a linear scale since the pre-industrial em, is plotted on the right axis.
(b) Globally averaged CHa (monthly varying) and de.seasonalised CH4 (smooth line) abundance plotted for 1983 to 1999 (Dlugokeneky et at,
1998). (c) Instantaneous annual growth rate (ppblyr) in global atmospheric CHe abundance from 1983 through 1999 calculated as the derivative of
the deseasonalised trend curve above (Dlugokencky et at, 1998). Uncertainties (dotted lines) are ±1 standard deviation. (d) Comparison of
Greenland (GRIP) and Antarctic ("D47 and Byrd) CNa abundances for the past 11.5 kyr (Chappellaz et at, 1997). The shaded area is the pole-topole difference where Antarctic data exist (e) Atmospheric CHa abundances (black triangles) and temperature anomalies with respect to mean
recent temperature (grey diamonds) determined for the past 420 kyr from an ice core drilled at Vostok Station in East Antarctica (Petit et at. 1999).

trend will ultimately help constrain specific budget terms. After
the eruption of Mt. Pinatubo, a large positive anomaly in growth
rate was observed at tropical latitudes. It has been attributed to
short-term decreases in solar UV in the tropics immediately
following the eruption that decreased OH formation rates in the

troposphere (Dlugokencky et at, 1996). A large decrease in
growth was observed, particularly in high northern latitudes, in
1992. This feature has been attributed in part to decreased
northern wetland emission rates resulting from anomalously low
surface temperatures (Hogan and Harriss, 1994) and in part to
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Table 4.2: Estimates of the global methane budget (in Tg(CH4r) from different sources compared with the values adopted for this report (TAR).
Reference:

Fung er at
(1991)

Hem n et al.
(1997)

Base year:

1980s

-

Lelieveld et aL
(1998)

1992

Houweling et aL
(1999)

-

Mosier et al.
(1998a)

Olivier et a1.
(1999)

Cao et al.
(1998)

SAR

1994

1990

-

1980s

1998

597

598

+37

+22

30
490
40
560

30
506
40
576

TAR'

Natural sources
Wetlands
115
Termites
20
Ocean
10
Hydrates
5
Anthropogenic sources
Energy
75
Landfills
40
Ruminants
80
Waste treatment
-

Rice agriculture
Biomass burning
Other
Total sonorce

237
-

225c
20
15
10

145
20
15
-

97
35
90b
s

Il0
40
115
25

89
73
93
-

80
14

100
55
-

88
40
-

`
40
-

40
20

25-54
34
15

500

587

600

92

Imbalance (trend)
Sinks
Soils
Tropospheric OH
Stratospheric loss
Total sink

10
450
460

489
46
535

30
510
40
580

30

44

109
36
93
b

60
23

53

° TAR budget based on 1,745 ppb, 2.78 Tg/ppb, lifetime of 8.4 yr, and an imbalance of +8 ppb/yr.
b Waste treatment included under ruminants.
` Rice included under wetlands.

stratospheric ozone depletion that increased tropospheric OH
(Bekki et at, 1994; Fuglestvedt et at, 1994). Records of changes
in the 13CJ'ZC ratios in atmospheric CHa during this period
suggest the existence of an anomaly in the sources or sinks
involving more than one causal factor (Lowe et at, 1997; Mak et
at, 2000).
There is no consensus on the causes of the long-term decline
in the annual growth rate. Assuming a constant mean atmospheric
lifetime of CH4 of 8.9 years as derived by Prinn et at (1995),
Dlugokencky et a!. (1998) suggest that during the period 1984 to
1997 global emissions were essentially constant and that the
decline in annual growth rate was caused by an approach to
steady state between global emissions and atmospheric loss rate.
Their estimated average source strength was about 550 Tg/yr.
(Inclusion of a soil sink term of 30 Tg/yr would decrease the
lifetime to 8.6 years and suggest an average source strength of
about 570 Tg/yr.) Francey et at (1999), using measurements of
13CHa from Antarctic fun air samples and archived air from Cape
Grim, Tasmania, also concluded that the decreased CH4 growth
rate was consistent with constant OH and constant or very slowly
increasing CHa sources after 1982. However, other analyses of
the global methyl chloroform (CH3CC13) budget (Kral et at,
1998) and the changing chemistry of the atmosphere (Karlsdottir
and Isaksen, 2000) argue for an increase in globally averaged OH
of +0.5%/yr over the last two decades (see Section 4.2.6 below)
and hence a parallel increase in global CH4 emissions by
+0.5%/yr.

The historic record of atmospheric CH4 obtained from ice
cores has been extended to 420,000 years before present (BP)
(Petit et at, 1999). As Figure 4.1e demonstrates, at no time
during this record have atmospheric CHy mixing ratios
approached today's values. CHa varies with climate as does CO2.
High values are observed during interglacial periods, but these
maxima barely exceed the immediate pre-industrial CH4 mixing
ratio of 700 ppb. At the same time, ice core measurements from
Greenland and Antarctica indicate that during the Holocene CH4
had a pole-to-pole difference of about 44 ± 7 ppb with higher
values in the Arctic as today, but long before humans influenced
atmospheric methane concentrations (Chappelaz et at., 1997;
Figure 4.1d). Finally, study of CH4 ice-core records at high time
resolution reveals no evidence for rapid, massive CHa excursions
that might be associated with large-scale decomposition of
methane hydrates in sediments (Brook et at, 2000).
The feedback of CH4 on tropospheric OH and its own
lifetime is re-evaluated with contemporary CTMs as part of
OxComp, and results are summarised in Table 4.3. The
calculated OH feedback, aln(OH) / dln(CH4), is consistent
between the models, indicating that tropospheric OH abundances
decline by 0.32% for every 1% increase in CH4. The TAR value
for the sensitivity coefficient s = dln(LT) / aln(CHq) is then 0.28
and the ratio PT/LT is 1.4. This 40% increase in the integrated
effect of a CHa perturbation does not appear as a 40% larger
amplitude in the perturbation but rather as a lengthening of the
duration of the perturbation to 12 years. This feedback is difficult

Atmospheric Chemistry and Greenhouse Gases

251

Table 4.3: Methane lifetime and feedback on tropospheric OH"for the 1990s.
lifetime

CTM

vs.OH(yr)b

Sln(OH)/
Sln(CH4)

s= S1n(I.T)/
Sln(CH4)

PT/LT

IASB

8.1

-0.31

+0.27

KNMI

9.8

-0.35

+0.31

1.45

MPIC

8.5

-0.29

+0.25

1.33

UCI

9.0

-0.34 (-0.38)`

+0.30

1.43

UIOI

6.5

-0.33

+0.29

1.41

UKMO

8.3

-0.31 (-0.34)`

+0.27

1.37

ULAQ

13.8

-0.29

+0.25

1.33

9.6

-0.32

TAR value"

1.37

1.4

Global mean tropospheric OH is weighted by the CH4 loss rate.
Lifetime against tropospheric OH loss at 1,745 ppb.
Evaluated at 4,300 ppb CIL plus emissions for Y2100/draft-A2 scenario.
° TAR recommended OH lifetime for CH., 9.6 yr, is scaled from a CH^CCI3 OH lifetime of 5.7 yr (WMO, 1999; based on Prinn et at., 1995)
using a temperature of 272K (Spivakovsky et al., 2000). Stratospheric (120 yr) and soil-loss (160 yr) lifetimes are added (inversely) to
give mean atmospheric lifetime of 8.4 yr. Only the OH lifetime is diagnosed and is subject to chemical feedback factor, and thus the total
atmospheric lifetime for a CH, perturbation is 12 yr. In the SAR, the feedback factor referreA only to the increase in the lifetime against
tropospheric OH, and hence was larger. For Chemistry Transport Model (CIM) code see Table 4.10.

to observe, since it would require knowledge of the increase in
CH, sources plus other factors affecting OH over the past two
decades. Unlike for the global mean tropospheric OH abundance,
there is also no synthetic compound that can calibrate this
feedback; but it is possible that an analysis of the budgets of
13CH4 and '2CHa separately may lead to an observational
constraint (Manning, 1999).
4.2.1.2 Nitrous oxide (NZO)
The globally averaged surface abundance of N20 was 314 ppb in
1998, corresponding to a global burden of 1510 TgN. N,O
abundances are about 0.8 ppb greater in the Northern Hemisphere
than in the Southern Hemisphere, consistent with about 60% of
emissions occurring in the Northern Hemisphere. Almost no
vertical gradient is observed in the troposphere, but N2O
abundances decrease in the stratosphere, for example, falling to
about 120 ppb by 30 km at mid-latitudes.
The known sources of N20 are listed in Table 4.4 with
estimates of their emission rates and ranges. As with methane, it
remains difficult to assess global emission rates from individual
sources that vary greatly over small spatial and temporal scales.
Total NO emissions of 16.4 TgN/yr can be inferred from the
N20 global sink strength (burden/lifetime) plus the rate of
increase in the burden. In the SAR the sum of N20 emissions
from specific sources was notably less than that inferred from the
loss rate. The recent estimates of global N,O emissions from
Mosier et al. (1998b) and Kroeze et al. (1999) match the global
loss rate and underline the progress that has been made on
quantification of natural and agricultural sources. The former
study calculated new values for N20 agricultural emissions that

include the full impact of agriculture on the global nitrogen cycle
and show that N20 emissions from soils are the largest term in
the budget (Table 4.4). The latter study combined these with
emissions from other anthropogenic and natural sources to
calculate a total emission of 17.7 TgN/yr for 1994.
The enhanced N,O emissions from agricultural and natural
ecosystems are believed to be caused by increasing soil N
availability driven by increased fertilizer use, agricultural
nitrogen (Nz) fixation, and N deposition; and this model can
explain the increase in atmospheric NZO abundances over the last
150 years (Nevison and Holland, 1997). Recent discovery of a
faster-than-linear feedback in the emission of N20 and NO from
soils in response to external N inputs is important, given the
projected increases of N fertilisation and deposition increases in
tropical countries (Matson et at, 1999). Tropical ecosystems,
currently an important source of N2O (and NO) are often
phosphoms-limited rather than being N-limited like the Northern
Hemispheric terrestrial ecosystems. Nitrogen fertiliser inputs into
these phosphorus-limited ecosystems generate NO and N20
Fluxes that are 10 to 100 times greater than the same fertiliser
addition to nearby N-Bmited ecosystems (Hall and Matson,
1999). ►n addition to N availability, soil N,O emissions are
regulated by temperature and soil moisture and so are likely to
respond to climate changes (Frolking et at, 1998; Parton et at,
1998). The magnitude of this response will be affected by
feedbacks operating through the biospheric carbon cycle (Li et
at, 1992, 1996).
The industrial sources of N20 include nylon production,
nitric acid production,. fossil fuel fired power plants, and
vehicular emissions. It was once thought that emission from
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Table 4.4: Estimates of the global nitrous oxide budget (in TgN/yr) from different sources compared with the values adopted for this report (TAR).
Reference:

Mosier et a(. (1998b)
Kroeze et at. ((999)

Olivier er al. (1998)

SAR

TAR

Base year.

1994

range

1990

1980s

I990s

3.0
0.6

1-5
0.3-1-2

3.6
0.6

3.0
1.0

2.2-3.7
0-5-2.0

3
I

1.0
1.0

0-1-2.0
0.5-2.0

1

range

Sources
Ocean
Atmosphere (NH3 oxidation)
Tropical soils
Wet forest
Dry savannas
Temperate soils
Forests
Grasslands
All soils

2.8-5.7
0.3 - 1.2

6.6

3.3-9.9

3

9.6

4.6-15.9

10.8

6.4-16-8

4.2
0.5
1.3
2.1

0.6-14.8
0.2-1.0
0.7-1.8
0.6-3.1

1.9
0.5
0.7
1.0

0.7-4.3
0.2-0.8
0.2-1.1
0.2-2.0

3.5
0.5
1.3
0.4

Anthropogenic Sub-total

8.1

2.1 - 20.7

4.1

1.3-7.7

5.7

Total sources

17.7

6.7-36.6

14.9

7.7-245

Imbalance (trend)

3.9

3.1-4.7

3.9

3.8

Total sinks (stratospheric)

123

9-16

12.3

12.6

Implied total source

16.2

16.2

16.4

Natural sub-total
Agricultural soils
Biomass burning
Industrial sources
Cattle and feedlots

9

6.9'

14.7b

' SRES 2000anthropogenicN2 O emissions.
b N.B. total sources do not equal sink + imbalance.

automobile catalytic converters were a potential source of N20,
but extrapolating measurements of N20 emissions from automobiles in roadway tunnels in Stockholm and Hamburg during
1992 to the global fleet gives a source of only 0.24 ± 0.14 TgN/yr
(Berges et at, 1993). More recent measurements suggest even
smaller global emissions from automobiles, 0.11 ± 0.04 TgN/yr
(Becker et at, 1999; JimEnez et a1., 2000).

The identified sinks for N20 are photodissociation (90%)
and reaction with electronically excited oxygen atoms (O(rD));
they occur in the stratosphere and lead to an atmospheric lifetime
of 120 years (SAR; Volk et at, 1997; Prinn and Zander, 1999).
The small uptake of N20 by soils is not included in this lifetime,
but is rather incorporated into the net emission of N20 from soils
because it is coupled to the overall N-partitioning.
Isotopic (815N and 8110) N20 measurements are also used to
constrain the N20 budget. The isotopic composition of tropospheric N20 derives from the flux-weighted isotopic composition
of sources corrected for fractionation during destruction in the
stratosphere. Typical observed values are 815N = 7%o and SrsO =
20.7 %o relative to atmospheric N2 and oxygen (02) (Kim and
Craig, 1990). Most surface sources are depleted in 15N and 180
relative to tropospheric N20 (e.g., Kim and Craig, 1993), and so

other processes (sources or sinks) must lead to isotopic enrichment. Rahn and Wahlen (1997) use stratospheric air samples to
show that the tropospheric isotope signature of N20 can be
explained by a return flux of isotopically enriched N20 from the
stratosphere, and no exotic sources of N20 are needed. Yung and
Miller (1997) point out that large isotopic fractionation can occur
in the stratosphere during photolysis due to small differences in
the zero point energies of the different isotopic species, and Rahn
et at (1998) have verified this latter effect with laboratory
measurements. Wingen and Finlayson-Pitts (1998) failed to find
evidence that reaction of CO3 with N2 (McElroy and Jones, 1996)
is an atmospheric source of NzO. The use of isotopes has not yet
conclusively identified new sources nor constrained the N20
budget better than other approaches, but the emerging data set of
isotopic measurements, including measurements of the intramolecular position of 15N in NzO isotopomers (Yoshida and
Toyoda, 2000) will provide better constraints in the future.
Tropospheric NO abundances have increased from preindustrial values of about 270 ppb (Machida et at, 1995; Battle
et at, 1996; FlUckiger et at, 1999) to a globally averaged value
of 314 ppb in 1998 (Prinn et at, 1990, 1998; Elkins et al., (998)
as shown in Figure 4.2. The pre-industrial source is estimated to
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Figure 4.2: Change in N20 abundance for the last 1,000 years as determined from ice cores, fun, and whole air samples. Data sets are from:
Machida et at (1995); Battle er al. (1996); Langenfelds et a!. (1996); Steele et at (1996); FlUckiger et al. (1999). Radiative forcing, approximated
by a linear scale, is plotted on the right axis. Deseasonalised global averages are plotted in the inset (Bader at at, 1998b).

be 10.7 TgN/yr, which implies that current anthropogenic
emissions are about 5.7 TgN/yr assuming no change in the
natural emissions over this period. The average rate of increase
during the period 1980 to 1998 determined from surface
measurements was +0.8 + 0.2 ppb/yr (+0.25 ± 0.05 9o/yr) and is
in reasonable agreement with measurements of the N20 vertical
column density above Jungfmujoch Station, +0.36 ± 0.06%/yr
between 1984 and 1992 (Zander at al., 1994). Large interannual
variations in this trend are also observed. Thompson at al. (1994)
report that the N20 growth rate decreased from I ppb/yr in 1991
to 0.5 ppb/yr in 1993 and suggest that decreased use of nitrogencontaining fertiliser and lower temperatures in the Northern
Hemisphere may have been in part responsible for lower biogenic
soil emissions. Schauffler and Daniel (1994) suggest that the N20
trend was affected by stratospheric circulation changes induced
by massive increase in stratospheric aerosols following the
eruption of Mt. Pinatubo. Since 1993, the N7O increase has
returned to rates closer to those observed during the 1980s.
The feedback of NO on its own lifetime (Prather, 1998) has
been examined for this assessment with additional studies from
established 2-D stratospheric chemical models. All models give
similar results, see Table 4.5. The global mean atmospheric

lifetime of N20 decreases about 0.5% for every 10% increase in
N20 (s = -0.05). This shift is small but systematic, and it is
included in Table 4.1 a as a shorter perturbation lifetime for N,O,
114 years instead of 120 years. For N20 ( unlike for CH4) the time
to mix the gas into the middle stratosphere where it is destroyed,
about 3 years, causes a separation between PT (about 114 years)
and the e-fold of the long-lived mode (about 110 years).
4.2.1.3 Hydrojluorocarbons (HFCs)
The HFCs with the largest measured atmospheric abundances are
(in order), HFC-23 (CHF3), HFC-134a (CF3CH2F), and HFC152a (CH3CHF2). The recent rises in these HFCs are shown in
Figure 4.3 along with some major HCFCs, the latter being
controlled under the Montreal Protocol and its Amendments.
HFC-23 is a by-product of HCFC-22 production. It has a long
atmospheric lifetime of 260 years, so that most emissions, which
have occurred over the past two decades, will have accumulated
in the atmosphere. Between 1978 and 1995, HFC-23 increased
from about 3 to 10 ppt; and it continues to rise even more rapidly
(Oram et at, 1996). HFC-134a is used primarily as a refrigerant,
especially in car air conditioners. It has an atmospheric lifetime
of 13.8 years, and its annual emissions have grown from near
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Table 45: Nitrous oxide lifetime feedback and residence time.

Contributor

Models

Lifetime
LT (yr)

Sensitivity,
s=dln(LT)/ aln(B)

Decay Tune
of mode (yr)

-0.062
-0.052
-0.046
-0.061

102
127
It0

AER 2D

Ko and Weisenstein

III

GSFC 2D

137

UCIID

Jackman
Prather

Oslo 2D

Rognemd

97

119

Lifetime (LTa) is calculated at steady-state for an N20 burden ( B) corresponding to a tropospheric abundance of 330 ppb. The
sensitivity coefficient ( s) is calculated by increasing the N20 burden approximately 10% to B+4B, calculating the new steady state
atmospheric lifetime (LTasa), and then using a finite difference approximation for s, ln(LTasa/LTa)/In(I+AB/B). The perturbation
lifetime (P7), i.e., the effective duration of an NO addition, can be derived as PT = LT/(1-s) or equivalently from the simple budgetbalance equation: (B+AB)/LTa+^ =B/LTa+ AB/PT.

zero in 1990 to an estimated 0.032 Tg/yr in 1996. The abundance
continues to rise almost exponentially as the use of this HFC
increases (Montzka et at, 1996b; Oram et at, 1996; Simmonds
et at, 1998). HFC-152a is a short-lived gas with a mean
atmospheric lifetime of 1.4 years. Its risc has been steady, but its
low emissions and a short lifetime have kept its abundance below
I ppt.
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Figure 43: HFC-23 (blue, UEA scale), -152a (green, UEA scale),
-134a (orange, NOAA scale), and HCFC-22 (magenta, SIO scale),
-142b (red, NOAA scale), and -141b (purple, NOAA scale)
abundances (ppt) at Cape Grim, Tasmania for the period 1978 to 1999.
Different symbols are data from different measurement networks: SIO
(filled circles), NOAA-CMDL (open diamonds, Montzka et at, 1994,
1996a,b, 1999), UEA (filled diamonds, Oram et at, 1995, 1996, 1998,
1999) and AGAGE (open circles, only for 1998 to 2000, all gases but
IIFC-23, Miller et al., 1998; Sturrock et at, 1999: Prinn et at., 2000).
Southern Hemisphere values ( Cape Grim) are slightly lower than
global averages.

4.2.1.4 Perfluorocarbons (PFCs) and sulphur hexafluoride (SF6)
PFCs, in particular CF4 and C2F6, as well as SF6 have sources
predominantly in the Northern Hemisphere, atmospheric lifetimes
longer than 1,000 years, and large absorption cross-sections for
terrestrial infra-red radiation. These compounds are far from a
steady state between sources and sinks, and even small emissions
will contribute to radiative forcing over the next several millennia.
Current emissions of CF, and SF6 are clearly anthropogenic and
well quantified by the accumulating atmospheric burden. Harnisch
and Eisenhauer (1998) have shown that CF4 and SF6 are naturally
present in fluorites, and out-gassing from these materials leads to
natural background abundances of 40 ppt for CF4 and 0.01 ppt for
SF6. However, at present the anthropogenic emissions of CF4
exceed the natural ones by a factor of ),000 or more and are
responsible for the rapid rise in atmospheric abundance.
Atmospheric burdens of CF, and SF6 are increasing as shown in
Figures 4.4 and 4.5, respectively. Surface measurements show that
SF6 has increased by about 7râolyr during the 1980s and 1990s
(Geller et at, 1997; Maiss and Brenninkmeijer, 1998). Recent
relative rates of increase are 1.3%/yr for CF4 and 3.2%/yr for CZF6
(Harnisch et at, 1996). The only important sinks for PFCs and SF6
are photolysis or ion reactions in the mesosphere. These gases
provide useful tracers of atmospheric transport in both troposphere
and stratosphere.
A new, long-lived, anthropogenic greenhouse gas has recently
been found in the atmosphere (Sturges et at. 2000).
Trifluoromethyl sulphur pentafluoride (SFSCF3) - a hybrid of
PFCs and SF6 not specifically addressed in Annex A of the Kyoto
Protocol - has the largest radiative forcing, on a per molecule basis,
of any gas found in the atmosphere to date. Its abundance has
grown from near zero in the late 1960s to about 0.12 ppt in 1999.
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4.2.2 Montreal Protocol Gases and Stratospheric Ozone (0j)
The Montreal Protocol is an internationally accepted agreement
whereby nations agree to control the production of ozonedepleting substances. Many of the chemicals that release
chlorine atoms into the stratosphere, and deplete stratospheric
03, are also greenhouse gases, so they are discussed briefly
here. Detailed assessment of the current observations, trends,
lifetimes, and emissions for substances covered by the protocol
are in WMO (Kurylo and Rodriguez, 1999; Prinn and Zander,
1999). The ozone-depleting gases with the largest potential to
influence climate are CFC-1I (CFCI}), CFC-12 (CFzCIz), and
CFC-113 (CF,CICFCI2. It is now clear from measurements in
polar fim air that there are no natural sources of these
compounds (Butler et at, 1999). Surface measurements of
these compounds show that their growth rates continue to

decline. Growth rates are slightly negative for CFC-11 and
CFC-113 (Montzka et al., 1996a, 1999; Prinn et at., 2000); see
Figure 4.6. CFC-I2 increased by 4 ppdyr during 1995 to 1996,
down from about 12 ppdyr in the late 1980s, see Figure 4.7).
Methyl chloroform ( CH3CCh) has decreased dramatically since
the Montreal Protocol was invoked, due to its relatively short
lifetime (about 5 years) and the rapidity with which emissions
were phased out Its decline was 13 pptlyr during the period
1995 to 1996 (Prinn et at, 1998, 2000). The halon abundances
are small relative to the CFCs, and will never become large if
the Montreal Protocol is adhered to. Atmospheric measurements show that growth rates of halon-1301 and halon-2402
decreased in response to the Montreal Protocol, but halon-1211
continues to increase at rates larger than expected based on
industrial emissions data (Butler et al., 1998a; Fraser et at,
1999; Montzka et at, 1999).
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Figure 4.4: Abundance of CF4 (ppt) over the last 200 years as
measured in tropospheric air (open diamonds), stratospheric air (small
filled diamonds), and ice cores (open squattest (Harnisch et at., 1996;
1999).

Figure 4.6: Global mean CFC-I I(CFCIs) tropospheric abundance
(ppt) from 1950 to 1998 based on smoothed measurements and
emission models (Prinn et at, 2000). CFC-I 1's radiative forcing is
shown on the right axis.
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Figure 45: Abundance of SF6 (ppt) measured at Cape Grim, Tasmania
since 1978 (Maiss et at, 1996; Maiss and Brcnninkmeijer, 1998).
Cape Grim values are about 3% lower than global averages.

Figure 4.7: Global mean CFC-l 2 (CF2C6) tropospheric abundance
(ppQ from 1950 to 1998 based on smoothed measurements and
emission models (Prinn et at, 2000). CFC-12's radiative forcing is
shown on the right axis.
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The depletion of stratospheric ozone over the past three
decades has been substantial. Between 60°S and 60°N it
averaged about 2%/decade. A thorough review of the direct and
possible indirect effects of stratospheric ozone depletion are
given in WMO (Granier and Shine, 1999). The depletion of 03
(and its radiative forcing) is expected to follow the weighted
halogen abundance in the stratosphere. Therefore, both will reach
a maximum in about 2000 before starting to recover; however,
detection of stratospheric 03 recovery is not expected much
before 2010 (Jackman et at, 1996; Hofmann and Pyle, 1999).
Methyl chloroform has been the main driver of the rapid
turnaround in stratospheric chlorine during the late 1990s
(Montzka et at, 1999; Prinn et at, 2000), and further recovery
will rely on the more slowly declining abundances of CFC-l l
and -12, and halons (Fraser etaL, 1999; Montzka et al., 1999). It
is expected that stratospheric ozone depletion due to halogens
will recover during the next 50 to 100 years (Hofmann and Pyle,
1999). In the short run, climatic changes, such as cooling in the
northern winter stratosphere, may enhance ozone depletion, but
over the next century, the major uncertainties in stratospheric
ozone lie with (i) the magnitude of future consumption of ozonedepleting substances by developing countries (Fraser and Prather,
1999; Montzka et a/., 1999), ( ii) the projected abundances of CHe
and N,O, and (iii) the projected climate change impacts on
stratospheric temperatures and circulation.
4.2.3 Reactive Gases
4.2.3.1 Carbon monoxide (CO) and hydrogen (H2)
Carbon monoxide (CO) does not absorb terrestrial infrared
radiation strongly enough to be counted as a direct greenhouse
gas, but its role in determining tropospheric OH indirectly affects
the atmospheric burden of CH4 (Isaksen and Hov, 1987) and can
lead to the formation of 03. More than half of atmospheric CO
emissions today are caused by human activities, and as a result
the Northern Hemisphere contains about twice as much CO as
the Southern Hemisphere. Because of its relatively short lifetime
and distinct emission patterns, CO has large gradients in the
atmosphere, and its global burden of about 360 Tg is more
uncertain than those of CH4 or NiO. In the high northern
latitudes, CO abundances vary from about 60 ppb during summer
to 200 ppb during winter. At the South Pole, CO varies between
about 30 ppb in summer and 65 ppb in winter. Observed
abundances, supported by column density measurements, suggest
that globally, CO was slowly increasing until the late 1980s, but
has started to decrease since then (Zander et at 1989; Khalil and
Rasmussen, 1994), possibly due to decreased automobile
emissions as a result of catalytic converters (Bakwin et at, 1994).
Measurements from a globally distributed network of sampling
sites indicate that CO decreased globally by about 2%a/yr from
1991 to 1997 (Novelli et a[., 1998) but then increased in 1998. In
the Southern Hemisphere, no long-term trend has been detected
in CO measurements from Cape Point, South Africa for the
period 1978 to 1998 (Labuschagne et at, 1999).
Some recent evaluations of the global CO budget are
presented in Table 4.6. The emissions presented by Hauglustaine
et at (1998) were used in a forward, i.e., top-down, modelling
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study of the CO budget; whereas Bergamasschi et at (2000) used
a model inversion to derive CO sources. These varied approaches
do not yet lead to a consistent picture of the CO budget.
Anthropogenic sources (deforestation, savanna and waste
burning, fossil and domestic fuel use) dominate the direct
emissions of CO, emitting 1,350 out of 1,550 Tg(CO)/yr. A
source of 1,230 Tg(CO)/yr is estimated from in situ oxidation of
CH4 and other hydrocarbons, and about half of this source can be
attributed to anthropogenic emissions. Fossil sources of CO have
already been accounted for as release of fossil C in the CO,
budget, and thus we do not double-count this CO as a source of
CO2.
It has been proposed that CO emissions should have a GWP
because of their effects on the lifetimes of other greenhouse gases
(Shine eta[.,1990; Fuglesvedt et at, 1996; Prather, 1996). Daniel
and Solomon (1998) estimate that the cumulative indirect
radiative forcing due to anthropogenic CO emissions may be
larger than that of NzO. Combining these early box models with
3-D global CPM studies using models from OxComp (Wild and
Prather, 2000; Derwent et at, 2001) suggests that emitting 100
Tg(CO) is equivalent to emitting 5 Tg(CH4): the resulting CHa
perturbation appears after a few months and lasts 12 years as
would a CHa perturbation; and further, the resulting tropospheric
03 increase is global, the same as for a direct CH4 perturbation.
Effectively the CO emission excites the global 12-year
chemical mode that is associated with CHe perturbations. This
equivalency is not unique as the impact of CO appears to vary
by as much as 20% with latitude of emission. Further, this
equivalency systematically underestimates the impact of CO on
greenhouse gases because it does not include the short-term
tropospheric 03 increase during the early period of very high CO
abundances (< 6 months). Such O, increases are regional,
however, and their magnitude depends on local conditions.
Molecular hydrogen (H2) is not a direct greenhouse gas. But
it can reduce OH and thus indirectly increase CHa and HFCs. Its
atmospheric abundance is about 500 ppb. Simmonds et at (2000)
report a trend of +1.2 ± 0.8 ppb/yr for background air at Mace
Head, Ireland between 1994 and 1998; but, in contrast, Novelli et
at (1999) report a trend of -2.3 ± 0.1 ppb/yr based on a global
network of sampling sites. Hz is produced in many of the same
processes that produce CO (e.g., combustion of fossil fuel and
atmospheric oxidation of CHa), and its atmospheric measurements can be used to constrain CO and CHa budget.c. Ehhalt
(1999) estimates global annual emissions of about 70 Tg(H)/yr,
of which half are anthropogenic. About one third of atmospheric
H2 is removed by reaction with tropospheric OH, and the
remainder, by microbial uptake in soils. Due to the larger land
area in the Northern Hemisphere than in the Southern
Hemisphere, most H2 is lost in the Northern Hemisphere. As a
result, H2 abundances are on average greater in the Southern
Hemisphere despite 70% of emissions being in the Northern
Hemisphere (Novelli et at, 1999; Simmonds et at, 2000).
Currently the impact of H2 on tropospheric OH is small,
comparable to some of the VOC. No scenarios for changing Hz
emissions are considered here; however, in a possible fuel-cell
economy, future emissions may need to be considered as a
potential climate perturbation.
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Table 4.6: Estimates of the global tropospheric carbon monoxide budget (in Tg(CO)/yr) from di$erem sources compared with the
values adopted for this report (TAR).
Reference:

Hauglustaine et at.
(1998)

Bergamasschi et at
(2000)

WMO
(1999)

SAR
(1996)

TAR'

Sources
Oxidation of CH4

795

Oxidation of Isoprene
Oxidation of Terpene

268
136

Oxidation of industrial NMHC

203

400 - 1000
2tq-600b

800
270
-0
110
30
20
1230

60 - 160
20 - 200
300 - 700
300-550

150
50
700
650
1550

1800 -2700

2780

Oxidation of biomass NMHC
Oxidation of Acetone
Sub-total in situ oxidation

881

1402

Vegetation

-

Oceans

49

Biomass buming`

768

Fossil & domestic fuel

641

Sub-total direct emissions

1219

1458

Total sources;

2100

2860

100
50
500
SO(1
1150

Sinks
Surface deposition
OH reaction

250 - 640
1500- 2700

190
1920

Anthmpogenic emissions

Y2000

Y2100(A2p)

Africa

80

480

South America

36

233

Southeast Asia

44

203

India
North America

64

282

Europe

137
109

218
217

East Asia

158

424

Australia

8
400
1036

20
407
2484

by continenVregion

Other
Sum

' Recommended for OxComp model calculations for year 2000.
Includes all VOC oxidation.
` From deforestation, savannah and waste burning.

4.2.3.2 Volatile organic compounds (VOC)
Volatile organic compounds (VOC), which include non-methane
hydrocarbons (NMHC) and oxygenated NMHC (e.g., alcohols,
aldehydes and organic acids), have short atmospheric lifetimes
(fractions of a day to months) and small direct impact on radiative
forcing. VOC influence climate through their production of
organic aerosols and their involvement in photochemistry, i.e.,
production of 03 in the presence of NO, and light. The largest
source, by far, is natural emission from vegetation. Isoprene, with
the largest emission rate, is not stored in plants and is only
emitted during photosynthesis (Lerdau and Keller, 1997).
Isoprene emission is an important component in tropospheric
photochemistry (Guenther et of, 1995, 1999) and is included in

the OxComp simulations. Monoterpenes are stored in plant
reservoirs, so they are emitted throughout the day and night. The
monoterpenes play an important role in aerosol formation and are
discussed in Chapter 5. Vegetation also releases other VOC at
relatively small rates, and small amounts of NMHC are emitted
naturally by the oceans. Anthropogenic sources of VOC include
fuel production, distribution, and combustion, with the largest
source being emissions (i) from motor vehicles due to either
evaporation or incomplete combustion of fuel, and (ii) from
biomass burning. Thousands of different compounds with
varying lifetimes and chemical behaviour have been observed in
the atmosphere, so most models of tropospheric chemistry
include some chemical speciation of the VOC. Generally, fossil

Atmospheric Chemistry and Greenhouse Gases

258

Table 4.7(a): Estimates of global VOC emissions (in TgC/yr) from different sources compared with the values adopted for this report (TAR).

Ehhalt(1999)

Isoprene Terpene
(CsHs) (CtoHts)

Fossil fuel'
Biomass burning
Vegetation

503

Oceans

TARb
Fossil fuel'
Biomass burning
Vegetation

Total

124
-

C7H6

CsHs

4.8
5.6
4.0
0.8

4.9
3.3
4.1
1.1

Isoprene

Terpene

Acetone

220

127

30

CaHts

C7H4

CsH6

8.6
8.6
8.6
1.6

8.3
1.7
2.5
-

8.6
4.3
8.6
1.4

CzHt

2.3
1.8
-

Benzene
(CsHc)

Toluene

4.6
2.8
-

13.7
1.8
-

(C7 HO

161
33
377

' Fossil includes domestic fuel' TAR refers to recommended values for OxComp model calculations for the year 2000.

Table 4.7(b): Detailed breakdown of VOC emissions by species adopted for this report (TAR).

Species

Industrial
wt%
#C atoms

Biomass burning
wt%
#C atoms

Alcohols

3.2

2.5

8.1

1.5

Ethane

4.7

2.0

7.0

2.0

Propane

5.5

3.0

2.0

Butanes

10.9

4.0

0.6

3.0
4.0

Pentanes
Higheralkancs

9.4

5.0
7.5

1.4

18.2

5.0
8.0

2.0

Propene

5.2
2.4

1.3
14.6

3.0

7.0

Ethyne

2.2

6.0

3.0
2.0

Other alkenes, alkynes, dienes

3.8

2.0
4.8

7.6

4.6

Benzene

3.0

6.0

Toluene
Xylene

4.9

7.0
8.0

9.5
4.1
1.2

6.0
7.0

9.6

1.0

8.0

5.2
4.7

5.5

5.0

Ethene

Trimethylbenzene
Other aromatics
Esters
Ethers

3.6
0.7
3.1
1.4

2.0

8.0

9.0

Chlorinated HC's

1.7
0.5

Formaldehyde

0.5

1.0

1.2

1.0

Other aldehydes

3.7
4.6

6.1

3.7

Ketones

1.6
1.9

0.8

3.6

Acids

3.6

1.9

15.1

1.9

Others

8.1

4.9

2.6

wt% values are given for the individual VOC with the sums being: industrial, 210Tg(VOC)/yr,
corresponding to 161 TgC/yr; and biomass burning, 42 Tg(VOC)tyr, conesonding to 33 TgC/yr.

VOC sources have already been accounted for as release of fossil
C in the CO, budgets and thus we do not count VOC as a source
of CO2.
Given their short lifetimes and geographically varying
sources, it is not possible to derive a global atmospheric burden
or mean abundance for most VOC from current measurements.
VOC abundances are generally concentrated very near their

sources. Natural emissions occur predominantly in the tropics
(23°S to 23°N) with smaller amounts emitted in the northern
mid-latitudes and boreal regions mainly in the warmer seasonsAnthropogenic emissions occur in heavily populated, industrialised regions (95% in the Northern Hemisphere peaking at 40°N
to 50°N), where natural emissions are relatively low, so they have
significant impacts on regional chemistry despite small global
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emissions. A few VOC, such as ethane and acetone, are longerlived and impact tropospheric chemistry on hemispheric scales.
Two independent estimates of global emissions (Hhhalt, 1999;
and TAR/OxComp budget based on the Emission Database for
Global Atmospheric Research (EDGAR)) are summarised in
Table 4.7a. The OxComp specification of the hydrocarbon
mixture for both industrial and biomass-burning emissions is
given in Table 4.7b.
One of the NMHC with systematic global measurements is
ethane (CiHb). Rudolph (1995) have used measurements from
five surface stations and many ship and aircraft campaigns
during 1980 to 1990 to derive the average seasonal cycle for
ethane as a function of latitude. Ehhalt et a/. (1991) report a
trend of +0.8°6/yr in the column density above Jungfraujoch,
Switzerland for the period 1951 to 1988, but in the following
years, the trend turned negative. Mahieu et at (1997) report a
trend in C2H6 of -2.7 ±0.3'9a/yr at Jungfraujoch, Switzerland for
1985 to 1993; Rinsland et at (1998) report a trend of -12 ±
0.4%/yr at Kitt Peak, Arizona for 1977 to 1997 and -0.6 ±
0.8%/yr at Lauder, New Zealand for 1993 to 1997. It is expected
that anthropogenic emissions of most VOC have risen since preindustrial times due to increased use of gasoline and other
hydrocarbon products. Due to the importance of VOC
abundance in determining tropospheric 03 and OH, systematic
measurements and analyses of their budgets will remain
important in understanding the chemistry-climate coupling.
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By rapidly converting HOz to OH, NO enhances tropospheric OH abundances and thus indirectly reduces the
atmospheric burdens of CO, CHa, and HFCs. Much of recent
understanding of the role of NO, in producing tropospheric 03
and changing OH abundances is derived from in situ measurement campaigns that sample over a wide range of chemical
conditions in the upper troposphere or at the surface (see Section
4.2.6 on tropospheric OH). These atmospheric measurements
generally support the current photochemical models. There is
substantial spatial and temporal variability in the measured
abundance of NO., which ranges from a few ppt near the surface
over the remote tropical Pacific Ocean to >100 ppb in urban
regions. The local chemical lifetime of NO1 is always short, but
varies widely throughout the troposphere, being I day or less in
the polluted boundary layer, day or night, and 5 to 10 days in the
upper troposphere. As with VOC, it is not possible to derive a
global burden or average abundance for NO1 from measurements
of atmospheric abundances.
Most tropospheric NO1 are emitted as NO, which
photochemically equilibrates with nitrogen dioxide (NO2) within
a few minutes. Significant sources, summarised in Table 4.8,
include both surface and in situ emissions, and only a small
amount is transported down from the stratosphere. NO, emitted
within polluted regions are more rapidly removed than those in
remote regions. Emissions directly into the free troposphere have
a disproportionately large impact on global greenhouse gases.

There is a serious discrepancy between the isoprene

The major source of NO, is fossil fuel combustion, with 40%

emissions derived by Guenther et at (1995) based on a global
scaling of emission from different biomes, about 500 TgC/yr,

coming from the transportation sector. Benkovitz et at (1996)
estimated global emissions at 21 TgN/yr for 1985. The NO,

and those used in OxComp for global chemistry-transport

emissions from fossil fuel use used in model studies here for year
2000 are considerably higher, namely 33 TgN/yr. The large

modelling, about 200 TgC/yr. When the larger isoprene fluxes
are used in the CTMs, many observational constraints on CO

American and European emissions are relatively stable, but

and even isoprene itself are poorly matched. This highlights a

emissions from East Asia are increasing by about +4%/yr (Kato

key uncertainty in global modelling of highly reactive trace

and Akimoto, 1992). Other important, but more uncertain surface

gases: namely, what fraction of primary emissions escapes
immediate reaction/removal in the vegetation canopy or

sources are biomass burning and soil emissions. The soil source

immediate boundary layer and participates in the chemistry on
the scales represented by global models? For the isoprene
budget, there are no measurements of the deposition of reaction
products within the canopy. More detail on the scaling of
isoprene and monoterpene emissions is provided in Chapter 5.
Although isoprene emissions are likely to change in response to

recently derived from a bottom-up compilation of over 100
measurements from various ecosystems is 21 TgN/yr (Davidson
and Kingerlee, 1997), much higher than earlier estimates. Part of
the discrepancy can be explained by the trapping of soil-emitted
NO in the vegetation canopy. Inclusion of canopy scavenging
reduces the NO, flux to the free troposphere to 13 TgN/yr,

evolving chemical and climate environment over the next

which is still twice the flux estimated by another recent study
(Yenger and Levy, 1995). Emissions of NO, in the free

cenmry, this assessment was unable to include a projection of

troposphere include NO, from aircraft (8 to 12 km), ammonia

such changes.

oxidation, and lightning (Lee et at, 1997). Estimates of the

4.2.3.3 Nitrogen oxides (NOs)
Nitrogen oxides (NO, = NO +NOZ) do not directly affect Earth's
radiative balance, but they catalyse tropospheric 03 formation
through a sequence of reactions, e.g.,
OH+CO+Oz -a
HOz+NO
-->
NOZ+hV
-t
0(3P)+02 +M -+

CO,+HO2
NOz+OH
NO + O(3P)
O, +M

lightning NO, source are quite variable; some recent global
estimates are 12 TgN/yr (Price et at, 1997a,b), while other
studies recommend 3 to 5 TgN/yr (e.g., Huntrieser et at, 1998;
Wang et at, 1998a). Recent studies indicate that the global
lightning frequency may he lower than previously estimated
(Christian et at, 1999) but that intra-cloud lightning may be
much more effective at producing NO (DeCaria et at, 2000). In
total, anthropogenic NO, emissions dominate natural sources,
with fossil fuel combustion concentrated in northern industrial
regions. However, natural sources may control a larger fraction of
the globe. Overall, anthropogenic NO, emissions are expected to

net

CO+20z+hv ->

C02 +03

undergo a fundamental shift from the current dominance of the
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Table 4.8: Estimates of the global tropospheric NO, budget (in TgN/yr) fmm different sources compared with the values adopted for this
report.

Base year

2000

Ehhalt
(1999)
-1985

Fossil fuel

33.0

21.0

Reterence:

TAR

Aircraft

0.7

0.45

Biomass burning

7.1

7.5

Soils

5.6

5.5

NH3 oxidation

-

3.0

Lightning

5.0

7.0
0.15

Stratosphere

<0.5

Total

51.9

44.6

Y2000

Y2100(A2p)

Holland et al.

Penner et at.

Lee et at

(1999)

(1999)

(1997)

-1985

1992

20-24
0.23-0.6
3-13
4-21
0.5-3
3-13
0-1-0.6

21.0
0.5
5-12
4-6
3-5
-

22.0
0.85
7.9
7.0
0.9
5.0
0.6
443

Anthropogenic emissions

by continent/region
Africa

2.5

21.8

South America

1.4

10.8

Southeast Asia

1-2

6.8

India

1.7

10.0

10.1

18.5

North America
Europe

7.3

14.3

Fast Asia

5.6

24.1

Australia

0.5

1.1

Other

2.3

2.6

Sum

32.6

110.0

The TAR column was used in OxComp model calculations for year 2000; fossil fuel includes bio-fuels, but surface sources only;
stratospheric source in TAR is upper limit and includes HNO,; the range of values used in modelling for IPCC aviation assessment
(Penner et at 1999) is given.

Northern Hemisphere to a more tropical distribution of
emissions. Asian emissions from fossil fuel are expected to drive
an overall increase in NO, emissions in the 21st century (Logan,
1994; Van Aardenne et at, 1999).
The dominant sink of NO, is atmospheric oxidation of NO2
by OH to form nitric acid (HNO3), which then collects on
aerosols or dissolves in precipitation and is subsequently
scavenged by rainfall. Other pathways for direct NO1 removal
occur through canopy scavenging of NO1 and direct, dry deposition of NO., HNO3, and particulate nitrates to the land surface
and the ocean. Dry deposition can influence the surface
exchanges and can thus alter the release of NO, and N20 to the
atmosphere. Peroxyacetyl nitrate (PAN), formed by the reaction
of CH3C(O)O2 with NO2, can transport HO, and NO, to remote
regions of the atmosphere due to its stability at the cold temperatures of the upper troposphere. In addition tropospheric aerosols
provide surfaces on which reactive nitrogen, in the form of NO3
(nitrate radical) or N205, is converted to HNO3 (Dentener and
Cmtzen, 1993; Jacob, 2000).
Some CTM studies argue against either the large soil source
or the large lightning source of NO,. A climatology of NO,
measurements from aircraft was prepared by Emmons et at

(1997) and compared with six chemical transport models. They
found that the processes controlling NO, in the remote
troposphere are not well modelled and that, of course, there is a
paucity of global NO, measurements. For short-lived gases like
NO,, resolution of budget discrepancies is even more challenging
than for the long-lived species, because the limited atmospheric
measurements offer few real constraints on the global budget.
However, an additional constraint on the NO, budget is emerging
as the extensive measurements of wet deposition of nitrate over
Northern Hemisphere continents are compiled and increasing
numbers of surface measurements of dry deposition of HNO3,
NO2, and particulate nitrate become available, and thus allow a
much better estimate of the NO, sink.
4.2.4 Tropospheric Oj
Tropospheric O, is a direct greenhouse gas. The past increase in
tropospheric 03 is estimated to provide the third largest increase
in direct radiative forcing since the pre-industrial era. In addition,
through its chemical impact on OH, it modifies the lifetimes of
other greenhouse gases, such as CHa. Its budget, however, is
much more difficult to derive than that of a long-lived gas for
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Table 4.9r Estimates of the change in tropospheric ozone since the pre-industrial era from various sources compared with the values
recommended in this report.

Current climatology of tropospheric ozone (Park et al., 1999):
Global mean tropospheric 03: 34 DU = 370 Tg(O) 3 content in the Northern Hemisphere = 36 DU,
in the Southern Hemisphere = 32 DU.
SAR recommendation:
"50% of current Northern Hemisphere is anthropogenic" gives pre-industrial global mean content = 25 DU.
Increase = +9 DU
19th & early 20th century observations:'
Assume Northern Hemisphere tropospheric ozone has increased uniformly by >30 ppb.
Increase = + 10 to +13 DU
Survey of CTM simulated change from pre-industrial:"
Reference
DU increase
Model
Bemtsen et al. (1999)
9.6
UIO
Haywood et al. (1998)
7.9
GFDL
MOZART-1
Hauglustaine et al. (1998)
8.9
Kiehl et al. (1999)
NCAR12D
8.4
Levy et al. (1997)
GFDL-scaled
9.5
Mickley et al. (1999)
Harvard/GISS
12.0
Roelofs et at (1997)
ECHAM4
7.2
Stevenson el at (2000)
UKMO
8.7
VanDorland etaL (1997)
MOGUNTIA
8.0
Increase = +7 to +12 DU (model range)
TAR recommendation:
Pre-industrial era global mean tropospheric 03 has increased from 25 DU to 34 DU.
This increase, +9 DU, has a 67% likely range of 6 to 13 DU.

Increase = +9 DU (+6 to +13 DU)
The troposphere is defined as air with Ot <150 ppb, we Logan (1999). The Dobson Unit is I DU = 2.687 X 1016 molecules of 03 per
square centimetre; globally I DU = 10.9 Tg(03) and I ppb of tropospheric O, = 0.65 DU. The change in CH, alone since pre-industrial
conditions would give about +4 DU global increase in tropospheric O3 alone (see Table 4.11).
^ Early observations are difficult to interpret and do not provide coverage needed to derive the tropospheric burden of Ot (see Harris er al.,
1997). The change in burden is derived here by shifting tropospheric O, uniformly in altitude to give 10 ppb at the surface in
Northern Hemisphere mid-latitudes and 20 ppb at surface in Northern Hemisphere tropics (implies 10 DU), or by additionally reducing
Southern Hemisphere tropics to 20 ppb and Southern Hemisphere mid-latitudes to 25 ppb at the surface (13 DU)_
b From a survey of models by Hauglustaine and Solomon and Chapter 4. Except for Kiehl et al., these were all CTMs; they used widely
varying assumptions about pre-industrial conditions for CH , CO, 410 , and biomass burning and they did not all report consistent
diagnostics.

several reasons. Ozone abundances in the troposphere typically

vary from less than 10 ppb over remote tropical oceans up to
about 100 ppb in the upper troposphere, and often exceed 100
ppb downwind of polluted metropolitan regions. This variability,
reflecting its rapid chemical turnover, makes it impossible to
determine the tropospheric burden from the available surface
sites, and we most rely on infrequent and sparsely sited profiles
from ozone sondes (e.g., Logan, 1999). The total column of

ozone is measured from satellites, and these observations have
been used to infer the tropospheric ozone column after removing
the much larger stratospheric column (e-g., Fishman and Brackett,
1997; Hudson and Thompson, 1998; Ziemke et at, 1998). The
current burden of tropospheric 03 is about 370 Tg(03), which is
equivalent to a globally averaged column density of 34 DU
(Dobson Units, I DU = 2.687 X 1016 moleculestcm') or a mean
abundance of about 50 ppb, see Table 4.9.
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The sources and sinks of tropospheric ozone are even more
difficult to quantify than the burden. Influx of stratospheric air is
a source of about 475 Tg(03)/yr based on observed correlations
with other gases (Murphy and Fahey, 1994; McLinden et at,
2000). The in situ photochemical sources are predicted to be
many times larger, but are nearly balanced by equally large in situ
chemical sinks (see discussion on CTM modelling of tropospheric 03 in Sections 4.4 and 4.5, Table 4.12). Photochemical
production of ozone is tied to the abundance of pollutants and
thus varies widely over a range of spatial scales, the most
important of which (e.g., biomass burning plumes, urban plumes,
aircraft corridors, and convective outflows) are not well
represented in most global CTMs and cannot be quantified
globally with regional models. The dominant photochemical
sinks for tropospheric 0, are the catalytic destruction cycle
involving the HO, + 03 reaction and photolytic destruction by
pathways involving the reaction of O(tD), a product of 03
photodissociation. The other large sink, comparable in magnitude
to the stratospheric source, is surface loss mainly to vegetation.
Another loss of 03 is observed under certain conditions in the
polar marine boundary layer, notably at the end of Arctic winter.
It indicates reactions involving halogen radicals and aerosols
(Oum et al., 1998; Dickerson et at, 1999; Impey et at, 1999;
Plan and Moortgat, 1999; Prados et at, 1999; Vogt et at, 1999).
The contribution of these processes to the global budget is not yet
quantified, but is probably small.
Atmospheric measurement campaigns, both at surface sites
and with aircraft, have focused on simultaneous observations of
the many chemical species involved in tropospheric 03 production. Primary areas of 03 production are the mid-latitude industrialised and tropical biomass burning regions. For example, the
North Atlantic Regional Experiment (NARE) and the
Atmosphere Ocean Chemistry Experiment (AEROCE) showed
that the prevailing westerly winds typically carry large quantities
of ozone and precursors from the eastern USA over the North
Atlantic, reaching Bermuda and beyond (e.g., Dickerson et at,
1995; Penkett et at, 1998; Prados et at, 1999). The Pacific
Exploratory Missions (PEM: Hoell et at, 1997, 1999) measured
extensive plumes of pollution including ozone and its precursors
downwind of eastern Asia. Convective transport of emissions
from biomass burning affect the abundance of 03 in the mid- and
upper troposphere (Pickering et at, 1996). Emissions by tropical
fires in South America and southern Africa have been identified
as the cause of enhanced 03 over the South Atlantic (Thompson
et at, 1996), and the effects of biomass burning were seen in the
remote South Pacific in PEM Tropics A (Schultz et al., 1999;
Talbot et a! ., 1999). Due to the widely varying chemical
environments, these extensive studies provide a statistical
sampling of conditions along with a critical test of the
photochemistry in CTM simulations, but they do not provide an
integrated budget for tropospheric 03. An example of such
model-and-measurements study is given in the Section 4.2.6
discussion of tropospheric OH.
Recent trends in global tropospheric 03 are extremely
difficult to infer from the available measurements, while trends in
the stratosphere are readily identified (Randel et at, 1999; WMO,
1999). With photochemistry producing local lifetimes as short as
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Figure 4.8: Mid-tropospheric 03 abundance (ppb) in northern midlatitudes (36°N-59°N) for the years 1970 to 1996. Observations
between 630 and 400 hPa are averaged from nine ozone sonde stations
(four in North America, three in Europe, two in Japan), following the
data analysis of Logan et a!. (1999). Values are derived from the
residuals of the trend fit with the trend added back to allow for discontinuitics in the instruments. Monthly data (points) are shown with a
smoothed 12-month-running mean (line).

a few days in the boundary layer, the local measurement of tropospheric 03 does not reflect the abundance over the surrounding
continent, and a surface measurement is not representative of the
bulk of the troposphere above. Thus it is not contradictory for
decadal trends in different atmospheric regions to be different,
e.g., driven by the regional changes in pollutants, particularly
NO,. Ozone sondes offer the best record of 03 throughout the
troposphere, although measurements at many stations are made
only weekly (infrequently for a variable gas like 03). Weekly
continuous data since 1970 are available from only nine stations
in the latitude range 36°N to 59°N (Logan er at, 1999; WMO,
1999). Different trends are seen at different locations for different
periods. Most stations show an increase from 1970 to 1980, but no
clear trend from 1980 to 1996. A composite record of the midtropospheric 03 abundance from 1970 to 1996 from the nine
stations is taken from the analysis of Logan et at (1999) and
presented in Figure 4.8. There is no obvious linear increase in 03
abundance over this period, although the second half of this record
(about 57 ppb) is clearly greater than the first half (about 53 ppb).
Of the fourteen stations with records since 1980, only two, one in
Japan and one in Europe, had statistically significant increases in
mid-tropospheric 03 between 1980 and 1995. By contrast, the
four Canadian stations, all at high latitudes, had significant
decreases for the same time period. Surface 0; measurements
from seventeen background stations also show no clear trend,
even in the northern mid-latitudes (Oltmans et at, 1998; WMO,
1999). The largest negative trend in surface 03 was -0.7 ± 0.2%/yr
at the South Pole (1975 to 1997), while the largest positive trend
was +1.5 ± 0.5%/yr at Zugspitze, Germany ( 1978 to 1995). This
ambiguous record of change over the past two decades may
possibly be reconciled with the model predictions (see Section
4.4) of increasing tropospheric 03 driven regionally by increasing
emissions of pollutants: the growth in NO, emissions is expected
to have shifted from North America and Europe to Asia.
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The change in tropospheric 03 since the pre-industrial em is
even more difficult to evaluate on the basis of measurements
alone. Since 03 is reactive, atmospheric abundances cannot be
retrieved from ice cores. Recent evaluations of surface measurements in the 19th and early 20th century in Europe (Volz and
Kley, 1988; Staehelin et at, 1994, 1998; Harris et at, 1997)
indicate much lower 03 abundances than today, yet the scaling of
these data to a tropospheric 03 burden, even for northern midlatitudes, is not obvious. In the SAR, these data were used to
make a rough estimate that 03 abundances in the Northern
Hemispheric troposphere have doubled since the pre-industrial
era. A similar difference, of 10 to 13 DU when globally averaged,
is obtained using the climatology given by Park et at (1999) for
tropospheric 03 today and a parallel one with abundances
adjusted to match the 19th century measurements in the Northern
Hemisphere. CTM calculations predict that current anthropogenic emissions of NO,, CO, and VOC, as well as the increase
in CH4 should have increased tropospheric O3 by a similar
amount, primarily in the Northern Hemisphere. A recent survey
of CTM studies gives global average increases ranging from 8 to
12 DU, although this small range does not adequately represent
the uncertainty. These results are summarised in Table 4.9. Based
on measurements, analyses, and models, the most likely increase
in tropospheric 03 was 9 DU globally averaged, with a 67%
confidence range of 6 to 13 DU. For some of the emissions
scenarios considered here, tropospheric 03 is expected to
increase even more in the 21 st century as emissions of its precursors - NO„ CO and VOC - continue to grow (see Section 4 4).
4.2.5 Stratospheric fi20
Water vapour in the lower stratosphere is a very effective
greenhouse gas. Baseline levels of stratospheric H20 are
controlled by the temperature of the tropical tropopause, a
parameter that changes with climate (Moyer et al., 1996; Rosenlof
et at, 1997; Dessler, 1998; Mote et at, 1998). The oxidation of
CHa is a source of mid-stratospheric H20 and currently causes its
abundance to increase from about 3 ppm at the tropopause to about
6 ppm in the upper stratosphere. In addition, future direct
injections of H2O from high-flying aircraft may add Hz0 to the
lower stratosphere (Penner et at, 1999). Oltmans and Hofmann
(1995) report statistically significant increases in lower stratospheric HO above Boulder, Colorado between 1981 and 1994.
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'4.2.6 Tropospheric OH and Photochemical Modelling
The hydroxyl radical (OH) is the primary cleansing agent of the
lower atmosphere, in particular, it provides the dominant sink for
CH, and HFCs as well as the pollutants NO., CO and VOC.
Once formed, tropospheric OH reacts with CHa or CO within a
second. The local abundance of OH is controlled by the local
abundances of NO1,, CO, VOC, CH,, 03, and Hz0 as well as the
intensity of solar UV; and thus it varies greatly with time of day,
season, and geographic location.
The primary source of tropospheric OH is a pair of reactions
that start with the photodissociation of 03 by solar UV.

03+hv
O(tD)+HO

-i
-+

O(tD)+O,
OH+OH

Although in polluted regions and in the upper troposphere,
photodissociation of other trace gases such as peroxides, acetone
and formaldehyde (Singh et at, 1995; Arnold et at, 1997) may
provide the dominant source (e.g., Folkins et at, 1997; Prather
and Jacob, 1997; Wennberg et at, 1998; Muller and Brasseur,
1999). OH reacts with many atmospheric trace gases, in most
cases as the first and rate-determining step of a reaction chain
that leads to more or less complete oxidation of the compound.
These chains often lead to formation of an HOZ radical, which
then reacts with 03 or NO to recycle back to OH. Tropospheric
OH is lost through reactions with other radicals, e.g., the
reaction with HO= to form H20 or with NO2 to form HNO3. In
addition to providing the primary loss for CHa and other
pollutants, HO, radicals (OH and HO2) together with NOx are
key catalysts in the production of tropospheric 03 (see Section
4.2.3.3). The sources and sinks of OH involve most of the fast
photochemistry of the tropospherePre-industrial OH is likely to have been different than today,
but because of the counteracting effects of lower CO and CH,
(increasing OH) and reduced NO, and 03 (decreasing OH),
there is no consensus on the magnitude of this change (e.g.,
Wang and Jacob, 1998). Trends in the current OH burden appear
to be d°k/yr. Separate analyses of the CH;CCI3 observations for
the period 1978 to 1994 report two different but overlapping
trends in global OH: no trend within the uncertainty range (Prinn
et at, 1995), and 0.5 ± 0.6°h/yr (Krol et at, 1998). Based on the
OxComp workshop, the SRES projected emissions would lead
to future changes in tropospheric OH that ranging from +5% to
-20% (see Section 4.4).

The vertical profile and amplitude of these changes do not
correspond quantitatively with that expected from the recognised
anthropogenic sources (CH4 oxidation). Analyses of satellite and
ground-based measurements (Nedoluha et at, 1998; Michelsen et
at, 2000) find increases in upper stratospheric HzO from 1985 to
1997, but at rates (>1%/yr) that exceed those from identified
anthropogenic sources (i.e., aviation and methane increases) and
that obviously could not have been maintained over many decades.
In principle such a temporary trend could be caused by a warming
tropopause, but a recent analysis indicates instead a cooling
tropopause (Simmons er al., 1999). It is important to resolve these
apparent discrepancies; since, without a physical basis for this
recent trend, no recommendation can be made here for projecting
changes in lower stratospheric H20 over the 21st century.

4.2.6.1 Laboratory data and the OH lifetime of greenhouse gases
Laboratory data on the rates of chemical reactions and
photodissociation provide a cornerstone for the chemical
models used here. Subsequent to the SAR there have been a
number of updates to the recommended chemical rate databases
of the International Union of Pure and Applied Chemistry
(IUPAC 1997a,b, 1999) and the Jet Propulsion Laboratory
(1PL)(DeMore et at, 1997; Sander et at, 2000). The CTMs in
the OxComp workshop generally used the JPL-1997 database
(JPL, i997) with some updated rates similar to JPL-2000 (JPL,
2000). The most significant changes or additions to the
databases include: (i) revision of the low temperature reaction
rate coefficients for OH +NOZ leading to enhancement of HO,
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and NO1 abundances in the lower stratosphere and upper
troposphere; (ii) extension of the production of O(ID) from 03
photodissociation to longer wavelengths resulting in enhanced
OH production in the upper troposphere; and (iii) identification
of a new heterogeneous reaction involving hydrolysis of
BrONO2 which serves to enhance HO1 and suppress NO1 in the
lower stratosphere. These database improvements, along with
many other smaller refinements, do not change the overall
understanding of atmospheric chemical processes but do impact
the modelled tropospheric OH abundances and the magnitude
of calculated 03 changes by as much as 20% under certain
conditions.
Reaction rate coefficients used in this chapter to calculate
atmospheric lifetimes for gases destroyed by tropospheric OH
are from the 1997 and 2000 NASA/JPL evaluations (DeMore et
at, 1997; Sander et al., 2000) and from Orkin et al. (1999) for
HFE-356mff2. These rate coefficients are sensitive to
atmospheric temperature and can be ten times faster near the
surface than in the upper troposphere. The global mean
abundance of OH cannot be directly measured, but a weighted
average of the OH sink for certain synthetic trace gases (whose
budgets are well established and whose total atmospheric sinks
are essentially controlled by OH) can be derived. The ratio of the
atmospheric lifetimes against tropospheric OH loss for a gas is
scaled to that of CH3CCI} by the inverse ratio of their OHreaction rate coefficients at an appropriate scaling temperature.
A new analysis of the modelled global OH distribution predicts
relatively greater abundances at mid-levels in the troposphere
(where it is colder) and results in a new scaling temperature for
the rate coefficients of 272K (Spivakovsky et at, 2000), instead
of 277K (Prather and Spivakovsky, 1990; SAR). The
atmospheric lifetimes reported in Table 4.1 use this approach,
adopting an "OH lifetime" of 5.7 years for CH3CCl3 (Prinn et
at, 1995; WMO, 1999). Stratospheric losses for all gases are
taken from published values (Ko et at, 1999; WMO, 1999) or
calculated as 8% of the tropospheric loss (with a minimum
lifetime of 30 years). The only gases in Table 4.1 with surface
losses are CH4 (a soil-sink lifetime of 160 years) and CHICCI3
(an ocean-sink lifetime of 85 years). The lifetime for nitrogen
trifluoride (NF3) is taken from Molina et at (1995). These
lifetimes agree with the recent compendium of Naik et at
(2000)
Analysis of the CH3CC13 burden and trend (Prinn et a!.,
1995; Kral et at, 1998; Montzka et at, 2000) has provided a
cornerstone of our empirical derivations of the OH lifetimes of
most gases. Quantification of the "OH-lifetime" of CH3CCl3 has
evolved over the past decade. The SAR adopted a value of 5.9 ±
0.7 years in calculating the lifetimes of the greenhouse gases.
This range covered the updated analysis of Prinn et at (1995),
5.7 years, which was used in WMO (1999) and adopted for this
report. Montzka et at (2000) extend the atmospheric record of
CH3CC13 to include the rapid decay over the last five years
following cessation of emissions and derive an OH lifetime of
6.3 years. The new information on the CH3CCIa lifetime by
Montzka et at (2000) has not been incorporated into this report,
but it falls within the ±15% uncertainty for these lifetimes. If the
new value of 6.3 years were adopted, then the lifetime of CHe
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would increase to 9.2 yr, and all lifetimes, perturbation lifetimes,
and GWPs for gases controlled by tropospheric OH would be
about 10% greater.
4.2.6.2 Atmospheric measurements and modelling of
photochemistry
Atmospheric measurements provide another cornerstone for the
numerical modelling of photochemistry. Over the last five years
direct atmospheric measurements of HO, radicals, made simultaneously with the other key species that control HO„ have been
conducted over a wide range of conditions: the upper troposphere
and lower stratosphere (e.g., SPADE, ASHOE/MAESA, STRAT;
SUCCESS, SONEX, PEM-TROPICS A & B), the remote Pacific
(MLOPEX), and the polluted boundary layer and its outflow
(POPCORN, NARE, SOS). These intensive measurement
campaigns provide the first thorough tests of tropospheric OH
chemistry and production of 03 for a range of global conditions.
As an example here, we present an analysis of the 1997 SONEX
(Subsonic assessment program Ozone and Nitrogen oxide
EXperiment) aircraft campaign over the North Atlantic that tests
one of the chemical models from the OxComp workshop (HGIS).
The 1997 SONEX aircraft campaign over the North Atlantic
provided the first airborne measurements of H0. ahundmices;
concurrent with the controlling chemical background: H202,
CH3OOH, CH2O, 03, NO, HZO, acetone and hydrocarbons.
These observations allowed a detailed evaluation of our
understanding of HO, chemistry and 03 production in the upper
troposphere. Figure 4.9 (panels 1-3) shows a comparison
between SONEX measurements and model calculations (Jaegle
et at, 1999) for OH and HO, abundances and the ratio HO,/OH.
At each point the model used the local, simultaneously observed
chemical abundances. The cycling between OH and HO2 takes
place on a time-scale of a few seconds and is mainly controlled
by reaction of OH with CO producing HO2, followed by reaction
of HOZ with NO producing OH. This cycle also leads to the
production of ozone. As seen in Figure 4.9, the HO,/OH ratio is
reproduced by model calculations to within the combined
uncertainties of observations (±20%) and those from propagation
of rate coefficient errors in the model (±100%), implying that the
photochemical processes driving the cycling between OH and
HO2 appear to be understood (Wennberg et at, 1998; Brune et
al., 1999). The absolute abundances of OH and HO, are matched
by model calculations to within 40% (the reported accuracy of
the HO„ observations) and the median model-to-observed ratio
for HOz is 1.12. The model captures 80% of the observed
variance in HO„ which is driven by the local variations in NO1
and the HO1 sources (Faloona et at, 2000, laegld et at, 2000;).
The predominant sources of HO, during SONEX were reaction
of O(ID) with HZO and photodissociation of acetone; the role of
HZO2 and CH300H as HO1 sources was small. This was not
necessarily the case in some of the other airborne campaigns,
where large differences between measured and modelled OH, up
to a factor of 5, were observed in the upper troposphere. In these
campaigns the larger measured OH concentrations were
tentatively ascribed to enhanced levels of OH precursors, such as
HzOz, CH300H, or CHzO, whose concentrations had not been
measured.
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Figure 4.9: (left panel) Observed versus modelled ( 1) HO2 abundance (plat), (2) OH abundance (ppt), and (3) HOZ/OH ratio in the upper
troposphere ( 8 to 12 Ion altitude) during SONEX. Observations are for cloud-fine, daytime conditions. Model calculations are constrained with
local observations of the photochemical background (H>O2, CH300H, NO, O3 11H,O, CO, CHa, ethanc, propane, acetone, temperature, pressure,
aerosol surface area and actinic flux). The 1:1 line (solid) and instrumental accuracy range (dashed) are shown. Adapted from Brune et at ( 1999).
(right panel) Observed (4) HO2 abundance (ppt), (5) OH abundance (ppQ, and (6) derived O, production rate (ppb/day) as a function of the NOr
(NO+NO,) abundance (ppt). Data taken from SONEX (8 to 12 km altimdc, 40° to 60°N latitude) and adapted from Jaegle et aJ. (1999). All values
are 24-how averages. The lines correspond to model-calculated values as a function of NO5 using the median photochemical background during
SONEX rather than the instantaneous values (points).

Tropospheric O3 production is tightly linked to the abundance
of NO., and Figure 4.9 (panel 6) shows this production rate
(calculated as the rate of the reaction of HO, with NO) for each
set of observations as function of NO, during the SONEX
mission. Also shown in Figure 4.9 (panels 4-5) are the measured
abundances of OH and HO, as a function of NOR. The smooth
curve on each panel 4-6 is a model simulation of the expected

relationship if the chemical background except for NO, remained
unchanged at the observed median abundances. This curve shows
the "expected" behaviour of tropospheric chemistry when only
NO5 is increased: OH increases with NO5 abundances up to 300
ppt because HO, is shifted into OH; it decreases with increasing
NO, at higher NO5 abundances because the OH reaction with
NO2 forming HNO3 becomes the dominant sink for HO5 radicals.
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Production of 03 is expected to follow a similar pattern with rates
suppressed at NO, abundances greater than 300 ppt under these
atmospheric conditions (e.g., Ehhalt, 1998). These SONEX
observations indicate, however, that both OH abundance and 03
production may continue to increase with NO, concentrations up
to 1,000 ppt because the high NO, abundances were often associated with convection and lightning events and occurred simultaneously with high HO„ sources. By segregating observations
according to HO, source strengths, 7aegl6 et at (1999) identified
the approach to NO. -saturated conditions predicted by the
chemical models when HOx sources remain constant. A NOR
saturated environment was clearly found for the POPCORN
(Photo-Oxidant formation by Plant emitted Compounds and OH
Radicals in north-eastern Germany) boundary layer measurements in Germany (Rohrer et at, 1998; Ehhalt and Rohrer, 2000).
The impact of NO,; satumted conditions on the production of 03
is large in the boundary layer, where much of the NO, is removed
within a day, but may be less important in the upper troposphere,
where the local lifetime of NO, is several days and the elevated
abundances of NO, are likely to be transported and diluted to
below saturation levels. This effective reduction of the NOx
saturation effect due to 3-D atmospheric mixing is seen in the
CTM modelling of aviation NO1 emissions where a linear
increase in tropospheric 03 is found, even with large NO,
emissions in the upper troposphere (Isaksen and Jackman, 1999).
43 Projections of Future Emissions
The IPCC SIZES (Naki(5enovic et at, 2000) developed 40 future
scenarios that are characterised by distinctly different levels of
population, economic, and technological development. Six of
these scenarios were identified as illustrative scenarios and these
were used for the analyses presented in this chapter. The SRES
scenarios define only the changes in anthropogenic emissions
and not the concurrent changes in natural emissions due either to
direct human activities such as land use change or to the indirect
impacts of climate change. The annual anthropogenic emissions
for all greenhouse gases, NO., CO, VOC and SO2 (sulphur
dioxide) are given in the SIZES for the preliminary marker
scenarios (NakicenoviE et at, 2000, Appendix VI) and the final
marker/illustrative scenarios (Nakicenovid et at, 2000, Appendix
VU). Much of these data is also tabulated in Appendix II to this
report. There are insufficient data in the published SRES
(Nakicenovic et at, 20(10) to break down the individual contributions to HFCs, PFCs, and SF6, but these emissions were supplied
by Lead Authors of the SI2ES (available at sres.ciesin.org) and
are also reproduced in this Appendix. The geographic distribution
of emissions of the short-lived compounds - NO,, CO, VOC, and
SO2 - is an important factor in their greenhouse forcing, and the
preliminary gridded emissions were likewise supplied by the
SRES Lead Authors (Tom Kram and Steven Smith, December
1998) and used in the OxComp model studies. A synopsis of the
regional shift in CO and NO, emissions projected by 2100 is
given in Tables 4.6 and 4.8.
This chapter evaluates the SRES emissions from year 2000 to
year 2100 in terms of their impact on the abundances of non-CO2
greenhouse gases. A new feature of this report, i.e., use of NO.,
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CO and VOC emissions to project changes in tropospheric 03 and
OH, represents a significant advance over the level-of-science in
the SAR. The original four preliminary marker scenarios
(December 1998) are included here because they have been used
in preliminary model studies for the TAR and are designated Alp,
A2p, Bip, B2p. In January 1999, these emissions were converted
into greenhouse gas abundances using the level-of-science and
methodology in the-SAR, and the radiative fureings from these
greenhouse gas abundances were used in this report for some
climate model simulations.
The recently approved six markeddlustrative scenarios
(March 2000) are also evaluated and are designated AIB-AIM,
AYLMESSAGE, AIFI-MiniCAM, A2-ASF, 131-IMAGE, B2MESSAGE (hereafter abbreviated as A1B, AIT, AIFI, A2, BI,
B2). For comparison with the previous assessment, we also
evaluate the IPCC emissions scenario IS92a used in the SAR; for
the full range of IS92 scenarios, see the SAR. An agreed-upon
properly of all SRES scenarios is that there is no intervention to
reduce greenhouse gases; but, in contrast, regional controls on
SOi emissions across the illustrative SRES scenarios lead to
emissions in the last two decades of the century that are well
below those of 1990 levels. There appear to be few controls on
NO,, CO and VOC emissions across all scenarios; however, the
large increases in surface Oi abundances implied by these results
may be inconsistent with the SRES storylines that underpin the
emissions scenarios. As understanding of the relationship between
emissions and tropospheric 03 abundances improves, particularly
on regional scales, more consistent emissions scenarios can be
developed. The SIZES scenarios project substantial emissions of
HFC-134a as in 1s92a, but only half as much HFC-125, and no
emissions of HFC-152a. The SIZES emissions scenarios do
include a much larger suite of HFCs plus SF6 and PFCs, which are
not included in IS92a. The emissions of greenhouse gases under
the Montreal Protocol and its Amendments (CFCs, HCFCs,
halons) have been evaluated in WMO (Madronich and Velders,
1999). This report adopts the single WMO baseline Montreal
Protocol Scenario A I(no relation to SRES A 1) for emissions and
concentrations of these gases, while the SRES adopted a similar
WMO Scenario A3 (maximum production); however, the differences between scenarios in terms of climate forcing is inconsequential. The resulting abundances of greenhouse gases are given
in Appendix H and discussed in Section 4.4.5.
4.3.1 The Adjusted/Augmented IPCC/SRES Emission
Scenarios
Among the four SRES preliminary marker scenarios, A2p has
overall the highest emissions. For model simulations of future
atmospheric chemistry in the OxComp workshop, we needed to
focus on a single test case and chose scenario A2p in the year
2100 since it represents the largest increase in emissions of CHQ,
CO, NO,, and VOC. Once the response of 03 and OH to these
extreme emissions is understood, other scenarios and intermediate years can be interpolated with some confidence.
Y2000
For the OxComp workshop, we adopt Y2000 emissions that

267

Atmospheric Chemistry and Greenhouse Gases

include both natural and anthropogenic sources. The OxComp
Y2000 anthropogenic emissions are roughly consistent with, but
different in detail from, the anthropogenic emissions provided by
SRES. These adjustments were necessary to be consistent with
current budgets, to include natural sources as discussed
previously, and to provide more detailed information on source
categories, including temporal and spatial distribution of
emissions that are not specified by SRES. Emissions of NO„ CO
and VOC for the year 2000 are based on GEIA(Global Emissions
Inventory Activity)/EDGAR emissions for 1990 (Graedel et at,
1993; Olivier et at, 1999) projected to year 2000. Tropospheric
abundances of long-lived gases such as CH4 were fixed from
recent observations. The difference between SIZES and OxComp,
Y2000 emissions are nominally within the range of uncertainty
for these quantities. The OxComp Y2000 simulations provide a
"current" atmosphere to compare with observations.

to increases in soil emissions of NO1,. At present we can only
point out the lack of projecting these parallel changes in once
natural emissions as an uncertainty in this assessment.
4.4 Projections of Atmospheric Composition for the 21st
Century
4.4.1 Introduction
Calculating the abundances of chemically reactive greenhouse
gases in response to projected emissions requires models that can
predict how the lifetimes of these gases are changed by an
evolving atmospheric chemistry. This assessment focuses on
predicting changes in the oxidative state of the troposphere,
specifically 03 (a greenhouse gas) and OH (the sink for many
greenhouse gases). Many research groups have studied and
predicted changes in global tropospheric chemistry, and we seek

Y2100(A2p)
Since the OxComp Y2000 emissions differ somewhat from the
A2p emissions for the year 2000, we define Y2100(A2p)
emissions by the sum of our adjusted Y2000 emissions plus the
difference between the SRES-A2p emissions for the years 2100
and 2000. Thus our absolute increase in emissions matches that
of SRES-A2p. In these Y2100(A2p) simulations, natural
emissions were not changed.
4.3.2 Shifting Regional Emissions of NO1 CO, and VOC in
2100
A shift of the growth of anthropogenic emissions of NO„ CO and
VOC, such as that from North America and Europe to Southern
and Eastern Asia over the past decades, is changing the
geographic pattern of emissions, which in turn will change the
distribution of the 03 increases in the troposphere predicted for
the year 2100. In contrast, for long-lived greenhouse gases,
shifting the location of emissions has little impact. We use the
SRES emission maps, to take into account such changes in
emissions patterrts. ForY2000 andY2100(A2p) the emissions of
CO and NO., broken down by continents, are given in Tables 4.6
and 4.8, respectively. In terms of assessing future changes in
tropospheric OH and 03, it is essential to have a coherent model
for emissions scenarios that consistently projects the spatial
patterns of the emissions along with the accompanying changes
in urbanisation and land use.

to establish a consensus in these predictions, using a standardised
set of scenarios in a workshop organised for this report. The
projection of stratospheric 03 recovery in the 21st century - also
a factor in radiative forcing and the oxidative state of the
atmosphere - is reviewed extensively in WMO (Hofmann and
Pyle, 1999), and no new evaluation is made here. The only
stratospheric change included implicitly is the NO feedback on
its lifetime. Overall, these projections of atmospheric composition for the 21st century include the most extensive set of trace
gas emissions for IPCC assessments to date: greenhouse gases
(N20, CH4, HFCs, PFCs, SF6) plus pollutants (NO„ CO, VOC).

4.4.2 The OxComp Workshop
In the SAR, the chapter on atmospheric chemistry included two
modelling studies:

PhotoComp (comparison of ozone

photochemistry in box models) and Delta-CHa (methane
feedbacks in 2-D and 3-D tropospheric chemistry models). These
model studies established standard model tests for participation
in IPCC. They resulted in a consensus regarding the CH4
feedback and identified the importance (and lack of uniform
treatment) of NMHC chemistry on tropospheric 03 production.
This synthesis allowed for the SAR to use the CHa-lifetime
feedback and a simple estimate of tropospheric O3 increase due
solely to CHa. The SAR noted that individual CTMs had
calculated an impact of changing NO1 and CO emissions on
global OH and CHa abundances, but that a consensus on
predicting future changes in 03 and OH did not exist.

4.3.3 Projections of Natural Emissions in 2100
SRES scenarios do not consider the changes in natural emissions
and sinks of reactive gases that are induced by alterations in land
use and agriculture or land-cover characteristics. (Land-use
change statistics, however, are reported, and these could, in
principle, be used to estimate such changes.) In some sense these
altered emissions must be considered as anthropogenic changes.
Examples of such changes may be increased NO., N20 and NH3
emissions from natural waters and ecosystems new agricultural
areas with intensified use of N-fertilicer. A change of land cover,
such as deforestation, may lead to reduced isoprene emissions but

Since 1995, considerable research has gone into the development and validation of tropospheric CTMs. The IPCC Special
Report on Aviation and the Global Atmosphere (Derwent and
Friedl, 1999) used a wide range of global CPMs to predict the
enhancement of tropospheric 03 due to aircraft NO, emissions.
The results were surprisingly robust, not only for the hemispheric
mean 03 increase, but also for the increase in global mean OH
reported as a decrease in the CHa lifetime. The current state-ofmodelling in global tropospheric chemistry has advanced since
PhotoComp and Delta-CH, in the SAR and now includes as
standard a three-dimensional synoptic meteorology and
treatment of non-methane hydrocarbon chemistry. A survey of
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Table 4.10: Chemistry-TranaportModels (CTM) contributing to the OsComp evaluation of predicting troposphericO3 and OH.

(-TM

Institute

Contributing authors

References

GISS
HGEO
HGI5
IASB
KNMI
MOZI
MOZ2
MPIC
UCI

GISS
Harvard U.
Harvard U.
IAS/Belg.
KNMI/Utrecht
NCAR/CNRS
NCAR
MPI/Chem
UC Irvine

Shindell/Grenfell
Bey / Jacob
Mickley / Jacob
MGlller
van Weele
Hauglustaine / Brasseur
Horowitz/ Brasseur
Kuhlmann / Lawrence
Wild

Hansen et at (1997b)

U10
U102

U. Oslo

Bemtsnn

Berntsen and Isaksen (1997), Fuglestvedt et at. (1999)

U. Oslo

Sundet

Sundet(1997)

I1KMO

UK Met Office

Stevenson

ULAQ

U. L. Aquila

Pitari

UCAM

U. Cambridge

Plantevin /Johnson

Collins et at (1997), Johnson et at (1999)
Pitari et at (1997)
Law et at (1998, 20l)0)(TOMCAT)

Bey et at (1999)
Mickley eral. (1999)

Muller and Brasseur (1995,1999)
Jeuken et at (1999), Houweling et at (2000)
Brasseur et at (1998b), Hauglustaine er at (1998)
Brasseur er at (1998b), Hauglustaine et at (1998)
Crutzen et at (1999), Lawrence et at (1999)
Hannegan es at (1998), Wild and Prather (2000)

recent CTM-based publications on the tropospheric 03 budget,
collected for this report, is discussed in Section 4.5.
This assessment, building on these developments, organised
a workshop to compare CTM results for a few, well-constrained
atmospheric simulations. An open invitation, sent out in March
1999 to research groups involved in 3-D global tropospheric
chemistry modelling, invited participation in this report's assessment of change in tropospheric oxidative state through a model
intercomparison and workshop (OxComp). This workshop is an
IPCC-focused follow-on to the Global Integration and Modelling
(GIM) study (Kanakidou et at, 1999). The infrastructure for
OxComp (ftp site, database, graphics, and scientific support) was
provided by the University of Oslo group, and the workshop
meeting in July 1999 was hosted by the Max Planck Institute for
Meteorology (MPI) Hamburg. Participating models are described
by publications in peer-reviewed literature as summarised in
Table 4.10; all include 3-D global tropospheric chemistry
including NMHC; and assessment results are based on models
returning a sufficient number of OxComp cases. The two goals of
OxComp are (i) to build a consensus on current modelling
capability to predict changes in tropospheric OH and 03 and (ii)
to develop a useful parametrization to calculate the greenhouse
gases (including tropospheric 03 but not CO?) using the IPCC
emissions scenarios.
4.4.3 Testing CTM Simulation of the Current (Y2000)
Atmosphere
The OxComp workshop defined a series of atmospheres and
emission scenarios. These included Y2000, a new reference
atmosphere meant to represent year 2000 that provides a baseline
from which all changes in greenhouse gases were calculated. For
Y2000, abundances of long-lived gases were prescribed by 1998
measurements (Table 4.1a), and emissions of short-lived
pollutants, NO,,, CO and VOC, were based primarily on projections to the year 2000 of GEIA/EDGAR emissions for 1990
(Olivier er at, 1998, 1999), see Section 4.3.1. Stratospheric 03

was calculated in some models and prescribed by current
observation in others. The predicted atmospheric quantities in all
these simulations are therefore short-lived tropospheric gases:
03, CO, NO., VOC, OH and other radicals. Following the GIM
model study (Kanakidou er al., 1999), we use atmospheric
measurement of 03 and CO to test the model simulations of the
current atmosphere. The Y2000 atmosphere was chosen because
of the need for an IPCC baseline, and it does not try to match
conditions over the 1980s and 1990s from which the measurements come. Although the observed trends in tropospheric 03
and CO are not particularly large over this period and thus justify
the present approach, a more thorough comparison of model
results and measurements would need to use the regional distribution of the pollutant emissions for the observation period.
The seasonal cycle of Oi in the free troposphere (700, 500,
and 300 hPa) has been observed over the past decade from more
than thirty ozone sonde stations (Logan, 1999). These measurements are compared with the OxComp Y2000 simulations for
Resolute (75°N), Hohenpeissenberg (48°N), Boulder (40°N),
Tateno (36°N), and Hilo (20°N) in Figure 4.10. Surface measurements from Cape Grim (40°S), representative of the marine
boundary layer in southern mid-latitudes, are also compared with
the models in Figure 4.10. With the exception of a few outliers,
the model simulations are within ±3090 of observed tropospheric
03 abundance, and they generally show a maximum in spring to
early summer as observed, although they often miss the month of
maximum 03. At 300 hPa the large springtime variation at many
stations is due to the influence of stratospheric air that is approximately simulated at Resolute, but, usually overestimated at the
other stations. The CTM simulations in the tropics (Hilo) at 700
to 500 hPa show much greater spread and hence generally worse
agreement with observations. The mean concentration of surface
03 observed at Cape Grim is well matched by most models, but
the seasonality is underestimated.
Observed CO abundances are compared with the Y2000
model simulations in Figure 4.11 for surface sites at various
altitudes and latitudes: Cape Grim (CGA, 94 m), Tae Ahn (KOR,
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Table 4.11: Changes in tropospheric Oy (DU) and OH (%) relative to year 2000for various perturbations to the atmosphere- Individual values
calculated with chemistry transport-models (CTMs) plus the average values adopted for this report (TAR).

Y2000

CI7N

A2x:

Y2100 - Y2000

+10% CHy

AIIA2x

-NOx

Case A

Case B

Case C

26.5
25.2
18.9
18.0
16.6
22.4

9.2
9.0

0.4

0.85

23.3
26.0
18.9
22.2

10.2
6.0
4.6
14.5

2.8
2.1
3.1
5.9

0.64

22.0

8.9

2.0

-NOx VOC-CHa

Case D

Effective' tropospheric 03 change (DU):
HGIS
GISS
IASB
KNMI
MOZI
MOZ2
MPIC
UCI
UIO
UKMO
ULAQ
TAR"

0.66
0.63

0.40
0.69
0.51

Tropospheric OH change (%)
IASB
KNMf
MOZI
MOZ2
MPIC
UCI
UIO
UKMO
ULAQ

-2.9%
-3.3%

-2.7%
-3.2%
-3.1%
-2.9%
-2.7%

15%
-6%
-12%
-17%

-39%
-37%
-37%
-43%

-16.0%
-12.3%
-10.8%
22.0%

TAR b

-3.0%

-16%

-40%

-14%

-7%
-25%
-21%
-18%

-41%

Model results from OxComp workshop; all changes (DU for 03 and % for OH) are relative to the yearY2000. Tropospheric mean OH is
weighted by CHa loss rate. Mean 03 changes (all positive) are derived from the standard reporting grid on which the CTMs interpolated
their results. See Table 4.I0 for the model key. The different cases include (A) a 10% increase in CH4 to 1,920 ppb and (B) a full 2100
simulation following SIZES draft marker scenario A2 (based on February 1999 calculations for preliminary work of this report). Case C
drops the NO, emissions back to Y2000 values; and case D drops NOs, VOC, and CHy likewise.

Adopted CH, abundances and pollutant emissions from Y2000 to Y2 100 are:
Y2000: CH4 =1,745 ppb, e-NO, =32.5 TgN/yr, e-CO=1,050 Tg/yr, e-VOC=1 50 Tglyr.
Y2100: CH4 =4,300 ppb, e-NOr=110.0 TgN/yr, e-CO=2,500Tg/yr, e-VOC=350 Tg/yr.
' NB. Unfortunately, after the government review it was discovered that the method of integrating 03 changes on the reporting grid was
not well defined and resulted in some unintentional errors in the values reported above. Thus, the values here include in effect the 03
increases predicted/expected in the lower stratosphere in addition to the troposphere. In terms of climate change, use of these values
may not be unreasonable since 03 changes in the lower stratosphere do contribute to radiative forcing. Nevertheless, the troposphereonly changes are about 25 to 33% less than the values above.
8(tropospheric 0.3) =+5.OXbin(CHa) + 0.125x8(e-NO,) + 0.0011 xS(e-CO) + 0.O033 X8 (e-V(1C) in DU.
b TAR adopts the weighted average for cases A to D as shown, where the weighting includes factors about model formulation and
comparison with observations. A linear interpolation is derived from these results and used in the scenarios:
bin(tropospheric OH)--0.32xSln(CH4)+0.0(kt2xS(e-NOs) - 1.05e-4x8(e-CO) -3.15e-4xb(e-VOC),
S(effective 03)=+6.7x6in(CH4)+0.17x6(e-NO,)+0.0014x6(e-CO)+0.0042xS(e-VOC) in DU.
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Figure 4.10: Observed monthly mean 03 abundance (ppb) from sondes at 700 hPa (left column), 500 hPa (centre) and 300 hpa (right) fmm a
sample of stations (thick black line) compared with Y2000 model simulations from OxComp ( thin coloured lines, see model key in legend and
Table 4.10). The sonde stations include RESolute (75°N, 95°W), HOHenpeissenberg (48°N, I1°E), BOUlder (40°N, 105°W), TATeno (36°N,
140°E), and HILo (20°N, 155°W). Surface monthly 0a observations (thick black line) at Cape Grim Observatory (CGA, 40°S, 144°E, 94 in above
mean sea level) are also compared with the models. (Continues opposite.)
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20 m), Mauna Loa (MLH, 3397 m), Alert (ALT, 210 m), and
Niwot Ridge (NWR, 3475 m). The Alert abundances are well
matched by most but not all models. Niwot Ridge and Mauna
Loa are reasonably well modelled except for the February to
March maximum. At Tae Ahn, the models miss the deep
minimum in late summer, but do predict the much larger
abundances downwind of Asian sources. At Cape Grim the
seasonal cycle is matched, but the CO abundance is uniformly
overestimated (30 to 50%) by all the models, probably indicating
an error in Southern Hemisphere emissions of CO
Over,ill, this comparison with CO and 03 observations
shows good simulations by the OxComp models of the global
scale chemical features of the current troposphere as evidenced
by CO and 03; however, the critical NO, chemistry emphasises
variability on much smaller scales, such as biomass burning
plumes and lightning storms, that are not well represented by the
global models. With this large variability and small scales, the
database of NO, measurements needed to provide a test for the
global models, equivalent to CO and 03, would need to be much
larger.
The current NO, database (e.g., Emmons et al., 1997;
Thakur et al., 1999) does not provide critical tests of CTM
treatment of these sub-grid scales.
4.4.4 Model Simulations of Perturbed and Y2100 Atmospheres
The OxComp workshop also defined a series of perturbations to
the Y2000 atmosphere for which the models reported the
monthly averaged 3-D distribution of 03 abundances and the

budget for CH4, specifically the loss due to reaction with tropospheric OH. From these diagnostics, the research group at Oslo
calculated the change in global mean tropospheric Ot (DU) and
in OH (%) relative to Y2000, as shown in Table 4.11. For each
model at every month, the "troposphere" was defined as where
03 abundances were less than 150 ppb in the Y2000 simulation,
a reasonably conservative diagnostic of the tropopause (see
Logan, 1999). Because 03 is more effective as a greenhouse gas
when it lies above the surface boundary layer (SAR; Hansen et
al., 1997a; Prather and Sausen, 1999; Chapter 6 of this report),
the model study diagnosed the 03 change occurring in the 0 to 2
km layers of the model. This amount is typically 20 to 25% of the
total change and is consistent across models and types of perturbations here.
Case A, a+1095 increase in CH4 abundance for Y2000, had
consistent results across reporting models that differed little from
the SAR's Delta-CH4 model smdy. The adopted values for this
report are -3% change in OH and +0.64 DU increase in 03, as
listed under the "TAR" row in Table 4.11.
The Y2100 atmosphere in OxComp mimics the increases in
pollutant emissions in SRES A2p scenario from year 2000 to year
2100 with the year 2100 abundance of CHa, 4,300 ppb, calculated
with the SAR technology and named hereA2x. (See discussion in
section 4.4.5; for the SAR, only the CHa-OH feedback is
included.) The long-lived gases CO2 and NO have no impact on
these tropospheric chemistry calculations as specified.
Cases B-C-D are a sequence of three Y2100 atmospheres
based on A2x: Case B is the full Y2100-A2x scenario; Case C is
the same Y2I00-A2x scenario but with unchanged (Y2000) NO,
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Figure 4.11: Observed seasonal surface CO abundance (ppb, thick black lines) at Cape Grim (CGA: 40'S, 144°E, 94 in above mean sea level),
Tae Ahn (KOR: 36°N. 126°E, 20 m), Mauna Loa (MLH: 19°N, 155°W, 3397 m), Alen (ALT: 82'N, 62°W, 210 m), and Niwot Ridge (NWR:
40°N, 105°W, 3475 m) are compared with the OxComp model simulations from Y2000, see Figure 4.10.

emissions; and Case D is the same but with NO,, VOC and CH4
unchanged since Y2000 (i.e., only CO emissions change). Case B
(Y2100-A2x) results are available from most OxComp participants. All models predict a decrease in OR, but with a wide range
from -6 to -25%, and here we adopt a decrease of -16%. Given
the different distributions of the 03 increase from the OxComp
models (Figures 4.12-13), the increases in globally integrated O3
were remarkably consistent, ranging from +16.6 to +26.5 DU,
and we adopt +22 DU. Without the increase in NO, emissions
(Case C) the 03 increase drops substantially, ranging from +4.6
to +14.5 DU; and the OH decrease is large, -37 to -43%. With
only CO emissions (Case D) the 03 increase is smallest in all
models, +0.4 to +5.9 DU.
This report adopts a weighted, rounded average of the
changes in OH and 03 for cases A-D as shown in the bold rows
in Table 4.11. The weighting includes factors about model
formulation and comparison with observations. This sequence of
calculations (Y2000 plus Cases A-B C-D) allows us to define a
simple linear relationship for the absolute change in tropospheric
03 and the relative change in OH as a function of the CH4
abundance and the emission rates for NO., for CO, and for VOC.
These two relationships are given in Table 4.11. Since the change
in CHq abundance and other pollutant emissions for Y2100 A2x
are among the largest in the SRES scenarios, we believe that
interpolation of the 03 and OH changes for different emission
scenarios and years introduces little additional uncertainty.

The possibility that future emissions of CH4 and CO
overwhelm the oxidative capacity of the troposphere is tested
(Case E, see Table 4.3 footnote &) with a +10% increase in
CH4 on top of Y2100-A2x ( Case B). Even at 4,300 ppb CH4,
the decrease in OH calculated by two CTMs is only slightly
larger than in Case A, and thus, at least for SRES A2p, the
CH4-feedback factor does not become as large as in the
runaway case (Prather, 1996). This report assumes that the
CH4 feedback remains constant over the next century;
however, equivalent studies for the low-NO, future scenarios
are not assessed.
The apparent agreement on predicting the single global,
annual mean tropospheric 03 increase, e.g., Case B in Table
4.11, belies the large differences as to where this increase
occurs and what is its peak magnitude. The spatial distributions of the tropospheric 03 increases in July for Case B are
shown in Figure 4.12 ( latitude by altitude zonal average
abundance, ppb) and Figure 4.13 (latitude by longitude
column density, DU) for nine CTMs. The largest increase in
abundance occurs near the tropopause at 40°N latitude; yet
some models concentrate this increase in the tropics and
others push it to high latitudes. In terms of column density,
models generally predict large increases along the southern
edge of Asia from Arabia to eastern China; although the
increases in tropical, biomass-burning regions varies widely
from model to model.
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Figure 4.12: July zonal mean increase in tropospheric 03 (ppb) as a function of latitude and altitude from Y2000 to Y2100 adopting SRES A2p
projections for Cli,r, CO, VOC, and NO,. Results are shown for a sample of the chemistry-uansport models (CTM) participating in IPCC
OxComp workshop. Increases range from 0 to more than 80 ppb. Changes in the stratosphere (defined as 03 > 150 ppb in that model's Y2000
simulation) are masked off, as are also regions in the upper troposphere for some CTMs (UKMO, HGIS) where 03 is not explicitly calculated.
See Table 4.10 for participating models.

This similarity in the total, but difference in the location, of
the predicted 03 increases is noted in lsaksen and Jackman
(1999) and is probably due to the different transport formulations
of the models as documented in previous CTM intercomparisons
(Jacob et d., 1997). Possibly, the agreement on the average 03
increase may reflect a more uniform production of 03 molecules
as a function of NO, emissions and CH4 abundance across all
models. Nevertheless, the large model range in the predicted
patterns of O} perturbations leads to a larger uncertainty in
climate impact than is indicated by Table 4.11.

The projected increases in tropospheric 03 under SRES A2
and AJFI will have serious consequences on the air quality of
most of the Northern Hemisphere by year 2100. Taking only the
global numbers from Figure 4.14, the mean abundance of
tropospheric 03 will increase from about 52 ppb (typical midtropospheric abundances) to about 84 ppb in year 2100. Similar
increases of about +30 ppb are seen near the surface at 40°N on
a zonal average in Figure 4.12. Such increases will raise the
"background" levels of O, in the northern mid-latitudes to close
to the current clean-air standard.
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Figure 4.13: July column increase in tropospheric 03 (DU) as a function of latitude and longitude from Y2000 to Y2100 adopting SRES A2p
projections for CHa. CO, VOC, and NO1 is shown for some OxComp simulations. See Figure 4.12.

4.4.5 Atmospheric Composition jor the IPCC Scenarios to 2100
Mean tropospheric abundances of greenhouse gases and other
chemical changes in the atmosphere are calculated by this
chapter for years 2000 to 2100 from the SRFS scenarios for
anthropogenic emissions of CHa, N20, HFCs, PFCs, SF6, NO3,
CO, and VOC (corresponding emissions of CO, and aerosol
precursors are not used). The emissions from the six SRES

marker/illustrative scenarios (AIB, AIT, Al Fl, A2, B 1, 132) are
tabulated in Appendix 11, as are the resulting greenhouse gas
abundances, including CO2 and aerosol burdens. Chlorine- and
bromine-containing greenhouse gases are not calculated here,
and we adopt the single baseline scenario from the WMO assessment (Montreal Protocol Scenario A I of Madronich and Velders,
1999), which is reproduced in Appendix H. Also given in
Appendix 11 are the parallel data for the SIZES preliminary
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marker scenarios (Alp, A2p, BIp, B2p) and, in many cases, the
SAR scenario IS92a as a comparison with the previous assessment.
Greenhouse gas abundances are calculated using a methodology similar to the SAR: (1) The troposphere is treated as a
single box with a fill-factor for each gas that relates the burden to
the tropospheric mean abundance (e.g., Tg/ppb). (2) The
atmospheric lifetime for each gas is recalculated each year based
on conditions at the beginning of the year and the formulae in
Table 4.11. (Changes in tropospheric OH are used to scale the
lifetimes of CH, and HFCs, and the abundance of N20 is used to
calculate its new lifetime.) (3) The abundance of a gas is
integrated exactly over the year assuming that emissions remain
constant for 12 months. (4) Abundances are annual means,
reported at the beginning of each year (e.g., year 2100 = 1
January 2100).
In the SAR, the only OH feedback considered was that of
CH4 on its own lifetime. For this report, we calculate the change
in tropospheric OH due to CHa abundance as well as the
immediate emissions of NO„ CO and VOC. Likewise, the
increase in tropospheric 03 projected in the SAR considered only
increases in CIf4; whereas now it includes the emissions of NO,,,
CO and VOC. Thus the difference between IS92a in the SAR and
in this report is similar to that noted by Kheshgi et al. (1999).
Also, the feedback of N,O on its lifetime is included here for the
first time and shows up as reduction of 14 ppb by year 2100 in
this report's IS92a scenario as compared to the SAR.
The 21 st century abundances of CH4, N20, tropospheric 03,
HFC 134a, CF4, and SF, for the SRES scenarios are shown in
Figure 4.14. Historical data are plotted before year 2000; and the
SRES projections, thereafter to year 2100. CH4 continues to rise
in B2, AIFI, and A2 (like IS92a), with abundances reaching
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lifetime (LT) of CH, and the change in mean tropospheric OH
relative to year 2000. In all scenarios except BI, OH decreases
10% or more by the end of the century, pushing the lifetime of
CH4 up from 8.4 years, to 9.2 to 10.0 years. While increasing
emissions of NO, in most of these scenarios increases 03 and
would tend to increase OH (see notes to Table 4.11), the increase
in CH4 abundance and the greater CO emissions appear to
dominate, driving OH down. In such an atmosphere, emissions of
CHa and HFCs persist longer with greater greenhouse impact. In
contrast the BI atmosphere is more readily able to oxidise these
compounds and reduce their impact.
4.4.6 Gaps in These Projections - the Need for Coupled Models
There are some obvious gaps in these projections where
processes influencing the greenhouse gas abundances have been
omitted. One involves coupling of tropospheric chemistry with
the stratosphere. For one, we did not include the recovery of
stratospheric ozone expected over the next century. The slow
recovery of stratospheric ozone depletion from the halogens will
lead to an increase in the flux of ozone into the troposphere and
also to reduced solar UV in the troposphere, effectively reversing
over the next century what has occurred over the past two
decades. A more important impact on the Y2100 stratosphere,
however, is the response to increases in CH, and NO projected
by most scenarios (see Hofmann and Pyle, 1999), which in terms
of coupled stmtosphere-troposphere chemistry models could be
evaluated in only one of the OxComp models (ULAQ, Universit6
degli studi dell' Aguila) and is not included here.
Another major gap in these projections is the lack of global
models coupling the atmospheric changes with biogeochemical

2,970 to 3,730 ppb, in order. For A1B and AIT, CHa peaks in

models. There have been studies that tackled individual parts of
the problem, e.g., deposition of reactive N(Hollander at, 1997),

mid-century at about 2,500 ppb and then falls. For B l, CHa levels

crop damage from 03 (Chameides et al., 1994). Integrated

off and eventually falls to 1980-levels by year 2100. NzO

assessment studies have coupled N20 and CH, emission models

continues to rise in all scenarios, reflecting in part its long
lifetime, and abundances by the end of the century range from

with lower dimension or parametrized climate and chemistry
models (e.g., Alcamo, 1994; Holmes and Ellis, 1999; Prinn et at,

350 to 460 ppb. Most scenarios lead to increases in tropospheric
O, with scenarios AIM and A2 projecting the maximum tropos-

1999). However, the inherent local nature of this coupling, along
with the possible feedbacks t hrough, for example NO and VOC

pheric 03 burdens of 55 DU by year 2100. This increase of about

emissions, point to the need for coupled 3-D global chemistry

60% from today is more than twice the change from pre-

and ecosystem models in these assessments.

industrial to present. Scenario B I is alone in projecting an overall

Finally, there is an obvious need to couple the physical
changes in the climate system ( water vapour, temperature, winds,

decline in tropospheric 03 over most of the century: the drop to
30 DU is about halfway back to pre-industrial values. HFC-134a,

convection) with the global chemical models. This has been

the HFC with the largest projected abundance, is expected to

partially accomplished for some cases that are highlighted here

reach about 900 ppt by year 2100 for all scenarios except BI.
Likewise by 2100, the abundance of CF4 rises to 340 to 400 ppt

(Section 4.5.2), but like other gaps presents a major challenge for
the next assessment.

in all scenarios except Bl. The projected increase in SF6 is much
smaller in absolute abundance, reaching about 60 ppt in scenarios
A I and A2. For the major non-CO2 greenhouse gases, the SRES
A2 and AIR increases are similar to, but slightly larger than,
those of IS92a. The SRES mix of lesser greenhouse gases (HFCs,
PFCs, SF6) and their abundances are increased substantially
relative to IS92a. The summed radiative forcings from these
gases plus CO2 and aerosols are given in Chapter 6.
The chemistry of the troposphere is changing notably in
these scenarios, and this is illustrated in Figure 4_14 with the

4.4.7 Sensitivity Analysis for Individual Sectors
In order to assess the overall impact of changing industry or
agriculture, it would be necessary to combine all emissions from
a specific sector or sub-sector as has been done with the IPCC
assessment of aviation (Penner et al., 1999). Further, the impact
on natural emissions and land-use change ( e.g., albedo, aerosols)
would also need to be included. Such a sector analysis would cut
across Chapters 3, 4, 5 and 6 of this report ( e.g., as in Prather and
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Figure 4.14: Atmospheric composition and properties predicted using the six SRES Marker-Illustrative scenarios for anthropogenic emissions:
AIB (green dashed line), A IT (yellow dash-dotted), AIFI (orange dash-dot-dotted), A2 (red solid), BI (cyan dashed), B2 (solid dark blue).
Abundances prior to year 2000 are taken from observations, and the 1S92a scenario computed with current methodology is shown for reference
(thin black line). Results are shown for CHq (ppb), N20 (ppb), tropospheric 03 (DU), HFC-134a (ppt), CF4 (ppt), SF6 (ppt), the lifetime of CHa
(yr), and the global annual mean abundance of tropospheric OH (scaled to year 2000 value). All SIZES A I-type scenarios have the same emissions
for HFCs, PFCs, and SF6 (appearing a A I B), but the HFC-134a abundances vary because the tropospheric OH values differ affecting its lifetime.
The IS92a scenario did not include emissions of PFCs and SF6. For details, see chapter text and tables in Appendix B.
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Sausen, 1999). Such an analysis cannot be done for the SRES
emissions scenarios, which lack a breakdown by sector and also
lack numbers for the changes in the land area of agriculture or
urbanisation.
4.5 Open Questions
Many processes involving atmospheric chemistry, and the
coupling of atmospheric chemistry with other elements of global
change, have been proposed in the scientific literature. These are
generally based on sound physical and chemical principles, but
unfortunately, there is no consensus on their quantitative role in
atmospheric chemistry on a global scale (e.g., the effects of
clouds on tropospheric ozone: Lelieveld and Cmtzen (1990) vs.
Liang and Jacob (1997)), on the magnitude of possible compensating effects (e.g., net settling of HNOi on cloud particles:
Lawrence and Crutzen (1999) vs. full cloud-scale dynamics), or
even on how to implement them or whether these are already
effectively included in many of the model calculations. While
many of these processes may be important, there is inadequate
information or consensus to make a quantitative evaluation in this
assessment. This assessment is not a review, and so this section
presents only a few examples of recent publications studying
feedbacks or chemical processes, which are not included, but
which are potentially important in this assessment.

277

and OH abundances and in turn the abundances of CHa and
HFCs. In one study of regional NO, emissions and control
strategy, Fuglestvedt er at (1999) find that upper tropospheric 03
is most sensitive to NO, reductions in Southeast Asia and
Australia and least to those in Scandinavia. Understanding trends
in CO requires knowledge not only of the in situ chemistry of CO
(e.g., Grainier et at, 1996; Kanakidou and Crutzen, 1999), but
also of how local pollution control has altered the global pattern
of emissions (e.g., Hallock-Waters et at, 1999). These shifts have
been included to some extent in the SRES emissions for year
2100 used here; however, the projected change in emission
patterns have not been formally evaluated within the atmospheric
chemistry community in terms of uncertainty in the Y2100 global
atmosphere.
4.5.1.2 Aerosol interactions with tropospheric 03 and OH
Over the past decade of assessments, stratospheric 03 chemistry
has been closely linked with aerosols, and global models in the
recent WMO assessments have included some treatment of the
stratospheric sulphate layer and polar stratospheric clouds. In the
troposphere, studies have identified mechanisms that couple gasphase and aerosol chemistry (Jacob, 2000). Many aerosols are
photochemically formed from trace gases, and at rates that depend
on the oxidative state of the atmosphere. Such processes are often
included in global aerosol models (see Chapter 5). The feedback
of the aerosols on the trace gas chemistry includes a wide range of

4.5.1 Chemical Processes Important on the Global Scale
4.5.1.1 Missing chemistry, representation of smal! scales, and

changing emission patients
Analyses and observations (see Section 4.2.6) continue to test
and improve the chemistry and transport used in the global
CTMs. In terms of the chemistry, recent studies have looked, for
example, at the representation of NMHC chemistry (Houweling
et at 1998; Wang et at 1998b), the role of halogens in the 03
budget of the remote marine troposphere, and the acetone source
of upper tropospheric OH (see Sections 4.2.4 and 4.2.6). Most of
these improvements in understanding will eventually become
adopted as standard in the global CTMs, but at this stage, for
example, the role of tropospheric halogen chemistry on the
Y2100 predictions has not been evaluated in the CTMs.
Convection, as well as urban pollution and biomass burning
plumes, occur on horizontal scales not resolved in global CTMs.
These sub-grid features appear to be important in calculating OH
abundances and 03 production for biomass burning emissions
(Pickering et at, 1996; Folkins et at, 1997), for the remote upper
troposphere (Jaegle et at., 1997; Prather and Jacob, 1997;
Wennberg et at, 1998), and in urban plumes (e.g., Sillman et at,
1990). Convection is represented in all CTMs here (e.g., Collins
et aL, 1999; Muller and Brasseur, 1999) but in quite different
ways, and it still involves parametrization of processes occurring
on a sub-grid scale. A substantial element of the differences in
CTM simulations appears to he with the different representations
of convection and boundary layer transport, particularly for the
short-lived gases such as NO,.
A change in the geographic emission pattern of the
pollutants (NO.,, CO and VOC) can by itself alter tropospheric 03

processes: conversion of NO, to nitrates, removal of HO„ altering
the UV flux and hence photodissociation rates (e.g., Dickerson et
at, 1997; Jacobson, 1998), and catalysing more exotic reactions
leading to release of NO, or halogen radicals. These processes are
highly sensitive to the properties of the aerosol and the local
chemical environment, and their importance on a global scale is
not yet established. Only the first example above of aerosol
chemistry is generally included in many of the CTMs represented
here; however, the surface area of wet aerosols (that converts NO,
to HNO3 via the intermediate species NO3 and N205) is usually
specified and not interactively calculated. More laboratory and
field research is needed to define the processes so that implementation in global scale models can evaluate their quantitative impact
on these calculations of greenhouse gases.

4.5.1.3 Stratosphere-troposphere coupling
The observed depletion of stratospheric ozone over the past three
decades, which can be attributed in large part but not in total to the
rise in stratospheric chlorine levels, has been reviewed extensively
in WMO (1999). This depletion has lead to increases in tropospheric UV and hence forces tropospheric OH abundances
upward (Bekki et at, 1994). The total effect of such a change is
not simple and involves the coupled stratosphere-troposphere
chemical system; for example, ozone depletion may also have
reduced the influx of 03 from the stratosphere, which would
reduce tropospheric 03 (Karlsdottir et at, 2000) and tend to
reverse the OH trend. Such chemical feedbacks are reviewed as
"climate-chemistry" feedbacks in WMO 1999 (Granier and Shine,
1999). There is insufficient understanding or quantitative
consensus on these effects to be included in this assessment.
While chlorine-driven 03 depletion becomes much less of an issue
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in the latter half of the 21st century, the projected increases in
CO2, CHa, and N20 may cause even larger changes instmtospheric 03. The lack of coupled CTMs that include stratospheric
changes adds uncertainty to these projections.
4.5.1.4 Uncertainties in the tropospheric 03 budget
An updated survey of global tropospheric CTM studies since the
SAR focuses on the tropospheric 03 budget and is reported in
Table 4.12. In this case authors were asked for diagnostics that did
not always appear in publication. The modelled tropospheric 03
abundances generally agree with observations; in most cases the
net budgets are in balance; and yet the individual components vary
greatly. For example, the stratospheric source ranges from 400 to
1,400 Tg/yr, while the surface sink is only slightly more
constrained, 500 to 1,200 Tg/yr. If absolute production is
diagnosed as the reactions of HOz and other peroxy radicals with
NO, then the globally integrated production is calculated to be
very large, 2,300 to 4,300 Tg/yr and is matched by an equally
large sink (see Sections 4.2.3.3 and 4.2.6). The differences
between the flux from the stratosphere and the destruction at the
surface is balanced by the net in situ photochemical production. In
this survey, the net production varies widely, from -800 to +500
Tg/yr, indicating that in some CTMs the troposphere is a large
chemical source and in others a large sink. Nevertheless, the large
differences in the stratospheric source are apparently the driving
force behind whether a model calculates a chemical source or sink
of tropospheric 03. Individual CTM studies of the relative roles of
stratospheric influx versus tropospheric chemistry in determining
the tropospheric 03 abundance (e.g., Ruelofs and f-elieveld, 1997;
Wang et at, 1998a; Yienger et at, 1999) will not represent a
consensus until all CTMs develop a more accurate representation
of the stratospheric source consistent with observations (Murphy
and Fahey, 1994).
4.5.2 Impacts of Physical Climate Change on Atmospheric
Chemistry

As global warming increases in the next century, the first-0rder
atmospheric changes that impact tropospheric chemistry are the
anticipated rise in temperature and water vapour. For example, an
early 2-D model study (Fuglestvedt et at, 1995) reports that
tropospheric 03 decreases by about 104'n in response to a warmer,
more humid climate projected for year 2050 as compared to an
atmosphere with current temperature and H20. A recent study
based on NCAR (National Center for Atmospheric Research)
CCM (Community Climate Model) projected year 2050 changes
in tropospheric temperature and H20 (Brasseur et at, 1998a) finds
a global mean 7% increase in the OH abundance and a 5%
decrease in tropospheric 03, again relative to the same calculation
with the current physical climate.
A 3-D tropospheric chemistry model has been coupled to the
Hadley Centre Atmosphere-Ocean General Circulation Model
(AOGCM) and experiments performed using the SRES preliminary marker A2p emissions (i) as annual snapshots (Stevenson et
at., 2000) and (ii) as a 1 10-year, fully coupled experiment (Johnson
et at, 1999) for the period 1990 to 2100. By 2100, the experiments
with coupled climate change have increases in CHa which are only

about three-quarters those of the simulation without climate
change and increases in Northern Hemisphere mid-latitude 03
which are reduced by half. The two major climate-chemistry
feedback mechanisms identified in these and previous studies were
(1) the change of chemical reaction rates with the aver-age YC
increase in tropospheric temperatures and (2) the enhanced
photochemical destruction of tropospheric 03 with the approximately 20% increase in water vapour. The role of changes in the
circulation and convection appeared to play a lesser role but have
not been fully evaluated. These studies clearly point out the
importance of including the climate-chemistry feedbacks, but are
just the beginning of the research that is needed for adequate
assessment.
Thunderstorms, and their associated lightning, are a
component of the physical climate system that provides a direct
source of a key chemical species, NOs. The magnitude and distribution of this lightning NO1 source controls the magnitude of the
anthmpogenic perturbations, e.g., that of aviation NO, emissions
on upper tropospheric 03 (Bemtsen and Isaksen, 1999). In spite of
thorough investigations of the vertical distribution of lightning NO1
(Huntrieser et al., 1998; Pickering et at 1998), uncertainty in the
source strength of lightning NO, cannot be easily derived from
observations (Thakur et al., 1999; Thompson et at, 1999). The link
of lightning with deep convection (Price and Rind, 1992) opens up
the possibility that this source of NO, would vary with climate
change, however, no quantitative evaluation can yet be made.
4.5.3 Feedbacks through Natural Emissions
Natural emissions of N2O and CH4 are currently the dominant
contributors to their respective atmospheric burdens, with terrestrial emissions greatest in the tropics. Emissions of both of these
gases are clearly driven by changes in physical climate as seen in
the ice-core record (Figure 4.le). Soil NO emissions are sensitive
to temperature and soil moisture and changes in rates of carbon
and nitrogen cycling (Prinn et at, 1999). Similarly, methane
emissions from wetlands are sensitive to the extent of inundation,
temperature rise, and changes in rates of carbon and nitrogen
cycling. Natural emissions of the pollutants NOs, CO, and VOC
play an important role in production of tropospheric 03 and the
abundance of OH; and these emissions are subject to similar
forcings by both the physical and chemical climates. Terrestrial
and aquatic ecosystems in turn respond to near-surface pollution
(03, NO2, acidic gases and aerosols) and to inadvertent fertilisation through deposition of reactive nitrogen (often emitted from
the biosphere as NO or NH3). This response can take the form of
die back, reduced growth, or changed species composition
competition that may alter trace gas surface exchange and
ecosystem health and function. The coupling of this feedback
system - between build up of greenhouse gases, human-induced
climate change, ecosystem responses, trace gas exchange at the
surface, and back to atmospheric composition - has not been
evaluated in this assessment. The variety and complexity of these
feedbacks relating to ecosystems, beyond simple increases with
rising temperatures and changing precipitation, argues strongly
for the full interactive coupling of biogeochemical models of trace
gas emissions with chemistry and climate models.
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Table 4.12: Tropospherfc oZone bud gets for circa 1990 conditioas from a sample of global 3-D CTMs since the SAR.

CTM

STE

Prod

Loss
(Tg/yr)

P-L

SURF

MATCH
MATCH-MPIC
ECHAM/TM3
ECHAM/fM3'
HARVARD
GCTM
UIO
ECHAM4
MOZARTb
STOCHEM
KNMI
UCI

1440
1103
768
740
400
696
846
459
391
432
1429
473

2490
2334
3979
2894
4100

3300
2812
4065
3149
3680

3425
3018
4320
2864
4229

3350
2511
3890
3719
3884

-810
-478
-86
-255
+420
+128
+295
+75
+507
+430
-855
+345

620
621
681
533
820
825
1178
534
898
862
574

812

Burden
(Tg)

311
266
310
298
370
271
193
316

288

Reference

Crutzen et al. (1999)
Lawrence et at. (1999)
Houweling et a1 (1998)
Houweling et al. (1998)
Wang et al. (1998a)
Levy et at (1997)
Bemtsen et al. (1996)
Roelofs and Lelieveld (1997)
Hauglustaine et at (1998)
Stevenson et al. (2000)
Wauben et at (1998)

Wild and Prather (2000)

STE = stratosphere-troposphere exchange (net flux from stratosphere) (Tg/yr).
Prod & Loss = in situ tropospheric chemical terms, P-L = net (Tg/yr).
SURF = surface deposition (Tg/yr). Burden = total content (Tg, 34DU = 372Tg).
Budgets should balance exactly (STE+P-L=SURF), but may not due to roundoff.
' Results using CH,-only chemistry without NMHC.
b Budget/burden calculated from surface to 250 hPa (missing part of upper troposphere).

4.6 Overall Impact of Global Atmospheric Chemistry Change
The projected growth in emissions of greenhouse gases and other
pollutants in the IPCC SRES scenarios for the 21st century is
expected to increase the atmospheric burden of non-CO2
greenhouse gases substantially and contribute a sizable fraction to
the overall increase in radiative forcing of the climate. These
changes in atmospheric composition may, however, degrade the
global environment in ways beyond climate change.
The impact of metropolitan pollution, specifically 03 and CO,
on the background air of the Atlantic and Pacific Oceans has been
highlighted by many studies over the past decade. These have
ranged from observations of anthropogenic pollution reaching
across the Northern Hemisphere (e.g., Parrish et al., 1993; Jaffe et
a1, 1999) to analyses of rapidly increasing emissions of pollutants
(NO„ CO, VOC) in, for example, East Asia (Kato and Akimoto
1992; Elliott et at, 1997). CTM studies have tried to quantify some
of these projections for the near term: Bemtsen et a1 (1999) predict
notable increases in CO and 03 coming into the north-west USA
from a doubling of current Asian emissions; Jacob et a1 (1999)
calculate that monthly mean 03 abundances over the USA will
increase by 1 to 6 ppb from a tripling of these emissions between
1985 and 2010; and Collins et a!. (2000) project a 3 ppb increase
from 1990 to 2015 in monthly mean 03 over north-west Europe
due to rising North American emissions. The impact of metropolitan pollution will expand over the coming decades as urban areas
grow and use of resources intensifies.
What is new in this IPCC assessment is the extension of these
projections to the year 210(1, whereupon the cumulative impact of
all Northern Hemisphere emissions, not just those immediately
upwind, may for some scenarios double 03 abundances over the
northern mid-latitudes. Surface O} abundances during July over

the industrialised continents of the Northern Hemisphere are
about 40 ppb with 2000 emissions; and under SRES scenarios A2
and Al F1 they would reach 45 to 50 ppb with 2030 emissions, 60
ppb with 2060 emissions, and >70 ppb with 2100 emissions.
Since regional ozone episodes start with these background levels
and build upon them with local smog production, it may be
impossible under these circumstances to achieve a clean-air
standard of <80 ppb over most populated regions. This problem
reaches across continental boundaries and couples emissions of
NO, on a hemispheric scale. In the 21st century a global perspective will be needed to meet regional air quality objectives. The
impact of this threatened degradation of air quality upon societal
behaviour and policy decisions will possibly change the balance
of future emissions impacting climate change (e.g., more fuel bum
(CO,) to achieve lower NO, as in aviation; Penner et al., 1999).
Under some emission scenarios, the large increases in tropospheric O, combined with the decreases in OH may alter the
oxidation rate and the degradation paths for hydrocarbons and
other hazardous substances. The damage caused by higher 03
levels to both crops and natural systems needs to be assessed, and
societal responses to this threat would likely change the emissions
scenarios evaluated here (e.g., the current SRES scenarios anticipate the societal demand to control urban aerosols and acid rain by
substantially cutting sulphur emissions).
Coupling between atmospheric chemistry, the biosphere, and
the climate are not at the stage that these feedbacks can be
included in this acsessment. There are indications, however, that
the evolution of natural emissions and physical climate projected
over the next century will change the baseline atmospheric
chemistry and lead to altered biosphere-atmosphere exchanges
and continued atmospheric change independent of anthropogenic
emissions.
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